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Preface
On behalf of the members of the Wave Inversion Technology (WIT) Consortium in the different groups in
Belém, Berlin, Campinas, Hamburg, and Karlsruhe I want to thank the WIT sponsors for their continued
support. In the previous years much of our scientific research efforts went into the development of new
theories, algorithms and workflows for seismic imaging, tomographic inversion, characterisation of rock
properties and passive monitoring. The past year—the 8th year of the WIT Consortium—distinguishes
itself from the previous years by the fact that the collaboration with various sponsors was significantly
intensified. Some sponsors have provided us with real seismic data and their experience in processing
seismic data with our algorithms in industrial environments. This has helped us to adjust our activities and
the development of our methods more to the needs of the WIT sponsors. The fact that former WIT members
have found employment in the industry also confirms our success. We look forward to intensifying the close
cooperation from which our researchers and WIT sponsors should benefit equally. It is a great pleasure
for us to congratulate Alexander Goertz, Christof Mueller, Stefan Buske, and Stefan Lueth from the WITGroup Berlin for winning the EAGE’s Cagniard Award 2004. They have received the award for their poster
on “Fresnel-volume multicomponent migration”, presented at the 2003 EAGE meeting in Stavanger.
For 2004 we have gained one more sponsor: Fugro Seismic Imaging Ltd. Welcome to WIT! We hope
that our supporters will maintain confidence in our research activities for years to come and look forward
to a further extensive exchange of ideas.

Peter Hubral

Summary: WIT report 2004
IMAGING
Garabito et al. present a short review of the two well stablished 2D-CRS parameters search strategies
and present a comparison between the results of the application of both CRS stack implementations to the
marmousi data set.
Salvatierra et al. presents a global optimization scheme applied to the CRS problem in the 2-D situation. Numerical experiments illustrate the potential of the method.
Koglin and Ewig briefly present how CRS atributes are used to obtain CRS moveout corrected CRS super
gather which are necessary for the subsequent residual static correction. The theoretical background, some
recent extensions of the implementation, and a real data example are discussed.
Heilmann and von Steht present a recent extention of the CRS-stack-based imaging workflow able to
support arbitrary top-surface topography. The implementation combines two different approaches of topography handling to a cascaded processing strategy demanding very little additional effort. Finally, the
CRS stack and also CRS-stack-based residual static corrections can be applied to the original prestack data
without the need of any elevation statics. The CRS-stacked ZO section, the kinematic wavefield attribute
sections and the quality control sections can be related to a chosen planar measurement level by a redatuming procedure. Due to this redatuming procedure, the influence of the rough measurement surface can
be entirely removed from the output sections of the CRS stack. Thus, an ideal input for the subsequent
CRS-stack-based processing steps is provided.
Boelsen presents new hyperbolic traveltime formulas for the 2D CO CRS stack that are able to take topsurface topography into account. Two types of topography are considered, namely a rugged topography
and a smooth one. Moreover, a stacking operator for a vertical seismic profile (VSP) acquisition geometry
is derived. In addition, an approach to redatum the CO CRS stack section is proposed and tested with a
synthetic data example.
Boelsen and Mann discuss the application of the 2D CO CRS stack to ocean bottom seismics and show a
simple synthetic data example with a comparison of model- and data-derived wavefield attributes. Moreover, a new approach to stack multi-component data in order to obtain PP and PS CO CRS stacked sections
is presented.
Kluever reviews the event-consistent smoothing algorithm for the 2D case and introduces its extension
to the 3D case. The effect of the smoothing on CRS results is demonstrated using a small 2D real dataset.
Biloti and Schleicher suggest a dip correction for coherence-based migration velocity analysis. They
demonstrate how the velocity update can be improved when the reflector dip is taken into account. As an
additional search parameter, the reflector dip is also determined. A simple synthetic example demonstrate
the feasibility of the method.
Vanelle suggests a simple technique to fill gaps in ray traveltime maps.
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Jäger shows how CRS attributes can be used to determine optimum stacking apertures for Kirchhoff (trueamplitude) migration. In this way, the efficiency of the migration algorithm as well as the quality of the
resulting images can be improved.
Lüth et al. present a method for imaging sparse three-component seismic reflection data in a heterogeneous 3D velocity model. The location of a reflection point is derived using the polarisation direction
of the multicomponent data and the Fresnel volume of the respective wave path is then derived by paraxial ray tracing. The imaging condition is finally restricted to the Fresnel volume of the reflection wave path.
Aleixo and Schleicher derive the image-wave equation, that is a partial differential equation that describes
the dislocation of a reflector image as a function of the velocity model, for elliptically isotropic media. The
main objective is to remigrate an isotropic into a medium with a certain degree of anisotropy.
Ferreira & Cruz propose a modified true amplitude (diffraction stack) Kirchhoff prestack depth migration
using as Green function a superposition of Gaussian beams (GB’s). The process takes in consideration the
explicit use of the Fresnel volume elements in order to enhance the resolution of the final imaging.
Vanelle et al. describe the traveltime-based implementation of true-amplitude migration. Application
to a highly complex synthetic model and a real data set demonstrates the technique. Whereas the results
are equivalent to migration with weight functions obtained from dynamic ray tracing, the efficiency of the
traveltime-based implementation is considerably higher.
Kaschwich presents a new stratagy for the migration with angular parametrisation in anisotropic media.
The method combines the conventional ray shooting with a hyperbolic traveltime interpolation.
Gajewski and Tessmer introduce a seismic event localization method based on reverse numerical modelling, where event picking can be avoided. The quality of the spatial localization and of the estimation
of the excitation time is demonstrated using 2- and 3-dimensional synthetic data sets. Cases with noise
contaminated seismograms, macro models with incorrect velocities and the effect of sparse receiver arrays
are studied for simple and complex subsurface models.
Leite et al. processed seismic land data of the Takutu basin (Amazonas, Brazil) as an example not for
comparison with other processing packages but to demonstrate once more the high potential of the datadriven CRS-stack-based imaging methods. The aim of this ongoing project is to establish a workflow for
basin reevaluation for oil play. Based on the CRS attributes obtained during the CRS stacking process,
the determination of a smooth macrovelocity model via tomographic inversion was conducted followed by
pre- and poststack depth migration.
ROCK PHYSICS AND WAVES IN RANDOM MEDIA
Saenger et al. consider effective elastic properties (i.e. velocities) in three different kinds of dry and fluidsaturated porous media. The synthetic results are compared with the predictions of the Gassmann equation
and the tortuosity-dependent high-frequency limit of the Biot velocity relations.
Krüger et al. In this work we estimate the effective reflection coefficients of an interface between a
cracked and an uncracked material. The study is based on computer simulations using the rotated staggered grid finite difference method
Kaselow et al. test their hypthesis that the general depth trend of P-wave, S-wave, and formation factor at the KTB test site can be explained as a result of progressive crack closure with increasing depth.
They also show a comparison between laboratory and logging derived results of the rocks stress-sensitivity.
Yoon et al. consider deep seismic imaging in the presence of heterogeneous overburden.
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Grosfeld and Santos review some different approximations for the P-P reflection coefficient and the associated seismic attributes. To illustrate the ability of the attributes to indicate the presence of oil or gas,
numerical examples are also presented. Moreover, a new indicator is introduced, based on an impedancetype approximation for the reflection impedance.
MODELING
Tygel and Santos review and discuss the Taylor expressions of traveltime moveouts for reflection rays
around a fixed zero-offset ray. These are referred to as normal parabolic and hyperbolic, or simply quadratic
normal moveouts. General 2D/3D expressions, with the inclusion of topographic as well as inhomogeneous
velocities are reviewed and discussed.
Costa et al. extend the method of 2.5D FD modeling by out-of-plane Fourier transform to acoustic media with variable density. They demonstrate the quality of the method by a comparison to the analytical
solution of the wave equation in homogeneous media and by a comparison to the 3D FD results for two
inhomogeneous models, including the Marmousi model.
OTHER TOPICS
Shapiro, Rentsch and Rothert demonstrate that the probability of induced earthquakes occurring is very
well described by the relaxation law of pressure perturbation in fluids filling the pore space in rocks. Using
this observation they show that the spatial distribution of the density of earthquakes provides a possibility
to estimate the hydraulic diffusivity on a kilometer scale with a high precision.
Rentsch, Buske, Lüth and Shapiro propose a new approach for location of seismicity based on principles of wave field back propagation. This concept is characterised by a high degree of automation since
time consuming manual picking of arrival times is not required.
Sommer, Gajewski and Patzig present a real data case study and demonstrate the influence of anisotropy
on the localization of hydraulically induced seismicity at the continental deep drilling site KTB (Germany).
An unrecognized anisotropy affects the localization severely. In the KTB case, if anisotropy is not considered and station corrections are not applied, the center of the event cloud is dislocated 500 m to the south
which is about 25% of the total lateral extent of the cloud. The anisotropic model perfectly centers the
cloud at the injection well.

I
Imaging
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2D-CRS stack: A comparison between the extended and global
search strategies
G. Garabito and W. Paschoal
email: german@ufpa.br
keywords: Imaging, Coherency, Optimization

ABSTRACT

The seismic imaging method called Common-Reflection-Surface (CRS) stack simulates a zero-offset
(ZO) section from multi-coverage seismic data. Unlike the conventional time imaging method
(NMO/DMO stack), the CRS stack method does not depend on the macro-velocity model. For the
2-D case, the hyperbolic traveltime approximation used by the CRS stack depends on three kinematic
attributes, which defines a stacking surface for each sampling point in the ZO section to be simulated.
The main task of CRS stack method is the estimation of these three optimal attributes by means of
automatic search strategies, based on coherence analysis evaluated in the prestack data. Currently,
based on two different parameter search strategies, called extended CRS search strategy and global
CRS search strategy, there are two CRS stack implementations, that were validated by simulating ZO
sections from synthetic and real data sets. Their results have been compared to other similar results,
obtained by the conventional NMO/DMO stack method. In this paper, we present a short description
of these two CRS strategies and compare both implementations in their application to the well known
Marmousi data set. The comparison reveals that the global CRS search is less fast, but it produces
better results than extended CRS search strategy.

INTRODUCTION
The sesmic imaging has as its main goal generate the best possible image of subsurface geological structures from seismic reflection data. In the last years, it has been proposed several macro-model-independent
imaging methods to simulate ZO sections from 2-D multi-coverage data. These kind of methods are discussed in details in a special issue of the Journal of Applied Geophysics, edited by (Hubral, 1999). One of
these imaging methods that is becoming an alternative to the conventional time seismic imaging methods,
like the NMO/DMO stack, is the so-called Common-Reflection-Surface (CRS) stack, that provides a simulated ZO section from multi-coverage data sets. Successful applications of this method to real data sets are
shown in (Mann et al., 1999), (Trappe et al., 2001), (Bergler et al., 2002), (Gierse et al., 2003), (Garabito
et al., 2003). The CRS stack provides a ZO section with a high signal-to-noise ratio and a good resolution,
and also provides three stacking attribute sections that can be useful for others applications, such as velocity model determination (Biloti et al., 2002), (Duveneck, 2004), and AVO analysis (Pruessmann et al.,
2004).
In the 2-D case, the CRS stacking surface, also referred as CRS stacking operator, is defined by the
hyperbolic traveltime approximation for rays in the vicinity of the ZO central ray. This traveltime approximation depends on three kinematic attributes: the emergency angle β 0 of the ZO central ray, and the
curvatures KN IP and KN of two hypothetical wavefronts called Normal-Incidence-Point (NIP) wave and
Normal (N) wave, respectively Hubral (1983). The hyperbolic traveltime, here called as CRS traveltime approximation, is a second-order Taylor expansion of the reflection traveltime for paraxial rays in the vicinity
of a normal incident ray, and can be derived by means of the paraxial ray theory ((Schleicher et al., 1993);
(Tygel et al., 1997)) or by a geometrical approach (Höcht et al., 1999). These tree kinematic attributes
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of traveltime approximation define the CRS stacking surface in the midpoint-offset-time coordinates. For
homogeneous models, the CRS stacking surface is an approximation of the kinematic multi-coverage reflection response of a curved reflector segment in the subsurface. Then, these three stacking parameters
supply informations of the reflector segment orientation, its location and its curvature. For heterogeneous
models, these stacking attributes can still be used to define the stacking operator, assuming that the emerging hypothetical wavefronts to be circular in a certain vicinity of the emerging point of the central ray.
Therefore, assuming that the near-surface velocity is constant, the CRS stack method can be applied to
complex media with arbitrary vertical and lateral heterogeneities.
One of the main tasks for the implementation of the CRS stack method consists in the determination of
three optimal CRS attributes or CRS parameters from multi-coverage data. These stacking parameters can
be estimated using automatic search strategies, based on coherence measure (e.g., semblance), evaluated
along the CRS stacking surface in the prestack data. The reader may found details about these CRS strategies in Müller (1998), (Birgin et al., 1999), (Jäger et al., 2001), Mann (2001) and (Garabito et al., 2001).
In this paper we are interested in the well estlabished two CRS stack implementations that use different
parameters search strategies. The first is the so called extended CRS search strategy developed by Mann
(2001), and the second is the so called global CRS search strategy, developed by (Garabito et al., 2001).
The CRS stack implementations based on these two CRS search strategies were initially validated to simulate ZO sections and to determine the kinematic wavefield attributes from synthetic multi-coverage data
sets corresponding to simple layered models, with homogeneous layers separated by curved interfaces. Afterwards, these two CRS stack implementations were applied with successful results to real land and marine
data sets, and their respective results had been compared with the results of the conventional NMO/DMO
stack and other imaging methods, such as post- and pre-stack migrations ((Trappe et al., 2001), (Bergler
et al., 2002), (Gierse et al., 2003)).
The extended CRS search strategy in its initial phase consists of three one-parametric search steps to
determine the initial three stacking parameters for each ZO sample. In this strategy, to handle properly
the conflicting dipping events for each ZO sample, additional one-parametric searches are performed. This
provides a set of three kinematic attributes for each of the conflicting events. In the final refinement step,
using as initial approximation the three parameters determined in the previous one-parametric searches, it
is performed a three-parametric local search by applying the (Nelder and Mead, 1965) flexible polyhedron
optimization algorithm.
The global CRS search strategy consists of three main steps to determine the CRS parameters. In the
firts two steps, three initial parameters are determined by applying a two-parametric search and a oneparametric search using the global optimization algorithm Simulated Annealing (SA) (Kirkpatrick et al.,
1983). Similar to the first CRS strategy, the third step refines the previously estimated parameters using
the Quasi-Newton (QN) local optimization algorithm (Gill et al., 1981). To take in account the conflicting
dipping events, this strategy considers, in addition to the global maximum, one local maximum.
In this paper we present a comparison of these two 2D-CRS stack implementations, i.e., the extended
CRS search strategy and the global CRS search strategy. Here we only present a brief review of these
two different CRS parameter search strategies, since a detailed descripion of them can be found in (Jäger
et al., 2001), Mann (2001) and (Garabito et al., 2001). To evaluate the robustness of both CRS stack
implementations in order to simulate ZO sections corresponding to complex geological areas, we apply the
referred strategies in the imaging of the Marmousi data set.
CRS TRAVELTIME APPROXIMATION
The CRS traveltime approximation defines a stacking surface, where it approximates the reflection traveltime for finite-offset rays in the vicinity of a normal incidence ray, the so-called central ray. The emergence
point on the seismic line and the two-way traveltime of the ZO central ray are denoted by x 0 and t0 , respectively. The CRS traveltime approximation is a hyperbolic second-order Taylor expansion expressed
as function of three independent wavefront attributes of the hypothetical Normal-Incident-Point (NIP) and
Normal waves, both related to the central ray (Hubral, 1983). These attributes are: the emergence angle β 0
of the ZO central ray, the radius of curvature RN IP = KN1IP of the NIP wave and the radius of curvature
RN = K1N of the Normal wave. The NIP wave is an upgoing wave that originates at the normal incidence
point of the central ray on the reflector. The Normal wave is an exploding reflector wave, with an initial

Annual WIT report 2004

17

wavefront curvature equal to the local curvature of the reflector at the normal incident point of the central
ray. The hyperbolic traveltime can be derived by means of the paraxial ray theory ((Schleicher et al., 1993);
(Tygel et al., 1997)) or by a geometrical approach (Höcht et al., 1999), and is given by
t2CRS,hyp (xm , h) = (t0 +

2 sin β0
2t0 cos2 β0 (xm − x0 )2
h2
(xm − x0 ))2 +
(
+
).
v0
v0
RN
RN IP

(1)

As indicated above, x0 and t0 denote the emergence point of the normal ray on the seismic line and its ZO
traveltime, respectively. The half-offset between source and receiver is denoted by h, whereas x m denotes
the midpoint between source and receiver. The angle of emergence β 0 of the normal incidence ray, the
radius of curvature RN IP and the radius of curvature RN are referred as CRS stacking attributes. The only
required model parameter is the near-surface velocity v0 , and it is assumed to be known and constant in the
vicinity of x0 .
Special cases of CRS traveltime approximation
An important stacking traveltime approximation can be obtained considering a diffraction situation or a
diffracted central ray. In this case, the reflector segment collapses into a diffractor point, then the NIP
and N waves are identical, i. e., RN = RN IP . Therefore, applying the latter identity, called diffraction
condition, to equation (1) it reads
t2CDS,hyp (xm , h)|RN =RN IP = (t0 +

2 sin β0
2t0 cos2 β0 (xm − x0 )2 + h2
(xm − x0 ))2 +
(
).
v0
v0
RN IP

(2)

This new simplified traveltime approximation defines a new stacking surface called Common-DiffractionSurface (CDS) and only depends on two attributes, β0 and RN IP . The stacking curves defined by (2)
are approximations of the pre-stack Kirchhoff migration operator in the vicinity of each P 0 (x0 , t0 ) on
the referred operator. On the other hand, when it is considered the intersection of the 2-D CRS stacking
surface with the plane (xm = x0 ) of the common-midpoint (CMP) gather, we easily verify that equation
(1) simplifies to the well-known CMP hyperbola (Hubral (1983))
t2CM P,hyp (xm = x0 , h) = t20 +

2t0 cos2 β0 2
h .
v0 RN IP

(3)

A comparison of this equation with the well-known CMP stack formula
t2CM P (h) = t20 +

4
h2 ,
2
vstack

(4)

reveals that the CRS traveltime reduces to the classic formula for this configuration. The stacking velocity
vstack can now be expressed in terms of the CRS attributes:
2
vstack
=

2v0 RN IP
t0 cos2 β0

(5)

Now, the CMP traveltime approximation (3) only depends on one independent parameter,v stack . Another
special case results of the intersection of the CRS stacking surface with the plane of the ZO section (h = 0).
Then equation (1) is reduced to the following hiperbolic formula
t2ZO,hyp (xm , h = 0) = (t0 +

2 sin β0
2t0 cos2 β0
(xm − x0 ))2 +
(xm − x0 )2 ,
v0
v0 RN

(6)

which depends of two CRS attributes β0 and RN . In a first-order approximation it is assumed that RN →
∞ implies plane normal waves emerging at the surface in x0 . In this consideration, equation (5) is reduced
to the linear formula
tZO,linear (xm , h = 0)|RN →∞ = t0 +

2 sin β0
(xm − x0 ).
v0

(7)
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This linear approximation only depends on one CRS attribute β0 . In the last special case it is assumed
that a common-source or common-receiver point coincides with the central point x 0 , which implies that
the midpoint displacement (xm − x0 ) equals to the half-offset (h) in the common-shot/ common-receiver
(CS/CR) gather, i. e., (xm − x0) = h, and equation (1) is again simplified to a hiperbola
t2CS/CR,hyp (xm , h) = (t0 +
where

2 sin β0
2t0 cos2 β0 h2 1
(xm − x0 ))2 +
(
),
v0
v0
RC

1
1
1
=
+
,
RC
RN
RN IP

(8)

(9)

Then the equation (8) depends only on the combined curvature R C and CRS attribute β0 . An important aspect of the general CRS stack traveltime approximation (1) is that it can be reduced to different
mathematical expressions for specific applications, and this depends of the chosen data configuration (e.g.
common-shot (CS), common-offset (CO), zero-offset (ZO), common-receiver (CR), common-midpoint
(CMP)).
CRS STACK AND CRS PARAMETERS SEARCH STRATEGIES
The CRS stack method simulates a ZO section from multi-coverage data by summing seismic events along
the stacking surfaces corresponding to each sampling point P 0 (x0 , t0 ) of the ZO section to be simulated.
The stacking surface defined by (1) in the (xm , h, t) coordinates is based on three wavefront attributes
(β0 , RN IP , RN ), referred to as the CRS stacking parameters. In the CRS stack method, for each ZO
point, the three optimal attributes that define a stacking surface and that fits best to actual seismic events
in the multi-coverage data, can be determined by means of automatic search processes based on coherency
measure, evaluated along the several trials stacking surfaces, where the parameter triplet (β 0 , RN IP , RN )
that produces the maximum coherency value is selected. The determination of the CRS stacking parameters
is a typical optimization problem, which can be solved by applying a multidimensional global optimization
algorithm that uses as objective function the coherency measure semblance, that depends upon the three
independent parameters β0 , RN IP and RN . The objective function of CRS stacking method is multimodal,
i.e., a function with more than one local extremum. In general, the determination of global extremum and
the corresponding optimal CRS parameter triplet, by applying a multidimensional global optimization
algorithm, is computationally very expensive. To overcome this problem, the CRS stacking parameters can
be searched-for by applying several strategies based on automatic search processes, but using the particular
cases of the general hyperbolic approximation (1). Thus, in the next sections we concisely describe the
two CRS parameters search strategies: The extended CRS search strategy and the global CRS search
strategy. To simulate properly ZO sections with conflicting dip events, in addition to the global extremum
it is necessary to consider at least one local extremum. Then, to simulate properly the interference of
conflicting dip events, the extended CRS search strategy can consider more than one local extremum, and
the global CRS search strategy consider only one local extrema. In the initial steps, for both strategies,
0
0
the initial parameter triplet (β00 , RN
IP , RN ) are determined, which are located close enough to the global
extremum. These initial parameters triplet are used as initial approximations in the final three-dimensional
local optimization step.
Extended CRS search strategy
To split the three-parametric global optimization problem into separate one-parametric searches, the multicoverage input data need to be sorted to specific gathers, such as CMP gather, CS/CR gather. The oneparametric searches in those families and in the ZO stacked section yields the initial attributes that can be
used as first guess in a final local optimization step performed in whole pre-stack data. In this work the
extended CRS search strategy is presented as being composed by four steps.
STEP I : Automatic CMP stack. This step is called automatic CMP stack due to its similarity to the
familiar CMP stack method. The first one-parametric search is achieved in the CMP gathers using
equation (3) to define the stacking curves. The coherency measure is evaluated along this stacking
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Figure 1: Flow chart of the CRS implementation based on extended search strategy. The index i denotes
the number of events that contributing each ZO sample.
curve, which depends on only one parameter called stacking velocity (v stack ), expressed by equation
(5). To determine vstack yielding the highest coherence along the corresponding stacking curve, the
coherency values are calculated along several stacking curves, then it is selected one which provides
the highest coherency value. In this step, conflicting dips situations are not considered because the
different contributing events may have very similar moveouts in the CMP gather. As main results,
from this automatic CMP stack are obtained three sections: 1) coherency section, 2) v stack section
and 3) simulated ZO section.
STEP II : Linear and hyperbolic ZO searches. In this step, the one-parametric linear ZO search is restricted to the simulated ZO section resulting from the automatic CMP stack, where the coherency
measure is performed along the stacking curves given by (7). To solve the conflicting dip problem,
the searches for additional emergence angles β0i is performed, by generating an angle spectrum on a
regular angle grid, namely, the coherence as function of the emergence angle. These spectra are analyzed according to the coherence maximum of events. The index i refers to the number of conflicting
i
events. The determination of RN
, related to each β0i , is also performed in the CMP stacked section,
but in this hyperbolic ZO search it is used the second-order approximation (6). The linear and the
hyperbolic ZO searches are applied on the simulated ZO section obtained from the automatic CMP
stack, and each of the one-parameter searches is applied on an initial grid of the respective parameter.
i
sections.
As main results from this step, it results: 1)β0i sections and 2)RN
STEP III : Hyperbolic CS/CR search. In this stage of the searches, the v stack and the β01 are available
and with the help of equation (5) RN IP is calculated. The vstack is not significant in conflicting
dip situations, therefore RN IP also is not significant. In these situations, it is required an additional
i
i
i
search for RN
IP , which is performed on the CS/CR gather. With the knowledge of β 0 , RN ,and
vstack , the range of possible values for the new radius of curvature R C can be well defined. The
i
search for this parameter is similar to the search for RN
, however, it is used the second-order
i
approximation (8). Then, with equation (8) and the acquaintances it is determined R N
IP . As main
i
output from this step, we have RN IP sections.
STEP IV : Three-parametric local optimization. In the final step it is used the traveltime approximation
(1) for the local search process and this is performed in the pre-stack multicoverage data, where the
0i
0i
attributes (β00i , RN
IP , RN ), determined in the previous steps, are used as initial approximations for
the local optimization using the flexible polyhedron algorithm. As final results obtained from the
tree dimensional local optimization the following five optimized sections are obtained: 1) coherency
i
i
section, 2) β0i sections, 3) RN
IP sections, 4) RN sections, and 5) simulated ZO section.
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Figure 2: Flow chart describing the CRS stack implementation based on global search strategy. The index
i = 1, 2 denotes the events detected for each ZO sample.
The procedure of application of the CRS stack based on extended CRS search strategy is described by
the flow chart showed in Figure 1.
Global CRS search strategy
This strategy is based on global and local optimizations processes to search the three CRS parameters. The
searches are performed in the pre-stack data and only the ZO section is used to perform one-parametric
search.
i
STEP I : Pre-stack global optimization. In this step the parameters β0i and RN
IP are determined by
means of two-parametric global search using the Simulated Annealing algorithm. The optimization
process is performed in the pre-stack data using as an objective function the coherency semblance
along the stacking surface, defined by equation (2). To take into account the conflicting dip events
during the optimizations process the parameters associated to one local minimum are saved. The
i
main results from this step are: 1) coherency section, 2) β0i sections, 3) RN
IP 4) simulated ZO
section. The index i = 1, 2 refers to the global maximum and local maxima.

STEP II : Post-stack global optimization. This step uses the simulated ZO section from the first step
i
to perform the one dimensional global search for parameter RN
. Again it is used the Simulated
Annealing algorithm and the coherency measure is performed along the hyperbolic curves defined
by equation (6). After repeating this procedure for all points P0 of the ZO section to be simulated,
i
sections.
as a main result it is obtained two RN
STEP III : Pre-stack global optimization. In this final step it is used the local optimization Quasi-Newton
algorithm to perform a local search for the best CRS parameters, using the previously estimated pa0i
0i
rameters (β00i , RN
IP , RN ) as initial approximations. The optimization process is performed in prestack data and the traveltime approximation (1) is used to define the stacking surface along which it
is performed the coherency measure. The final optimized results are: 1) coherency section 2) two β 0i
i
i
sections; 3) two RN
IP sections; 3) two RN sections and 4) simulated ZO section.
The flow chart with the processing steps of the CRS stack based on the global search strategy is showed in
Figure 2.
APPLICATIONS TO MARMOUSI DATA SET
In order to make the comparison of both CRS implementations it was decided to apply them to the complex synthetic 2-D Marmousi data set. A complete description of the well-known acoustic model and data
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Figure 3: Simulated ZO section by the NMO/DMO stack method
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Figure 5: Simulated ZO section by the CRS stack based on global search strategy

22

Annual WIT report 2004

acquisition can be found in Versteeg and Grau, (1991). Also for comparison, we include the ZO stacked
section obtained by the conventional NMO/DMO stacking method (Figure 3), which was processed with
the commercial seismic processing software FOCUS. It was used the Version 4.6 of the CRS stack implementation based on extended search strategy and in the CRS implementation based on global search
strategy it was used the last version. For both CRS stack implementations, the input data was not submitted
to any pre-processing phase. Also, it was not applied any kind of normalization to the input data. The
processing parameters such as the aperture in the midpoint and offset coordinates were similar for boot
CRS implementations. In the extended CRS search strategy was considered two conflicting events.
In Figure 4 we show the ZO stacked section obtained by the CRS stack, based on extended search
strategy, and in Figure 5 the result of the CRS stack based on global search strategy. We show that the last
CRS stack implementation provides a better image of the ZO section, mainly, in the deeper zones and in
the complex central zone of the Marmousi model, when compared with their counterparts in the first CRS
section and in the NMO/DMO section. The global CRS search strategy implementation was able to image
events that can not seen in the other CRS result and in the result obtained by the NMO/DMO stack. The
Figure 6 shows the coherence section, the emergence angle section, the radius of curvature of the NIP wave
section and the radius of curvature of the N wave section, which were obtained from the first CRS stack
implementation. In a similar way, in the Figure 7 are showed the coherency section and the tree attributes
sections obtained by the CRS stack based on global optimization strategy. We see that CRS attributes are
better estimated by the last CRS stack strategy, being this fact important for the subsequent application of
these attributes.
CONCLUSIONS
Both CRS strategies are evaluated in the Marmousi data set, demonstrating the CPU efficiency and accuracy
of both approaches. The application reveals that the extende search strategy is more efficient in terms of
CPU time (approximately tree times) compared to the global search strategy. On the other hand, the CRS
stack based on global search strategy significantly improves the image quality in the complex zone of
the Marmousi model, when compared to the results of first CRS stack implementation, as well as to the
conventional NMO/DMO staking method. This fact indicates that the CRS stack based on global search
estrategy can provide good improvements to the post-stack time- or depth-migrated images of tectonically
complex areas. Furthermore, the CRS attributes estimated by the last CRS implementation are better
estimated than those obtained by the first CRS implementation.
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ABSTRACT

The Common Reflection Surface (CRS) method uses the general hyperbolic moveout, which depends
on the classical NMO velocity and some other parameters. The CRS parameters are estimated applying a suitable coherence analysis to multicoverage data. The construction of simulated (stacked) zero
offset sections in the 2D situation requires three CRS parameters. This work focuses on the estimation of these three parameters, where the coherence analysis is performed using a global optimization
algorithm.

INTRODUCTION
The Common Reflection Surface (CRS) stacking method (see, e.g., Müller et al. (1998)) is a recent technique that is establishing itself as a better alternative to the conventional NMO/DMO stacking. As recently
shown in Trappe et al. (2001), the CRS stack is able to provide, in many cases,significantly improved
stacked sections that represent simulated zero-offset sections. The CRS stacking method provides, in addition to a better stacking, a set of parameters (called the CRS attributes) that convey more information of
the propagating medium than the single NMO-velocity parameter that results from the NMO/DMO stack.
For a horizontal seismic line and a constant near surface velocity, v 0 , the CRS parameters are given by
the triplet (β, KN , KN IP ) where −π/2 ≤ β ≤ π/2 and −∞ < KN , KN IP < ∞. The parameters KN
and KN IP represent the wavefront curvatures of the normal (N ) and normal incident point (N IP ) waves
(Hubral, 1983). The CRS method uses the general hyperbolic traveltime moveout given by
t(x, h; A, B, C)2 = [t0 + A(x − x0 )]2 + B(x − x0 )2 + Ch2 ,
where
A=

2 sin β
2t0 cos2 β
2t0 cos2 β
, B=
KN , C =
KN IP ,
v0
v0
v0

(1)

(2)

for all source-receiver pairs in a appropriate neighborhood of a central point x 0 , and x and h are the midpoint and half-offset coordinates of the source receiver pair for which the traveltime is being computed. The
use of A, B and C instead of the CRS parameters β, KN and KN IP simplifies the hyperbolic traveltime
calculation.
For a given (x0 , t0 ) and for fixed parameters (β, KN , KN IP ), the graph of the function T (x, h) =
t(x, h, β, KN , KN IP ) is a surface within the volume of multicoverage data points (x, t, h). If (x 0 , t0 )
pertains to a reflection event at the ZO section to be simulated and the CRS triplet (β, K N , KN IP ) provides
the correct coefficients of the hyperbolic traveltime representation of the respective event, then, according
to ray theory, the graph of T is, up to second order, tangent to the event’s reflection traveltime surface. As a
consequence, the coherence of the data samples u(x, h, t) along the graph of T , for some suitable vicinity
(called aperture) of (x0 , t0 ), should be high.
The CRS parameter estimation problem is formulated as follows:
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For each midpoint and traveltime (x0 , t0 ) at the ZO section to be simulated, find the CRS parameter
triplet (β, KN , KN IP ) for which a coherence function attains a minimum for source-receiver pairs within
a given spatial aperture around x0 and for time samples within a time around t0 .
The present work is concerned with the use of a global optimization algorithm to obtain the CRS
parameters. First, we obtain the coefficients A, B and C, and then we recover the CRS attributes using the
relations given by equation (2). A global minimization strategy for each pair (x 0 , t0 ) is applied until some
predefined time, based on the amount of data and the quality of the solution, is reached.
GLOBAL OPTIMIZATION PROBLEM
For each midpoint x0 and zero-offset traveltime t0 , in the simulated ZO section to be constructed, the CRS
problem consists of finding A, B, C for which the coherence function (semblance) calculated on the traces
inside an aperture around (x = x0 , h = 0), is maximum. In mathematical terms, we have to minimize the
semblance function
#2
" N
X
X
Ui (t)
1 |t−ti |≤τ i=1
#,
(3)
S(A, B, C) =
" N
N X
X
Ui (t)2
|t−ti |≤τ

i=1

where Ui (t) is the interpolated value of trace i at time t,
(4)

ti = ti (A, B, C) = t(xi , hi ; A, B, C)

is the hyperbolic traveltime data given by equation (1), xi and hi are, respectively, the midpoint and halfoffset of trace number i, τ is a time window around ti and N is the total number of traces in the multicoverage data. From the solution obtained, we restore (β, KN , KN IP ) using relations (2).
In general, specially for real data, there is a high number of local minimizers of the semblance function
and so, local optimization algorithms might not be very effective for finding global minimizers. Moreover,
local methods may converge for critical points, not necessarily local minimizers. Therefore, the number of
possible solutions that are not global solutions, is enormous and a global search is necessary.
From now on we will consider the problem of finding a global minimizer of a function f : IR n → IR,
twice continuously differentiable, over the set Ω = {x ∈ IR n | ` ≤ x ≤ u}. The CRS problem is
such that n = 3, x = (A, B, C) and f (x) = −S(A, B, C) (recall that maximizing S is equivalent to
minimizing −S) and the box-parameters ` and u are conveniently chosen.
Our global optimization procedure consists of using a local algorithm for finding a critical point x ∗
and, then, trying to “escape” to a new starting point y such that f (y) < f (x ∗ ). For the local minimization
we have chosen the Box Euclidian Trust Region Algorithm (BETRA) proposed by Andretta et al. (2005).
BETRA is a local method with guaranteed convergence to critical points.
The strategy to escape from the critical point is to make a movement along a Lissajous curve that passes
through the critical point x∗ . A Lissajous curve in IRn is defined by the parametric equations
γ(r) = (cos(θ1 r + ϕ1 ), cos(θ2 r + ϕ2 ), . . . , cos(θn r + ϕn )) ,

r ∈ IR,

(5)

where ϕP
Q, i.e., if d1 , d2 , . . . , dn ∈
j , θj ∈ IR (j = 1, 2, . . . , n) and the θj ’s are linearly independent over C
C
Q and nj=1 dj θj = 0 then d1 = · · · = dn = 0. Figure 1 shows some examples of these curves in two
√
√
√
and three dimensions, for the case of θ1 = 2, θ2 = 3, θ3 = 5, and ϕ1 = ϕ2 = ϕ3 = π/2.
Andreani et al. (2004) proved that the image of the curve γ is dense in the box [−1, 1] n . Therefore,
through the use of the linear transformation Γ(r) = [`+u+(u−`)γ(r)]/2, we can construct a dense curve Γ
in Ω and choose the ϕj ’s so that Γ(0) = x∗ . The movement along Γ is made testing the candidates x(α) =
Γ(α/(1 − |α|)) with α = 1/2, −1/2, 1/3, 2/3, −1/3, −2/3, 1/5, 2/5, 3/5, 4/5, −1/5, −2/5, −3/5, . . .,
until f (x(α)) < f (x∗ ).
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Figure 1: Examples of Lissajous curves in two (left) and three (right) dimensions.
GLOBAL OPTIMIZATION ALGORITHM
After many trials and errors we define the global algorithm described below. Besides the local minimization and the escaping phases we introduced a multistart procedure for generating different initial points,
defining criteria for discarding poor initial points and establishing two upper limits: TMAX for the total run
of the algorithm and TESC for each call of the escaping phase.
Algorithm:
Step 0 [Initialization]
Choose TMAX, TESC ≥ 0.
δ = 0.1 × min {ui − `i }.

Set k ← 1, fmin ← ∞, C ← ∅, A ← ∅ and

1≤i≤n

Step 1 [Random Choice]
Choose a random uniformly distributed initial point xIk ∈ Ω.
If k = 1 update A ← A ∪ {xIk } and go to Step 5.
Step 2 [Functional Discarding Test)
Set fmax ← max{f (x) | x ∈ A}.
Compute the probability P rob of discarding xIk :
· If f (xIk ) ≤ fmin , P rob ← 0;
· If f (xIk ) ≥ fmax , P rob ← 0.8;
· If fmin < f (xIk ) < fmax , P rob ← 0.8 × (f (xIk ) − fmin )/(fmax − fmin).
Discard xIk with probability P rob. If xIk was discarded return to Step 1.
Step 3 [Neighborhood Discarding Test]
Set dmin ← min{kx − xIk k∞ | x ∈ C} and update P rob:
· If dmin ≤ δ, P rob ← 0.8;
· If dmin > δ, P rob ← 0.
Discard xIk with probability P rob. If xIk was discarded return to Step 1.
Step 4 [10–Iterations Discarding Test)
Perform 10 iterations of the local method obtaining iterate x10,k .
f10 ← f (x10,k ) and faux ← f (xIk ) − 0.1 × (f (xIk ) − fmin ) and update P rob:
· If f10 ≤ fmin, P rob ← 0;

Set
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· If f10 ≥ faux , P rob ← 0.8;
· If fmin < f10 < faux , P rob ← 0.8 × (f10 − fmin )/(faux − fmin ).
Discard xIk with probability P rob. If xIk was discarded, return to Step 1.
Otherwise, update A ← A ∪ {xIk }.

Step 5 [(Local Minimization]
Taking xIk as an initial point, execute the local algorithm (in this
work we used BETRA) for obtaining a critical point, x∗,k . Update the
set of critical points C ← C∪{x∗,k } and the best functional value, fmin ←
min{fmin, f (x∗,k )}.
If fmin = f (x∗,k ) set xmin ← x∗,k . If the CPU time exceeds TMAX, STOP the
algorithm.
Step 6: [Escaping Phase]
Using the Lissajous curve that passes through x∗,k try to obtain x(α)
such that f (x(α)) < f (x∗,k ) in less than TESC units of time.. In case
of success, set k ← k + 1 and xIk ← x(α) and go to Step 5. Otherwise,
set k ← k + 1 and return to Step 1.
NUMERICAL EXPERIMENTS
To analyse the performance of the global optimization procedure described above, we generate a multicoverage data for the synthetic model depicted in Figure 2. The data was modeled by ray tracing, using the
package Seis88 (Červený and Pšenčik, 1984). We apply the global algorithm for each pair (x0 , t0 ), with
x0 ∈ [3, 7] km and increment ∆x0 = 25 m, and t0 ∈ [0, 4] s with time sample ∆t0 = 0.04 s. Therefore, to
solve the CRS problem we have made 161 × 101 = 16261 calls of the algorithm. All the experiments were
run on a 2.8 GHz Intel Pentium IV Computer with 2 Gb of RAM in double precision Fortran. The linearly
independent parameters that define
curves√(5) are chosen to be the square roots of the first
√
√ the Lissajous
three prime numbers, i.e., θ1 = 2, θ2 = 3 and θ3 = 5. For the box constraints we used −2 ≤ A ≤ 2,
−4 ≤ B ≤ 4 and −4 ≤ C ≤ 4.
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Figure 2: Synthetic model for the numerical experiments.
We tested the global optimization procedure for three increasing values of the maximum time allowed
for each run of the algorithm: TMAX = 0 s (no escape/global search), 1 s and 2 s. The parameter TESC was
chosen equal to 0.5 s. The respective total CPU times (all the 16221 runs of the algorithm) are 1h51m20s,
7h15m22s and 11h33m16s. Figure 3 shows the final semblance panels obtained. The improvement with
the global search is evident.
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Figure 3: Semblances panels for different values of TMAX.
For a better analysis of the impact of the global procedure we plot in Figure 4 the semblance functions
at x0 = 4 km, x0 = 5 km, x0 = 6 km. As can be observed, as the time allowed for the global search
increases, the semblance function also increases. Moreover, only with the global search it is possible to
reach large values for the semblance function.
To compare the quality of the CRS parameters, we show in Figures 5, 6 and 7 the recovered attributes
β, KN and KN IP , respectively, for all the three interfaces. The results obtained agree with the previous
statement about the semblance: only with the global strategy it is possible to recuperate the majority of the
exact values. Indeed, TMAX = 1 s is sufficient for a good estimation in all cases.
CONCLUSIONS
The CRS problem in the 2-D situation requires the maximization of the semblance function, depending on
three parameters. This work focuses on the estimation of these parameters, where the coherence analysis
is performed using a global optimization algorithm.
The main contributions of this work are:
• The search for the “general” parameters A, B and C, instead of the “original” parameters β, K N
and KN IP . This simplification avoids the computation of trigonometric functions, reducing the time
for the evaluation of the semblance function. Moreover, v0 can be given a posteriori, and then it is
possible to propose different strategies for recovering the original parameters.
• A global optimization strategy that can be applied in association with any local optimization method.
• A new search procedure for escaping from local solutions, based on Lissajous curves.

From the numerical results, we conclude that the global optimization strategy introduced in this work
has the potential to be a powerful tool, not only for solving the CRS problem but also for any geophysical
problem that requires global solutions.
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Further investigation is being carried to analyse the behavior of the global optimization algorithm when
applied to the CRS problem with noisy data and, of course, real data.
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ABSTRACT

Residual static correction methods are usually applied to onshore data sets, as these data sets are influenced by the inhomogeneity of the uppermost low-velocity layer, the so-called weathering layer.
Thus, residual static correction methods are used to eliminate the influence on reflection traveltimes
due to the weathering layer and/or any errors introduced by redatuming methods. Their aim is to
enhance the results of stacking methods applied after residual static correction, which should show an
improved signal-to-noise ratio. As the Common-Reflection-Surface stack provides additional information beyond conventional stacking velocities about the subsurface in the form of kinematic wavefield attributes, we considered to make use of it. These attributes define a stacking surface within a
spatial aperture rather than a curve within the common-midpoint gathers, only. With the knowledge
of the attributes, the Common-Reflection-Surface operator can be corrected for its moveout which is
mandatory for the determination of residual statics. Our method presented in the following is based on
cross correlations. Furthermore, the moveout corrected traces and pilot traces are normalized before
the cross correlation. Our method for residual static correction was applied to a real data example.

INTRODUCTION
Onshore real data sets usually suffer from the influence of topography and the uppermost low-velocity
layer, the so-called weathering layer. Therefore, statics are used to eliminate these influences. On the
one hand, the topographic effect on the reflection times can be significantly reduced by applying so-called
field or elevation statics. On the other hand, the effects of rapid changes in elevation and in near-surface
velocity or thickness of the weathering layer still remain as reflection time distortions. Therefore, residual
static correction methods are applied to compensate these remains. The residual static correction tries to
eliminate these remains by assigning every source and every receiver location an additional static time shift.
These time shifts of residual static corrections aim at enhancing the continuity of the reflection events and
at improving the signal-to-noise (S/N) ratio after stacking.
The 2D zero-offset (ZO) Common-Reflection-Surface (CRS) stack method has shown its abilities to
improve the S/N ratio under the assumption of a horizontal plane measurement surface (see Trappe et al.,
2001). Zhang (2003) has introduced the topography into the CRS stack method. This can be seen as a
more sophisticated kind of field static correction and its results can also serve as input for our residual static
correction method. As stacking methods in general, the 2D ZO CRS stack method does not directly account
for residual static corrections. Similar to the conventional common-midpoint (CMP) based methods, a new
alternative approach for residual static correction based on the CRS attributes is presented in the following.
BASICS OF STATIC CORRECTIONS
The main assumption for applying static corrections is surface consistency. This implies that the waves
propagate nearly vertical through the uppermost layer and, hence, independently from the raypaths in the
deeper layers (see Figure 1(b)). Thus, the time shifts become properties of the source or receiver locations,
only. Furthermore, the reflection time distortions do not depend on the traveltime of different reflection
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Figure 1: (a) Raypath through a low-velocity layer. Redatuming achieved by field static correction substitutes the actual surface by a reference datum plane beneath the low-velocity layer, i. e., source S and
receiver R are moved to S’ and R’ on the reference datum plane, respectively. (b) illustrates the possible
influence of the weathering layer on the traces. Additionally, two possible stacking operators are displayed
in the upper part.
events, i. e., they are reflection time independent. Therefore, these time shifts are called static corrections.
Another assumption is that the weathering layer has the same influence on the shape of the wavelet for all
emerging reflection events. The latter assumption is due to the fact that we do not account for phase shifts
of the wavelet at the moment.
Under these assumptions, static corrections can be divided into two parts:
• The field or elevation static correction, which is a kind of redatuming, introduces a reference datum plane as substitute for the actual measurement surface. This reference datum is mostly located
beneath the weathering layer (see Figure 1(a)). For further explanations, please refer to Marsden
(1993).
• The residual static correction is used to eliminate small variations of reflection traveltimes caused by
the weathering layer. Additionally, errors from redatuming by field static correction or other methods
can be removed. Even though, residual static correction can be also applied without any preceeding
static correction to enhance the imaging quality.
Conventional residual static correction methods
To achieve surface consistency, residual static correction techniques have to provide exactly one time shift
for every source or receiver location, respectively. The first step of most of the conventional residual static
correction techniques is to apply an approximate normal moveout (NMO) correction. Then, the reflection
events in each CMP gather are considered to be misaligned due to a source static, a receiver static, a residual
moveout, and additional terms depending on the used method. The calculated time shifts t ij of each trace
consist of the following terms
i+j
,
(1)
2
where tri is the receiver static of the i-th receiver location and tsj is the source static for the j-th source
location. Mk is the residual moveout at the k-th CMP gather and Xij = ri − sj is the source to receiver
2
+...
tij = tri + tsj + Mk Xij

with k =
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Figure 2: Example of the enhancement due to residual static correction after an approximate NMO correction.
distance, i. e., the offset (see Taner et al., 1974; Wiggins et al., 1976; Cox, 1974) between the source location
sj and the receiver location ri . Figure 2 shows an example of the improvements of the stacking result due to
residual static correction. Figure 2(a) shows a reflection event after NMO correction, distorted by residual
statics. Stacking these traces without any corrections results in a deformed wavelet (see Figure 2(b)), while
the stack with residual static correction clearly yields a well preserved wavelet with larger amplitudes due
to the coherent stack (see Figure 2(c)).
From this point on, many different conventional methods exist to determine t ij or tri and tsj , respectively. One method, e. g., is to cross correlate all traces of each CMP gather with their corresponding CMP
stacked trace which is used as pilot trace for this CMP gather. The window for the correlation has to be selected to cover more than one dominant primary event (time invariance) and at reasonably large traveltimes
(surface consistency). Thus, a system of equations of tij is given by one equation for each trace of the
whole data set. This large system of linear equations is overdetermined, i. e., there are more equations than
unknowns, and underconstrained, i. e., there are more unknowns than independent equations. The solution
is generally obtained by least-square techniques.
Ronen and Claerbout (1985) introduced another technique for residual static correction based on cross
correlation, the stack power maximization method. Here, the cross correlation is performed between socalled super-traces. A super-trace built from all the traces of the shot profile in sequence (trace F in Figure 3)
is cross correlated with another super-trace analogously built of all traces in the relevant part of the stack
without the contribution of that shot (trace G in Figure 3). The source static of this shot is the time
associated with the global maximum of the cross correlation result. This procedure is repeated for every
shot and receiver profile, respectively. The resulting time shifts maximize the sum of squared amplitudes
of the final stack, i. e., the stack power.
RESIDUAL STATIC CORRECTION BY MEANS OF CRS ATTRIBUTES
In addition to the simulated ZO section, the CRS stack method provides three further sections with CRS
attributes. These attributes (α, RNIP , RN ) are parameters of the second-order stacking surface given by
t2hyp (x, h)



2
= t0 + (x − x0 ) sin α
v0

2



2
(x − x0 )2
h2
2
+ t0 cos α
+
,
v0
RN
RNIP

(2)

with the ZO traveltime t0 , the near-surface velocity v0 , the emergence angle α of the ZO ray, the radius of
curvature of the NIP wavefront RNIP measured at x0 , and the radius of curvature of the normal wavefront
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Figure 3: Example of super-traces for one moveout corrected shot gather. Super-trace F and super-trace G
are cross correlated to determine the corresponding source static. Figure taken from Ronen and Claerbout
(1985).
RN also measured at x0 (see, e. g., Mann et al., 1999, for these definitions). This stacking surface from the
CRS stack method improves the S/N ratio more than, e. g., the NMO/DMO/stack method due to the larger
stacking surface (see Mann, 2002; Trappe et al., 2001).
Our new approach is also based on cross correlations and is similar to the technique of Ronen and
Claerbout (1985). Figure 4 shows the principal steps of our method. The first step is to perform at least the
initial 2D ZO CRS stack to obtain the CRS attribute sections and the simulated ZO section. Each trace of the
simulated ZO section serves as a pilot trace for the necessary cross correlations. Additionally, the optimized
2D ZO CRS stack can also be used for the subsequent steps. However, this requires more processing time
due to a local optimization of the attributes. The initial CRS stack differs from the optimized one by the
strategy to obtain the attributes. The attributes of the initial search serve as starting values for the optimized
search. Irrespectively of how the attributes are obtained, the CRS moveout correction is then realized with
the previously obtained CRS attributes.
CRS moveout correction
To correct for the CRS moveout, the dependency on the half-offset h and the midpoint x in equation (2) has
to be eliminated. Therefore, the CRS attributes of every time sample within the simulated ZO section are
required. These attributes are provided by the initial or optimized search of the CRS stack method. With
the knowledge of these attributes, the Common-Reflection-Surface can be transformed into a horizontal
plane at time t0 by subtracting the moveout given by
tmoveout (x, h) = thyp (x, h) − t0 ,
where t0 is given by the considered time sample of the simulated ZO section (see Figure 5).

(3)
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Figure 4: Flowchart for the iterative residual static correction by means of CRS attributes. Three alternatives are available for the second and further iterations: the CRS search for the attributes can be optionally
performed again (solid green arrows). If not (see dashed and solid blue arrows), the pilot trace has to be
recalculated from the CRS moveout corrected CRS super gather to take advantage of the enhancements
of the previous iterations. A third option (dash-dotted purple arrows) can be used to directly correct the
previously calculated CRS super gather with the obtained residual static values.
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Figure 5: CRS moveout correction example for one time sample. The blue surface is the CRS stacking
operator given by α, RNIP , and RN . With equation (2), the moveout can be subtracted which results in the
flattened operator here shown as green horizontal plane at time t 0 .
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Figure 6: Cross correlation of a CRS moveout corrected trace and a pilot trace for a given time shift ∆t.
This correction is performed for all t0 given by each simulated ZO trace of the CRS stack. The result
for one ZO trace is called CRS moveout corrected CRS super gather and contains all CRS moveout corrected prestack traces which lie inside the corresponding spatial CRS aperture (shown as red half-ellipse
in Figure 5). Thus, the prestack traces are multiply contained in different CRS super gathers with different
moveout corrections in each super gather.
Cross correlation
After the moveout correction has been applied, the traces are assumed to be misaligned by the residual
statics for the source and for the receiver location. Thus, the cross correlation with the corresponding pilot
trace should yield the total static shift for this trace. Then, the cross correlations are performed between
every single moveout corrected trace of each CRS super gather and the corresponding trace of the simulated
ZO section, i. e., the pilot trace. These correlations can also be weighted with the coherence values provided
by the CRS stack to account for the reliability of every single sample. Additionally, the traces can be
normalized before the correlation or the correlation results can be normalized before the correlation stack
to balance their influence on the correlation stack. The normalization before cross correlation can be
selected in the same way as for the coherence analysis of the CRS stack (here, we used the division by the
envelope of its analytical signal). The normalization of the correlation results is realized by a division by its
power. Afterwards, all correlation results that belong to the same source or receiver location are summed
up. The resulting cross correlation stacks for each source or receiver location, respectively, are similar to
cross correlating super-traces as proposed by Ronen and Claerbout (1985).
The main difference to CMP gather-based methods is that the correlation of the super-traces accounts
for the subsurface structure because super-trace G of Figure 3 is a sequence of neighboring stacked traces
and not of one stacked trace repeated multiple times. Super-trace F consists of all traces belonging to
the same source or receiver location, respectively. The CRS stack accounts for the subsurface structure by
means of the CRS attribute RN which enters into the CRS moveout correction. RN is the radius of curvature
of the normal wave measured at the surface and can be associated with an hypothetical exploding reflector
experiment.
The residual static value is assumed to be associated with the global maximum of the summed correlation results. However, the cross correlations are, in general, affected by a tapering effect. Figure 6 shows
the cross correlation of the pilot trace with a CRS moveout corrected trace for a given time shift ∆t. Only
the part of a selected window from tmin to tmax should be correlated. In case of discrete cross correlation,
the rest of the traces will be zeroed out. Thus, in this example only samples 9 to 18 from the CRS moveout
corrected trace and samples 6 to 15 from the pilot trace will contribute to the correlation result. Nevertheless, the traces still contain data outside the selected window which can help to reduce the taper effect in
the cross correlation. Therefore, we do not zero out the traces before the cross correlation to reduce the
taper effect. In this example, it means that samples 6 to 21 from the CRS moveout corrected trace and
samples 3 to 18 from the pilot trace are taken into account for the correlation.
Problems might occur at the boundary of the data set because there only few correlation results will
contribute to source or receiver locations. Therefore, we implemented a threshold for the maximum correlation shift, i. e., a maximum residual static time shift. This threshold also reduces the likelihood of cycle
skips. Furthermore, an additional threshold is introduced which handles the reliability of the estimated
statics. As we count how much traces contribute to each source or receiver correlation stack (see Figure 7),
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Figure 8: Example for asymmetrical correlation stacks. The red line displays the artificial time shifts
which where added to a not too complex real data set. The blue line shows the estimated time shifts by
picking the global maxima (almost zero for each location) and the green line shows the estimated time
shifts using the center of the positive lobe around the global maxima (close to the red curve), both after the
first iteration.
we introduced a minimum threshold for the number of contributions to each correlation stack. Thus, if
the number of contributions is too low at the boundary of the data set or due to acquisition gaps, then the
estimated static might not be reliable and will be omitted for the subsequent correction.
Estimation of residual statics
Finally, the residual static value have to be estimated from the cross correlation stacks. As mentioned
before, the residual statics are usually assumed to be associated with the global maximum of the correlation
results. From our tests, we have seen that this is not always the best choice as most global maxima are
located at a zero time shift but with an asymmetrical positive area around it. Thus, we introduced another
automatic picking algorithm instead of simply extracting the global maxima. Now, it is possible to define
a minimum threshold which is a percentage of the global maximum or the local maximum closest to a zero
time shift. Then, the center of the positive lobe defined by this threshold is used as the estimated time
shift. Figure 8 shows an example of asymmetrical correlation results from a not too complex real data set.
The blue line indicates the estimated time shifts using the global maximum and the green line displays the
estimated time shift by using the center of the positive lobe. The red line indicates the artificially added
time shifts. This example shows that the new automatic picking algorithm can help to strongly reduce the
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required number of iterations (for this example: from 6-7 iterations down to 2-3 iterations).
Iteration
Once the residual static values are obtained from the cross correlation results, the prestack traces are time
shifted with the corresponding total time shifts. The total time shift is simply the sum of the corresponding
source and receiver static values of each prestack trace. If the CRS stack of these corrected prestack
traces is not yet satisfactory, the entire procedure can be started again in two different ways with the
previously corrected prestack traces or, alternatively, with the previously corrected CRS super gathers. The
first possibility is to again perform the CRS search and all other steps (see solid green arrows in Figure 4).
The second possibility omits the CRS search for the attributes (see dashed blue arrows in Figure 4). As the
CRS search for the attributes is the most time consuming step of our method, it is attractive to omit this
step. However, it might be dangerous to rely on the CRS attributes: if the time shifts between neighboring
traces are too large, the CRS stack probably fails to detect actually contiguous events and the corresponding
attributes. The third possibility is to use the obtained residual static values to directly correct the traces of
the CRS super gathers. However, this approach is not surface-consistent as the static time shifts are applied
to moveout corrected traces. Thus, the corresponding prestack traces are no longer shifted by a static time,
every time sample of one trace has to be shifted by different times. As one prestack trace is multiply
contained in the CRS super gathers but with different moveout corrections, the time shifts for each sample
also depend on the currently considered midpoint and its associated moveout correction. Some results for
the second and third possibility as well as combinations of all three possibilities can be found in Ewig
(2003).
REAL DATA EXAMPLE
The reflection seismic data used for the following case study were acquired by an energy resource company.
To get a detailed knowledge of the subsurface structure in the area of interest, data were acquired along two
parallel lines denoted as A and B. On each line, about 240 geophone groups were laid out in a fixed-spread
geometry with a group spacing of 50 m. The source signal was a linear upsweep from 12 Hz to 100 Hz
of 10 s duration, generated by three vibrators. The source spacing was 50 m and the temporal sampling
interval was 2 ms. For the examples shown in this paper, data from line A are used and due to the small
changes in elevation, we did not consider the topography during the application of CRS to this data set.
A contractor applied a standard preprocessing and imaging sequence to the data sets, the latter consisting of normal moveout (NMO) correction/dip moveout (DMO) correction/stack, conventional residual
static correction, and further more steps like migration. We were kindly provided with their results before
and after conventional residual static correction. The ZO section of the CRS stack applied to the data set
before any residual static correction is shown in Figure 9(a). The stacked section contains several reflection
events well imaged, but there are also areas of poor image quality. Figure 9(b) shows the ZO section of
the CRS stack applied to the data set after a conventional residual static correction has been applied. The
difference of these two plots is obvious as the S/N ratio has increased for almost all reflection events after
the application of conventional residual static correction. In comparison to Figure 9(b), Figure 10(a) shows
the ZO section of the optimized CRS stack after we have applied three iterations of our new approach of
residual static correction to the original data set with no residual static correction of the contractor. The arrows indicate two areas where we improved the continuity of reflection events. And also at the left border,
Figure 10(a) shows some improvements on reflector continuity compared to Figure 9(b). The estimated
residual statics are displayed in Figure 11(a) for the source locations and in Figure 11(b) for the receiver
locations. The green solid curves are the results after three iterations of our CRS-based approach and the
red/blue dotted lines are the conventional results. One can observe areas with different levels of correlation.
This can be also observed in the stacked sections. Thus, we think that each of the residual static corrections
provided one solution to the ambiguous problem of residual statics.
We also applied our new approach directly to the provided data set with the conventional residual static
correction applied to see whether there remained some residual statics in this data set. We performed two
iterations with a new CRS attribute search in each step. The ZO section of the optimized CRS stack after
these iterations is shown in Figure 10(b). The estimated residual statics of the second iteration did not yet

44

Annual WIT report 2004

vanish completely for each source or receiver location (see Figure 12(a) and Figure 12(b), respectively).
Nevertheless, we stopped to iterate further as the changes are expected to be minimal. Figure 12(a) and
Figure 12(b) display the obtained time shifts after the second iteration. As expected, they are smaller and
there are also areas where no further changes appeared (zero time shifts). The stacked section shows some
small changes which in some areas increased or decreased the reflection event continuity or the S/N ratio.
Thus, it is up to the interpreter to decide which result is easier to interpret or, even more important, closer
to reality. However, we presented here only the stacked ZO sections of the CRS stack results but also the
sections of the CRS attributes have to be taken into account for a more sophisticated comparison.
CONCLUSIONS
Residual static correction methods are, in general, based on cross correlations. We showed that the CRS
stack method can help to derive the residual statics. The advantages of the CRS stack method, i. e., the
improved S/N ratio and the additional information about the subsurface by the CRS attributes compared
to, e. g., NMO/DMO/stack, is integrated into our new approach. The CRS stack method fits entire surfaces
to reflection events which is essential for a moveout correction within a spatial aperture. Also, the traces
of the simulated ZO section are better suited as pilot traces than conventional CMP stacked traces because
of the large spatial aperture. Our new approach combines the conventional methods (cross correlation,
picking of correlation maxima) with the advantages of the CRS stack. Here, the large spatial aperture of
the CRS stack takes far more traces into account than just correlating within CMP gathers. Furthermore,
the coherence of the CRS stack serves as a reliability measure and weight factor for the traces during the
cross correlation.
With the example of this real data set, we demonstrated that our new approach is able to estimate
residual statics in order to enhance the simulated ZO section after this correction (see Figure 10(a)). Additionally, our approach can also be applied to data sets already corrected by residual statics to further
enhance the ZO section (see Figure 10(b)). Despite of simply picking the global maximum of the summed
cross correlation results, we have implemented picking of the center of positive lobes in the correlation
results which decreases the number of required iterations compared to pick global maxima.
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(a) before any residual static correction
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(b) after a conventional residual static correction method has been applied

Figure 9: Simulated ZO sections of the optimized CRS stack.
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(a) after three iterations of our residual static correction method with a new CRS attribute search in each step

time

distance

(b) after conventional residual static correction provided by a contractor and two iterations of our residual static correction
method with a new CRS attribute search in each step

Figure 10: Simulated ZO sections of the optimized CRS stack.
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Figure 11: Obtained time shifts as green solid lines after three iterations applied to the data set before any
residual static correction compared with the conventional residual statics displayed as dotted lines in red
for source locations and in blue for receiver locations, respectively.
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Figure 12: Obtained time shifts after the second iteration applied to the data set with conventional residual
static correction applied.
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ABSTRACT

In the current situation of rapidly growing demand in oil and gas, on-shore exploration, even under difficult conditions, becomes again more and more important. Unfortunately, rough top-surface
topography and a strongly varying weathering layer often result in poor data quality which makes
conventional data processing very difficult to apply. In recent years, many case studies demonstrated
that the Common-Reflection-Surface (CRS) stack produces reliable stack sections with high resolution and superior signal-to-noise ratio compared to conventional methods. In order to define optimal
spatial stacking operators, the CRS stack extracts for every sample of the zero-offset (ZO) section an
entire set of physically interpretable stacking parameters, so-called kinematic wavefield attributes. As
will be shown, these CRS attributes, obtained as a by-product of the data-driven stacking process, may
be even more important than the stacked section itself. They can be applied to solve various dynamic
and kinematic stacking, modeling, and inversion problems. CRS-stack-based seismic imaging makes
use of these extended possibilities during the stack and in further processing.
The presented extention of the CRS-stack-based imaging workflow provides support for arbitrary topsurface topography. Its implementation combines two different approaches of topography handling to
a cascaded processing strategy demanding very little additional effort. Finally, the CRS stack and also
CRS-stack-based residual static corrections can be applied to the original prestack data without the
need of any elevation statics. By a redatuming procedure, the CRS-stacked ZO section, the kinematic
wavefield attribute sections, and the quality control sections can be related to a chosen planar measurement level. Thus, an ideal input for a preliminary interpretation and subsequent CRS-stack-based
processing steps is provided.

INTRODUCTION
Obtaining a sufficiently accurate image, either in time or in depth domain, is often a difficult task in regions governed by complex geological structure and/or complicated near-surface conditions. Under such
circumstances where simple model assumptions may fail it is of particular importance to extract as much
information as possible directly from the measured data. Fortunately, the ongoing increase in available
computing power makes so-called data-driven approaches (e. g., Hubral, 1999) feasible which, thus, have
increasingly gained in relevance, during the last years.
The Common-Reflection-Surface (CRS) stack (e. g., Müller, 1999; Jäger et al., 2001; Mann, 2002) is one
of these promising methods. Besides an improved zero-offset (ZO) simulation, its decisive advantage over
conventional methods is that several so-called kinematic wavefield attributes are obtained as a by-product
of the data-driven stacking process. As will be shown, they can be applied both to improve the stack itself
and to support subsequent processing steps as, e.g., tomographic inversion or depth migration. With these
CRS attributes an advanced data-processing workflow can be established leading from time to depth domain, covering a broad range of seismic reflection imaging issues in a consistent manner. The major steps
of this workflow are displayed in Figure 1.
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Acquisition & Preprocessing

Residual static

Time

correction
Conventional processing

Data−driven processing

e.g. NMO/DMO etc.

CRS stack

Prestack/Poststack time migration
Kinematic wavefield
(CRS) attributes

Depth

Estimation of macro model
Velocity updating
Poststack depth

Prestack depth

migration

migration

Structural Imaging & Further Analysis

Figure 1: Major steps of seismic reflection data processing in time and depth domain. CRS-stack-based
imaging procedures are highlighted yellow.
So far, this workflow was limited to data acquired on a planar measurement surface or at least to data
for which a planar measurement surface had been simulated by elevation statics. However, conventional
elevation statics may introduce a certain error to the stack and—even worse—to the CRS attribute sections,
as a vertical emergence of all rays has to be assumed. In case of rough top-surface topography this can
significantly deteriorate the results of the CRS stack and of all succeeding processing steps. This paper
focuses on a sophisticated integration of topography handling into this CRS-stack-based imaging workflow.
For this purpose it was necessary to solve two main issues:
1. To extent the CRS stack software to consider not only the lateral position of sources and receivers,
but also their elevation.
2. To implement a redatuming procedure which transfers the CRS stack results from a floating datum
that corresponds to the smoothed measurement surface to a constant reference datum corresponding
to a fictitious planar measurement surface.
In recent years two different CRS stacking operators that consider the top-surface topography have been
developed at Karlsruhe University. Chira et al. (2001) and Heilmann (2003) assume a smoothly curved
measurement surface where all source and receiver locations contributing to a single stacking process can
be approximated by a parabola. In Zhang (2003) a very general CRS stacking operator was presented that
directly considers the true elevation of every source and receiver. The first approach is attractive from
the computational point of view as it is possible to adopt most parts of the conventional CRS stack implementation. Especially, the pragmatic CRS-attribute search strategy using three one-parameter searches
to determine the optimal stacking operator can be maintained. However, small elevation statics are still
required in order to transfer the real data to the chosen smoothly curved measurement surface. The second approach demands far more computational effort, as two of the three attributes have to be searched
for simultaneously due to the higher complexity of the stacking operator. On the other hand, no elevation
statics are required and the z-coordinate of the emergence points of the simulated ZO rays can be chosen
arbitrarily. Promissing results of this approach were presented in Zhang and Wu (2004).
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REVIEW: CRS STACK CONSIDERING THE MEASUREMENT SURFACE TOPOGRAPHY.
Based on the ray-theoretical foundations presented in Červený (2001), Zhang derived a very general CRS
stacking operator for arbitrary top-surface topography (see, e.g., Zhang, 2003). This stacking operator describes the second order traveltime moveout of any ray in the paraxial vicinity of a chosen central ray by
means of physically interpretable properties. These properties, called kinematic wavefield attributes, are
directly related to the central ray. For comparison, in case of the well known common-midpoint (CMP)
stack we have only one kinematic wavefield attribute, i.e., the normal-moveout (NMO) velocity. For the
specific geometry of CMP experiments on a planar measurement surface this single parameter is sufficient
to describe the traveltime moveout with offset up to the second order. In contrast to this, the CRS stack
operator also takes neighboring CMP experiments into account, i.e., describes the traveltime moveout with
offset and midpoint dislocation.
In case of the ZO CRS stack, we choose the central ray to have the coincident source and receiver
location X0 . If we denote the traveltime of paraxial rays by t and the traveltime of the central ray by t 0 ,
the (hyperbolic) CRS stacking operator for arbitrary topography reads
2

2
(∆mx sin β0 + ∆mz cos β0 )
t2hyp (∆~
m, ~h)ZO =
t0 −
v0
2 t 0 KN
2
+
(∆mx cos β0 − ∆mz sin β0 )
(1)
v0
2 t0 KNIP
2
+
(hx cos β0 − hz sin β0 ) ,
v0
~ −m
~ X0 and halfwhere (∆mx , ∆mz ) and (hx , hz ) are the components of midpoint displacement ∆~
m=m
offset ~h of the considered paraxial ray according to Figure 2. The searched for CRS attributes are β 0 , i.e.,
the emergence angle of the central ray in X0 , as well as KN and KNIP , two wavefront curvatures related
to hypothetical experiments firstly introduced by Hubral (1983). The parameter v 0 defines the near-surface
velocity and is assumed to be known a priori.
This traveltime approximation simplifies considerably if we assume a smoothly curved measurement
surface that can be described locally by a parabola with apex in X 0 . For this purpose, we establish a local
Cartesian coordinate system as depicted in Figure 2, with its origin in X 0 and its x-axis being tangent to the
surface in X0 . Here, the surface elevation z in the vicinity of X0 , expressed as a function of the horizontal
displacement x, can be written as
z(x) =

K0 2
x ,
2

with K0 =

d2 z
dx2

X0

(2)

being the local curvature of the measurement surface in X0 . Figure 2 shows a convex section of the
smoothed measurement surface. By means of equation (2) the local Cartesian coordinates x, z of two
points S and G located on the smoothed measurement surface can be written as
 

 



mx − h x
mx + h x
x(S)
x(G)
=
=
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. (3)
z(S)
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− K20 (mx − hx )2
− K20 (mx + hx )2
Restating the expression for the midpoint vector by using equations (3) leads to

 



1
mx
x(G) + x(S)
mx
~ (S, G) =
=
=
.
m
z(G) + z(S)
mz
− K20 (m2x + h2x )
2

(4)

In this way, a first order instance for mz turns out to be a second order instance in terms of mx and hx .
Due to the fact that we are looking for a second-order traveltime approximation and no first order term
of hz occurs in equation (1), it is not necessary to rewrite hz in terms of mx and hx . At first glance, it
might appear strange that the representation of mz in equation (4) consists of two terms and depends not
only on mx but also on hx . The explanation is given in Figure 2. The first term of mz accounts for the
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~ ? . The second term represents the difference between m
~ ? and m
~ . Since we use for every
z-component of m
~ and m
~ X0 becomes zero. By
X0 a local Cartesian coordinate system with origin in X0 , ∆~
m is equal m
replacing the first-order occurrence of mz in equation (1) and by neglecting all higher-order terms of mz
and hz we obtain

2
2
t2hyp (mx , hx ) =
t0 +
mx sin β0
v0

2 t0
+
KN cos2 β0 − K0 cos β0 m2x
(5)
v0

2 t0
+
KNIP cos2 β0 − K0 cos β0 h2x .
v0
Using a local Cartesian coordinate system is a convenient choice for the derivation of equation (5).
However, for the final implementation a global coordinate system is better suited, as this allows to use
the same coordinate system for every X0 . For this purpose, we have to apply a coordinate transformation
consisting of:
• a translation of the coordinate system, relating every local coordinate system to the same global
origin and
• a rotation of the coordinate system by the local dip α0 , making the z-axis always point in depth
direction [see Figure (3)].
This leads to the transformations
mx =

1
1
(mg − mg0 ) =
∆mg
cos α0
cos α0

and

hx =

1
hg ,
cos α0

(6)

with mg0 indicating the x-coordinate of X0 in the global coordinate system. In contrast to formula (5),
where the dip α0 was implicitly comprised by the local coordinate system, in global coordinates one has to
explicitly consider α0 in the traveltime expressions. The emergence angle β0 , related to the surface normal
in X0 has to be transfered to β0g which is related to the depth direction [see Figure (3)]. Doing this yields
the CRS traveltime operator in global coordinates:

2
2 ∆mg
g
2
t0 +
thyp (∆mg , hg ) =
sin(β0 − α0 )
v0 cos α0

2 t0 ∆m2g
+
KN cos2 (β0g − α0 ) − K0 cos(β0g − α0 )
(7)
2
v0 cos α0

2 t0 h2g
KNIP cos2 (β0g − α0 ) − K0 cos(β0g − α0 ) .
+
2
v0 cos α0
Setting K0 = 0 and α0 = 0 this traveltime operator reduces to the standard ZO CRS stack formula
for a planar measurement surface (see, e.g. Höcht, 1998; Müller, 1999; Mann, 2002). For convenience this
formula (in different notation) is repeated here. It reads

2
2
t2hyp,planar(∆m, h) =
t0 +
∆m sin β0
v0
2 t0
+
KN cos2 β0 ∆m2
(8)
v0
2 t0
KNIP cos2 β0 h2 ,
+
v0
with β0 = β0g , ∆m = ∆mg , and h = hg .
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Figure 2: Sketch of a parabolic section of a smoothed measurement surface. The vector m
~ ∗ points to that
point on the surface which is defined by the x-coordinate of the midpoint vector m
~ (Figure according to
von Steht, 2004).

Figure 3: The relationship between the emergence angles β0 , β0g , and the dip angle α0 for a curved
measurement surface. Note that β0 is measured in the local and β0g in the global coordinate system. The
angles are defined in the mathematical positive direction of rotation (counterclockwise). Please note: for
this figure the origin of the global coordinate system is chosen to coincide with X 0 , which is also the origin
of the local coordinate system. Of course, in general this is not the case.
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IMPLEMENTATION

It is evident why most practical problems are solved in an iterative way. Decomposing a problem into
several terms of decreasing impact facilitates to solve it step by step, utilizing in each case the appropriate
method. If the desired degree of accuracy is reached, remaining terms can be neglected. Of course, some
problems might be too complex to be solved this way, but according to our current experience the CRSattribute search seems to be none of that kind. Following the idea of step-by-step refinement, we chose
an implementation that combines both methods of topography handling, reviewed in the last section, to
a cascaded processing strategy. Doing this, most of the specific disadvantages of the single approaches
can be compensated without loosing their individual benefits. Finally, a redatuming procedure provides
a seamless transition to the tomographic inversion and other succeeding processing steps. A flowchart of
this pragmatic strategy to handle topography within the CRS stack is depicted in Figure 4. In the following
section, the individual steps of this flowchart will be discussed by means of a synthetic data example.

Figure 4: Sketch of the extended CRS stack method for handling measurement surfaces with topography.

SYNTHETIC DATA EXAMPLE
The synthetic data set used in this section to demonstrate the handling of topography within the CRSstack-based imaging workflow was kindly provided by S AUDI A RAMCO. Figure 5 shows the underlying
velocity model, simulating a situation which is very common in Arabian land-data acquisition. Looking at
the measurement surface, depicted as a black line, a valley type structure with rapid changes in elevation
can be observed. The subsurface structure consists of approximately twenty homogeneous layers, featuring
about ten velocity inversions, although the interval velocities generally increase with depth.
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The acquisition geometry of the prestack data is summarized in Table 1.
Context
Shot and
receiver
geometry

Parameter
Number of shots
Shot interval
Maximum number of receivers
Receiver interval
Number of traces

Value
625
16 m
375
16 m
199 593

Midpoint and
offset
geometry

Number of CMP bins
Maximum CMP fold
Full offset range

1250
188
-2992 . . . 2992 m

Recording
parameters

Recording time
Sampling interval
Mean frequency
Maximum frequency

2s
4 ms
30 Hz
50 Hz

Table 1: Information on the acquisition geometry of the prestack data.

Initial CRS stack considering a smoothly curved measurement surface: In order to apply the CRS
traveltime operator for a smoothly curved measurement surface [equation (7)] to our data set we have
1. to find an appropriate smooth reference surface,
2. to determine K0 and α0 for every X0 , and
3. to apply elevation static corrections that relate the prestack data to this surface.
For this purpose, it is necessary to consider that, in general, the larger the scale of the smoothing, the larger
are the elevation static corrections which have to be applied. Nevertheless, the surface has to be smooth
enough such that for every single stacking process the elevations of all contributing sources and receivers
can be properly represented by a parabola. To control the scale of the smoothing a so-called smoothing
aperture was introduced, which should, as a rule of thumb, be in the range of the maximum offset-aperture
chosen for the wavefield attribute search and the stacking procedure.
In our recent implementation, steps 1 and 2 are performed by a module which fits, for every X 0 , a
circle to all source and receiver points located within the respective smoothing aperture. By these circles,
the average dip, curvature and elevation is defined for every X 0 (Heilmann, 2002). To make the results
stable and continuous along the line, this procedure is applied iteratively. A comparison between the
original measurement surface and its smoothed counterpart can be found in Figure 6. The elevation-static
correction time for every source and receiver location is calculated from the near-surface velocity and
the differences in elevation of the true source and receiver points and their vertical projections onto the
smoothed surface. This aims to simulate the traces as being recorded on the previously determined smooth
measurement surface. For every ZO sample the kinematic wavefield attributes K NIP , KN , and β0 are
determined by means of three one-parameter searches. Thus, a specific (spatial) stacking operator [equation
(7)] is defined for every sample of the ZO section. The summation process is performed in a user-defined
aperture and/or in an aperture that accounts for the size of the projected first Fresnel zone. The latter can
be estimated from the CRS attributes by comparing the approximated traveltime of the actual reflection
event with the approximated traveltime of its associated diffraction event (characterized by the identity
KNIP = KN ). The locations where these events differ by half the temporal wavelet length define the
extension of the projected first Fresnel zone and, thus, the optimum aperture to apply the attribute search
and the stack.
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Figure 5: Velocity model provided by S AUDI A RAMCO, which was used to generate the prestack data. The
black line indicates the measurement surface.

Event-consistent smoothing: At this stage, event-constent smoothing of the initial attributes (see, e.g.,
Mann and Duveneck, 2004) can be helpful to remove fluctuations and outliers. Since this process does
not involve any loss of information about the parameterized reflection events—even in case of conflicting
dip situations—it often provides significantly improved input for the subsequent optimization. However,
for this synthetic example, where the high signal-to-noise ratio facilitates a very stable attribute search, the
event-consistent smoothing of the initial CRS attributes had only a minor effect.
Three-parameter optimization considering the true topography: An important feature of the CRS
traveltime operator for arbitrary topography [equation (1)] is that the emergence points of the ZO rays to
be simulated can be chosen arbitrarily. This property provides the link to the initial results determined
under the assumption of a smoothly curved measurement surface. Since the latter are related to an artificial smoothly curved measurement surface one has to choose this surface also as reference level for
the optimization. By this means, the ZO rays to be simulated are identical in both cases. Therefore, it
can be expected that the CRS attributes obtained in the previous step are close to their optimum values
and, thus, well suited as initial values for a local three-parameter optimization using equation (1). For the
latter, a simple and robust algorithm is used, i.e., the flexible polyhedron search according to Nelder and
Mead (1965). In our case, where three parameters are searched-for, the polyhedron is a tetrahedron. The
objective function is, as in case of the one-parameter searches, the semblance (Neidell and Taner, 1971),
a measure for the coherence between the stacking operator and the (unknown) reflection response in the
prestack data.
The simulated ZO section achieved by local optimization of the CRS attributes and subsequent stack is
depicted in Figure 7. To confine the spatial extent of the stacking operator, the projected first Fresnel zone
was taken into account. Both, the local optimization and the stacking itself were applied to the original, i.e.,
uncorrected, data using the CRS traveltime operator for arbitrary topography [equation (1)]. Consequently,
any inaccuracies of the initial stack and especially of the initial attributes caused by the elevation statics
should be compensated. Nevertheless, stack and attribute sections are still related to the floating datum
corresponding to the smooth reference surface.
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Redatuming: Floating datum sections are no appropriate input, neither for interpretation nor for further
processing. Therefore, we implemented a redatuming procedure that relates the CRS stack results to a
fictitious planar measurement surface above the smoothly curved reference level (see Figure 6). Due to the
fact that the emergence angle of every simulated ZO ray is known, it is easy to forward-propagate them to a
constant reference level—especially, if the velocity vf between the smoothly curved and the planar surface
is chosen to be equal v0 . In this case no refraction has to be considered when crossing the smoothly curved
reference level. The mapping of the ZO samples of stack and attribute sections is composed of a lateral
displacement ∆x and a time shift ∆t. Denoting the emergence point of the zero-offset ray at the planar
reference level by X00 (x00 , z00 ) the respective transformations read
x00 = x0 + ∆x = x0 + (z00 − z0 ) tan β0

and t00 = t0 + ∆t = t0 +

2 (z00 − z0 )
.
v0 cos β0

(9)

An important aspect to be considered by the redatuming procedure is that the stack amplitudes and
especially the CRS attributes KNIP and KN alter their values while the ZO ray is forward-propagated
0
upwards. The propagation law (see, e.g., Hubral and Krey, 1980) yields for the two wavefront radii K NIP
0
and KN measured at the planar reference level
0
KNIP
=



1
KNIP

+

1
∆t v0
2

−1

0
and KN
=



1
1
+ ∆t v0
KN
2

−1

(10)

The values of the emergence angle are not altered by the redatuming, as no refraction occurs at the smoothly
curved reference level. For mapping the stack amplitudes, the geometrical spreading factor calculated from
the CRS attributes could be used to extrapolate appropriate values corresponding to the planar reference
level. However, this is not yet implemented and the amplitudes are mapped without altering their values.
The optimized CRS stack section after redatuming is depicted in Figure 8. For the sake of brevity, the
redatumed sections of β0 , KNIP , and KN have been omitted. Instead of these sections, two sections of
important properties directly deduced from the CRS attributes are shown.
In Figure 9, the normalized in-line geometrical spreading factor is displayed, calculated from the redatumed values of KNIP and KN according to the relation (see, e.g, Vieth, 2001)
|L2 | =

r

2
|KNIP − KN |−1 .
v0

(11)

The geometrical spreading has a major impact on the change in amplitude if transmission losses are negligible. If the geometrical spreading factor is applied to the zero-offset section, the resulting section displays
the correct reflection coefficient for a seismic event if the source strength is considered. Such a trueamplitude section is of great advantage for geological interpretation, e.g., to find a hydrocarbon deposit. In
2-D, the amplitude is inverse proportional to the square root of the curvature of the propagating wavefront.
Here, we did not account for the source strength, but used the normalized geometrical spreading factor as a
natural gain function aiming to remove the influence of geometrical spreading from the stack section. The
resulting stack section is displayed in Figure 10.
Figure 11 shows a NMO velocity section calculated from the optimized CRS attributes K NIP and β0
after redatuming according to the relation
2
vNMO
=

2v0
.
t0 cos2β0 KNIP

(12)

Please note that in order to display vNMO , the signed square-root was used. Consequently, negative values
in the display stand for imaginary NMO velocity values. The latter are caused by the lense like structure
between CMP 400 and 600 that leads to caustics in the NIP wavefronts.
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Saudi Aramco-Synthetic Data: Measurement surfaces
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Figure 6: Comparison between original and smoothed measurement surface. The planar measurement
surface at z =−102 m used for the redatuming is also displayed.

Figure 7: Optimized CRS stack result for complex top-surface topography. The simulated zero-offset
section is related to the smoothed measurement surface.
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Figure 8: Optimized CRS stack result after redatuming. The redatuming procedure relates the achieved
results to a fictitious horizontal measurement surface at z =−102 m.

Figure 9: Geometrical spreading factor calculated from optimized and smoothed CRS attributes. zerooffset samples with very low coherence value are masked out (grey), as they are not expected to be related
to reliable attributes. This section is related to a fictitious horizontal measurement surface at z =−102 m.
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Figure 10: Final CRS stack result after redatuming and amplitude correction with the geometrical spreading factor. The redatuming procedure relates the achieved results to a fictitious horizontal measurement
surface at z =−102 m.

Figure 11: Stacking velocity vNMO [m/s] calculated from optimized CRS attributes. ZO samples with very
low coherence value are masked out (grey), as they are not expected to be related to reliable attributes.
A negative value actually indicates an imaginary value of vNMO . This section is related to a fictitious
horizontal measurement surface at z =−102 m.
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OUTLOOK & CONCLUSION

In this paper we presented a recent extention of the CRS-stack-based imaging workflow that is able to
support arbitrary top-surface topography. A cascaded strategy for stacking and attribute extraction was
introduced combining two different approaches of topography handling to a very efficient implementation.
In a final step, the floating datum results of the CRS stack are mapped to a constant reference level above
the actual topography, utilizing the previously extracted emergence angles. This redatuming procedure provides an ideal input for subsequent CRS-stack-based processing steps as the influence of the topography is
fully removed. By means of a synthetic data example, the practical application of CRS stack and redatuming in case of rough top-surface topography was demonstrated. To enhance the obtained ZO section, the
first projected Fresnel zone, calculated from the CRS attributes, was used as a natural gain function aiming
to compensate for the influence of geometrical spreading. Results of subsequent processing steps as, e.g.,
tomographic inversion or poststack depth migration were not yet presented, but the authors are confident to
show such results at this year’s WIT meeting. First tests with PostSDM of the redatumed CRS stack results
using the original velocity model showed promising results.
Currently, the presented implementation is also applied to a real data set. For this purpose, it is very
important to consider a laterally variable near-surface velocity, since both, the static corrections of the initial
search and the CRS stack operator used for the final optimization, strongly depend on this parameter. A
topic of future research will be the implementation of CRS stacking operators for smoothly and arbitrarily
curved topography that also account for a variable near-surface velocity gradient according to Heilmann
(2002) and Chira and Hubral (2003).
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ABSTRACT

I present new hyperbolic traveltime formulas for the 2D Common-Offset (CO) Common-ReflectionSurface (CRS) stack that are able to take top-surface topography into account. I consider two types of
topography, namely a rugged topography and a smooth one. The formula for a rugged topography can
be used to derive a stacking operator that is in principle able to handle a vertical seismic profile (VSP)
acquisition geometry. Moreover, I propose an approach how to perform redatuming of the 2D CO
CRS stack section. Finally, I will show the application of the 2D CO CRS stack and the redatuming
algorithm to a synthetic data set that was simulated with a smoothly curved measurement surface.

INTRODUCTION
The 2D CRS stack was originally developed to stack pre-stack data acquired along a straight line on a
planar measurement surface into a zero-offset (ZO) section (2D ZO CRS stack), see for instance Mann
et al. (1999) and Müller (1999). Zhang (2003) derived traveltime formulas for the 2D ZO CRS stack for an
arbitrarily complex top-surface topography and Chira (2001) considered a smooth topography. Zhang et al.
(2001) extended the CRS stack for finite-offset (FO), i.e., the pre-stack data are stacked into a FO gather.
If this gather is a common-offset (CO) gather, it is referred to as 2D CO CRS stack (Bergler, 2001). Both
authors considered planar measurement surfaces only. In this paper, I want to extend the 2D CO CRS stack
for top-surface topography.
In addition to a high-quality stacked section (high signal-to-noise ratio), we obtain wavefield attribute
sections by the CRS stack that can be used for further analyses. In the presence of top-surface topography,
one very attractive application of the attributes is redatuming, i.e., projecting the sources and receivers onto
a new horizontal datum line and continuing the wavefield along the central rays until it reaches the datum
line. This is done in order to get rid of the topographic influence on the data. Since the emergence angles
of the central rays are determined by the CRS stack (one angle in the ZO case and two angles in the CO
case), redatuming can be performed in a very accurate way. Zhang (2003) and Heilmann (2002) showed
how redatuming can be done in the ZO case.
In this paper, I will propose a method how to perform redatuming for the CO CRS stack and show that it is
more complicated than in the ZO case.
SECOND ORDER TRAVELTIME FORMULAS
Zhang (2003) derived the most general moveout formula used in the CRS stack. The following issues can
be taken into account by this formula:
• 3D data acquisition on a measurement surface in addition to 2D data acquisition along a straight line.
• An arbitrary top-surface topography since the formula explicitly depends on the source and receiver
elevations.
• Velocity gradients in the vicinity of the sources and receivers.
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Zhang (2003) used this formula in order to derive stacking operators for the 2D ZO CRS stack in the
presence of an arbitrary topography and for the 2D FO CRS stack for a planar measurement surface.
Bergler (2001) used the latter one to develop and implement the 2D CO CRS stack. In this section, I
present traveltime equations that can be used by the 2D CO CRS stack in the case of topography on the
measurement surface. I will not consider velocity gradients. Moreover, I only show hyperbolic traveltime
formulas that are obtained by squaring both sides of the parabolic ones and keeping only terms up to the
second order.

2D CO CRS stack for an arbitrary topography
The traveltime formula for the 2D CO CRS stack for an arbitrary topography can directly be derived from
the general moveout formula given in Zhang (2003) by setting
• the azimuth angles at the sources and receivers equal zero, i. e., θ S = 0 and θG = 0,
• all the variables associated with the y-direction equal zero,
• and the gradients of the near surface velocity equal zero, i. e., ∇v(S) = 0 and ∇v(G) = 0.
The first two items are due to the fact that I consider 2D data acquisition along a straight line. Without loss
of generality, I suppose it is along the x-direction. Putting these assumptions into the general traveltime
equation yields after some simple algebraic calculations the traveltime formula for the 2D CO CRS stack
for an arbitrary topography which is given by
2

T (∆xS , ∆xG , ∆zS , ∆zG ) =



sin βG
sin βS
cos βG
cos βS
t0 +
∆xG −
∆xS +
∆zG −
∆zS
vG
vS
vG
vS

+ t0 DB −1 (∆xG − ∆zG tan βG )2
+ t0 AB −1 (∆xS − ∆zS tan βS )

2

2

− 2 t0 B −1 (∆xG − ∆zG tan βG ) (∆xS − ∆zS tan βS ) ,

(1)

in the hyperbolic form. A, B, and D are three elements of the surface-to-surface ray propagator matrix
in a global coordinate system. Equation (1) is given in shot and receiver coordinates. By calculating the
components of the 2D midpoint vector ∆m
~ and the 2D half-offset vector ∆~h


∆mx
∆mz



=

1
2



∆xG + ∆xS
∆zG + ∆zS



and



∆hx
∆hz



=

1
2



∆xG − ∆xS
∆zG − ∆zS



,

(2)

we can obtain the traveltime formula given in Equation (1) in midpoint and half-offset coordinates. Since
this equation consists of lots of terms I abstain from presenting it in this paper. Please note that Equation (1)
is given in a global coordinate system. The general moveout formula in Zhang (2003) is given in a raycentered coordinate system. Thus, to derive Equation (1), I applied a simple transformation from the
ray-centered into the global coordinate system.
Zhang et al. (2001) and Bergler (2001) related the elements A, B, C, and D to three wavefront curvatures.
In Bergler (2001), these curvatures are referred to as K1 , K2 , and K3 where K1 is defined as the wavefront
curvature of an emerging wave at the receiver in a common-shot (CS) experiment while K 2 and K3 are the
wavefront curvatures at the source and receiver, respectively, in a (hypothetical) common-midpoint (CMP)
experiment. Please note that Zhang et al. (2001) use a different notation for the wavefront curvatures. It is
straightforward to calculate the traveltime formulas in terms of wavefront curvatures in order to achieve a
geometrical interpretation of all five wavefield attributes determined by the 2D CO CRS stack. In terms of
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wavefront curvatures, Equation (1) reads:


sin βG
sin βS
cos βG
cos βS
T (∆xS , ∆xG , ∆zS , ∆zG ) = t0 +
∆xG −
∆xS +
∆zG −
∆zS
vG
vS
vG
vS
cos2 βG
cos2 βG
∆xG + 2 t0 ∆xS (K1 − K3 )
∆xG
+ t0 ∆xG K1
vG
vG


cos2 βG
cos2 βS
∆xS
+ t0 ∆xS (K1 − K3 )
− K2
vG
vS
2

2

sin2 βG
cos βG sin βG
∆zG + t0 ∆zG K1
∆zG
− 2 t0 ∆xG K1
vG
vG


cos2 βG
sin βS cos βS
∆zS
− 2 t0 ∆xS (K1 − K3 ) tan βS
− K2
vG
vS


cos2 βG
sin2 βS
+ t0 ∆zS (K1 − K3 ) tan2 βS
∆zS
− K2
vG
vS
cos βG sin βG
− 2 t0 ∆xS (K1 − K3 )
∆zG
vG
tan βS cos2 βG
∆zS
− 2 t0 ∆xG (K1 − K3 )
vG
tan βS cos βG sin βG
∆zS .
+ 2 t0 ∆zG (K1 − K3 )
vG

(3)

By setting the z-coordinates ∆zS and ∆zG in Equations (1) and (3) equal zero, we obtain the so-called
conventional 2D CO CRS stacking operators for a planar measurement surface in shot and receiver coordinates as given in Zhang et al. (2001) in terms of A, B, C, and D and in Bergler (2001) and Zhang et al.
(2001) in terms of wavefront curvatures, namely
T 2 (∆xS , ∆xG ) =



t0 +

sin βG
sin βS
∆xG −
∆xS
vG
vS

+ t0 ∆xG DB

−1

2

∆xG + ∆xS AB

−1

∆xS − 2 ∆xG B

−1

and
T 2 (∆xS , ∆xG ) =

2
sin βS
sin βG
∆xG −
∆xS
t0 +
vG
vS

cos2 βG
+ t0 ∆xG K1
∆xG
vG


cos2 βS
cos2 βG
− K2
∆xS
+∆xS (K1 − K3 )
vG
vS

cos2 βG
∆xG .
+∆xS 2 (K1 − K3 )
vG

∆xS



(4)



(5)

2D CO CRS stack for a smooth topography
The traveltime formulas for arbitrary topography are not well suited for a practical implementation in the
framework of the CRS stack. Instead, I propose to fit a smooth topography to the real rugged one and to
perform the CO CRS stack with a stacking operator that takes this smooth topography into account.
von Steht (2004) showed how to derive a ZO CRS stacking operator for smooth topography from the ZO
CRS stacking operator for rugged topography. These considerations can be adopted to the CO CRS stack.
Let us consider Figure 1 that shows a simple sketch of a smooth measurement surface above a single curved
reflector. Moreover, a central ray SRG and a paraxial ray SRG in the close vicinity of the central ray are
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shown. We establish two local coordinate systems. The source S and the receiver R of the central ray are
the origins of these coordinate systems. The two x-axes are tangent to the measurement surface at S and
R, respectively, and the z-axes point in direction of the associated surface normals. We assume that the
measurement surface in the vicinity of S and R can be described by parabolae:
zS (x) = −

KS 2
x
2 S

and zG (x) = −

KG 2
x .
2 G

(6)

Inserting these relationships into Equation (3) and retaining only terms up to the second order in ∆x S and
∆xG yields
2

sin βG
sin βS
2
T (∆xS , ∆xG ) = t0 +
∆xG −
∆xS
vG
vS

cos2 βG
∆xG
+ t0 ∆xS 2 (K1 − K3 )
vG
(7)


cos2 βS
cos βS
cos2 βG
∆xS
− K2
+ KS
+∆xS (K1 − K3 )
vG
vS
vS



cos2 βG
cos βG
+∆xG K1
∆xG .
− KG
vG
vG
Please note that I used zS = ∆zS , zG = ∆zG , xS = ∆xS , and xG = ∆xG in Equation (6). The
emergence angles βS and βG are measured with respect to the surface normal at the source and the receiver
of the central ray, respectively.
In order to derive the corresponding stacking operator in midpoint and half-offset coordinates, we write


 


 
∆mx + ∆hx
∆mx − ∆hx
∆xG
∆xS
and
=
. (8)
=
∆zG
∆zS
− K2G (∆mx + ∆hx )2
− K2S (∆mx − ∆hx )2
By replacing ∆zS and ∆zG in Equations (1) or (3) by the expressions given in Equation (8) and keeping
only terms up to the second order, we can obtain the stacking operator from Equation (7) in midpoint and
half-offset coordinates.
From a practical point of view, a global coordinate system is better suited for an implemantation of the CRS
stack. Let us consider Figure 2 in order to transform Equation (7) into a global coordinate system. It shows
a smooth measurement surface with a source S. Also depicted is a local coordinate system with its origin
in S and its x-axis tangent to the measurement surface in point S as well as a global coordinate system with
a horizontal x-axis. The dip of the measurement surface in S is called α S . Analogous considerations are
valid for a receiver R on this measurement surface with a local dip α R in R. From Figure 2 we obtain
∆xS =

∆xgS
cos αS

and ∆xG =

∆xgG
.
cos αG

(9)

Inserting Equation (9) into Equation (7) yields the 2D CO CRS stacking operator for a smooth measurement
surface in source and receiver coordinates in a global coordinate system:

2
sin βG
sin βS
T 2 (∆xS , ∆xG ) = t0 +
∆xgG −
∆xgS
vG cos αG
vS cos αS

g
g
∆xS ∆xG
cos2 βG
+ t0
2 (K1 − K3 )
cos αS cos αG
vG
(10)


g
g
2
∆xS ∆xS
cos βG
cos2 βS
cos βS
(K1 − K3 )
− K2
+ KS
+
cos αS cos αS
vG
vS
vS


g
g
2
∆xG ∆xG
cos βG
cos βG
+
K1
− KG
.
cos αG cos αG
vG
vG
Please note that the emergence angles βS and βG are still measured in the local coordinate systems, i. e.,
they are measured with respect to the surface normal at the source and the receiver of the central ray,
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Figure 1: Local coordinate systems at source S and receiver G. See main text for details.
g
, by
respectively. We can easily compute the emergence angles in a global coordinate system, β Sg and βG
means of a rotation by the dip angles at the corresponding emergence points (see Figure 3):

βSg = βS − αS

g
and βG
= βG − αG .

(11)

Please note that the minus signs in Equation (11) are due to the sign definitions of the emergence angles βS and βG . Setting KS , KG , αS , and αG in Equations (7) and (10) equal zero, i. e., considering
a planar measurement surface, we again obtain the conventional 2D CO CRS stacking operator given in
Equation (5).
In presence of a rugged top-surface topography I propose the following workflow (in analogy to the 2D
ZO CRS stack):
• Topography analysis
• Elevation-static corrections
• CRS stack
• Optimization
• Redatuming
During the first step, topography analysis, a smooth topography is fitted to the real complex one. This can
be done, for instance, by means of a spline interpolation. In this way, the dip and the curvature of the topsurface topography at every source and receiver location can be obtained as well as the elevation difference
between the smooth surface and the complex counterpart. In the next step the sources and receivers are
projected onto the determined smooth measurement surface. Since the emergence angles of the rays are not
yet known, a vertical emergence is assumed. Thus, an error is introduced but the difference between the
smooth and the real topography is, in general, small and, therewith, the error is small, too. There are two
possibilities for the CRS stack that follows after this step. Either a stacking operator that takes the smooth
topography into account can be used or the conventional one. In the latter case, the determined wavefield
attributes have to be corrected afterwards if they are to be used for further analyses. Without a correction,
a correct geometrical interpretation of the attributes is not possible. Later on in this paper, I will propose
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an approach how to redatum the stacked section, i. e., how to continue the central rays to a new horizontal
datum line. For this purpose, the corrected emergence angles are required. By comparing Equations (10)
and (5), we find the following equations to correct βS and βG :
sin βS = cos αS sin βS?

and

?
sin βG = cos αG sin βG
.

(12)

?
In Equation (12), βS? and βG
are the uncorrected emergence angles determined by the CO CRS stack. Finally, a stacking operator that considers the real complex topography can be used for an optimization of
the kinematic wavefield attributes and the stacked section. For this optimization, the corrected attributes
determined by the CRS stack considering a smooth topography serve as initial values. The implementation
of an optimization step for the 2D CO CRS stack is currently under investigation. To get rid of the topographic footprint in the data, for instance to facilitate the interpretation of the stacked section, redatuming
can be performed. I will address to this topic later on in this paper.

2D CO CRS stack for a VSP acquisition geometry
Equation (1) can be used to derive stacking operators that are applicable to VSP data. A typical 2D VSP
acquisition geometry is characterized by receivers that are placed in a borehole while the sources are located along a straight line on the top-surface as for usual land seismics. VSP is also possible in marine
environments. In this case, the sources (i.e. airguns) are located some meters below the water surface and
the receivers are in a borehole in the solid subsurface.
Let us assume a vertical borehole and that all sources are disposed at the same level, i.e. in the same water
depth or on a measurement surface on land without topography. Then, the vertical displacements between
the sources, ∆zS , and the horizontal displacements between the receivers, ∆xG , vanish:
∆zS ≡ 0 and ∆xG ≡ 0 .

(13)

Taking Equation (13) into account, Equation (3) simplifies for a VSP acquisition geometry as follows:

2
sin βS
cos βG
T 2 (∆xS , ∆zG ) = t0 −
∆xS +
∆zG
vS
vG



cos2 βG
cos2 βS
+ t0 ∆xS (K1 − K3 )
− K2
∆xS
vG
vS
sin βG cos βG
∆zG
−2 ∆xS (K1 − K3 )
vG

sin2 βG
∆zG .
+∆zG K1
vG

(14)

This operator has in principle the same structure as the conventional 2D CO CRS stacking operator and
simplifies in different subsets of the pre-stack data volume, e. g., CS and common-receiver (CR) gather. In
the different subsets the stacking surface reduces to a stacking curve. Thus, the global search for the five
kinematic wavefield attributes can be split up in several search routines where the maximum number of
simultaneously searched-for attributes is two.
Please note that the stacking operator given by Equation (14) is valid for both VSP geometries, i. e., land
and marine VSP. We consider relative displacements between the sources and receivers of central and
paraxial rays. The stacking operator does not depend on the absolute depths of the receivers or sources
and, thus, it is not important whether the receiver line starts at the same level of the sources or further down
at the sea bottom.
Furthermore, stacking operators for so-called reverse VSP and cross-well acquisition geometries can easily be derived by means of Equation (1). In the former case, the sources are placed downhole while the
receivers are deployed at the surface. Thus, we have to put ∆xS and ∆zG equal zero in Equation (1),
assuming a vertical borehole and a planar and horizontal measurement surface. A cross-well acquisition
means that both, sources and receivers, are placed downhole in neighboring boreholes. In this case, we
have to put ∆xS and ∆xG equal zero in Equation (1), assuming vertical boreholes.
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Figure 4: Redatuming of a finite-offset ray. See main text for details.
Similar considerations are valid for ocean bottom seismics (OBS) which means that the receivers are located on the ocean bottom. Assuming an ocean bottom without topography and that all sources are placed
in the same water depth, the vertical displacements between the sources and between the receivers, ∆z S
and ∆zG , respectively, are always equal zero. Setting these assumptions into Equation (1), we retain with
the conventional 2D CO CRS stacking operator that was originally developed in order to stack data that
were acquired along one straight line. For more details, I refer to Boelsen and Mann (2004) in this report.
REDATUMING
In order to get rid of the topographic influence on the data, redatuming is performed. Redatuming means
that we project the sources and receivers onto a new horizontal reference level (or datum line). Since the
emergence angles at the sources and receivers, βS and βG , respectively, are known for each central ray
after the CO CRS stack, the central rays can easily be continued to the new datum line. The five wavefield
attribute sections as well as the coherency section can be redatumed, too. The wavefront curvatures K 1 ,
K2 , and K3 can easily be continued, i. e., extrapolated, to the datum line by means of the propagation and
transmission law (see Hubral and Krey, 1980). However, I will only consider the redatuming of the CO
CRS stack section in this paper.
Redatuming of the stacked section
Here, the required equations to redatum the CO CRS stacked section are presented. Let us consider the
simple model depicted in Figure 4. It consists of a curved acquisition line and two homogeneous layers
separated by a horizontal interface. The horizontal datum line can be chosen arbitrarily. In Figure 4, it is
assumed to be above the highest elevation of the measurement surface. The velocity in the fictitious layer
between the acquisition and datum line is referred to as vf . Let us consider the central ray at the receiver R.
Of course, the same considerations are valid at the source S, too. The emergence angle is β G (remember,
if you choose the conventional stacking operator for the CO CRS stack you have to correct the angle by
the dip of the topography at the receiver). The central ray is then refracted at the measurement line. Using
Snell’s law,
r
sinβG
sinβG
=
,
(15)
vG
vf
r
we can calculate the refracted angle βG
r
βG
= arcsin(

vf
sin βG ) .
vG

(16)

Remember that this angle is still given in a local coordinate system. For the following considerations, we
need the refracted angle in a global coordinate system. This can be achieved by using Equation (11). It is
obviously convenient to assume vf to be equal to the velocity below the acquisition line since we do not
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have to consider Snell’s law in this case. But nevertheless, we have to calculate the emergence angle in the
global coordinate system. The vertical distance between the receiver and the new datum line is denoted as
dG . The new receiver position x0G on the datum line can then be calculated by
g
x0G = xG + dG tan βG
.

(17)

In analogy, the new source position x0S is given by
x0S = xS + dS tan βSg ,

(18)

where dS is the distance between the considered source and the datum line and β Sg the refracted emergence
angle at the source in the global coordinate system. Please note that both emergence angles can be positive
or negative. Thus, the new x-positions on the datum line, x0G and x0S , can move to the left or the right
compared to the original x-positions on the real acquisition line, x G and xS . Due to the continuation of the
central ray to the datum line, the traveltime is increased (assuming a datum line above the real measurement
line). The additional traveltime from the old to the new receiver position is denoted as t G and from the old
to the new source position as tS . They are given by
tG =

dG
g
vf cos βG

and tS =

dS
.
vf cos βSg

(19)

The traveltime after redatuming is then given by
t00 = t0 + tG + tS ,

(20)

where t0 is the traveltime of the central ray from the source to the receiver on the curved measurement line.
Due to redatuming, the midpoint as well as the offset of the central ray change. The new midpoint m 0x can
be calculated by
1
1
g
+ dS tan βSg )
(21)
m0x = (x0S + x0G ) = mx + (dG tan βG
2
2
and the new half-offset h0x is given by
h0x =

1 0
1
g
(xG − x0S ) = hx + (dG tan βG
− dS tan βSg ) .
2
2

(22)

Please note that we consider only the x-components of midpoint and half-offset in the presence of a smooth
acquisition line.
Implementation
The application of redatuming in the framework of the CRS stack for common-offset is more complicated
than in the ZO case, since in the CO case the offset changes due to redatuming. This is not the case for the
ZO CRS stack because the new source and receiver positions still coincide after redatuming. Thus, a ZO
section remains a ZO section after redatuming. To solve this problem, we have to perform the CO CRS
stack not only for the common-offset we are interested in but for several common-offsets in the vicinity.
Then the redatuming algorithm can be applied to each sample of all CO sections and after resampling to a
new grid we can obtain the redatumed CO section. In detail, the redatuming algorithm works as follows:
• Read in several CO CRS stacked sections around the CO section we want to redatum
• Choose the first sample and calculate the new traveltime, midpoint and half-offset that correspond to
an experiment that is performed on the new datum line
• Resample the new values onto a user-given grid
This has to be repeated for each sample of the input sections. When redatuming the attribute sections, we
have to remember that the values of the wavefront curvatures change due to redatuming. If we choose v f
to be equal to the velocity below the measurement line, we do not have to take refraction into account and,
thus, the values of the emergence angles do not change.
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SYNTHETIC DATA EXAMPLE

In this section, I want to show the application of the redatuming method described in the previous section
to a synthetic data set. In addition, I want to compare the data-derived emergence angles (i. e., determined
by the CO CRS stack) with their exact model-derived counterparts (i. e., determined by ray tracing) since
the accuracy of the determined emergence angles is important for the quality of the redatumed section.
Model
For a first test of the redatuming of a CO CRS stack section, I used the model shown in Figure 5. It
consists of four homogeneous layers and a measurement surface with a smooth topography. I chose the
datum line to be positioned 10 m above the highest elevation of the acquisition surface. The first reflector
is horizontal in order to see whether the redatuming algorithm works properly. This reflector occurs curved
in the CO CRS stacked section due to the influence of the top-surface topography but should be horizontal
again after redatuming. Similarly, the second reflector with a constant dip that is curved in the stack section
should no longer be curved after redatuming. For this model, a multi-coverage data set was generated.
Only primary PP-reflections have been considered. Half-offsets from h x = 0 km to hx = −1.5 km
in increments of ∆hx = 0.025 km and midpoints from mx = 3 km to mx = 7 km in increments of
∆mx = 0.025 m were simulated. As a seismic signal, a zero-phase Ricker wavelet of 30 Hz peak frequency
was used. The sampling interval was 4 ms. Finally, random noise was added to the synthetic data set so
that all CO pre-stack gathers look with respect to their signal-to-noise ratio similar to the one for half-offset
hx = −0.25 km (see Figure 6).
CO CRS stack results
The objective of this section is to generate a redatumed CO gather for half-offset h x = −0.25 km. For this
purpose, I applied the CO CRS stack not only to a half-offset hx = −0.25 km but to all half-offsets in the
range from hx = 0 km to hx = −0.5 km. The result of the CO CRS stack for hx = −0.25 km is depicted
in Figure 6. The signal-to-noise ratio is dramatically increased compared to the pre-stack section and all
three reflectors are clearly visible. The stacking results for the other CO sections look very similar.
Comparison of data- and model-derived emergence angles
As an example, the attribute sections for the emergence angles β S and βG determined by the CO CRS
stack for hx = −0.25 km are shown in Figure 7. In this subsection, I want to show how accurate the
emergence angles were determined because these two attributes are crucial for the redatuming. Since I
know the model, I can calculate the exact emergence angles by means of a ray tracer. Figures 8(a) and 8(b)
show the comparison between the data- (dotted) and model-derived (solid) emergence angles for all three
reflectors for hx = −0.25 km. The very good coincidence is clearly visible. The deviation of the dataderived attributes from the exact ones is less than one degree and mainly even less than half a degree. The
comparisons for other half-offset values show very similar results. Please note that I used the conventional
stacking operator. Thus, I had to correct the emergence angles β S and βG according to Equation (12). The
required parameters for these corrections, namely the dips and curvatures of the measurement line, α S , αG ,
KS , and KG , were determined by means of a ray tracer which used a spline representation of the interfaces
and of the measurement surface.
Redatuming result
As input for the redatuming procedure, we need the CO CRS stacked sections and the corrected emergence
angle sections for all half-offset values mentioned above. The redatuming was performed as described in
the previous section. The redatumed stack section for hx = −0.25 km is shown in Figure 6, too. The first
reflector which is horizontal in the model but occurred curved in the stacked section is now, as expected,
horizontal again. In addition, the influence of the top-surface topography on the other two reflectors has
vanished. This is very clearly visible for the second reflector which is not curved but less obvious for the
third one since this reflector is curved in the model. The figures depicted in this section showed that the
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proposed redatuming strategy works properly for the model considered here. An optimization of the determined wavefield attributes with a stacking operator for an arbitrary topography, for instance Equation (3),
would probably yield more accurate attributes since the initial values are very close to the exact ones.
Moreover, this could also improve the CRS stack section and the redatumed stack section. One problem
with this method is that it is very time consuming to perform the CO CRS stack for so many half-offset
values as it was done in this example. For real data, this strategy is probably too time consuming. In this
case, it could be possible to introduce an offset binning with a larger size of the binning cells to avoid a
time consuming stacking procedure for too many half-offsets.
CONCLUSIONS
In this paper, I presented new traveltime formulas for the 2D CO CRS stack that take top-surface topography into account. I considered two different types of topography, namely an arbitrary complex and a
smooth topography. For both cases, I showed the hyperbolic traveltime formulas in source and receiver
coordinates.
The formulas for a complex topography turned out to be not suitable for the CO CRS stack search strategy.
Instead, I propose to fit a smooth measurement surface to the real one and to use a stacking operator for
this smooth topography. In a final optimization step the traveltime formula for the real rugged measurement surface can be used to improve the quality of the stacked section and the accuracy of the wavefield
attributes (see Heilmann and von Steht (2004) in this report for the ZO case).
Moreover, I derived a stacking operator that is able to handle a VSP acquisition geometry and discussed
how to derive stacking operators for reverse VSP and cross-well seismics.
In addition, I presented a redatuming method in order to redatum the 2D CO CRS stack section to a horizontal reference datum. This is more complicated than in the ZO case since the offset changes due to
redatuming in the CO case.
I applied the 2D CO CRS stack and the redatuming algorithm to a synthetic data set that was simulated
with a smoothly curved measurement surface. The results showed a high-quality CO CRS stack section
and accurately determined emergence angles. The proposed redatuming implementation worked properly
for the model considered here: we could get rid of the topographic influence on the data. But this implementation is probably too time consuming for redatuming of real data since it requires the application of
the 2D CO CRS stack to several half-offsets. In this case, I propose a more flexible offset binning.
PUBLICATIONS
Detailed results, e. g., parabolic traveltime formulas and traveltime formulas in midpoint and half-offset
coordinates for the 2D CO CRS stack in the presence of top-surface topography as well as more detailed
derivations of the formulas will be published in my diploma thesis in 2005.
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Figure 5: Model used to generate the synthetic data. To illustrate the acquisition geometry, I depicted
seismic rays that are reflected at the second interface from one CS experiment.
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ABSTRACT

We discuss the application of the 2D Common-Offset (CO) Common-Reflection-Surface (CRS) stack
to ocean bottom seismics (OBS) and show a simple synthetic data example including a comparison
of model- and data-derived wavefield attributes. Moreover, we present a new approach for the 2D
CO CRS stack to process multi-component data and converted waves. By this approach, a distinction
between compressional and transversal waves is achieved during the CRS stack. Thus, we can obtain
stacked sections and five kinematic wavefield attribute sections separately for PP and PS reflections.

INTRODUCTION
The CRS stack was originally developed to stack (one-component) pre-stack data that were acquired along
one straight line into a 2D zero-offset (ZO) section. This technique is referred to as 2D ZO CRS stack, see
for instance Mann et al. (1999) and Müller (1999). Zhang et al. (2001) extended the CRS stack in order
to stack 2D pre-stack data into a selected finite-offset (FO) gather rather than into a ZO section. If this
FO gather is a CO gather this method is referred to as 2D CO CRS stack (Bergler, 2001). In this case the
moveout surfaces are described by five kinematic wavefield attributes rather than by three in the ZO case.
The search for the wavefield attributes is performed by means of coherence analyses in the pre-stack data
volume. Thus, a velocity model of the subsurface is not required to perform the stack except from the nearsurface velocities at the sources and receivers in order to calculate wavefield attributes with a geometrical
meaning and to compute the search ranges for the attributes.
During the past years, a new marine acquisition geometry was developed which is referred to as ocean
bottom seismics (OBS), see Figure 1. By locating the receivers on the sea bottom, it is possible to acquire
shear waves in addition to compressional waves and to acquire the seismic data with more than one receiver
component. Thus, it is in principal possible to obtain two subsurface images from PP and PS data. A lot
of case studies can be found in the literature that show, for instance, an improved image over a leaking
gas reservoir zone by generating a PS stack. A second motivation is the potential to get information about
S-wave velocities in addition to P-wave velocities. Thus, lithology prediction can be improved.
Bergler (2001) showed that the 2D CO CRS stacking operator can be used to describe traveltimes of
PS converted waves by choosing a P-wave velocity at the sources and a S-wave velocity at the receivers.
Moreover, Bergler et al. (2002) discussed the application of the 2D CO CRS stack to data that were acquired
with two components (vertical and horizontal). However, in this approach the CRS stack was performed
with both components separately and the distinction between both wave types was achieved after the CRS
stack.
The objective of this paper is to show that the 2D CO CRS stack is able to handle the OBS acquisition
geometry and to present a technique that yields the distinction between PP and PS reflections during the
CRS stack to obtain a PP and a PS CO CRS stacked section and five kinematic wavefield attribute sections
for each of the both wave types.
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Figure 1: An arbitrarily chosen central ray and a paraxial ray in the close vicinity of the central ray for the
OBS acquisition geometry.
CO CRS STACKING OPERATOR FOR OBS GEOMETRIES
Let us consider Figure 1 that shows a simple sketch of an 2D OBS acquisition geometry with the receivers
located on the sea bottom and the sources (e.g. airguns) placed some meters below the water surface. We
assume the sea bottom to be horizontal without any topography and that all sources are disposed in the
same water depth. The figure shows an arbitrarily chosen central ray that starts at a source and ends at a
receiver after being reflected at the shown interface below the ocean bottom. In addition, a paraxial ray in
the close vicinity of the central ray is depicted. The horizontal displacement between the sources of both
rays is called ∆xS and between the receivers ∆xG . From the figure we observe that
∆zS ≡ 0 and ∆zG ≡ 0 ,

(1)

where ∆zS and ∆zG are the vertical displacements between the sources and receivers, respectively. This
means that we may use the so-called conventional 2D CO CRS stacking operator that was originally developed to stack data that were acquired along one straight line. This operator can be written as (Bergler
(2001) and Zhang et al. (2001))

2
sin βG
sin βS
T 2 (∆xS , ∆xG ) = t0 +
∆xG −
∆xS
vG
vS

cos2 βG
+ 2 t0 ∆xS (K1 − K3 )
∆xG
vG
(2)


cos2 βS
1
cos2 βG
− K2
∆xS
+ ∆xS (K1 − K3 )
2
vG
vS

2
cos βG
1
∆xG
+ ∆xG K1
2
vG

in source and receiver dislocation coordinates ∆xS and ∆xG and as





2
sin βG
sin βS
sin βG
sin βS
2
T (∆xm , ∆h) = t0 +
−
∆xm +
+
∆h
vG
vS
vG
vS



cos2 βG
cos2 βS
+ t0 ∆xm 2 K3
+ K2
∆h
vG
vS


cos2 βS
cos2 βG
− K2
∆xm
+∆xm (4 K1 − 3 K3 )
vG
vS



cos2 βS
cos2 βG
− K2
∆h
+∆h K3
vG
vS

(3)

in midpoint and half-offset coordinates. Equations (2) and (3) show the hyperbolic traveltime formulas in
terms of wavefront curvatures K1 , K2 , and K3 of waves propagating along the central ray: K1 is defined
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Figure 2: Multi-component data acquisition with vertical and horizontal components in the OBS case.
Only primary PP and PS reflections are considered.
as the wavefront curvature of an emerging wave at the receiver in a common-shot (CS) experiment while
K2 and K3 are the wavefront curvatures in a (hypothetical) common-midpoint (CMP) experiment at the
source and receiver, respectively, see Bergler (2001). Please note that Zhang et al. (2001) use a different
notation for the wavefront curvatures. t0 is the two-way traveltime along the central ray and βS and βG
are the emergence angles of the central ray at the source and receiver, respectively. v S and vG are the
near-surface velocities in the vicinities of the source and the receiver, respectively.
As long as we assume that both surfaces on which the sources and receivers are located are flat (no topography at the sea bottom and all sources disposed in the same water depth), the CO CRS stack is able to
handle OBS acquisition geometries.
In contrast, the conventional ZO CRS stacking operator is not able to handle the OBS acquisition
geometry since the downgoing and upgoing raypaths are not identical, i. e., the simulated ZO rays would,
in general, not be normal rays and the first spatial derivatives with respect to half-offset would not vanish.
Thus, a description by means of three wavefield attributes is not possible and the more general traveltime
formulas (see Equations (2) or (3)) depending on five wavefield attributes have to be taken.
If there is surface topography present at the ocean bottom it is possible to use a traveltime formula that
takes the topography into account or to use the conventional traveltime formula with a correction of the
wavefield attributes afterwards. For more details, we refer to Boelsen (2004) in this report.
PROCESSING OF MULTI-COMPONENT DATA
In the following, we want to present a new approach for the 2D CO CRS stack that is able to separate
PP and PS reflections during the CRS stack. Let us consider Figure 2 that again shows a simple sketch
of an OBS acquisition geometry with the receivers located on the seafloor. Now we assume that the data
are acquired with two components, namely with global vertical and horizontal components in the plane
defined by the two source and receiver lines. We refer to the vertical and horizontal components as V and
H, respectively. We consider two different types of waves, namely PP and PS waves. The former ones do
not convert into S-waves while propagating through the medium from the source to the receiver. The latter
ones start at the source as P-waves and reach the receiver as S-waves, i. e., conversion into S-waves occurs
somewhere in the subsurface. In general, both wave types are present on both components and the task is
to distinguish between both types in order to perform a PP and a PS CO CRS stack.
General idea
The key information for this method is the emergence angle βG at the receivers which is an additional
output of the CO CRS stack. This angle describes the ray direction of an emerging wave. During the CRS
stack, sin βG /vG is determined. Depending on the chosen near-surface velocity, P- or S-wave velocity, we
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Figure 3: After the rotation of the vertical and horizontal components into the ray-centered coordinate
system we obtain the longitudinal and transversal components.
can calculate the emergence angles for emerging P- or S-waves, respectively.
After the determination of the emergence angle βG we can rotate the global coordinate system defined by
the vertical and horizontal components V and H by βG :

 


T
cos βG
sin βG
H
=
.
(4)
L
− sin βG cos βG
V
In Equation (4) L and T denotes the longitudinal and transversal components, respectively, in a ray-centered
coordinate system. The situation after the rotation is depicted in Figure 3. Solving Equation (4) with respect
to T and L yields
T = cos βG H + sin βG V

and L = − sin βG H + cos βG V .

(5)

We assume an isotropic medium and, moreover, we neglect any surface effects at the sea bottom (e.g.
P
transmission). Choosing the near-surface velocity vG to be the P-wave velocity, vG = vG
, the direction of
the ray at the receiver given by βG defines the polarization direction of an emerging P-wave (tangential to
the ray) traveling along this ray. Thus, the longitudinal component L given by Equation (5) contains this
PP reflection. In a second step, the S-wave velocity is used as the near-surface velocity at the receiver. In
that case the expected polarization direction of an emerging S-wave traveling along that ray would then
be normal to the ray direction, defined by βG , with the assumptions made above. Thus, the transversal
component T given by Equation (5) can be used to get this PS event.
Implementation
Implementing the above-described idea to separate PP and PS reflections we have to take into account that
the emergence angles of paraxial rays are, in general, different from the emergence angle of the central ray.
Let us denote the emergence angle of the central ray by βG . The emergence angle of any paraxial ray, γ,
can then be approximated by (modified after Höcht et al., 1999)
sin γ = sgn(RG ) p

2
RG

RG sin βG + ∆xG
,
+ 2RG ∆xG sin βG + ∆x2G

(6)

where RG = 1/KG is the radius of curvature of the emerging wavefront traveling along the central ray at
the receiver and ∆xG the horizontal displacement between the receiver of the central ray and the receiver
of the considered paraxial ray. The only assumption made in Equation (6) is that the emerging wavefront
has locally a circular shape. Please note that Equation (6) is not valid for a common-receiver (CR) configuration. In this case we have RG = 0 and ∆xG = 0 and, thus, a singularity in Equation (6). However, this
singularity is removable. An alternative parametrization can be found in Höcht et al. (1999).
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The conventional CO CRS stacking procedure to stack one-component data considering only one wave
type (see Bergler (2001)) has to be modified in order to separate PP and PS reflections from two components.
For the method introduced here we propose the following search strategy:
1. A first search in the CS gathers.
2. A second search in the CS stacked CO gathers.
3. A final search in the CMP gathers.
4. Using the determined wavefield attributes, the final CO CRS stack can be performed as a last step.
In the following we will explain these four steps in detail. In each above mentioned subset of the multicoverage data volume (CS, CO, and CMP gather) the stacking operator given by Equation (2) or (3) simplifies
and reduces to a curve rather than a surface. For each gather the operator has the same structure of an
equation with one variable, namely
T 2 (y) = (t0 + ay)2 + by 2 ,

(7)

where a and b are the dip and the curvature of the traveltime curve, respectively. The variable y depends
on the considered subset of the data.
Step I: CS search In a CS gather the variable y reads ∆xG . From Equation (2) we see that a and b are
given in a CS gather by


sin βG
cos2 βG
aCS =
.
(8)
, bCS = t0 K1
vG
vG
Thus, the emergence angle βG is directly available from the dip and the wavefront curvature KG = K1
of the emerging wave at the receiver can directly be calculated from the traveltime curvature. This is
required to find the emergence angles of the paraxial rays γ, see Equation (6). This implies that a twoparameter search for the attributes has to be performed, i. e., we have to search for the dip and curvature
simultaneously. Knowing the emergence angles of the central ray and the paraxial rays in the aperture, we
can perform the rotation of the vertical and horizontal components by these angles to get the longitudinal
and transversal ones. In a first step we choose the near-surface velocity at the receiver in Equation (8) to be
the P-wave velocity. Thus, we calculate the emergence angle and the wavefront curvature of a P-wave and
we have to take the longitudinal components for the coherence analysis and the CS stack after having found
the dip and curvature with the highest coherence value. In a second step the S-wave velocity is chosen as
the near-surface velocity at the receiver to get the emergence angle and wavefront curvature of an emerging
S-wave. After the rotation, we now use the transversal components for the coherence analyses and final CS
stack. In that way we are able to distinguish between PP and PS reflections and obtain a PP CS stacked CO
section and a PS CS stacked CO section.
Step II: CO search This step is much easier and faster than the first one. Since the search is performed
in the two CO gathers obtained by the CS stack in the first step, we do not have to distinguish between the
different wave types and can run two independent search routines in the two CO gathers. a and b are given
in a CO gather by (see Equation (3))
aCO

sin βG
sin βS
=
−
,
vG
vS

bCO = t0



cos2 βG
cos2 βS
(4 K1 − 3 K3 )
− K2
vG
vS



,

(9)

while y is ∆xm . In principle, this CO search is analog to the one implemented in the conventional CO
CRS stack and can be performed as a two-parameter search or two one-parameter searches. As an output
this yields two CO stacked CO sections, one for PP and one for PS reflections.
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Step III: CMP search So far we have determined four kinematic wavefield attributes, namely a CS , bCS ,
aCO , and bCO . To search for the fifth attribute (a third curvature) we have to use the two-component prestack data again. We propose to perform the search in CMP gathers. Please note that we cannot use
the common-receiver (CR) gathers since we need the emergence angles and wavefront curvatures at the
receivers to distinguish between the two considered wave types. In a CMP gather y reads ∆h while the dip
and curvature of the traveltime is given by (see Equation (3))


cos2 βG
sin βG
sin βS
cos2 βS
aCMP =
+
, bCMP = t0 K3
− K2
.
(10)
vG
vS
vG
vS
A one-parameter search for bCMP is sufficient since we can calculate aCMP by means of aCS and aCO (see
Equations (8) and (9)). For each tested value of bCMP during the CMP search we can calculate the wavefront
curvature K3 or the radius of curvature R3 = 1/K3 at the receiver by means of bCMP and the results
from the first two searches (see again Equations (8) and (9)). We need this information in order to get
the emergence angles of the paraxial rays that contribute to the coherence analyses and CMP stack, see
Equation (6). βG is already known from the CS search. Finally, the same procedure as during the CS stack
can be performed to distinguish between PP and PS reflections, i. e., choice of the near-surface velocity for
P- or S-waves, rotation of the vertical and horizontal components and consideration of the longitudinal or
transversal components, respectively, for coherence analyses to find the optimum value of b CMP for which
the calculated traveltime curve fits best the reflection events in the data. The result of this step are a PP and
a PS CMP stacked CO section.
Step IV: CO CRS stack Now we have determined all five wavefield attributes that we need to perform
the CO CRS stack. In fact we have ten attributes, five for PP and five for PS reflections. Again, the
emergence angles of the paraxial rays that contribute to the CRS stack are required in order to achieve the
distinction between PP and PS reflections. Thus, the main task is to find the wavefront curvature K G at
the considered receiver which depends on the measurement configuration. The emergence angle β G of
the considered central ray is already known and does not depend on the measurement configuration. To
determine KG we consider an arbitrary measurement configuration which is described by
∆xG = l ∆xS ,

(11)

where ∆xG and ∆xS are the horizontal displacements between the receivers and sources, respectively, of
the central and a paraxial ray and l is a real number. Let us consider Figure 4. x S and xG are the shot and
receiver positions, respectively, of a paraxial ray while xS and xG are the corresponding positions of the
central ray. For the CS configuration, for instance, we have l = ∞ and, thus, K G = K1 and for the CR
configuration we have l = 0 and KG = ∞. Bergler (2001) derived an equation to calculate KG if K1 , K3 ,
and l are known:


K3
1
.
(12)
KG = K 1 1 +
−
l
l

To summarize, the last step is performed as follows: Since five wavefield attributes are available for each
time sample of the CO section to be simulated we can calculate the CO CRS stacking surface given by, for
instance, Equation (3). The choice of the near-surface velocity v G depends on the wave type we want to
consider. For each paraxial ray within the stacking aperture we have to determine the parameter l in order to
calculate the wavefront curvature KG at the receiver of the considered central ray by using Equation (12).
K1 and K3 are determined for each time sample. Since we know the emergence angle β G of the central ray
it is possible to calculate the emergence angle γ of any arbitrary paraxial ray by means of Equation (6) and
KG . In a next step the rotation by γ is performed which yields the longitudinal and transversal component.
For a PP reflection we use the amplitude of the longitudinal component and for a PS reflection we have
to use the amplitude of the transversal component. Doing this for each paraxial ray within the stacking
aperture we can sum up the amplitudes along the stacking surface and assign the stacking result to the
respective CO time sample. In that way, we obtain two CO CRS stack sections, for PP and PS reflections.
To see how well the stacking surfaces fit to events in the pre-stack data volumes it is possible to compute
the coherence values for each time sample.
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l=-1 (CMP)

xS

xS

Figure 4: The common-shot (CS), common-offset (CO), common-receiver (CR), and common-midpoint
(CMP) measurement configuration defined by l in the (x S − xG )-plane.
We want to stress that in order to apply this strategy to seismic data, a reasonable number of traces in
CS gathers within the stacking aperture is required. In practice, this means that the distance between the receivers should not be too large and that a sufficient number of receivers is used. Otherwise, an accurate and
stable determination of dips and curvatures of traveltime curves and, therewith, of emergence angles and
wavefront curvatures particularly during the CS search is not possible. Specifically, for OBS acquisition
geometries this means that data acquired with receiver cables (with multi-component geophones) located
on the sea bottom are more suitable than data acquired with single geophones since in the latter case the
distance between the geophones is, in general, much larger and the number of geophones is low so that
there are not enough traces in a CS gather within a reasonable stacking aperture.
SYNTHETIC DATA EXAMPLE
In order to show the application of the stacking operator given by Equation (2) or (3) to OBS data, we
created a simple synthetic data set. We considered only primary PP reflections that were acquired with the
pressure component to show the validity of the stacking operator to the OBS acquisition geometry. For this
purpose we will compare the model- and data-derived wavefield attributes.
The model used to generate the synthetic data is shown in Figure 5. It consists of five homogeneous
layers separated by four curved as well as non-curved interfaces. The uppermost layer is the water layer,
the sources are located in a water depth of six meters. The receivers are placed along the first interface
(counted from the surface) which represents a horizontal sea bottom. Also depicted in Figure 5 are seismic
rays from a CS experiment that are reflected at the second interface below the sea bottom.
For this model, a multi-coverage data set was generated. Primary PP reflections were simulated for the
three interfaces below the sea bottom by a ray tracer for half-offsets from h = 0 km to h = 2 km in
increments of ∆h = 0.025 km and midpoint intervals of ∆xm = 0.025 km in the range 2 km ≤ xm ≤
7 km. As a seismic signal, we used a zero-phase Ricker wavelet of 30 Hz peak frequency. The sampling
interval was 4 ms. Finally, random noise was added to the data set so that all CO sections look with respect
to their signal-to-noise ratio similar to the one for half-offset h = 0.5 km (see Figure 6). This particular
CO section has been simulated by the CO CRS stack.
Figure 6 also shows the CO section obtained by the CO CRS stack. The signal-to-noise ratio is dramatically increased and all three reflectors are clearly visible. In addition to the high-quality stacked section,
we obtain five wavefield attribute sections for βS , βG , K1 , K2 , and K3 if the near-surface velocities at the
receivers and sources, vG and vS , respectively, are known. These attributes can be used for further analyses, like the determination of the geometrical spreading factor (see Zhang et al. (2001)). The five attribute
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sections as well as the coherence section associated with the CO CRS stack are depicted in Figures 7 and 8.
As long as the reflection events can be approximated by hyperbolae within a certain aperture, it is
expected that the CRS stack works properly since then it is possible to find stacking surfaces that fit well
the events if the search ranges are chosen correctly. An important point is whether the determined kinematic
wavefield attributes have the correct geometrical meaning. In order to check how accurate the CO CRS
stack determined the attributes, we compared the found, so-called data-derived, attributes with the exact
model-derived ones. The model-derived attributes could be obtained by means of a ray tracer while the
data-derived attributes were extracted from the different attribute sections along the three traveltime curves
that are associated with the primary PP reflections from each interface of the model. The corresponding
traveltimes could be obtained with the ray tracer, too.
Figures 9(a) and 9(b) show the model- and data-derived emergence angles β S and βG , respectively, for
the PP reflections from all three interfaces. The very good coincidence between the exact attributes (solid)
and the attributes determined by the CO CRS stack (dotted) is clearly visible. For all samples, the deviation
is lower than half a degree.
Figures 9(c)-9(e) show the comparison of the model- and data-derived wavefront curvatures K 1 , K2 , and
K3 , respectively. The data-derived curvatures (dotted) show some fluctuations around the model-derived
values (solid) but they are still in good agreement with them. The largest deviations occur around CMP no.
60 for the second reflector and around CMP no. 100 for the third reflector. By considering Figure 7, we
observe that these deviations coincide very well with low coherence values. Moreover, K 2 and K3 are not
very accurately determined where rapid curvature changes occur, for instance in the presence of caustics.
Please note that the accuracy of the determined wavefield attributes depends on the chosen aperture for
the search routines. The best possible aperture that yields the most accurate wavefield attributes has to be
found out empirically. If the wavefield attributes are used for further analyses, we propose to optimize and
smooth the attributes. This could also improve the stacking results. The attributes that were found by the
initial stack would then be used as input values for the optimization. In this example, the initial attributes
are very close to the exact ones and it can be expected that the optimization would yield even more accurate
attributes. Both steps, optimization and event-consistent smoothing of wavefield attributes, have already
been developed for the ZO CRS stack and are currently under investigation for the CO CRS stack.
CONCLUSIONS
We have discussed that the conventional CO CRS stacking operator can handle OBS acquisition geometries
as long as there are no significant vertical displacements between the sources or between the receivers, i. e.,
as long as there is no topography present at the sea bottom and the sources are placed in the same water
depth. The application to synthetic data yielded a high-quality stacked section with a dramatically increased
signal-to-noise ratio and five kinematic wavefield attribute sections that can be used for further analyses.
A comparison of the determined wavefield attributes with the exact model-derived ones showed that the
CO CRS stack provided accurate emergence angles and good results for the wavefront curvatures, too. To
further improve the results, optimization and event-consistent smoothing steps should be applied.
Moreover, we have presented a new approach in order to stack two-component data by means of the 2D
CO CRS stack. This approach is able to distinguish between PP and PS reflections by combining operator
shape and orientation with polarization information and provides stacked sections and kinematic wavefield
attribute sections for both wave types. An application of this method to synthetic data is currently investigated. Further tests with real data, for instance with multi-component OBS or vertical seismic profile
(VSP) data, are required. A stacking operator for a VSP acquisition geometry is given in Boelsen (2004)
in this report.
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Figure 5: Model used to generate the synthetic data. To illustrate the OBS acquisition geometry, we
depicted seismic rays that are reflected at the dome-like interface from one CS experiment.
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ABSTRACT

The kinematic wavefield attributes, extracted automatically from seismic prestack data by means of
the Common-Reflection-Surface stack, have found several applications. However, the attributes determined by means of coherence analysis are subject to fluctuations due to noise in the prestack data
as well as to outliers due to a failure of the splitted search stragey used in the CRS method. These
problems can be overcome partially by the application of an event-consistent smoothing algorithm. In
this paper, I review the algorithm for the 2D case and give its extension to the 3D case. The effect of
event-consistent smoothing on CRS imaging will be demonstrated using a small 2D real data example.

INTRODUCTION
The CRS stack has been developed as an alternative stacking procedure to the conventional chain of normalmoveout (NMO) correction/dip-moveout (DMO) correction and stack. The determined CRS attributes
have found several applications, e.g. the determination of a velocity macromodel for depth imaging. All
these applications suffer from fluctuations of the attributes due to noise in the prestack data as well as
insufficiences in the search strategy. To overcome this problems partially Mann and Duveneck (2003)
introduced an event-consistent smoothing algorithm. In this paper I give a rewiev of their work and describe
the extension to the 3D case. Finally, I investigate more detailed the influence of event-consistent smoothing
on CRS imaging using a 2D real data example.
EVENT CONSISTENT SMOOTHING
The implementation of the event consistent smoothing algorithm follows the description which was given
by Mann and Duveneck (2003). I will describe it here in a manner also valid for the 3D case which has
been implemented meanwhile.
In order to perform an event-consistent smoothing of kinematic wavefield attributes, the smoothing window (2D case) or volume (3D-case) has to be aligned with the reflection event in the ZO section/volume
and the reliability of the associated wavefield attributes has to be considered. The CRS wavefield attributes
α and β give the emergence angle and azimuthal direction of the normal ray for the ZO sample under
consideration. Using these two angles and the near-surface velocity v 0 used in the CRS stack the slowness
vector p of the local segment of the Normal-incidence-point(NIP)- and Normal(N)-wavefront can be calculated which is connected to the orientation of the event in the ZO section/volume. The slowness vector
is given by
1
p=
(cos α sin β, sin α sin β, cos β)T
(1)
v0
The slowness vector p itself is independent of the near-surface velocity. This means, that the smoothing is
performed correctly even if a wrong velocity was used in the CRS stack. The reliability of the attributes
for a ZO sample is given by the coherence value obtained along the corresponding stacking operator in the
prestack data. In order to take into account only reliable information, ZO samples with a coherence value
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S below a user-defined threshold Smin should not contribute to the smoothing. According to Mann and
Duveneck (2003) such low coherence values occur due to several reasons:
• The ZO sample under consideration is not located on a locally coherent event. In this case the
obtained attribute values are meaningless as no coherent energy contributes to the stack.
• Due to a low signal-to-noise ratio in the prestack data the wavefield attributes are subject to fluctuations. These fluctuations are not supported by the theory. As long as we are dealing with situations
where zero-order ray theory is valid the attributes can vary only smoothly along the reflection event.
Along the seismic wavelet, the attributes should be virtually constant (Mann and Höcht, 2003).
• The splitted search strategy fails to detect the global coherence maximum or the global coherence
maximum does not correspond to the same reflection event as the maximum of neighbouring samples. This leads to localized outliers in the attribute sections.
• The prestack data contain strongly non-hyperbolic events. In this case the aperture choice for the
CRS stack should be reconsidered.
To take conflicting dip situations into account, neighbouring samples are only included in the smoothing
process if the normal vector to the reflection event, calculated from the attributes of this sample, encloses
an angle below an user-defined threshold ∆γmax with the corresponding normal vector calculated from
the attributes of the sample to be smoothed. This is the natural extension to the 3D case of the original
description given by Mann and Duveneck (2003) for the 2D case.
DATA EXAMPLE
In this section I show the effect of the smoothing on the CRS results using a small part of a 2D real dataset.
First, the CRS stack including optimization was performed. Then, the attributes used for the initial stack
were smoothed. Using these smoothed attribute values, the initial stack and optimization were performed
once again. The obtained stack and attribute sections are shown from Figure (1) to Figure (5).
First a closer look to the final stack sections (Figure (1)).
Comparing the initial stack with the
optimized stack (Figures (1(a)) and (1(b))), both obtained using unsmoothed attributes, one can clearly see
the increased reflector continuity on some relatively weak events. Also the right end of the strong reflection
event in the center of the section is improved regarding continuity. At least the same improvement can be
gained by smoothing of the used attributes. The initial stack section using smoothed attributes is shown in
Figure (1(c)). A subsequent optimization shows no visible improvement in the stack result (Figure (1(d))).
These observations are supported considering the corresponding coherence sections (Figure (2)). Comparing the coherence obtained using unsmoothed initial attributes, shown in Figure (2(a)), with the corresponding section obtained with smoothed attributes (Figure (2(c))), one can clearly see the improved lateral
continuity. In both cases, continuity is increased performing an optimization. The optimized results for
unsmoothed and smoothed attributes show nearly identical coherence. Performing the optimization after
smoothing closes some gaps. That means low coherence samples, which are due to a failure of the splitted search strategy, are removed. This removal can’t be obtained just by optimization of the unsmoothed
attributes which is obvious comparing Figure (2(b)) with Figure (2(d)). This means, in cases where the
CMP-search fails and its result is far from the searched for global maximum, this maximum might not be
found even by simultaneous optimization of all three attributes.
These observations can also be made in the attribute sections of the NIP-wave radius R N IP (Figure (4)),
of the Normal-wave radius RN (Figure (5)), and of the emergence angle α (Figure (3)). Both, optimization
and smoothing of the initial attributes, remove sharp edges in the attribute values inside of events. However,
optimization, either before or after smoothing, leads to some fluctuations. This effect is especially visible
in the sections of RN in Figure (5). Surprisingly, the optimization after smoothing yields nearly the same
attribute values than the optimization before smoothing. This is different, especially for R N IP , where
smoothing before optimization yields higher lateral continuity in the attribute values as it is expected from
theory.
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Figure 1: Initial and optimized tack results using unsmoothed and smoothed attributes
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CONCLUSIONS

The application of event-consistent smoothing can clearly improve CRS imaging. Especially, the quality
of the obtained attributes for further applications is improved. The example shown in the previous section
demonstrates that in the case the initial CMP search fails for some reason the optimal attribute triplet might
not be found even by a simultaneous optimization. This clearly indicates the weakness of a splitted search
strategy. Event-consistent smoothing can circumvent this problem partially. It would be interesting to
see, how a simultaneous search for all attributes behaves. However, such a search is computationally very
expensive. If event-consistent smoothing gives results comparable to a simultaneous search it is clearly the
faster way of improving the quality of CRS imaging and especially of the obtained attributes.
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ABSTRACT

Migration velocity analysis (MVA) is a seismic processing step that aims at translating the velocity
information that is contained in the residual moveout in an image gather after migration with an
erroneous velocity model into velocity updates. In this paper, we extend the original coherence-based
MVA approach to dipping reflectors. We devise a new MVA technique, where the reflector dip is
treated as an additional search parameter that is to be detected together with the velocity updating
factor. Both parameters are searched-for simultaneously by the application of two-parameter search
techniques. The search is carried out by determining trial curves as a function of the search parameters
and stacking the migrated data along these curves. The highest coherence determines the best-fitting
curve and thus the optimal, i.e., best-possible, parameter pair. A numerical example demonstrates that
the additional search parameter can indeed be helpful to improve the quality of the velocity updates.

INTRODUCTION
Migration velocity analysis (MVA) is a seismic processing step that exploits the redundancy of seismic data
to improve an a-priori velocity model. The basic idea is to use the velocity information that is contained
in the residual moveout in an image gather, i.e., a CMP gather of the prestack migrated image cube, after
migration with an erroneous velocity model (Yilmaz and Chambers, 1984). MVA aims at translating this
residual moveout into velocity updates (Al-Yahya, 1989; Fowler, 1995). Of course, the process can be
applied repetitiously, thus generating a loop between migration, MVA, and velocity updates, which is
terminated when the residual moveout is sufficiently flattened.
The initial concepts soon led to a wide range of more sophisticated techniques. One of the first developments was the picking-free differential semblance optimization (DSO) of Symes and Carazzone (1991).
Lafond and Levander (1993) generalized Al-Yahya’s method to arbitrary heterogenous media, based on ray
tracing rather than an analytical formula for the residual moveout. Bradford and Sawyer (2002) suggested
three implementations of MVA methods that progress from relatively simple to relatively complex and
computationally intensive. Further developments include a residual moveout analysis on a sparse grid of
common midpoints points (CMPs) (Audebert et al., 1998; Woodward et al., 1998) or, more recently, along
a fine grid following horizons (see, e.g., Billette et al., 2002). In parallel, other algorithms, based on picking of either continuous (Liu, 1997) or locally coherent (Chauris et al., 2002a,b) events were suggested. A
residual-migration wave-equation tomographic technique has been proposed by Biondi and Sava (1999).
The efficiency and accuracy of these various migration-based methods strongly depend on the density of
points where the analysis is carried out (Billette et al., 2003).
In this paper, we follow the lines of the coherence-based approach of Al-Yahya (1989). In other words,
we propose a semblance analysis along certain stacking curves within the data. This approach has the
advantage that no picking is needed. We extend the method of Al-Yahya (1989), which was restricted
to horizontal reflectors, to dipping reflectors. A first attempt in this respect was undertaken by Lee and
Zhang (1992) using near-offset and small-dip approximations. Here, we keep the assumption of small dips
(< 45◦ ) but drop the restriction to small offsets.
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Figure 1: Reflector and acquisition geometry.
We devise a new MVA technique, where the reflector dip is treated as an additional search parameter which is to be detected together with the velocity updating factor. Both parameters are searched-for
simultaneously by the application of techniques that have been developed in connection with the commonreflection-surface (CRS) stack (Biloti et al., 2002). Like for that method, the search is carried out by
determining trial curves as a function of the search parameters and stacking the migrated data along these
curves. The highest coherence determines the best-fitting curve and thus the optimal, i.e., best-possible,
parameter pair.
DIPPING REFLECTOR
As a basis for the stacking technique, we need a theoretical expression for the position of a migrated
reflector image as a function of the (wrong) migration velocity. For this purpose, we consider a dipping
reflector with dip m = tan θ, where θ is the dip angle. The depth z of this reflector at a horizontal position
x is thus described by the formula z = mx + z0 , where z0 is the depth of the reflector vertically below the
coordinate origin (see Figure 1). We consider this reflector z = mx + z 0 to be buried in a homogeneous
medium with true velocity v.
Next, we consider a 2D seismic experiment being carried out over this medium along the x-axis.
Sources and receivers are positioned at points xs = y − h and xr = y + h, where y and h are the
(varying) midpoint and half-offset coordinates (see again Figure 1). Then, the traveltime surface of the
reflector in the data cube will be given by an expression of the form
tref =


p
1 p
(x − y + h)2 + (mx + z0 )2 + (x − y − h)2 + (mx + z0 )2 ,
v

(1)

where x denotes the horizontal coordinate of the reflection point. The actual traveltime can be determined
by applying Fermat’s principle. It says that of all the traveltimes described by the above equation, actually
only those will be observed that are stationary. Thus, by setting the derivative of equation (1) with respect
to x equal to zero, the reflection points can be determined as a function of y and h. We have
1
∂tref
=
∂x
v

(x − y + h) + m(mx + z0 )
(x − y − h) + m(mx + z0 )
p
+p
2
2
(x − y + h) + (mx + z0 )
(x − y − h)2 + (mx + z0 )2

!

=0,

(2)
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which can be solved for x to yield
(my + z0 )(y − mz0 ) − mh2
.
(1 + m2 )(my + z0 )

x=

(3)

Substitution of this result back in equation (1) yields, after some tedious algebraic manipulations, the final
expression for the traveltime of a dipping reflector as a function of y and h,
r
2 h2 + (my + z0 )2
tref =
.
(4)
v
1 + m2
To simplify the expressions below, we introduce the following notations. The depth d of the reflector
point vertically below the midpoint y (see Figure 1) is given by
d = my + z0 ,
and the distance between this reflector point and source or receiver is
p
r = d 2 + h2 .
Moreover, we will use the factor

µ=

(5)

(6)

p
1 + m2 = 1/ cos θ .

(7)

d(d − µ2 z0 ) − m2 h2
,
mµ2 d

(8)

With these notations, the horizontal coordinate (3) of the reflection point can be written as
x=
and the traveltime (4) takes the form
tref =

2 r
2
= r cos θ .
v µ
v

(9)

Equation (9) can be alternatively obtained from simple algebraic manipulations on the expression of Levin
(1971).
REFLECTOR IMAGE
The reflection event located at the traveltime (9) in the data is now to be migrated using the (wrong)
migration velocity vm . Its position in a common-offset time-migrated section can be constructed as the
envelope of the common-offset isochrons for all points (y, tref ) in the data. Any of these isochrons is
described by the lower half-ellipse
r
2b
(x − y)2
1−
t(x; y, h) =
,
(10)
vm
a2
where t is the vertical time t = 2z/vm and where the semi-axes are given by a = vm tref /2 and b =
√
a2 − h2 . Here, x describes the horizontal coordinate of the image to be constructed. Since we are
interested in the position of the image in an image gather, i.e., for a constant x, we can assume without loss
of generality that the coordinate origin is located at the position of the present image gather, i.e., x = 0.
Then, z0 has the meaning of the true depth of the reflector at the considered image point.
Upon substitution of formula (4) for tref in equation (10), the family of isochrons reads
t(0; y, h) =

2 QR
,
vm γµr

(11)

where we have introduced the notations
p

r 2 γ 2 − µ2 y 2 ,
p
R = r 2 γ 2 − µ 2 h2 ,

Q=

(12)
(13)
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and where γ is the ratio between the migration and true medium velocities as defined by Al-Yahya (1989),
i.e.,
γ = vm /v .
(14)
As mentioned above, the reflector image is given by the envelope of this family of isochrons. The
envelope can be computed again by setting the derivative of formula (11) with respect to y equal to zero,
solving the resulting equation for y, and substituting this result in equation (11). In this way, the envelope
condition reads
dt
2 γ 2 mdQ2 r2 + R2 r2 (md − µ2 y) − Q2 R2 md
=
=0.
(15)
dy
vm
γµQRr3
Unfortunately, this expression cannot be solved for y. We therefore have to look for an approximate
envelope. For this purpose, we use the Taylor series up to third order in m instead of the true derivative
(15). Consequently, all following formulas are valid if m3  1, that is, for reflector dips up to about 30
degrees. Since the resulting Taylor series is quite large, we refrain from stating it here. It can be solved for
y to yield, up to third order in m,


 m2
m
1 + γ 2 q 2 + 2h2 q − γ 2 z02 (q + 3γ 2 h2 ) 2 .
(16)
y ≈ γ 4 (h2 + z02 )z0
q
q
Here, we have introduced yet another abbreviating notation, this one being
q = (γ 2 − 1)h2 + γ 2 z02 .

(17)

Instead of developing equation (15) into a Taylor series with respect to m, i.e., for small dips, one
could conceive of other possible approximations, such as small offsets (i.e., h/z 0  1), midpoints close
to the considered image point (i.e., y/z0  1), or even velocity ratios close to unity (i.e., γ − 1  1).
Unfortunately, none of these Taylor series could be solved for the stationary value of y.
Substituting the stationary value (16) back in equation (11) yields the approximate position of the
reflector image in the image gather as a function of half-offset h,
tig (h) ≈

2 √
(h2 + z02 )(h2 − γ 2 z02 ) 2
p
q + (1 − γ 2 )γ 2
m ,
vm
vm q 3

(18)

again up to third order in m.
Of course, the depth z0 of the reflector at the image point is unknown at this stage. It has to be replaced
by its vertical time coordinate, i.e, z0 = vt0 /2 = vm t0 /2γ. The final expression for the position of the
reflector image in the image gather reads thus
tig (h) ≈ τ + (1 − γ 2 )
where
τ=

q

2 2
2 2
(4γ 2 h2 + vm
t0 )(4h2 − vm
t0 ) 2
m ,
4
3
2vm τ

2 .
t20 + (γ 2 − 1)4h2 /vm

(19)

(20)

We immediately observe that equation (20) is exactly Al-Yahya’s expression for the image position of
a horizontal reflector. Note that the additional factor 4 in the last term under the square root is due to the
fact that Al-Yahya (1989) considers a migration slowness that corresponds to twice the medium slowness,
i.e., his wm relates to vm as wm = 2/vm . Since Al-Yahya’s expression is the first term of formula (19),
we can interpret its second term as a dip-correction to Al-Yahya’s formula. We stress that equation (19) is
a third-order approximation in m. In other words, the first and third-order terms in m are zero. Therefore,
the image gather contains no information about the sign of m, i.e., of the direction of the dip.
There are two important conclusions to be drawn from the second term in expression (19). Firstly,
the proportionality factor 1 − γ 2 confirms Al-Yahya’s observation that the dip dependence of the reflector
image position decreases as the migration velocity vm approaches the true medium velocity v. Secondly,
the equality at zero offset between tig and t0 , which Al-Yahya (1989) observed for horizontal reflectors, is
no longer true for dipping reflectors. For zero offset, equation (19) reduces to
tig (0) ≈ t0 + (γ 2 − 1)t0 m2 /2 .

(21)
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This equation describes the well-known fact that a nonzero reflector dip causes the zero-offset image of the
reflector to shift downwards, if the migration velocity is too high, and upwards, if the migration velocity is
too low.
SEARCH TECHNIQUE
As suggested by Al-Yahya (1989) for its first term, we use equation (19) to carry out coherence analyses
along trial lines defined by this equation. However, instead of searching for a single parameter γ for each
t0 , we search for two of them, being γ and m. While γ, as before, is meant to determine an estimate for
the true medium velocity from the migration velocity as
vest = vm /γ ,

(22)

the main role of the second parameter m is to stabilize the search and get better estimates for γ in situations
with dipping interfaces and/or where the first guess for vm was quite bad. The actual values of m can be
useful at the interpretation stage.
To determine the optimal values for γ and m, a biparametrical search has to be carried out. To make
this bidimensional search computationally feasible, we need starting values for both parameters as close as
possible to their optimal values. To determine these starting values, we first search one-dimensionally for
each of them independently with the following strategy.
We remind that Al-Yahya’s formula, which is accurate up to first order in m, depends only on γ. Only
the second-order term of the proposed formula depends on both parameters, γ and m. This means that the
velocity parameter γ plays a more important role than the dip parameter m. This observation suggests that
the one-dimensional search for γ should precede the one for m.
Since our dip-correction was derived from a Taylor expansion for small m, the first stage of the search
is to look for a value of γ that maximizes the coherence measure with m set to zero. In other words, the
starting value for γ is obtained by a search using Al-Yahya’s formula only. Once an initial estimate for
γ has been found, a second one-dimensional search is performed with fixed γ to obtain an approximation
for m. This procedure is only intended to obtain rough estimates for these two parameters, which serve
as starting values for the subsequent bidimensional search. Finally, a derivative-free optimization method
(Kolda et al., 2003) is employed to obtain the best possible values for γ and m simultaneously.
The described procedure follows the same search technique successfully employed to simultaneously
obtain the three traveltime attributes of the Common-Reflection-Surface (CRS) stack (Birgin et al., 1999).
Note that in the present application, the bidimensional search technique is even more advantageous than in
the case of the CRS stack, where the search for the second and third parameters turned out to be quite time
consuming. In the present application, the search for the additional parameter m (instead of looking only
for γ) has a small impact on computation time.
NUMERICAL EXAMPLE
In this section, we demonstrate the application of the dip-corrected migration velocity analysis to a synthetic data set. The depth model is depicted in Figure 2. It consists of two half-spaces separated by a single
reflector, which has horizontal segments at the left and right sides of the model at depths of 1.2 km and
0.5 km, respectively. These two horizontal parts are smoothly connected by a dipping reflector segment
with a dip angle of 15 degrees. The wave speed is 2 km/s above the reflector and 3 km/s below it.
Synthetic seismic data have been generated by an implementation of modeling by demigration (Santos
et al., 2000). For the numerical experiment, 281 sources where simulated at every 25 m along the seismic
profile between coordinates x = −1000 m and x = 6000 m with 241 source-receiver offsets at every 25 m
from 0 m up to 6000 m. These data have been migrated with the incorrect migration velocity of 3.5 km/s.
On the resulting image gathers, coherence-based migration velocity analysis has been applied using AlYahya’s original traveltime formula (20) and our dip corrected one, equation (19). Figure 3 shows a typical
image gather at a migrated CMP at the horizontal position x = 3500 m, that is, located above the dipping
part of the reflector. Note the strong moveout due to the way too high migration velocity. Also shown
in Figure 3 are the predicted positions of the migrated reflector as determined by equations (19) and (20)
using the correct values for γ and m. We observe a much better coincidence of the dip-corrected formula
with the actual position than Al-Yahya’s original formula.
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Figure 2: Model for the synthetic experiment. The two horizontal parts of the reflector are smoothly
connected by a dipping reflector segment with a dip angle of 15 degrees.
Figure 4 shows the comparison of the optimal values of the velocity correction factor γ as obtained
with formulas (19) and (20). The desired value of γ is 1.75 which is represented by white color. Note that
the value for gamma is only meaningful at the position of the migrated reflector image. The values off
this image are random values without any physical meaning. In the region of the horizontal parts of the
migrated reflector image, we observe that both traveltime formulas determine the desired value of γ with
reasonable accuracy. As can be seen at the dipping part of the reflector, the values for γ obtained from both
formulas are not perfect. However, upon closer inspection, we see that the dip-corrected formula indeed
provides somewhat better values.
The information about where these values are meaningful or not is contained in the corresponding
coherence section. Figure 5 compares these sections for the two competing procedures. Both coherence
sections are rather similar. This means that both formulas can be adjusted rather well to the data. The
difference between the formulas lays in the quality of the obtained parameter values.
To extract the most meaningful values of the parameters, the maximum of each coherence trace has been
picked. To discard outliers, a maximum was only accepted if it had at least 11 neighbours in a window of
23 which where higher than 3/4 of the maximum coherence value. The resulting curves of most reliable
points also depicted in Figure 5.
The values of γ extracted from the sections in Figure 4 along these picking curves are compared in
Figure 6. The values of γ obtained with Al-Yahya’s formula (20) (red circles) quite accurately recover the
true value of 1.75 at the horizontal parts of the reflector, but show a significant reduction at the dipping
part. The values obtained with the dip-corrected formula (19) (green crosses) does a better job in this part,
although suffering from more fluctuations.
The dip-corrected formula (19) provides, as an additional parameter, the optimal dip. As explained
before, the attribute “optimal” is used in the sense that this is the parameter value that achieves best fit
between the traveltime curve (19) and the position of the migrated reflector image. Figure 7 shows the
resulting dip angles along the maximum coherence curve.
To better appreciate the quality of this parameter, the picked values have been smoothed with optimal
splines. This technique is an optimized cubic spline approximation that has been developed by Biloti
(2002). It differs from conventional spline interpolation in the fact that it detects, for a given number
of control points, their best possible positions in a least-squares sense. We see from Figure 7 that the
determined angle values recover the true reflector dip reasonably well. At the horizontal parts of the
reflector, the values are close to zero, and at the dipping part, they come close to the true dip of 15 degrees.
Finally, the actual delivery of a migration-velocity analysis is the updated migration velocity field. The
results of the processes based on the competing formulas are compared in Figure 8. After updating the
original velocity field with the gamma values of Figure 6, the resulting velocity fields have been smoothed
with optimal splines (Biloti, 2002). As can already be seen in Figure 8, the dip correction has indeed
succeeded in providing a better updated velocity field in the area of the dipping reflector.
A more quantitative analysis is carried out in Figure 9. It shows the remaining velocity error along the
reflector image after velocity updating. Note the diminished error in the region of the dipping reflector.
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Figure 3: Image gather of the wrongly migrated data at a CMP position above the dipping part of the
reflector. Also indicated are the theoretical predictions of the image position in this gather with (long
dashed yellow curve) and without (solid white curve) dip correction as described by equation (19).

As a final test, the original data have been migrated with the updated velocity fields. The results are
compared in Figure 10. While both methods image the horizontal parts of the reflector reasonably well, the
dipping part is acceptably imaged only with the dip-corrected velocity.
CONCLUSIONS
In this paper, we have presented a dip correction to the coherence-based approach to migration velocity
analysis (MVA) of Al-Yahya (1989). This approach is based on a coherence analyses along possible moveout curves in a migrated image gather for different values for the ratio (γ) between the migration and true
medium velocities. The highest coherence determines the optimal values for this ratio, which can then be
used to updated the migration velocity. This approach has the advantage that no picking is needed.
We have generalized the method of Al-Yahya (1989), which was restricted to horizontal reflectors, to
dipping reflectors. In our new MVA technique, the reflector dip is treated as an additional search parameter,
which is to be detected together with the velocity updating factor γ. Both parameters are searched-for
simultaneously by the application of techniques that have been developed in connection with the commonreflection-surface (CRS) stack (Biloti et al., 2002). Like for that method, the search is carried out by
determining trial curves as a function of the search parameters and stacking the migrated data along these
curves. The highest coherence determines the best-fitting curve and thus the optimal, i.e., best-possible,
parameter pair. In this way, estimates can be found not only for the velocity ratio γ but also for the reflector
dip.
A numerical example has demonstrated that the additional search parameter can indeed be helpful for
the analysis. Although curves described by Al-Yahya’s original formula can be well fitted to the actual
migration moveout, thus providing high coherence values, it turns out that the additional search parameter
improves the estimates of the velocity ratio. In our example, the velocity was sufficiently well recovered
in one step to produce a satisfactory final migrated image. With Al-Yahya’s formula, one more iteration
would have been necessary. Moreover, the recovery of the dip was also successful, providing reasonable
estimates of the true reflector dip.
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Figure 4: (a) Parameter γ as obtained from MVA using the Al-Yahya’s formula (20). (b) Parameter γ as
obtained from MVA using the the dip-corrected formula (19).
ACKNOWLEDGMENTS
The authors are grateful to Eduardo Filpo for making his modeling available. The most tedious algebraic
manipulations of this paper have been carried out using Maple V Release 4. The research of this paper
has been supported partially by the Research Foundation of the State of São Paulo (FAPESP), the National
Research Council (CNPq) of Brazil, and the sponsors of the WIT Consortium Project.
REFERENCES
Al-Yahya, K. M. (1989). Velocity analysis by iterative profile migration. Geophysics, 54(06):718–729.
Audebert, F., Guillaume, P., Zhang, X., and Jones, I. (1998). CRP-Scan - solving 3D PreSDM velocity
analysis with zero-offset. In 60th Ann. Internat. Mtg., EAGE, pages Session:01-05. EAGE.
Billette, F., Etgen, J., and Rietveld, W. (2002). The key practical aspects of 3D tomography - data picking
and model representation. In 64th Ann. Internat. Mtg., EAGE, page B006. EAGE.
Billette, F., Le Begat, S., Podvin, P., and Lambare, G. (2003). Practical aspects and applications of 2D
sterotomography. Geophysics, 68(3):1008–1021.

106

Annual WIT report 2004

0

1

2

3

4

5

6

7

Time [s]

1.0

0.5

1

0

2

0

(a)
1

2

3

4

5

6

7

Time [s]

1.0

0.5

1

0

2

(b)

Figure 5: (a) Coherence as obtained from MVA using the Al-Yahya’s formula (20). (b) Coherence as
obtained from MVA using the the dip-corrected formula (19). Also shown in both parts is the path of
maximum coherence.
Biloti, R. (2002). Tomographic Inversion of the velocity model using multiparametric traveltimes. PhD
thesis, State University of Campinas, Brazil. In Portuguese.
Biloti, R., Santos, L. T., and Tygel, M. (2002). Multiparametric traveltime inversion. Studia Geophysica et
Geodaetica, pages 177–192.
Biondi, B. and Sava, P. (1999). Wave-equation migration velocity analysis. In 69th Ann. Internat. Mtg.,
SEG, pages 1723–1726. SEG.
Birgin, E. G., Biloti, R., Tygel, M., and Santos, L. T. (1999). Restricted optimization: a clue to a fast and
accurate implementation of the common reflection surface stack method. Journal of Applied Geophysics,
pages 143–155.
Bradford, J. H. and Sawyer, D. (2002). Depth characterization of shallow aquifers with seismic reflection,
Part II–Prestack depth migration and field examples. Geophysics, 67(1):98–109.
Chauris, H., Noble, M. S., Lambare, G., and Podvin, P. (2002a). Migration velocity analysis from locally coherent events in 2-D laterally heterogeneous media, Part I: Theoretical aspects. Geophysics,
67(04):1202–1212.

Annual WIT report 2004

107

1.9

γ

1.8
1.7
1.6
1

2

3

4
Distance [km]

5

6

7

Figure 6: Values of γ as picked along the maximum coherence curves of Figure 5 (Al-Yahya: red circles,
dip-corrected: green crosses).
25

Angle [deg]

20
15
10
5
0
-5

1

2

3

4
Distance [km]

5

6

7

Figure 7: Dip angles along the maximum coherence curve (red circles) as obtained from MVA using the
the dip-corrected formula (19). Also shown is the result of a smoothing of these data (solid line).
Chauris, H., Noble, M. S., Lambare, G., and Podvin, P. (2002b). Migration velocity analysis from locally
coherent events in 2-D laterally heterogeneous media, Part II: Applications on synthetic and real data.
Geophysics, 67(04):1213–1224.
Fowler, P. (1995). Migration velocity analysis by optimization: Linear theory. SEP Report, 44:1–20.
Kolda, T. G., Lewis, R. M., and Torczon, V. (2003). Optimization by direct search: New perspectives on
some classical and modern methods. SIAM Review, 45(3):385–482.
Lafond, C. F. and Levander, A. R. (1993). Migration moveout analysis and depth focusing. Geophysics,
58(01):91–100.
Lee, W. B. and Zhang, L. (1992). Residual shot profile migration. Geophysics, 57(06):815–822.
Levin, F. (1971). Apparent velocity from dipping interface reflections. Geophysics, 36(3):510–516.
Liu, Z. (1997). An analytical approach to migration velocity analysis. Geophysics, 62(04):1238–1249.
Santos, L., Schleicher, J., Tygel, M., and Hubral, P. (2000). Seismic modeling by demigration. Geophysics,
65(4):1281–1289.
Symes, W. W. and Carazzone, J. J. (1991). Velocity inversion by differential semblance optimization.
Geophysics, 56(05):654–663.
Woodward, M. J., Farmer, P., Nichols, D., and Charles, S. (1998). Automated 3-D tomographic velocity
analysis of residual moveout in prestack depth migrated common image point gathers. In 68th Ann.
Internat. Mtg., SEG, pages 1218–1221. SEG.

108

Annual WIT report 2004

Velocity [km/s]

2.10

(a)

2.05
2.00
1.95
1.90

1

2

3

4
Distance [km]

5

6

Velocity [km/s]

2.10

7

(b)

2.05
2.00
1.95

1

2

3

4
Distance [km]

5

6

7

Figure 8: (a) Updated migration velocity as obtained from MVA using the Al-Yahya’s formula (20) (pointto-point values: red circles, smoothed values: solid line). (b) Updated migration velocity as obtained from
MVA using the the dip-corrected formula (19) (point-to-point values: red circles, smoothed values: solid
line).
Yilmaz, O. and Chambers, R. E. (1984). Migration velocity analysis by wave-field extrapolation. Geophysics, 49(10):1664–1674.
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Figure 9: Error of updated migration velocity as obtained from MVA using the Al-Yahya’s formula (20)
(dashed red line) and using the the dip-corrected formula (19) (solid black line).
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Figure 10: Stack of migrated images using (a) Al-Yahya’s velocity update, (b) the dip-corrected velocity
update.
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Filling Gaps in Ray Traveltime Maps
C. Vanelle
email: vanelle@dkrz.de
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ABSTRACT

Seismic traveltime maps computed with ray methods can exhibit gaps at isolated grid points, e.g. in
caustic regions. For some applications, like migration, these gaps can lead to problems. In this paper
we suggest a method to fill the gaps. It is based on a hyperbolic traveltime expansion and leads to
a simple formula for the estimated traveltime at the gap. We illustrate the accuracy of the technique
with two examples.

INTRODUCTION
The calculation of seismic traveltimes is fundamental for many applications within subsurface imaging,
such as tomography, or Kirchhoff migration. Due to their flexibility and accuracy, wavefront construction
(WFC) methods, a class of ray-based traveltime algorithms, are often applied to generate gridded traveltime
maps. However, in certain situations blank spaces occur in the traveltime maps, meaning that for isolated
grid points a traveltime value could not be assigned (see Figure 1). This happens because the ray method
fails in the vicinity of surfaces along which the ray field is not regular. Examples of such surfaces are caustic surfaces and boundaries of shadow zones (Cerveny, 2001, p.608). As a consequence, WFC algorithms,
or, more generally techniques based on the ray method, can encounter difficulties of handling first arrivals
in convergence (i.e. caustic) areas, where a first-arrival wavefront shrinks into a point (Vinje et al., 1993).
In this paper, we suggest a very simple technique to mend the gaps in affected traveltime maps. It
is based on a hyperbolic interpolation of traveltimes and should be carried out as a pre-process to the
intended application, if the latter is expected to be sensitive to the blank spaces. One example for such an
application is the traveltime-based strategy for true-amplitude migration (Vanelle et al., 2004). After giving
a description of the method, we investigate its accuracy.
METHOD
For simplicity we will consider only the 2-D case here; the extension to 3-D is straightforward.
To fill isolated gaps in traveltime maps generated with WFC methods we apply the second-order interpolation technique introduced by Vanelle and Gajewski (2002). It is based on a Taylor expansion of
the squared traveltime and leads to a hyperbolic expression. Following Vanelle and Gajewski (2002), the
squared traveltime T 2 to a point at r = r 0 +∆r = (x, y, z)> is approximated by
T 2 (r) = (T0 + q ∆r)2 + T0 ∆r> G ∆r

,

introducing the slowness vector q and the second-order derivative matrix G,
qi =

∂T
∂ri

and

Gij =

∂2T
∂ri ∂rj

.

(1)
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The Marmousi model
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Figure 1: The complex Marmousi velocity model. The black lines are isochrones of first-arrival traveltimes generated with a wavefront construction (WFC) algorithm. White circles indicate grid points in the
traveltime maps, where no traveltime value could be assigned. Instead, the value at these points is an initial
default value to which the traveltime array was set by the WFC routine. In our WFC implementation, this
value was –1 s. Correspondingly, the gaps show as black dots caused by the clustering of isochrones down
to –1 s, the initial value. As we can see, the gaps occur at the beginning of a triplication of the wavefront,
i.e. at the onset of later arrivals.
Futhermore, T0 is the traveltime in the expansion point r 0 , where the position r0 is assumed to coincide
with a node on the (coarse) grid on which the traveltime map is sampled.
Figure 2 shows a traveltime curve as a function of x at a fixed depth. First- and later-arrival traveltimes
are displayed. At the node with index i = 5 the two branches of first arrivals (left and right of i = 5) intersect. At the intersection point we find a gap indicated by the white circle, a node to which no traveltime
value could be assigned. This can occur at the onset of later arrivals, if the traveltimes were computed by
ray methods. In the following we will show how the hyperbolic traveltime formula (1) can be applied to
provide a suitable estimate for the traveltime value at the affected grid point.
Consider the traveltime curve in Figure 2 with the gap at node i = 5, and the nodes i = 6, 7, 8. If the
x-component x0 of the expansion point r 0 is chosen at i = 6 with the traveltime T0 = T (i = 6) ≡ T6 , the
traveltimes at i = 7 and i = 8 can be expressed with Equation (1):
T 2 (i = 7) ≡ T72
2

T (i = 8) ≡

T82

= (T6 + qx d)2 + T6 Gxx d2
2

= (T6 + 2 qx d) + 4 T6 Gxx d

2

,
.

(2)

With the known traveltimes T6 , T7 , T8 , and the grid spacing d =∆x, the system (2) can be solved for the
coefficients qx and Gxx in the expansion point i = 6:
qx

=

Gxx

=

−3 T62 + 4 T72 − T82
,
4 T6 d
qx2
T82 + T72 − 2 T62 6 qx
−
−
5 T6 d2
5d
T6

.

(3)
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Figure 2: Traveltime curve with first (solid line) and later arrivals (dotted lines) along the x direction.
Traveltime values are given on nodes of a grid with the spacing d =∆x. The node positions corresponding
to xi are given by the index i. At the node with i = 5 we find a gap (white circle), a grid point where no
traveltime value has been assigned. This can occur at the onset of later arrivals, if the traveltimes were
generated with a ray-based algorithm like wavefront construction. If at least three grid points to the left
(gray nodes) or the right (black nodes) of such a node exist with traveltime values, these can be used to
fill the gap with a hyperbolic extrapolation of the traveltimes from the adjoining nodes (gray and black
arrows).
Extrapolation from i = 6 leads to a simple expression for the (squared) traveltime at i = 5,
2
T6→5
= 3 T62 − 3 T72 + T82

.

(4)

Here, the subscript 6 → 5 indicates the extrapolation from node 6 to node 5. Similarly, extrapolation from
i = 4 yields
2
T4→5
= 3 T42 − 3 T32 + T22 .
(5)

The traveltime at i = 5 should then be taken as the mean of T6→5 and T4→5 . If only one of the traveltime
values T6→5 or T6→5 can be determined, e.g. at a node with less than three grid points to the model boundary, that single value should be taken. However, in most cases where a gap exists, it will be an isolated
point at the onset of the later arrivals, where the extrapolation results from both sides should coincide.
Although the extrapolation could be carried out also in depth, we suggest to extrapolate in x (and y in
3D) rather, as in most geological situations the velocity varies stronger with depth than laterally.
APPLICATION
For obvious reasons, a direct comparison between the extrapolated and correct traveltime at gaps could not
be carried out, as the correct traveltime could not be determined at the gaps. We have, therefore, simulated
gaps in traveltime maps by assuming for each node of the gridded traveltime map that it corresponds to a
gap. The traveltime at each point was thus computed by extrapolation following (4) and (5), and that value
was compared to its original value. Our first example has a constant velocity gradient with V =3 km/s at
the source, ∂V /∂z= 0.5/s and ∂V /∂x=0.1/s. Extrapolation of the traveltimes yields a mean relative error
of 0.0031 %.
We have also investigated the accuracy of the extrapolation for the Marmousi model (Figure 1). The
mean of the relative error resulting from the extrapolation is 0.31 %. This value is, however, dominated
by high maximum errors of up to 15.8 %. These occur for those grid points in the vicinity of the onset of
later arrivals. Although this appears to be a contradiction, it does not concern the intended application to
fill gaps: strictly, the extrapolation is only allowed when it is ensured that the expansion point and gap lie
on the same branch of the traveltime curve, as it is the case for the gaps in ray traveltime maps (see also
Figure 2). In assuming a gap at each point of the Marmousi model, the extrapolation was applied from
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both sides, regardless of the traveltime branch. As a consequence, those grid points have been assigned
traveltimes with higher errors due to the wrong extrapolation. If gaps occur, they are located at the onset
of later-arrivals, where the two traveltime branches which form the triplication meet. This means that they
have the same traveltime value at that point, and therefore extrapolation from both sides of the gap can be
applied.
CONCLUSIONS
The hyperbolic traveltime equation by Vanelle and Gajewski (2002) can be applied to fill gaps in ray
traveltime maps. These gaps can occur at the onset of later arrivals, if first-arrival traveltime maps are
computed with ray techniques like wavefront construction. Traveltimes in a close vicinity of a gap are
extrapolated until the gap with the hyperbolic coefficients. Owing to the high accuracy of the hyperbolic
method, the result is a very simple but reliable formula. It can be applied as a pre-process to ray traveltime
maps with gaps, whenever they are subject to a process like migration that is sensitive with regards to the
blank grid nodes.
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ABSTRACT

The efficiency of Kirchhoff migration as well as the achievable image quality depend strongly on the
selection of the migration aperture. The use of small apertures speeds up migration with the drawback
that steeply dipping reflectors cannot be imaged properly. By choosing larger apertures, steep reflectors, e. g. the flanks of salt domes, can be imaged. But as a consequence, run time increases and the
steep migration operators can cause operator aliasing which has to be suppressed by suitable anti-alias
filters. These filters slow down the migration even more and, often, make a true-amplitude processing
impossible. The kinematic wavefield attributes that are determined in a data-driven way by means
of the Common-Reflection-Surface stack allow to compute a minimum migration aperture independently for each point in the migration target zone. The application of minimum-aperture Kirchhoff
pre- and poststack migration to a complex synthetic data set as well as to real data demonstrates that
this technique is able to produce images of hight quality with increased computational efficiency.

INTRODUCTION
In recent years, many case studies have demonstrated that the data-driven Common-Reflection-Surface
(CRS) stack (e.g. Müller, 1999; Jäger et al., 2001; Mann, 2002) produces reliable stack sections with an
excellent signal-to-noise (S/N) ratio. In addition, an entire set of physically interpretable stacking parameters, so-called kinematic wavefield or CRS attributes, is determined. This additional information is very
useful in further processing: Duveneck (2004) shows how the attributes can be used for the determination of
a velocity model by means of an attribute-based tomographic inversion which has several advantages compared to conventional velocity inversion tools. Furthermore, properties like, e. g., the geometrical spreading
factor (Vieth, 2001) or the projected Fresnel zone (Vieth, 2001; Mann, 2002) can be estimated by means of
the kinematic wavefield attributes. The attributes can also be utilized for residual static corrections (Koglin
and Ewig, 2003). Pruessmann et al. (2004) demonstrate that even AVO analysis can benefit from the CRS
approach. In this paper, I will show how the CRS attributes can be used to improve efficiency and image
quality of Kirchhoff migration.
Kirchhoff migration is a flexible, target-oriented, efficient, and, thus, frequently applied migration technique. Kirchhoff depth migration treats each point on a sufficiently dense grid in the subsurface as a
potential diffraction point. The migration output that is assigned to such a depth point M is obtained by
stacking the amplitudes of the filtered input seismogram along its configuration-specific diffraction traveltime curve (2D migration) or surface (3D migration). If desired, the effect of geometrical spreading can
be removed from the output amplitudes by multiplying the data during the stack with a true-amplitude
weight function. Then, the amplitudes in the obtained migration result can serve as a measure of the angledependent reflection coefficient provided that other influences on the amplitude such as, e. g., transmission
loss or source/receiver coupling effects are modest or can be corrected for. As can be seen from Figure 1,
it is sufficient to restrict the migration operator to that part lying within the reflection signal strip around
the stationary point ξ ∗ at which the migration operator and the reflection event have the same slope. Summing only input amplitudes within this minimum aperture increases the computational efficiency, enhances
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Figure 1: Principle of Kirchhoff migration. The migration result for a depth point M is obtained by
summing the amplitudes of the input seismogram along the diffraction traveltime curve/surface τ D (ξ, M )
of the considered subsurface point. The minimum aperture is depicted in yellow.
image quality especially in the presence of noise, and reduces boundary effects (Schleicher et al., 1997).
Unfortunately, the stationary point is in practice not known prior to migration. Therefore, the aperture is
usually limited by a user-defined maximum dip or aperture radius. In the following section, I will show how
the attributes of the 2D zero-offset (ZO) CRS stack can serve for the determination of this ideal aperture
for 2D Kirchhoff depth migration.
DETERMINATION OF THE MINIMUM APERTURE
The determination of the minimum aperture for Kirchhoff migration consists of two tasks: (1) the determination of the stationary point for the considered output grid point M and (2) the computation of the
horizontal extent of the minimum aperture around the previously determined stationary point.
Poststack migration
One of the three attributes that are determined for every ZO time sample (ξ, t 0 ) by means of the 2D ZO
CRS stack (in the following simply called CRS stack) is the emergence angle α = α(ξ, t 0 ) of the ZO
normal ray. The midpoint coordinate of an input trace is denoted by ξ, t 0 is the two-way traveltime. As can
be seen from Figure 2, α is directly related to the slope β of events in the stacked ZO section by
tan β =

2
sin α ,
v0

(1)

where v0 is the near-surface velocity that was used in the previously applied CRS stack. The stationary
point ξ ∗ is the midpoint location at which the migration operator for the considered depth point M is
tangent to an actual event in the input time section. Therefore, at the stationary point ξ ∗
β(ξ, τD (ξ, M )) − βop (ξ) = 0

ξ=ξ ∗

,

(2)

where τD (ξ, M ) is the migration operator (=diffraction traveltime curve) for point M and β op (ξ) is the
dip of this operator at location ξ. Since βop can be easily determined from the traveltime tables that are
computed prior to migration and β can be readily obtained from the CRS attribute α using equation (1), all
information necessary for the determination of the stationary point by means of equation (2) are available.
Once the stationary point has been computed, the radius of the minimum aperture must be determined.
Schleicher et al. (1997) have shown that the horizontal extent of this optimum migration aperture is in
paraxial approximation equivalent to the radius of the projected Fresnel zone (PFZ) of a wave with frequency ω = 2π/τL where τL is a measure of the pulse length of the source signal. The radius of the PFZ
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Figure 2: The emergence angle α of a ZO normal ray is directly related to the local slope β of the associated
event in the ZO time section via the near-surface velocity v0 .
for the ZO configuration can be approximated with CRS attributes as (Vieth, 2001; Mann, 2002)
rpfz = |ξ − ξ0 | =

1
cos α

s

v0 τL
2

1
RNIP

−

1
RN

,

(3)

with RNIP and RN being the radius of the NIP and normal wave, respectively. For an explanation of the
CRS attributes see, e. g., Jäger et al. (2001). With this equation, the radius of the minimum aperture can be
computed at the previously detected stationary points.
The CRS attributes do not only allow the computation of the minimum aperture for Kirchhoff migration;
also the true-amplitude weight function for Kirchhoff poststack migration (e. g. Hanitzsch, 1997) can be
expressed purely in terms of CRS attributes (Vieth, 2001).
The strategy for minimum-aperture poststack Kirchhoff migration that has to be performed for all points
M in the migration target zone can be summarized as follows:
1. Computation of the stacking operator τD (ξ, M ) and its slope βop (ξ) for all ξ.
2. Computation of the difference between the operator dip and the dip of reflection events encountered
along the operator in the ZO section ∆(ξ) = |β(ξ, τD (M, ξ)) − βop (ξ)| for all ξ along the operator.
3. Determination of the minimum of ∆(ξ). If this minimum is smaller than a user-defined threshold,
it is assumed to be located at the stationary point ξ ∗ and step 4 is executed. If not, the current
subsurface point M is not located on an actual reflector, no summation has to be performed, and we
continue with step 1 for the next point M in the target zone.
4. Computation of the radius of the PFZ by means of equation (3) and summation of all amplitudes
encountered along the stacking operator in the range |ξ − ξ ∗ | ≤ rpfz to obtain the migration result
V (M ). If desired, a true-amplitude weight function calculated from the CRS attributes (or, e. g.,
from dynamic ray tracing) can be applied at this step.
Parameters that have to be specified by the user are (1) a threshold value for the maximum allowed difference |β − βop | at a stationary point, (2) a measure of the wavelet length τL and (3) a coherence threshold
above which CRS attributes are assumed to be reliable. Stationary points (ξ ∗ , t0 ) associated with a coherency below this threshold are rejected.
In an optional output file, all points M having a stationary point are stored together with their respective location ξ ∗ and the associated radius of the PFZ for zero offset. This information is necessary for a
subsequent prestack migration with minimum aperture.
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Figure 3: The CRP trajectory (red curve) consists of all source(S)-receiver(R) combinations (described
by midpoint and offset coordinate) for which the rays SM R (dashed) describe specular reflections in
a common depth point M . The offset-dependency of the stationary point ξ ∗ pertaining to the depicted
depth point M is given by its associated CRP trajectory. In two selected common-offset time sections the
reflection event (shaded) of the dipping interface is shown together with the diffraction traveltime curve of
M . They are tangent to each other at the stationary point ξ ∗ (h).
Prestack migration
Seismic data are usually acquired in such a way that subsurface points on reflecting interfaces are illuminated by several source-receiver pairs with different offset. The common-reflection-point (CRP) trajectory
is that curve in the time-midpoint-offset volume along which all information pertaining to one subsurface
reflection point is gathered. In the following, however, I will refer to the CRP trajectory as the projection of
this spherical curve onto the midpoint-offset plane (Figure 3). For prestack migration with minimum aperture of such multi-coverage data sets, we must know the location of the stationary point ξ ∗ and the radius of
the PFZ rpfz for all (half-)offsets h contained in the input data. Unfortunately, it is not possible to determine
ξ ∗ (h) and rpfz (h) directly from the attributes of the ZO CRS stack. Nevertheless, the offset-dependency of
the location of the stationary point ξ ∗ can be determined from the CRP trajectory once ξ ∗ (h = 0) is known
for the considered M as is illustrated in Figure 3. The CRP trajectory can be approximately expressed by
CRS parameters as (Höcht et al., 1999)
xm (h) = x0 + rT

s

h2
+1−1
rT2

!

with rT =

RNIP
.
2 sin α

(4)

The center of the minimum aperture for prestack migration can therefore be calculated for any offset from
the CRS attributes and the result of the poststack migration.
The width of the PFZ increases for reasonable depth models with offset. A further quantification of
rpfz (h) is, however, complicated since the PFZ depends on the velocity model and the dip and curvature
of the considered reflectors. Therefore, in the current implementation of minimum-aperture prestack migration, the width of the aperture is increased linearly with offset by an user-defined gradient. Of course
this approximation is rather brute. But nevertheless, for practical applications the linear estimate of r pfz (h)
turned out to be sufficient. More important than the precise knowledge of the width of the minimum
aperture is the fact that the CRP trajectory allows to center this migration aperture at the correct midpoint
location, namely at the stationary point ξ ∗ (h). The variation of the radius of the PFZ with offset for the very
simple model of a plane interface beneath a homogeneous overburden is shown in Figure 4. For deeper
reflectors the offset dependency of rpfz (h) decreases.
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Figure 4: Radius of the PFZ for a plane interface with a dip of 0◦ , 10◦ , and 20◦ beneath a homogeneous
overburden with v = 2000 m/s. The reflection point is located at a depth of z = 1000 m (a) and z = 2000 m
(b). The curves are calculated for a source pulse with τL = 10 ms.
APPLICATIONS
The presented technique for the determination of the stationary points and the calculation of the minimum
aperture radius is implemented (as an option) in the migration program Uni3D. In the following sections,
this strategy for 2D Kirchhoff depth migration with minimum aperture is demonstrated for a synthetic as
well as a real data set and the results are compared with conventional Kirchhoff migration results. Since
the same implementation for conventional and minimum-aperture Kirchhoff migration is used, run time
and image quality of the different methods may be compared.
Synthetic data example
A synthetic data example is very suitable for testing new migration algorithms because only in this case
the obtained results can be compared with their expected, analytically calculated counterparts. Therefore,
a synthetic multi-coverage data set was created by ray tracing in the complex 2.5D depth model shown in
Figure 5. The prestack data were modeled with a marine acquisition geometry: 576 shots were placed in
increments of 20 m, the streamer attached to the left of the vessel consisted of 100 receivers with offsets
ranging from 0 m to 1980 m (receiver increment 20 m). The temporal sampling interval was 2 ms. Transmission loss and diffractions due to pinch-outs were not modeled. The resulting ZO section of this data set
is displayed in Figure 6a. Although noise was added to the seismogram before CRS stack and migration,
this section is shown without noise for a better visualization of the ray tracing artifacts (gaps and amplitude
discontinuities along reflectors) that will distort the amplitudes in the migration result. The traveltime table
for migration was computed by ray tracing in a smoothed version of the blocky velocity model. In this
table, the traveltime is stored on a coarse grid with a shot-, x-, and z-spacing of 50 m, 50 m, and 25 m,
respectively. During migration, traveltimes are interpolated linearly onto the desired output grid.
The CRS stack was applied to the multi-coverage data yielding the simulated ZO section Figure 6b
together with a set of kinematic wavefield attributes.
Poststack migration Input for the poststack depth migration was the stacked section, Figure 6b. Figure 7a shows all points in the migration target zone for which a stationary point was found by comparing
the dip of their diffraction traveltime curve βop with the slope of reflection events β determined from the
CRS attribute α. Instead of computing the difference |β − βop | for all shot locations of the input seismogram, the search for the stationary points was performed on the coarse shot grid of the traveltime table.
This is justified because the migration operator pertaining to an actual reflection point is tangent to the
associated reflection event in an extended region rather than at an isolated point. For the stationary points
found in this way, the radius of the PFZ is displayed in Figure 7b. Only for depth points associated with a
stationary point, the actual migration process is then carried out. The resulting migrated image is shown in
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Figure 5: Depth model used for ray tracing. The model consists of homogeneous blocks with P-wave
velocities between 2 and 5 km/s.
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Figure 6: Forward modeled ZO section (a) without noise. Some ray tracing artifacts are marked. Simulated
ZO section (b) obtained by means of the CRS stack.
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Figure 7: (a) All points in the target zone for which a stationary point has been found (324.000 out of
974.000 target zone grid points). (b) Radius of the PFZ computed from CRS attributes for the stationary
points corresponding to the depth points in (a).

120

Annual WIT report 2004
0

1

2

3

x [km]
4

5

6

7

8

9

-1

0.5

0.5

1.0

1.0

1.5

1.5
z [km]

z [km]

-1

2.0

2.5

3.0

3.0

(a)

1

2

3

x [km]
4

5

6

7

8

9

2.0

2.5

3.5

0

3.5

(b)

Figure 8: Poststack Kirchhoff migration with minimum aperture determined from CRS attributes (a) and
conventional Kirchhoff migration (b) with an aperture increasing linearly with depth.
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Figure 9: Amplitudes picked along the uppermost (a) and lowermost (b) reflector in the poststack migration
result, Figure 8. Dashed black line: normal-incidence reflection coefficient; solid black line: poststack
migration of CRS stack result, TA weights computed from CRS attributes; red dots: poststack migration of
CRS stack result, TA weights from dynamic ray tracing
Figure 8a. For comparison, Figure 8b depicts the result of a conventional Kirchhoff poststack migration.
The conventional migration result contains artifacts due to missing diffractions and amplitude discontinuities along reflectors in the input data. The resulting isochrone-like artifacts are completely suppressed by
the proposed migration scheme. As can be seen from Figure 7b, the automatically determined minimum
migration aperture only exceeds 500 m for points on top of the anticline structure. Since the stationary
points are not known for the conventional Kirchhoff migration, the radius of the migration aperture was
chosen to increase linearly from 150 m at the top to 2000 m at the bottom of the target zone. The large aperture is necessary in order to properly image the flanks of the dome-like structure. Despite the additional
search for the stationary points, migration with minimum aperture decreased the computation time by 35%
compared to conventional Kirchhoff migration.
Amplitudes after true-amplitude post(CRS)stack migration To obtain the migration result shown in
Figure 8a, a true-amplitude weight function determined from the CRS attributes was applied during the
stack. Since transmission loss was not taken into account in the modeling of the input seismogram and
a source with unit strength was used, amplitudes in the true-amplitude-migrated image should be equal
to the normal-incidence reflection coefficient. In Figure 9, the amplitudes along the uppermost (a) and
lowermost (b) reflector of Figure 8a are depicted (solid black line) together with the analytically calculated
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value (dashed black line). For the uppermost interface, the amplitudes picked in the migrated image are
about 15% too low but show the same behavior as the reflection coefficient, the jump in the impedance
contrast is well recovered. For comparison, the CRS-stacked section was also true-amplitude migrated
with conventional Kirchhoff migration where the weight was determined by dynamic ray tracing. The
resulting amplitudes (depicted as red dots) match very well to the ones in the migration result, Figure 8a.
The amplitude error of 15% is, therefore, a consequence of the previous stacking process which mixes
amplitudes pertaining to different reflection angles (offsets) and CMP locations. While choosing the spatial
CRS aperture as large as possible yields stacked sections of very high S/N ratio, smaller CRS apertures are
advantageous in order to obtain meaningful amplitudes after poststack migration. But even for data with
high S/N ratio, the CRS aperture must not be chosen arbitrarily small: for a stable determination of the
CRS attributes RNIP and RN that are associated with second-order traveltime derivatives in midpoint and
offset direction, respectively, a sufficiently large aperture is mandatory. A possible solution would be to
specify different CRS apertures for the attribute search and the subsequent stacking.
The amplitudes along the lowermost reflector are closer to the theoretical value (average error about
10%) but show much stronger fluctuations. The reason for the smaller over-all error is that a given offset
results in the smaller reflection angles the deeper the considered interface is. As a consequence, the offsetdependency of the input amplitude is weaker for deeper reflections and the stacked amplitudes are closer to
the zero-offset value. The observed fluctuations are mainly caused by the amplitude discontinuities along
reflectors in the input data (see Figure 6a). These ray tracing artifacts are also contained in the stacked
section as can be seen from the smiles in Figure 8b. Furthermore, later arrivals are not considered in the
migration process which might explain the lower amplitudes below the more complex part of the model in
the region between 3 km and 6 km. Due to the complex overburden, reflections from this part are likely to
show non-hyperbolic moveout. Therefore, the CRS operator does not fit as well to these reflection events
as it does for events located more to the left or right (this can actually be observed by lower values in the
coherence section for ZO samples below the dome-like structure). In this region, also the true-amplitude
weight function approximated from CRS attributes yields slightly different amplitudes than the weight
computed by means of dynamic ray tracing.
Prestack migration After the poststack migration, all depth points M having a stationary point are
known together with the location ξ ∗ (h = 0) of the stationary point and the corresponding radius of the
PFZ for the zero-offset configuration. For a prestack migration of the multi-coverage data set, the offsetdependency of ξ ∗ is calculated from the CRS attributes by means of the CRP trajectory and the migration
aperture is increased linearly with offset with a gradient of 3/km. The prestack migration is performed only
for points in the target zone for which a stationary point was found by the previous poststack migration (see
Figure 7a). The migration result obtained in this way is depicted in Figure 10a, a conventionally prestackmigrated image is displayed in Figure 10b. The respective common-image gathers are shown in Figure 11.
Similarly to the poststack migration result, artifacts that are contained in the conventional migration output
are very well suppressed by the minium aperture approach. The migration result displayed in Figure 10a
was obtained in less than 10% of the computing time of the conventional migration.
Real data example
The reflection seismic data used for the following case study were acquired by an energy resource company.
To get a detailed knowledge of the subsurface structure in the area of interest, data were acquired along two
parallel lines denoted as A and B. On each line, about 240 geophone groups were laid out in a fixed-spread
geometry with a group spacing of 50 m. The source signal was a linear upsweep from 12 Hz to 100 Hz
of 10 s duration, generated by three vibrators. The source spacing was 50 m and the temporal sampling
interval was 2 ms. For the examples shown in this paper, data from line A are used.
After standard preprocessing of the field data, a stacked ZO section (Figure 12a) was produced by
means of the CRS stack. Then, the obtained CRS attributes were utilized in a tomographic inversion
scheme to obtain the smooth interval velocity model depicted in Figure 12b. By ray tracing in this model,
the traveltime table for migration was created with a shot-, x-, and z-spacing of 50 m, 60 m, and 60 m,
respectively.
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Figure 10: Prestack Kirchhoff migration with minimum aperture determined from CRS attributes (a) and
conventional Kirchhoff migration (b) with an aperture increasing linearly with depth. Stack over offsets.
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Figure 11: Common-image gathers extracted from the prestack migration results that were used for the
stacks shown in Figure 10.
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Figure 12: (a) ZO section obtained by means of the CRS stack and (b) velocity model determined from a
CRS-attributed-based tomographic inversion.
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Poststack migration The depth image after minimum-aperture Kirchhoff migration of the stacked section (Figure 12a) is displayed in Figure 13a. The thresholds for the minimum coherence and the maximum
allowed difference |β − βop | at a stationary point were chosen such that a stationary point is found for
almost every grid point M in the migration target zone (627.000 out of 636.000 grid points in the target
zone). In order to quickly get a rough image of the subsurface, only dominant reflectors characterized by
high coherence values can be migrated by selecting an appropriate coherence threshold. The result after
conventional Kirchhoff migration is shown in Figure 13b. There, large migration apertures had to be chosen to properly image the steeply dipping reflector element marked by an arrow. These large apertures lead
to operator aliasing which degraded the migration output. In practice, these aliasing effects are avoided
or at least reduced by applying suitable anti-alias filters. This filtering slows down migration and usually
influences the amplitudes in the migration output. In the presented example, the runtime was identical for
minimum-aperture and conventional Kirchhoff migration. The overhead due to the search for the stationary
point was, therefore, compensated by stacking within smaller apertures. Amplitudes are not studied for this
real data example since no amplitude-preserving preprocessing had been performed.

Prestack migration By means of a subsequent prestack migration, the subsurface images displayed in
Figure 14a (minimum-aperture migration) and 14b (conventional migration) were obtained. The computation time for the minimum-aperture migration was 1/3 of the computation time for the conventional
migration. Both results are very similar. However, a steeply dipping event was imaged by the conventional
prestack migration (see lower arrow in Figure 14b) which cannot be seen in the minimum-aperture prestack
migration result. This event is also not visible in neither of the two poststack-migrated images, Figure 13a
and 13b, it is only illuminated by larger offsets. In the current implementation of minimum-aperture migration, stationary points are searched for in the ZO section and are then extrapolated to finite offsets for
prestack migration. With this approach, only events that are visible or detectable in the stacked section can
be properly imaged by the minimum-aperture prestack migration.
OUTLOOK & CONCLUSIONS
In this paper I have shown how the kinematic wavefield attributes of the CRS stack can be utilized for a
minimum-aperture Kirchhoff migration. From the attribute α the slope of events in the CRS-stacked section can be computed. This allows to center the migration aperture around the stationary point where the
migration operator is tangent to an actual reflection event. The minimum migration aperture (coinciding
with the radius of the PFZ) is computed independently for all points in the migration target zone from
the CRS attributes. This approach leads to much smaller apertures compared to aperture sizes that must be
chosen for conventional Kirchhoff migration. Since the stationary points and the aperture sizes for prestack
migration are extrapolated from the values found in the zero-offset case, events occurring only at higher
offsets cannot be imaged correctly with this implementation of minimum-aperture prestack migration. Advantages of using minimum apertures are a speed-up of the migration process especially in the prestack
case, the avoidance of operator aliasing, and also amplitudes after migration are expected to benefit from
the decreased aperture sizes, especially for data with low S/N ratio. To further speed up the migration,
the presented method could be combined with the efficient traveltime interpolation and computation of
true-amplitude weights presented by Vanelle et al. (2004). By using the attributes of the 3D CRS stack, the
presented technique for minimum-aperture Kirchhoff migration can be extended to 3D migration.
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Figure 13: Poststack Kirchhoff migration with minimum aperture determined from CRS attributes (a) and
conventional Kirchhoff migration (b) with an aperture increasing linearly with depth.
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Figure 14: Prestack Kirchhoff migration with minimum aperture determined from CRS attributes (a) and
conventional Kirchhoff migration (b) with an aperture increasing linearly with depth. Stack over offsets.
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ABSTRACT

A method for imaging multi-component seismic data using vector Kirchhoff migration with a restriction to the Fresnel volume of the reflection wave path is proposed. This method is particularly
applicable for seismic data with restricted aperture as, e.g. along tunnels or VSP. We use the polarization direction of multi-component data in order to construct the speculative reflection point of a
recorded event. This enables us to restrict the imaging condition to the first Fresnel volume of the
speculative reflected ray path. A test using synthetic seismic data simulating a VSP experiment shows
that the method efficiently reduces migration artefacts and imaging of cross-talk phases. The method
is applied to seismic data acquired in the frame of a pilot study at the Gotthard base tunnel construction
site showing its ability to produce interpretable image volumes in spite of the restricted acquisition
geometry.

INTRODUCTION
Seismic measurements are increasingly carried out with three-component (3C) receivers. Particularly for
hydrocarbon exploration near salt, for VSP profiling, or for seismic exploration along tunnels, the complete wavefield is recorded in order to image reflected P-, S-, and converted waves (Ashida et al., 2002;
Dickmann and Awasthi, 1999).
When imaging seismic data with a restricted spatial coverage of acquisition geometry it is desirable to
restrict the migration operator to the region around the point of a speculative reflection in order to avoid
migration artefacts. As long as sufficient spatial coverage is given, slowness-analysis of one-component
recordings can be used to derive wave propagation direction at the receiver and thus construct the reflecting surface to which imaging is to be restricted (Tillmans, M. and Gebrande, 1999). Takahashi (1995)
introduced a method to use the polarisation angle from multicomponent recordings to resolve the spatial
ambiguity and weight the amplitude to be imaged using the angle between measured and expected polarization. Müller (2000) showed that this strategy was especially suited to image diffractions. The aim of
this strategy is to restrict the migrated image of a reflection to the physically relevant part of the image
volume, which is the Fresnel volume of a speculative ray (Sun, H. and Schuster, 2003).
CONCEPT OF FRESNEL VOLUME MIGRATION
Scalar Kirchhoff migration of a single seismic trace consists in a weighted smearing of the recorded amplitude along the line of constant two-way traveltime (isochrone), where the weighting is dependant on the
recording geometry and velocity distribution. When elastic multi-component data are to be imaged, the
amplitude to be smeared is the inner product of the multi-component data and the expected direction of
polarization (Takahashi, 1995). Especially using data with limited spatial aperture, strong migration artefacts are produced due to the slow decay of the inner product with increasing angle between measured and
expected direction of polarization. Goertz et al. (2003) proposed to use the definition of the Fresnel volume of a seismic ray to restrict the smearing of the amplitude to that part of the isochrone which physically
contributes to the recorded reflection.
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Figure 1: The Fresnel volumes of a reflected ray path SMR and a direct ray path S’R in a non homogeneous
velocity field. Instead of constructing the Fresnel volume of ray SMR (dark shaded area), which requires
two-point ray tracing, we trace the ray S’R backward from R to S’. The initial propagation direction of the
ray is defined by the propagation direction of the seismic signal recorded at R.
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Figure 2: Migration results of a FD simulation of a VSP-experiment. One shot at the surface at X=150 m
was recorded by 20 3C receivers at 25 m depth interval in a borehole (white line at X=400 m). Two dipping
reflectors in a background medium with a downward positive velocity gradient are imaged. On the left, the
result of vector-Kirchhoff migration is shown, on the right, the result of Fresnel volume migration. In the
left image it is not possible to decide where the reflectors are actually located. On the right, amplitudes are
restricted to the vicinity of the actual reflecting points.
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Figure 3: Migration results of ten receivers recording all 408 shots respectively of seismic pilot survey. The
survey was carried out along the long tunnel, the image volume is bounded by a white box. Backscattered
energy is focused much more efficiently by Fresnel Volume migration, compared to Kirchhoff migration.

MODIFICATION FOR HETEROGENEOUS VELOCITY FIELDS
The geometrical considerations described in Goertz et al. (2003) are not applicable in heterogeneous
velocity fields due to the more complicated ray geometry. Consider the situation depicted in Fig. 1. The
background velocity model is assumed to be laterally and vertically heterogeneous. The ray shot - reflecting
point - receiver (SMR) has a rather complex shape, as well as its Fresnel volume. We construct one ray,
starting at the receiver R with the direction of propagation derived by the polarization of the data. We
compute the Fresnel volume of the ray using the paraxial approximation ( Červený and Soares, 1992). The
amplitude of the data is smeared only within the part of the isochrone which is within the Fresnel volume
of the ray from R to S’.
A comparison of migration results from a FD simulated VSP experiment is shown in Fig. 2. Note
the restriction of the two reflectors to small segments and the reduction of cross-talk phases in the Fresnel
volume migration.
APPLICATION TO FIELD DATA
We apply the Fresnel-volume migration to data acquired within a pilot seismic experiment carried out at
the location of the Gotthard base tunnel construction site in Switzerland (Borm et al., 2003). The survey
consisted of 408 shots generated by a pneumatic hammer on the tunnel wall and 40 three-component
receivers installed in boreholes along the tunnel wall. The images shown in Fig. 3 show the migration
results of the first ten receivers which recorded all 408 shots, respectively. The Kirchhoff migrated image
focuses backscattered energy at the same location as the Fresnel volume migration but migration artefacts
remain particularly in the planes perpendicular to the survey line.
CONCLUSIONS
A method for imaging 3C seismic recordings with small spatial aperture in heterogeneous velocity fields
is proposed. The vectorial recording is used to derive the direction of propagation at the receiver, which is
the initial condition for a Fresnel-ray traced into the model. The amplitude to be imaged is restricted to the
part of the isochrone which is within the ray’s Fresnel volume. Compared to vector Kirchhoff migration
the image of a reflector is restricted to the physically relevant part of the image volume and the imaging of
cross-talk phases is considerably reduced.
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ABSTRACT

The image-wave equation for the problem of depth remigration in elliptically isotropic media is a
second-order partial differential equation similar to the acoustic wave equation. The propagation
variable is the medium ellipticity rather than time. In this work, we derive this differential equation
from the kinematic properties of anisotropic remigration. The objective is to enable the construction of
subsurface images that correspond to different degrees of medium anisotropy. In this way, “anisotropy
panels” can be obtained in a completely analogous way to velocity panels for a migration velocity
analysis.

INTRODUCTION
When a seismic migration is repeatedly carried out using different velocity models, the images of the seismic reflectors are positioned at different depth locations. To transform these migrated reflector images from
one to another in a direct way, i.e., without going back to the original time section, is a seismic imaging
task that can be achieved by a remigration, also known as velocity continuation or residual or cascaded
migration. In this way, an improved seismic reflector image for an improved migration velocity is obtained
by applying a migration operator to the already migrated rather then unmigrated section. Residual migration is based on the fact that the migrated image obtained from migrating a second time (with the migration
velocity v2 ) a seismic section that has already been migrated (with the migration velocity v 1 ) is identical
to the one that would have been
p obtained from migrating the original time section once, with the effective
migration velocity vef f = v12 + v22 Rocca and Salvador (1982). Given the first (wrong) migration velocity v1 and the desired effective (true) migration velocity vef f , a residual
q migration is nothing more than

2
2
a conventional migration with the residual migration velocity v2 = vef
f − v1 Rothman et al. (1985).
Cascaded migration involves an iterative procedure Larner and Beasley (1987). By performing√n times a
migration with a small velocity increment ∆v, the desired effective migration velocity v ef f = n∆v 2 is
finally reached.
Is is not difficult to accept that by choosing a large number n of steps and a very small velocity increment
∆v, a cascaded migration simulates a quasi-continuous change of the migration velocity. In this situation,
the sequence of images of a certain reflector as subsequently migrated with varying migration velocities
creates an impression of a propagating wavefront. This “propagating wavefront” was termed an “image
wave” by Hubral et al. (1996). The propagation variable, however, is not time as is the case for conventional
physical waves, but the migration velocity. Moreover, due to the different kinematic behaviour, this imagewave propagation is not described by a conventional (acoustic or elastic) wave equation.
The kinematic behaviour of image waves as a function of the (constant) migration velocity has been
studied in time (Fomel, 1994; Hubral et al., 1996) and in depth (Hubral et al., 1996; Mann, 1998; Schleicher et al., 2004). By treating them in a similar way as conventional acoustic waves, they derived partial
differential equations that describe the “propagation” of the reflector image as a function of migration velocity for both, time and depth remigration. Therefore, these partial differential equations have been termed
“image-wave equations.” Both image wave equations for time and depth remigration are equations similar
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to the acoustic wave equation (Fomel, 1994; Hubral et al., 1996; Mann, 1998). An independent earlier
derivation of the time remigration equation by Claerbout (1986) has later also been made available to the
public.
The image-wave equation for velocity continuation in time remigration has already been theoretically
studied and implemented (Jaya et al., 1996; Jaya, 1997), as well as successfully applied to real data from
ground-penetrating radar (Jaya, 1997; Jaya et al., 1999). Recently, its kinematics and dynamics have been
thoroughly discussed (Fomel, 003b) and its use for time-migration velocity analysis in the prestack domain
has been suggested (Fomel, 003a). The image-wave equation for velocity continuation in depth remigration
has been recently investigated by Schleicher et al. (2004).
In this paper, we extend the idea of image waves to the remigration of images as a function of the
medium anisotropy. For simplicity, we study the situation in media with elliptical isotropy, which can
be described with one additional medium parameter. We choose the parameter describing the medium
ellipticity to be the ratio between the squares of the vertical and horizontal velocities. We investigate the
variation (or “propagation”) of the reflector image as a function of this parameter, which we denote ϕ. In
other words, ϕ assumes the role of the propagation variable for the image wave in elliptically isotropic
media.
DERIVATION OF THE IMAGE-WAVE EQUATION
In this section, we describe the variation of the position of a reflector image when the medium anisotropy
changes. This variation will become the kinematics of the image-wave propagation of the image wave as a
function of the medium anisotropy. For this purpose, we study the behaviour of a single point on the image
of a seismic reflector when the medium ellipticity varies. This situation can be understood in analogy to
the propagation of a Huygens wave emanating from a secondary source. The Huygens wave describes the
behaviour of a single point on the wave front when time varies.
The procedure follows the lines applied by Hubral et al. (1996) to derive the velocity-dependent imagewave equation. It starts by the construction of the “Huygens image wave”, that is, the set of points that
describes the possible location of the original point on the reflector after a variation of the propagation
variable. In a second step, the coordinates of the original image point are replace by derivatives, in this way
constructing an image eikonal equation the solution of which is the Huygens image wave. In a last step,
the most simple of all second-order partial differential equations that generate this image eikonal equation
is identified as the searched-for image-wave equation.
Elliptically isotropic medium
An elliptically isotropic medium is characterized by possessing a vertical symmetry. Its density-normalized
elastic tensor, i.e., Aik = Cik /ρ, can be written as a 6 × 6-matrix of the form


A11 A12 A13
0
0
0
 A12 A11 A13
0
0
0 


 A13 A13 A33
0
0
0 
,

(1)
A=
0
0
A44
0
0 

 0

 0
0
0
0
A44
0
0
0
0
0
0
A66
with the additional restrictions that

A12
(A13 + A44 )2

= A11 − 2A66 ,
= (A11 − A44 )(A33 − A44 ).

(2)

In this way, an elliptically isotropic medium is described by four independent elastic parameters.
Propagation velocity. For seismic imaging purposes, the most important medium parameter is the velocity of seismic wave propagation. Here, we need expressions for this this parameter in elliptically isotropic
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media. For more information on elliptically isotropic media, the reader is referred to Helbig (1983) or
Vanelle (2002).
The group velocity vector of the quasi-P wave, ~v , depends only on two of the components of the
elasticity tensor. It is given by


A33
A11
sin φ, 0,
cos φ ,
(3)
~v =
V
V
where A11 and A33 are components of the elastic tensor and φ is the angle between the normal to the
wavefront and the vertical z-axis. Moreover, quantity
q
V = A11 sin2 φ + A33 cos2 φ
(4)

denotes the phase velocity of the quasi-P wave.
In a homogeneous elliptically isotropic medium, the propagation of a quasi-P wave takes place in a
plane. For simplicity, we assume here and in the following that this plane is the (x, z)-plane. Therefore,
the y-component in vector (3) is zero, and so are all y-components below. We can therefore treat the
problem as a two-dimensional one. All formulas below can readily be extended to 3D by adding analogous
y-components.
From equations (3) and (4), we conclude that the modulus of the group velocity can be represented as
q
A211 sin2 φ + A233 cos2 φ
|~v | = v(φ) =
(5)
V

However, in anisotropic media, the wavefront normal does not generally point into the propagation
direction of the wave. For our purposes, we need the propagation velocity as a function of the propagation
direction. Therefore, we need to introduce the propagation angle θ, i.e., the angle between the group
velocity vector ~v (which points into the propagation direction) and the vertical z-axis. The relationship
between φ and θ is given by (Vanelle, 2002)
tan θ =

A11
tan φ.
A33

(6)

Introducing this relationship in equation (5), we find that the modulus of the group velocity depends on
the propagation direction according to
v(θ) =



sin2 θ cos2 θ
+
A11
A33

−1/2

.

(7)

As a consequence of the medium anisotropy, the propagation velocities of the quasi-P wave depend on
the propagation direction. In particular, there are different wave velocities in the vertical and horizontal
directions. From equation (7), we recognize that the vertical (θ = 0) and horizontal (θ = π/2) velocities
are given by
p
p
vv = A33
and
vh = A11 ,
(8)
respectively.

Zero-offset configuration
We assume that the migrated section to be remigrated was obtained from zero-offset (or stacked) data
under application of a zero-offset migration. The coincident source-receiver pairs where localized at a
planar horizontal surface (z = 0) at points S = (ξ, 0) (Figure 1).
We denote by x and z the coordinates of a certain point P within the medium under consideration.
Moreover, we denote by ` its distance from a source S, such that ` 2 = (x − ξ)2 + z 2 . The propagation
angle of a wave that propagates from S = (ξ, 0) to P = (x, z) thus satisfies
cos θ =

z
`

and

sin θ =

x−ξ
.
`

(9)
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S = (ξ, 0)
×





θ








`


× P = (x, z)

Figure 1: Geometry of the zero-offset ray connecting a source at S = (ξ, 0) to a point P = (x, z) on the
seismic reflector image.
For the geometry, see again Figure 1.
Using equations (8) and (9) in expression (7), we find the following alternative representation for the
modulus of the group velocity vector in explicit dependence of the coordinates of point P rather than the
propagation angle θ,

−1/2

−1/2
(x − ξ)2
z2
v(x, z) = `
= `vv ϕ(x − ξ)2 + z 2
.
(10)
+
A11
A33

Here, we have used the first of equations (8). Moreover, we have introduced the medium parameter
ϕ=

A33
v2
= v2 ,
A11
vh

(11)

which we term the medium ellipticity.
Traveltime. With these results on the propagation velocity, we are now ready to describe the traveltime
T of a wave that was emitted and registered at S and reflected at P . From formula (10) for the propagation
velocity as a function of the coordinates of P , we obtain for the desired traveltime
1/2
2 
2`
ϕ(x − ξ)2 + z 2
=
.
(12)
T (ξ; x, z) =
v(x, z)
vv

The factor 2 is due to the fact that in equation (10), we have v(θ) = v(θ + π). Therefore, the traveltime for
the wave to arrive at the depth point P is the same as the time it takes from there back to the receiver at S.
Remigration

Seismic remigration tries to establish a relationship between to media of wave propagation in such a way
that identical seismic surveys on their respective surfaces would yield the same seismic data. One of
these media is the wrong velocity model used for the original migration. The other medium represents the
updated model within which a new image of the subsurface needs to be constructed.
Let us suppose that the original migration has been realized with a model that is characterized by the
same vertical velocity vv as in the updated model, but a different ellipticity ϕ0 . In this old model, the same
diffraction traveltime T of equation (12) is consumed by a different wave, reflected at a different point
P0 = (x0 , z0 ). It is therefore given by the modified equation
T (ξ; x0 , z0 ) =

1/2
2`0
2 
ϕ0 (x0 − ξ)2 + z02
.
=
v(x0 , z0 )
vv

(13)

The top part of Figure 2 shows the diffraction traveltime described by equation (13) for a set of parameters
(x0 , z0 , ϕ0 , vv ) with realistic values.
We choose the convention of referring to the old model with ellipticity ϕ 0 as model M0 and to the
updated model with ellipticity ϕ as model M .
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Figure 2: Top: Diffraction traveltime as described by equation (13) for a point P 0 with coordinates x0 =
1 km, z0 = 1 km in model M0 with ellipticity ϕ0 = 0.2 and vertical velocity vv = 2.5 km/s. Bottom:
Family of isochrons for the same point P0 as above, calculated by equation (14) in a model M with the
same vertical velocity but a different ellipticity ϕ = 0.8, at the four points ξ 1 = 0.4 km, ξ2 = 0.8 km,
ξ3 = 1.2 km, and ξ4 = 1.6 km.
Huygens image wave. To derive the desired image-wave equation, we follow the lines of Hubral et al.
(1996). Firstly, we need to find the set of all points P = (x, z) in medium M for which the diffraction
traveltime of equation (12) is equal to the diffraction traveltime (13) of point P 0 = (x0 , z0 ) in medium M0 .
In other words, we are interested in localizing the so-called Huygens wave for this kind of image-wave
propagation. This Huygens image wave then describes the position z(x) of the image at the “instant” ϕ
that “originated” at the “instant” ϕ0 at point P0 . For this purpose, we equal the times T of equations (12)
and (13), resulting in
F (x, z, ξ, ϕ) = ϕ(x − ξ)2 + z 2 − ϕ0 (x0 − ξ)2 − z02 = 0.

(14)

This equation represents a family of curves z(x; ξ) that, for a fixed ξ, connect all points P in model M that
possess the same diffraction traveltime T (ξ; x, z) as P0 in model M0 for the same ξ. The bottom part of
Figure 2 depicts four of these curves as obtained from equation (14) for four different values of ξ.
The set of points P such that T (ξ; x, z) is equal to T (ξ; x0 , z0 ) for all values of x and z is given by
the envelope of this family of curves described by F (x, z, ξ, ϕ). This envelope is the mentioned Huygens
image wave that represents the image in model M of point P0 in model M0 . Application of the envelope
condition
∂F
= 0,
(15)
∂ξ
to equation (14) yields the desired curve. Taking the derivative of equation (14), we obtain
ϕ(x − ξ) − ϕ0 (x0 − ξ) = 0 : (ϕ − ϕ0 )ξ = ϕx − ϕ0 x0 .

(16)

This expression can be solved for the stationary value of ξ, yielding
ξ=

αx − x0
x0 − αx
ϕx − ϕ0 x0
=
=
,
(ϕ − ϕ0 )
α−1
1−α

(17)
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where α denote the ratio between the medium ellipticities, i.e., α = ϕ/ϕ 0 .
Expression (14) can be recast into the moere convenient form
z 2 = ϕ0 (x0 − ξ)2 + z02 − ϕ(x − ξ)2 ,
the terms of which can be expressed using equation (17) as

2
x0 − αx
2
=
(x0 − ξ) = x0 −
1−α
2

x0 − αx
=
(x − ξ)2 = x −
1−α

(18)

α2
(x − x0 )2 ,
(1 − α)2
1
(x − x0 )2 .
(1 − α)2

(19)

Substitution of these two relationships back in equation (18) yields
z2

which can be rewritten as

1
α2
(x − x0 )2 − ϕ
(x − x0 )2
(1 − α)2
(1 − α)2
ϕα
ϕ
= z02 +
(x − x0 )2 −
(x − x0 )2
2
(1 − α)
(1 − α)2
ϕ(x − x0 )2
= z02 −
,
1−α

= z02 + ϕ0

z=

s

z02 + ϕϕ0

(x − x0 )2
.
ϕ − ϕ0

(20)

(21)

Equation (21) describes the position of the Huygens image wave that was excited with the initial conditions
(x0 , z0 ; ϕ0 ). In the top part of Figure 3, this Huygens image wave described by equation (21) is added to
the four isochrons of the bottom part of Figure 2. Figure 3 nicely demonstrates the characteristic property
of the Huygens image wave (21), i.e., being the envelope of the set of isochrons described by equation (14).
The bottom part of Figure 3 depicts a set of these Huygens image waves for different values of the medium
ellipticity ϕ.
Eikonal equation. The Huygens image wave of equation (21) describes the variation of a single point
P0 on a reflector image under variation of the medium ellipticity ϕ, starting at an initial ellipticity ϕ 0 . To
transform this expression into one that describes the variation of any abritrarily shaped reflector image for
arbitrary ellipticity variations, we need to eliminate these initial conditions from equation (21). In other
words, need to replace the constants x0 , z0 , and ϕ0 in equation (21) by derivatives, so as to describe
image-wave propagation for any set of initial conditions.
For this purpose, we introduce the image-wave eikonal ϕ = Φ(x, z). An explicit expression for Φ(x, z)
can be found by solving equation (21) for ϕ. By replacing ϕ by Φ(x, z) in equation (21) and taking
the derivatives with respect to x and z of the resulting expression, we find a differential equation for Φ,
the solution of which for initial conditions (x0 , z0 ; ϕ0 ) is equation (21) solved for ϕ. This differential
equation is the image-wave eikonal equation. It describes the kinematics of image-wave propagation for
any arbitrary set of initial conditions, not only of that of a single initial point.
Taking the implicit derivative of equation (21) with respect to z, we find


(x − x0 )2
(x − x0 )2
−1
Φ0 Φz
− Φ0 Φ
Φ
1 =
z
2z
Φ − Φ0
(Φ − Φ0 )2


−Φz (Φ − Φ0 )Φ0
(x − x0 )2
2
=
(x
−
x
)
−
Φ
Φ
0
0
2z
(Φ − Φ0 )2
(Φ − Φ0 )2
Φz Φ20 (x − x0 )2
=
.
(22)
2z (Φ − Φ0 )2
This can be conveniently rewritten as

2z
Φ20 (x − x0 )2
=
.
2
(Φ − Φ0 )
Φz

(23)
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Figure 3: Top: The family of isochrons of Figure 2 with their envelope as determined by equation (21).
This envelope is the desired position of the Huygens image wave. The medium parameters are the same as
in Figure 2. Bottom: Different Huygens image waves for the same point P 0 , indicating the propagation of
the Huygens image wave. The curves are depicted for ϕ = 0.8, 2.0, 4.0, and 10.
Correspondingly, taking the derivative of equation (21) with respect to x, we arrive at




2(x − x0 )
−1 Φx
Φ0 (x − x0 )
−1
Φ2 (x − x0 )2
+
ΦΦ
=
2z
+
2Φ
,
0=
−Φx 0
0
2z
(Φ − Φ0 )2
Φ − Φ0
2z Φz
Φ − Φ0
which leads to



Φx
Φ Φ0 (x − x0 )
.
=
Φz
z
Φ − Φ0

(24)

(25)

Substitution of equation (23) in the squared equation (25) yields
Φ2x
Φ2 2z
=
Φ2z
z 2 Φz

:

Φ2x
2Φ2
=
.
Φ2z
zΦz

(26)

By simplifying the last expression, we finally arrive at the image-wave eikonal equation
Φ2x −

2Φ2
Φz = 0,
z

(27)

which describes the kinematics of the propagation of a reflector image as a function of the medium ellipticity.
Image-wave equation. Now we want to find a partial differential equation such that equation (27) is its
associated eikonal equation. In other words, upon substitution of the ray-theory ansatz
p(x, z, ϕ) = p0 (x, z)f [ϕ − Φ(x, z)]
into our desired differential equation, the leading-order terms need to provide equation (27).

(28)
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From the fact that equation (27) contains the square of Φx , we recognize that our desired partial differential equation must be of second order. The second derivative of the ansatz (28) with respect to x is given
by
pxx

=

∂ 2 p0
∂p0
∂Φ
(x, z)f (ϕ − Φ(x, z)) − 2
(x, z)f 0 (ϕ − Φ(x, z))
(x, z)
∂x2
∂x
∂x

2
∂Φ
∂2Φ
+p0 (x, z)f 00 (ϕ − Φ(x, z))
(x, z) − p0 (x, z)f 0 (ϕ − Φ(x, z)) 2 (x, z).
∂x
∂x

(29)

Correspondingly, the mixed derivative of ansatz (28) with respect to z and ϕ is
pzϕ =

∂p0
∂Φ
(x, z)f 0 (ϕ − Φ(x, z)) − p0 (x, z)f 00 (ϕ − Φ(x, z))
(x, z).
∂z
∂z

(30)

Combining the leading-order terms, i.e., those involving f 00 , of these two expressions we recognize that the
second-order partial differential equation
pxx +

2ϕ2
pzϕ = 0
z

(31)

fulfils the condition that its associated eikonal equation is given by equation (27).
Note that equation (31) is the simplest one with the desired property. Any additional terms involving
arbitrary combinations of the first derivatives of p with respect to x, z, or ϕ, and/or involving p or the
independent variables x, z, or ϕ themselves, do not alter the associated eikonal equation and therefore,
neither the kinematic behaviour of the solution of equation (31). Since at this moment, we are interested
only in this kinematic behaviour of the image-wave propagation, we can choose this simplest form. We
refer to equation (31) as the image-wave equation for remigration in elliptically isotropic media.
It is important to observe that the image-wave equation (31) can be transformed into a partial differential
equation with constant coefficients. Upon the introduction of the new variables γ = 1/ϕ, and ζ = z 2 /4,
the mixed derivative becomes
pzϕ = pζγ ζz γϕ = pζγ

z −1
z
. = − 2 pζγ .
2
2 ϕ
2ϕ

(32)

Under this variable transformation, the image-wave equation (31) thus takes the form
pxx − pγζ .

(33)

The transformation into equation (33 is meaningful from an implementational point of view, since for differential equations with constant coefficients, it is generally much easier to find stable FD implementations.
As a final word on the image-wave equation (31) or its constant-coefficient version (33), let us mention
that both equations do not depend on the vertical velocity vv but only on the medium ellipticity ϕ. Thus,
it can be expected that depth image-wave remigration in elliptically isotropic media should be relatively
insensitive to the actual value of the vertical velocity. This, in turn, points towards a potentially broad applicability of the image-wave concept for elliptically isotropic remigration even in inhomogeneous media.
CONCLUSIONS
The changing position of a seismic reflector image under variation of the migration velocity model can be
understood in an analogous way to the propagation of a physical wave (Fomel, 1994; Hubral et al., 1996).
In this work, we have derived a second-order partial differential equation that works as an image-wave
equation for remigration in elliptically isotropic media. It describes this reflector propagation as a function
of the medium ellipticity. We have studied the kinematics of the image wave in such media to derive
the corresponding eikonal equation. From an inverted ray procedure, we have then inferred the desired
image-wave equation the solutions of which exhibit this correct kinematic behaviour.
The description of the position of the reflector image as a function of the medium ellipticity can be
very useful for the detection of this parameter. A set of migrated images for different medium ellipticities
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can be obtained from a single migrated image without the need for multiple anisotropic migrations. From
additional information on the correct reflector position, focusing analysis, or the like, the best fitting value
of the medium ellipticity can then be determined.
The probably most interesting application of this procedure would start with an initial condition of
an isotropic medium, described by unit ellipticity, i.e., ϕ0 = 1. Since isotropic migration is a very well
understood field, the image-wave equation could then be used to transform an isotropically migrated image,
which can be obtained with one of the highly sophisticated migration methods that are nowadays available,
into an image that corresponds to an elliptically isotropic medium. Future investigations will have to show
whether the concept can be extended to transversely isotropic media which are generally better suited to
describe the kind of anisotropy that is observed in practice.
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ABSTRACT

The Gaussian Beam concept has been of great importance for works on modeling and migration,
during the last two decades. This work then joins the flexibility of the true amplitude (diffraction
stack) Kirchhoff migration procedure with the regularity description of the wavefield represented by
the Gaussian Beam. We apply our final operator in some simple numerical examples of geophysical
exploration interest. Our process can be named as Kirchhoff Gaussian Beam Prestack Depth Migration
(KGB-PSDM) in a true amplitude sense.

INTRODUCTION
In the last two decades, Kirchhoff migration has evolved from a kinematic, imaging only technique, to
an inversion operator capable of handling important informations to AVO/AVA analysis. Bleistein (1987),
based on Beylkin (1985), was one of the first researchers to propose an inversion algorithm that used the
Kirchhoff algorithm to determine seismic attributes from migrated data, such as the (angle-dependent)
reflection coefficients along reflectors. Later, Schleicher et al. (1993), based on Hubral et al. (1991),
developed a 3D, true amplitude, finite-offset, migration formalism that performed the role of imaging and
inversion for different acquisiton geometries, freeing seismic data from its geometrical spreading losses.
Although of all the developments reached so far by these techniques, the migration algorithms described above still make an extensive use of the (zero order) ray theory to simulate the Green’s function
of the imaging problem. In seismic methods, ray theory plays an important role in modeling, imaging and
inversion. However, ray theory can only be effectively applied to smooth media, where the characteristic
wavelenght of the seismic energy is much smaller than the structural dimensions we want to image. In this
case, some wavefield phenomena in complex geology media, such as diffractions, cannot be adequately
simulated. In such a situation, structures such as dome flanks and some other discontinuities, such as
faults, cannot be properly imaged. Ray theory simply fails in these cases, since the ray code does not lead
with inhomogeneous waves.
The paraxial ray theory has been an attractive and efficient way of dealing with the drawbacks of the
ray theory (Červený, 1983). In general, these wavefields are of real and complex nature. The real paraxial
theory is widely applied in the field of classical optics, while the complex paraxial theory is widely used
in quantum optics, where the Gaussian beams are well known quantities in laser propagation. In seismic
imaging, the real paraxial theory has been widely applied in stacking methods, such as CRS (Common
Reflection Surface), while the complex paraxial theory (Guassian Beams or simply GB’s) has been applied
to simulate 2D and 3D laterally varying wavefields (Popov, 1996; Červený, 1982; Červený et al., 1982), as
well as in migration methods (Hill, 2001).
One of the main advantages of the complex paraxial theory approach is related to its regularity in
the description of the wavefield in singular regions of the velocity model, and the lack of necessity of
using one subroutine called two point raytracing. Particularly, the GB’s are regular even in regions where
caustics predominates, where the ray tubes shrink to points or lines and give rise to a phase shift change in
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amplitudes. Besides that, bearing in mind that two point ray tracing is not necessary, the paraxial theory
can be used to simulate wavefields in irregular regions of the model, where a ray cannot be traced (shadow
zones).
In this work, we make use of GB’s (Popov, 1996; Červený, 2001) to perform a 3D prestack depth
migration based on the formalism of Schleicher et al. (1993). By introducing the GB superposition integral
into the kernel of the (diffraction stack) migration integral and making use of the Fresnel volume elements
(Schleicher et al., 1997; Schleicher et al., 2004), the inner integral is reinterpreted as having its integration
domain projected towards the acquisition surface, along the projected Fresnel zone of each trace, and
whose weight-function is proportional to the same quantity. In the data domain, this means that each trace
is influenced also by reflector properties that are included in neighbour traces, which now are stacked in
order to enhance the horizontal resolution of the migrated data. It is well known that in the vicinity of
points in depth, over reflector surfaces, the seismic wavefield is smeared during reflections, and that the
knowledge of this smearing region influences in the migration aperture choice (Schlicher et al., 1997). Our
final GB operator, then, explicitly uses this information before the diffraction stacking, inserting again in
each trace to be staked the neighbour information smeared during the wavefield propagation.
MODIFIED KIRCHHOFF INTEGRAL
Our starting point is the migration integral described in Schleicher et al. (1993), here defined in the frequency domain
Z
iω
~ )
~ M) U (ξ,
~ ω) ei ωτD (ξ,M
V̂ (M, ω) = −
dξ1 dξ2 w(ξ,
,
(1)
2π A
~ M) is a weight function
where A is the migration aperture, M = M (x, y) represents a point in depth, w( ξ,
that corrects seismic amplitudes from its geometrical spreading losses, ξ~ = (ξ1 , ξ2 )T is a coordinate vector
~ M) is the diffraction (Huygens) surface, and U (ξ,
~ ω) is the analytialong the acquisition surface, τD (ξ,
~
cal particle displacement, which is formed by the real displacement u( ξ, ω) plus its Hilbert transform as
imaginary part. In the present case, we consider that the primary reflections from the reflectors we want to
~
image, described for each source-receiver pair (S, G), are distributed along a reflection surface τ R (ξ).
~ M ), U (ξ,
~ ω) and τR (ξ).
~ The adjustment
In our current derivation, attention must be paid to factors w(ξ,
~
of w(ξ, M ) to several acquisition geometries, considering elements of paraxial ray theory, grants that
reflection amplitudes are corrected dealt in the migration process (Schleicher et al., 1993). Thus, for
convenience, we must guarantee that our approach yields in the same situation. As for the reflection
~ in dealing with GB’s the amplitudes are Gaussian decaying with respect to the distance
traveltime τR (ξ),
from the central ray (Červený, 2001), and here this is done so by considering that traveltimes are complex
valued functions, its imaginary part representing the so called GB’s half-width (Popov, 1996; Červený,
~ ω) is the Green function of our imaging problem and that it is
2001). Finally, let us consider that U (ξ,
represented by a superposition of GB’s (Ferreira & Cruz, 2004 a,b)
~ ω) =
U (ξ,

Z

AP

dξ1P dξ2P

detΛ detQ(ξ~P ) ~P
~ ~P
Φ(ξ ) A(ξ~P ) e−iωτR (ξ,ξ ) ,
detHF cos θG

(2)

where HF is the Fresnel zone matrix and Λ = ΓTS NSR + ΓTG NTGR , where NSR and NRG are traveltime second time derivatives 2 x 2 matrices defined in Schleicher et al. (1993), while Γ TS and ΓTG are 2
x 2 matrices related to the acquisition geometry. Coordinates ξ~P = (ξ1P , ξ2P ) belong to a subset of the
migration aperture A, corresponding to the projected Fresnel zone, here denominated A P . We will consider in this work that this subaperture is restricted only to the first projeted Fresnel zone. detQ( ξ~P ) and
cos θG are quantities related to the geometrical spreading and to the incidence angle at G (geophone), respectivelly. This integral representation of the GB’s was obtained by considering that the endpoints of the
rays, parameterized by ray parameters γ = (γ1 , γ2 ), strike an artbitrary surface (fictitious or not) along
the raypath and form a set of points that give rise to a region around the reflection point M R , known as
Fresnel zone (Schleicher et al., 2004). By using Bortfeld’s surface-to-surface propagator (Bortfeld, 1989;
Schleicher et al., 2004), we assign a linear relationship among points belonging to the Fresnel zone in
depth and its projected counterpart, along the aquisition surface. This relationship works, in this case, as
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(a)

(b)

Figure 1: (a) Fresnel zone in depth and its projection towards the acquisition surface. (b) Specular ray
SMR G, its Fresnel zone in depth, the paraxial rays and the projected Fresnel zone. Point ξ~0∗ is a stationary
point belonging to the Huygens surface. The (paraxial) points ξ~1 and ξ~2 also belong to the reflection curve.
a transformation Jacobian, and permits that we define a region of integration for the GB’s along the Earth
surface, and more especifically along the projected Fresnel zone, whose position-vector is represented by
ξ~P . The weight-function Φ(ξ~P ) is a quantity that asymptotically reduces Eq. (2) to the zero order ray
theory solution (Červený, 2000). In this work, it is represented by (Ferreira & Cruz, 2004 a,b)
q
iω
Φ(ξ~P ) =
detHF (ξ~P ) (detQ(ξ~P ))−1 cos θG .
(3)
2π
~ ~P
Finally, A(ξ~P ) e−iωτR (ξ,ξ ) represents the paraxial contribution at positions ξ~P that influences the obser~ where τR (ξ,
~ ξ~P ) is the complex traveltime in ξ~ due to an event observed in ξ~P . The fact that
vations at ξ,
Eq. (3) is proportional to the Fresnel zone is in agreement with the fact that when GB’s propagate through
a medium and are reflected in a specific reflecting surface, it “illuminates” a region around a central ray,
where all paraxial rays are concentrated, i.e., where energy is flowing alongside (Figure 1a). In this way,
we introduce a physical significance to the weight function asymptotically derived by Klimeš (1984) and
Červený (2000). It simply “weighs” the events belonging only to the first Fresnel zone, disregarding other
events belonging to several other zones.
Now let us introduce expression (3) and (2) into Eq. (1) and analyse the physical significance of the
resulting integral. After eliminating all the symmetrical terms, we have
Z
Z
p
ω 2
~
~ ~P
~
V̂ (M, ω) = ( )
dξ1 dξ2 w(ξ, M )
dξ1P dξ2P det HP A(ξ~P ) e[iω(τD (ξ,M )−τR (ξ,ξ ))] . (4)
2π
P
A
A

Back to the time domain, this equation becomes
Z
Z
p
1
~ M)
~ t + τD (ξ,
~ M )].
dξ1P dξ2P det HP Ü [ξ,
dξ1 dξ2 w(ξ,
V (M, t) = 2
4π A
AP

(5)

The factor Ü is the second time derivative of the analytical particle displacement, while A and A P are the
migration and the projected Fresnel zone apertures, respectively.
In Figure 1b we have a detailed geometrical interpretation of Eq. (5). In 2D, we see a seismic experiment where a specular ray SMR G and the Fresnel (paraxial) rays SMj G (j = 1, 2, . . . , n) determine the
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Figure 2: (a) Kirchhoff PSDM for the horizontal plane reflector. (b) KGB-PSDM migration for the same
reflector. Note that migration artifacts on the borders were automatically eliminated by the process.

formation of a Fresnel zone in depth and its subsequent projection towards the acquisition surface. According to the diffraction stack theory (Schleicher et al., 1993), point ξ~0∗ is a stationary point corresponding to
a reflection event in MR , which in turn belongs to a diffraction curve exactly where there exists a tangency
with the reflection curve. With the determination of the projected Fresnel zone along the acquisition surface
for the reference trace ξ~0∗ , we can find points ξ~j , which belongs to this zone, and that are part of the same
reflection surface corresponding to points in the vicinity of MR in depth, and stack them with the help of
the inner integral in (5). These projected events, which are contained in the reflection traveltime surface
~ serve as input for the diffraction traveltime surface τD (ξ,
~ M ), which are stacked a posteriori by the
τR (ξ),
outer integral in (5).
SYNTHETIC EXAMPLES
We have implemented Eq. (5) for the imaging of geological models composed of plane reflectors and
curved reflectors, inserted in an homogeneous medium with layers of constant velocity. We consider that
the models are composed of one single reflector, above which we consider P waves with propagation
velocity v1 = 2.0Km/s, and below it we consider propagation velocities v2 = 3.5Km/s. In order to
acquire synthetic data for the migration process, we have performed a 2.5D Kirchhoff modeling scheme,
using a common offset acquisition geometry, with 2h = 25m in the first case, and 2h = 15m, in the second
case. In the case of the plane reflectors, the spacing among sources and geophones is 25m, while for the
curved reflectors we have considered spacings among sources and geophones of 15m. For both cases, we
have used a zero phase Gabor wavelet, with total durations of 50ms and 20ms, and dominant frequencies
of 10Hz and 20Hz, respectively. In the migration procedure, the 2.5D GB (Green function) is a 2D version
of the inner integral in Eq. (2), only considering that in-plane factors were taken in consideration in order
to adequately simulate the amplitudes.
In the cases studied below, the Fresnel volume elements (in depth or projected along the acquisition
surface) were completed determined using dynamic raytracing (DRT) ( Červený, 2001). More especifically,
complex initial conditions for the DRT were chosen in order to generate quantities related to the GB’s itself
(i.e., beam half-width, wavefront curvature, etc.). In order to guarantee GB’s with minimum half-widths at
the geophones, we have used plane waves initial conditions, using the criteria described by Müller (1984).
Since the synthetic data are not the main objective of our studies, only the imaging results will be shown in
the following.
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Figure 3: (a) Kirchhoff PSDM for the plane dipping reflector. (b) KGB-PSDM migration for the dipping
reflector.
Plane reflectors
In this first example, we consider two plane reflectors, the first one is horizontal, located at depth z = 2km,
while the second reflector dips 70 to the left, beginning with a depth of z = 1.1km, on the left, and ending
with a depth of z = 0.7km, on the right. In these examples, we have used a grid spacing for the migration
procedures of ∆x = ∆z = 25m.
In Figure 2a, we have the result of the conventional Kirchhoff PSDM, where the reflector was reconstructed in its true subsurface position. As it is well known, migration artifacts appear on the borders of the
image, due to insufficient data to stack (Hertweck et al., 2003). KGB-PSDM, which considers the stacking
of all traces belonging to the projected Fresnel zone (Figure 2b), automatically eliminates these artifacts.
The latter image, in general, is cleaner than the one obtained by the conventional Kirchhoff procedure.
In the case of the dipping reflector (Figures 3a and 3b), the image of the structure is again reconstructed
in its true subsurface position and we have the same effects as depicted in Figure 2. The right and left
artifacts are not seen in the KGB-PSDM image, as they are seen in Kirchhoff PSDM, but in this case
“some” artifact, almost invisible, seems to be produced near depths 200 − 400m. Overall, the KGB-PSDM
image is again less aliased than the image produced by Kirchhoff PSDM.
As for the amplitudes, in both images there seems to be some differences with respect to each reflector
in consideration. In the horizontal reflector case, amplitudes seem to behave well along the whole reflector,
but near the borders the resolution seems to be reduced. This fact may be related to the influence of the
number of traces inside the projected Fresnel zones, since we can only account, on both borders, with half
the number of taces belonging to the projected zones at these locations. On the other hand, in the case of
the dipping reflector this fact does not seem to influence the final result. Either on the right border or on
the left border the amplitudes reconstructed by the KGB-PSDM process seem to be the same as in the case
of Kirchhoff PSDM.
In Figures 4 we have made comparisons of the picked peak amplitudes for the horizontal and dipping
reflectors, respectively. In the case of the horizontal reflector (Figure 4a), we observe an agreement in
amplitude trends, but the KGB-PSDM overestimates amplitudes by, at least, 3% more the amplitudes along
the whole reflector, far from the borders. This is related to the stacking of more information to each point in
depth due to its contributing vicinity. On the borders itself, there occurs an underestimation of amplitudes,
as we have previously noticed. But even so, the agreement in the trend is excellent. For the dipping reflector
(Figure 4b), the situation that apparently seemed better than in the case of the horizontal reflector shows an
initial underestimation on the left border, followed by an agreement upward and an overestimation on the
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Figure 4: (a) Comparison of amplitudes for the horizontal refletor. (b) Comparison of amplitudes for the
dipping reflector.
right border. The trend in amplitudes, however, is in excellent agreement.
Curved reflectors – syncline model
In this example we consider the existence of a curved reflector in the form of a syncline, the borders
of it located at depth z = 0.8km, while its trough reaches a depth of z = 1.1km. We have used as
discretization grid for the migration process the values ∆x = ∆z = 15m. In Figure 5a we have the result
of the Kirchhoff PSDM for the syncline reflector. Again border effects inherents to the migration process
are observed at these places due to insufficient data to stack. Figure 5b, then, shows the results of the
KGB-PSDM procedure on the same model. Visually we note a decrease of the border effects and some
higher quality in the final image resolution.
For a quantitative measure, in Figure 6 we show a comparison of the recovered amplitudes using the
two migration procedures, where the picked peak amplitudes were taken along the reflectors. We must call
attention to the fact that in this case we have not compared both methods with respect to the amplitudes
calculated using the 2.5D Kirchhoff modeling scheme. This was not possible due to the fact that the
syncline model presents more than one single arrival in some receivers located in the caustic region. In this
specific case, we have up to three arrivals for the same receiver in its caustic regions (trough region of the
syncline), and this force us to separate each arrival in order to compare the amplitude recovering (Tygel
et al., 1998). In this way, we have chosen only to compare the two methods of amplitude recovering.
This is exactly what is depicted in Figure 6. We then observe a excellent agreement in the trends of
the curves, of course with some isolated particularities. Generally speaking, the KGB-PSDM procedure is
equivalent to the Kirchhoff PSDM along the whole reflector. On the left, we observe a small overestimation
in amplitudes, but with an excellent trend in the behaviour of the amplitudes. On the rest of the reflector,
the behaviour of the amplitude curves for the KGB-PSDM procedure estimates in excellent agreement the
amplitude values, but on the left border there occurs an underestimation in the amplitude values. Again,
the agreement in the amplitude trends is excellent when compared to the traditional method.
ALGORITHM
In order to summarize what we have done so far, in the following we list the five main steps (S’s) in
obtaining our true amplitude KGB-PSDM migration:
S1 – An arbitrary depth point M is chosen and its ray, amplitude, and traveltime towards position ξ~ are
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Figure 5: (a) Kirchhoff PSDM for the syncline reflector. (b) KGB-PSDM migration for the syncline
reflector.
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Figure 6: Picked peak amplitudes comparison between the KGB-PSDM and the Kirchhoff PSDM procedures. No peak amplitudes were taken from the modeled data, due to the presence of multiple arrivals in
distinct areas along several receivers in the trough region of the model.

Annual WIT report 2004

147

determined, together with its Fresnel volume.
~ M ).
S2 – Computation of the diffraction traveltime surface τD (ξ,
S3 – Computation of the projected Fresnel zone and beam formation restricted to the projected Fresnel
zone, parameterized by position vector ξ~P .
S4 – Gaussian Beam superposition to obtain the input location for the migration integral, defining the
Huygens surface.
S5 – Kirchhoff summation.
CONCLUSIONS
We have developed a prestack Kirchhoff-type depth migration in that we consider as Green function an
integral superposition of Gaussian Beams.
We have tested the KGB-PSDM algorithm on plane and curved geological models. In the plane models, we have considered two distinct cases: the first, representing an horizontal interface; and a second,
representing a plane interface dipping to the left. Both images were obtained considering an homogeneous medium. In using the KGB-PSDM algorithm for these two examples, the final images obtained have
shown a considerable reduction of the migration artifacts, the so called “migration smiles”. Some lack of
resolution (as in the case of the horizontal reflector) is observed on the borders of both images, due to the
insufficient number of traces belonging to the projected Fresnel zones located on the borders of the seismic
data, but the overall images are less aliased than the ones produced by a conventional Kirchhoff PSDM.
The picking of peak amplitudes for these two first examples has shown several effects that are not seen
on the images. In both cases, the trend of amplitudes is in excellent agreement, but on the borders there
occurs overestimation and underestimation of amplitudes. Far from the borders, the KGB-PSDM process
seems to overestimates amplitudes by, at least, 3%. This is related to the stacking of all the vicinity points
in depth in the image point, thus increasing the values of the amplitudes.
The KGB-PSDM algorithm has also been tested on a curved geological model, represented by a syncline model. While the image obtained by the conventional Kirchhoff procedure showed the expected
presence of the migration smiles, the KGB-PSDM procedure recovered a less aliased image and automatically tapered these artifacts on the borders. The comparison of picked peak amplitudes showed a similar
behavior as the ones obtained for the plane reflectors, with an excellent agreement in the trends of the
curves. For this particular syncline example, we have compared only the amplitude estimation derived
from the Kirchhoff PSDM and the KGB-PSDM procedures, respectively, since the syncline model example presents multiple arrivals due to the presence of a caustic zone (buried focus) located on the trough
of the structure. In this case, the events belonging to this region should be isolated, according to each arrival, and only in doing so it would be possible to compare the Kirchhoff and KGB-PSDM true amplitude
recovering with respect to the true reflection amplitudes along these regions.
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Červený, V., 2001. Seismic ray theory. Oxford University Press.
Ferreira, C. A. S.; Cruz, J. C. R., 2004. Modified Kirchhoff prestack migration using the Gaussian
Beam operator as Green function. EAGE 66th Conference & Exhibition. Paris, France. Expanded
abstracts.
Ferreira, C. A. S.; Cruz, J. C. R., 2004. Migração pré-empilhamento em profundidade usando o operador
de feixes gaussianos como função de Green – Teoria. I Workshop da Rede Norte de Pesquisa em
Risco Exploratório. Natal-RN, Brazil, Expanded abstract.
Hertweck, T.; Jäger, C.; Goertz, A.; Schleicher, J., 2003. Aperture effects in 2.5D Kirchhoff migration: a
geometrical explanation. Geophysics, 68, 1673-1684.
Hill, N. R., 2001. Prestack Gaussian beam depth migration. Geophysics, 66, 1240-1250.
Hubral, P.; Tygel, M.; Zien, H., 1991. Three dimensional true-amplitude zero-offset migration. Geophysics, 56, 18-26.
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ABSTRACT

True-amplitude Kirchhoff migration is a task of high computational effort. A substantial part of this
effort is spent on the calculation of Greens functions, i.e. traveltime tables and amplitude-preserving
weight functions. Storing the Greens functions leads to large demands in computer storage in addition
to the high requirements in CPU time. In this paper we propose a strategy to compute the weight
functions directly from coarsely-gridded traveltimes. Together with a fast and accurate method for
the interpolation of the traveltimes onto the required fine migration grid, this leads to considerable
savings in CPU time as well as storage. Application to a complex synthetic model and real data
demonstrates that the image quality and accuracy of the reconstructed amplitudes is equivalent to that
obtained by conventional true-amplitude Kirchhoff migration, whereas the computational efficiency
is significantly enhanced.

INTRODUCTION
True-amplitude Kirchhoff migration is a powerful tool for the processing of seismic reflection data. In
addition to a structural image, amplitude maps of the subsurface are obtained. These can be input for
amplitude versus offset (AVO) studies, a key technique for seismic reservoir characterization. The result
of a Kirchhoff migration is an image in the time or in the depth domain. In this work, we will focus on
depth imaging, although the method suggested here can also be applied to obtain a time migrated section.
In Kirchhoff depth migration, the subsurface is represented by a reasonably discretised grid, where every
grid point is considered a point scatterer. The migration for a depth point M is carried out by stacking the
seismograms along the diffraction traveltime surface associated with M and placing the result into M . If
specific true-amplitude weight functions are applied during the stacking process, the effect of geometrical
spreading can be removed and the migration output becomes a measure of the angle-dependent reflectivity.
In most cases, the resulting amplitudes are still influenced by other effects, like transmission losses, but
these are usually assumed to be of second order. During the last decades, several approaches have led to
different formulations for the true-amplitude weight functions (e.g., Bleistein 1987; Schleicher et al. 1993),
that can, however, be shown to be equivalent (Hanitzsch, 1997).
Despite its benefits, true-amplitude migration is not routinely applied, as it is a task of high computational effort, especially when 3D data are considered. In order to obtain a highly-resolved image, the
subsurface must be finely discretised. A sampling of down to 5 m is desired, but not feasible due to the
sheer amount of auxiliary data required for the migration step, namely, the traveltime surfaces and weight
functions. For each point where a source or receiver is located in the registration surface a table must be
generated with the traveltime to each subsurface point on the grid. For the 3D weight function, additional
quantities have to be computed and stored from each source/geophone to each subsurface point. Whereas
fast implementations like finite difference eikonal solvers (FDES, e.g., Vidale 1990) can be applied for the
traveltimes, the computation of the weights requires more effort: since the purpose of the weight functions
is the removal of the geometrical spreading determined by the curvature of the wavefront, the standard way
to compute the weights is the application of dynamic ray tracing ( Červený and deCastro, 1993; Hanitzsch
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et al., 1994), which is more time-consuming than FDES. Finally, another part of the computational time is
spent during the stacking itself, which has to be carried out over the aperture of the experiment. Since in
practice only a minor part of the traces effectively contributes to the stack, the aperture is usually limited to
a predefined size (see, e.g.,Hertweck et al. 2003). For these reasons, true-amplitude migration has not yet
become a standard tool.
The aim of this paper is the introduction of a traveltime-based algorithm for true-amplitude migration.
In this method, all quantities required for the migration weights, as well as for the stacking surface, are
obtained from coarsely-gridded traveltime tables. This leads to a considerable reduction in computer storage and computation time, while maintaining the quality of the migrated image and recovered amplitudes,
compared to standard true-amplitude migration using dynamic ray tracing. Although a traveltime-based
strategy was already suggested by Vanelle (2002), Vanelle and Gajewski (2002b), and Gajewski et al.
(2002), application of that technique still required a priori knowledge on the positions and inclinations of
reflectors in the subsurface. This work does no longer suffer from that restriction.
Following a short introduction to the theory of true-amplitude migration, we will describe the
traveltime-based approach. The major part of this paper is then dedicated to the application of the method to
a highly-complex synthetic model and a real data set. Finally we conclude the paper with a short summary
and an outlook.
METHOD
Note: Capital indices like I take the values 1 and 2, whereas small indices i take values 1, 2, and 3.
True-amplitude migration in three dimensions
Schleicher et al. (1993) have shown, that the true-amplitude migrated output Ω(M ) at the subsurface point
M can be obtained from a diffraction stack of the form
ZZ
∂U (ξ, t)
1
dξ W3D (ξ, M )
,
(1)
Ω(M ) = −
2π
∂t
τD (ξ ,M )
A

if proper weight functions W3D (ξ, M ) are applied. The integration in (1) is carried out over the aperture
A, that contains the considered traces at the positions ξ = (ξx , ξy ) (see e.g. Schleicher et al. 1993). The
stacking surface is the diffraction traveltime surface t = τD (ξ, M ) for the depth point M , calculated in a
previously determined macro-velocity model. If the seismic data U (ξ, t) are expressed by ( Červený, 2001)
s
π
ρ s Vs
ei 2 κ
U (ξ, t) =
R Gs
F (t − τR ) ,
(2)
ρ g Vg
L
Schleicher et al. (1993) and Vanelle and Gajewski (2002b) have shown, that application of the weight
function
s
r>
r>
√
ρg Vg cos θS cos θG N1 Σ + N2 Γ i π (κ1 +κ2 )
e 2
(3)
W3D (ξ, M ) =
ρ s Vs
Gs
|Nr1 Nr2 |

allows to reconstruct the reflection coefficient, R, i.e. Ω(M ) yields a reflectivity map of the subsurface. In
(2) and (3), ρs and Vs are the density and velocity at the source. Correspondigly, ρ g and Vg are the density
and velocity at the geophone. The radiation function of the source is denoted by G s , e.g., for P-waves an
explosion source has Gs = 1/4πρs Vs2 , and F (t) is the time signature of the analytic source pulse. The
geometrical spreading is denoted by L, the reflection traveltime by τ R , and the angles θS and θG are the
emergence angle at the source and the incidence angle at the receiver, respectively. The KMAH indices κ 1 ,
κ2 , and κ correspond to the ray branches from the source S to M (index 1), the geophone G to M (index
2), and the reflected ray. The configuration matrices Σ and Γ describe the relations between the parameter
ξ and the source s and geophone position g (Schleicher et al., 1993). Finally, the 2×2 matrices N rI are
second-order derivative matrices of the traveltime,
N1rIJ = −

∂ 2 T (S, M )
∂sI ∂rJ

,

and N2rIJ = −

∂ 2 T (G, M )
∂gI ∂rJ

.

(4)
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The coordinates of the source and geophone are given in a global Cartesian coordinate system, e.g., chosen
to coincide with the acquisition scheme, whereas the coordinates r 1 and r2 lie in the reflector tangent plane
(see Appendix A). Transmission losses are not considered in this study.
True-amplitude migration in 2.5 dimensions
In the special case where the data were aquired along a single line and the medium does not vary in
the cross-line direction, the true-amplitude migration algorithm (1) can be modified and restricted to an
integration over the in-line direction. The stack corresponding to (1) for this so-called 2.5D situation looks
as follows, where ξ=ξx :
Z
1
−1/2
dξ W2.5D (ξ, M ) ∂t
U (ξ, t)
.
(5)
Ω(M ) = √
τD (ξ,M )
2π
A

−1/2

Here, the operator ∂t
denotes the Hilbert transform
√ of the anti-causal temporal half-derivative of the
seismic data, corresponding to the application of a −iω filter in the frequency domain. The modified
weight function reads (Martins et al., 1997; Vanelle and Gajewski, 2002b)
s
√
π
ρg Vg cos θS cos θG |N1r Σ + N2r Γ| √
(6)
W2.5D (ξ, M ) =
σ1 + σ2 ei 2 (κ1 +κ2 ) ,
ρ s Vs
Gs
|N1r N2r |
where Σ, Γ, and NI are the xx-components of the matrices Σ, Γ, and NI , respectively. The term
is the out-of-plane geometrical spreading, where the components σ I are given by
 2 −1
1
∂ T
σI =
=
.
2
∂yI
NIyy

√

σ1 + σ 2

(7)

The weight functions (3) and (6) are written in terms of traveltime derivatives as these directly relate to the
traveltime-based implementation suggested in this work. For other implementations the equivalent weights
can be expressed by quantities available from dynamic ray tracing (for an overview, see, e.g. Hanitzsch
1997). Although the classic true-amplitude migration employs weights from dynamic ray tracing (DRT), it
has not become a standard tool due to the strong requirements in computer demands (CPU time and storage)
as well as on the model (continuity of second-order spatial velocity derivatives is required for DRT). As we
will show in the following, the traveltime-based implementation underlies weaker restrictions.
The traveltime-based strategy
To carry out the migration using either (1) or (5) we need the weight functions (3) or (6) and the diffraction
traveltime surface or curve, τD (ξ, M ). The diffraction traveltimes are needed anyway, even for a purely
kinematic migration. If first-arrival traveltimes are considered only, these can be obtained from fast traveltime generation methods like finite difference eikonal solvers (for an overview of traveltime schemes,
see Leidenfrost et al. 1999). Later-arrival traveltimes can be computed with kinematic ray tracing. For the
computation of the weight functions, however, dynamic ray tracing has to be carried out even for the first
arrivals.
In this section we will describe how the true-amplitude weights can be obtained from coarsely-gridded
traveltime tables without further need for dynamic ray tracing. The traveltime coefficients that determine
the weights are also applied for an efficient and accurate interpolation of the traveltimes onto the fine
migration grid. By doing so, we can considerably reduce the computational demands and yet maintain the
high quality of the migrated image.
In the following we will assume that diffraction traveltime tables sampled on a coarse subsurface grid
are available. The subsurface sampling should accord with the prevailing wavelength in the data, and the
model. In this case, the hyperbolic traveltime expression of Vanelle and Gajewski (2002a), obtained from
a Taylor expansion of the squared traveltime,
2

T 2 (s, g) = (T0 + q · ∆g − p · ∆s) + T0 (∆g · G∆g − ∆s · S∆s − 2 ∆s · N∆g)

,

(8)
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Figure 1: Determination of the coefficients from Equation (8): the traveltimes T 0 , Tm , Tp on the coarse
grid with the spacing ∆gx .
can be applied to describe the reflection traveltime between a source at s and a geophone at g in the
vicinity of the expansion point at s0 and g0 , when the coefficients in (8) are known. These are (Vanelle
and Gajewski, 2002a)
∂T
∂T
pi = −
and
qi =
,
(9)
∂si
∂gi
the slowness vectors, and the second-order derivative matrices
Sij =−

∂ 2T
= Sji
∂si ∂sj

,

Gij =

∂2T
= Gji
∂gi ∂gj

,

Nij =−

∂2T
6= Nji
∂si ∂gj

.

(10)

All derivatives are taken at the expansion point. Furthermore, T 0 is the traveltime from s0 to g0 , and ∆s
and ∆g are the distances in source and receiver position to the expansion point. The expansion points
coincide with the coarse grid nodes of the traveltime tables (see Figure 1).
Vanelle and Gajewski (2002a) describe how the coefficients in the traveltime expression (8) can be
obtained from coarsely-gridded traveltime tables. We give an example for the determination of the coefficients qx and Gxx . Figure 1 shows a grid on which the traveltimes T0 , Tm = T (s0 , g0 − ∆gx ), and
Tp = T (s0, g0 + ∆gx ) are given. The traveltimes T1 and T2 are substituted into the hyperbolic expression
(8):
2
Tm

Tp2

= (T0 − qx ∆gx )2 + T0 Gxx ∆gx2

= (T0 + qx ∆gx )2 + T0 Gxx ∆gx2

.

This resulting system of equations is solved for the two unknowns q x and Gxx , leading to
qx =

2
Tp2 − Tm
4 T0 ∆gx

and

Gxx =

2
Tp2 + Tm
− 2 T02
q2
− x
2
2 T0 ∆gx
T0

.

The coefficients qz and Gzz are determined accordingly from traveltimes to g0 ± ∆gz ; coefficients px and
Sxx are determined using traveltimes from s0 ± ∆sx to g0 , and so forth. Expressions for all coefficients
of (8) are given in Vanelle (2002). An investigation of the accuracy of the obtained coefficients was also
carried out by Vanelle (2002).
Expression (8) is equally valid for diffraction traveltimes. The stacking surface/curve required for the
summation in (1) and (5) is the sum of the traveltime from the source to the subsurface point (denoted by
T1 ), and, due to reciprocity, that from the geophone to the subsurface point (T 2 ), i.e.
τD (ξ, M ) = T (s, x) + T (g, x) = T1 + T2

.

(11)

The vector x is the position of the subsurface point M . Both T1 and T2 are obtained on the fine migration
grid from traveltime interpolation using equation (8), as the coefficient sets for the branches 1 and 2 are
determined. Note, however, that the matrices N1 and N2 are 3×3 matrices that do not coincide with the
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2×2 matrices in the weight functions (3) and (6), Nr1 and Nr2 : in the latter, the derivatives are taken in the
reflector tangent plane, whereas N1 and N2 are defined in global Cartesian coordinates. The transformation
from that system to the system defined by the reflector tangent plane is derived in Appendix A.
By applying equation (11) with hyperbolic traveltime interpolation using (8) we get the stacking surface/curve from coarsely-gridded traveltime tables. Since the position of the source can also be interpolated, we gain considerable savings in storage: if, for example, the ratio of the coarse to the fine grid spacing
is ten, a factor of 105 can be saved in storage in 3D. Furthermore, the interpolation is very fast, and fewer
traveltime tables (compared to a classic implementation) need to be computed due to the source interpolation, thus we also save in computation time. With the coefficients from equation (8) we can compute the
weight functions (3) or (6); the matrices NrI are obtained from the transformation of the coefficient matrices NrI in the reflector’s tangent plane (see Appendix A). Finally, the emergence angle at the source, θ S ,
lies between the emerging ray and the vertical axis, and the incidence angle at the geophone, θ G , between
the incident ray and the vertical axis. They are obtained from the slowness vectors (first derivatives) by
cos θS = Vs p1z

,

and

cos θG = Vg p2z

.

(12)

As all quantities are computed on the fly, additional storage for the weight functions is not required.
In comparison to the classic true-amplitude migration, where supplemental quantities need to be stored in
addition to the traveltimes, this leads to considerable savings in storage. Furthermore, to perform dynamic
ray tracing for the computation of the classic weight functions, the velocity model as well as its first- and
second-order spatial derivatives must be continuous. This requirement is often not fulfilled by the output
from the model building step. Here, the traveltime-based strategy has another advantage. As traveltime
engines based on eikonal solvers or kinematic ray tracing only need continuity of the model up to first
order, we can generate the traveltime tables with those. Although smoothing of the model may still be
necessary (for a discussion on smoothing, please refer to Gajewski et al. 2002 and Gold et al. 2000), the
stronger demand for continuity of second-order derivatives no longer holds.
In the following section, we will illustrate the traveltime-based algorithm with applications to a complex
synthetic and a real data set. To show that the quality of the migration result is equivalent to that obtained
from conventional true-amplitude migration, we compare our results to DRT-based migration.
APPLICATIONS
Synthetic data set
To investigate the performance and quality of the traveltime-based strategy to true-amplitude migration,
we have chosen a complex 2.5D synthetic model, shown in Figure 2. Ray synthetic seismograms were
computed using a commercial ray modelling package. Transmission losses were not modelled. A total of
56 600 traces were generated and sorted in common-offset gathers with offsets ranging from 0 to 1980 m.
The resulting zero-offset section is displayed in Figure 3. Although Figure 3 reveals modelling artefacts
such as missing diffractions at the pinch-outs and irregular amplitude behaviour in isolated spots, we have
decided to use this highly complex model for the verification of the method, as the applicability to simple
models has already been demonstrated by Vanelle and Gajewski (2002b).
Traveltime tables on coarse grids with a spacing of 100 m in each dimension were generated using ray
modelling for sources distributed with a spacing of 100 m. These were the only input to the traveltimebased algorithm, together with the velocity model, that had to be slightly smoothed for the ray tracing.
Only first arrivals were considered. In order to compare our method to standard weight functions, we have
applied ray modelling to compute the necessary dynamic Green’s functions (GFTs) on a 50 m grid with
a shot spacing of also 50 m. For the 2.5D common-offset weight function (Hanitzsch, 1997) the dynamic
GFT consists of the following four quantities: (1) the traveltime, (2) the emergence angle, (3) the inplane, and (4) the out-of-plane geometrical spreading. The discretisation of the migration grid was for both
methods chosen as 10 m in x- and 5 m in z-direction. This leads to savings of 95 % in memory requirements
when the traveltime-based approach is applied. Note, however, that in 3D the savings can be higher. The
traveltime-based migration was performed in only 13 % of the computation time required by the migration
with standard weights. A purely kinematic migration (i.e. no weights were applied and traveltimes were
interpolated linearly, thus needing the finer input spacing of 50 m) was about four times slower than the
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Figure 2: The velocity model for the synthetic data example. The seismograms were computed in the
original blocky model shown here. For the generation of the GFTs the model was smoothed.
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Figure 3: The (unmigrated) zero-offset section of the synthetic data set obtained by ray modelling. Note
the missing diffractions at pinch-outs and changes in amplitudes along the reflectors, e.g., at the positions
indicated by arrows.
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traveltime-based implementation including weights. Due to the differences in the implementations, these
computational times cannot be directly compared, but they indicate the efficiency of the traveltime-based
method. Again, the gains will increase in 3D. In the comparison of the computational times we have
not considered the fact that for the traveltime-based approach we need to generate traveltimes for less shot
positions. Also, faster methods for the computation of traveltimes than dynamic ray tracing may be applied,
so that the potential savings in CPU time even in 2.5D are likely to be higher than in our example.
Figure 4 shows the stacked migrated depth sections. At the shallower depths, a mute was applied to the
larger offsets to avoid the distortions caused by pulse stretch. A comparison between the migration with
DRT weights, Figure 4a, and traveltime-based weights, Figure 4b, reveals no obvious differences. Figure
5 displays common image gathers obtained from the migrated sections using both methods. Comparison
shows no significant differences between the DRT weights (Figure 5a) and the traveltime-based weights
(Figure 5b).
In addition to the structural image of the subsurface discussed in the previous paragraph, we have investigated the accuracy of the reconstructed amplitudes. Figure 6 shows a comparison of the amplitudes
picked along the top (Figure 6a) and bottom (Figure 6b) reflector in the depth-migrated zero-offset section, together with the analytically computed values. For the top reflector, the recovered reflectivity from
both methods coincide very well, and both agree with the analytic result. The differences between the
analytic value and the migration results at the jumps in reflectivity near 5.2k m and 5.8 km can be attributed to the necessary smoothing of the velocity model and the missing diffractions (see Figure 3). For
the bottom reflector, both methods still lead to coinciding results, however, they deviate from the analytic
value. There are several reasons for the deviations. Although later arrivals can generally be incorporated
in the traveltime-based strategy (Vanelle et al., 2003), only first arrivals are considered in the current implementation. Therefore, the energy of the later arrivals that should also contribute is missing. Also, the
missing diffractions and irregular amplitude behaviour of the synthetic seismograms (see Figure 3) lead to
deviations of the recovered amplitudes from the analytical values. These affect both methods in the same
manner, as Figure 6 shows.
Finally, we have constructed amplitude versus offset (AVO) curves from the prestack-migrated sections
for the topmost reflector at x=2.6 km. At this position, the reflector is plane and horizontal, thus we could
compute the corresponding analytical reflectivity. The results are shown in Figure 7. Again, we can see
that the reflectivity obtained from both migration methods coincide, and both match the analytical values
very well.
Real data set
The seismic data used for the following case study were acquired by an energy resource company. They
intend to carry out a project where a detailed knowledge of the subsurface structures is essential.
After standard preprocessing of the field data, an imaging workflow based on the Common-ReflectionSurface stack (CRS) (Hertweck, 2004; Mann et al., 2003) was carried out. The velocity model shown in
Figure 8 was obtained from a tomographic inversion of the CRS attributes (Duveneck, 2004). This model
was used to generate the input GFTs by ray modelling. For the traveltime-based migration, the ratio of the
spacings between coarse input grid and migration grid was 10 in x-, and 20 in z direction. The tables were
computed for every fifth source position. For the dynamic GFTs the ratio of the spacings between coarse
input grid and migration grid was 4 in x- and 8 in z-direction. The GFTs were computed for every second
source position.
The computational time required for the traveltime-based migration was 20 % of that using dynamic
GFTs. Concerning computer storage, the traveltime-based implementation lead to savings of 96 %. Again,
we expect the savings to be higher in 3D. Also, the CPU time savings do not include the savings achieved
from the fact that traveltimes need to be generated for fewer shots and with a possibly faster method than
dynamic ray tracing.
Figures 9 and 10 show the stacked sections and the common-image gathers obtained from the migration
using both implementations. We have not investigated the amplitude behaviour further as some steps in
the preprocessing applied to the field data were not preserving the amplitudes. However, as in the previous
synthetic examples, the results from both methods appear virtually identical.
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Figure 4: The true-amplitude prestack-migrated and stacked sections for the synthetic data set: (a) with
weights from dynamic ray tracing, (b) from the traveltime-based approach with ray traveltimes. The diffractions at pinch-outs are artefacts due to gaps and amplitude discontinuities in the input seismograms, see
Figure 3. There is no visible difference between (a) and (b).
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Figure 5: Common image gathers resulting from migration of the synthetic data with DRT weights (a) and
traveltime-based weights (b). No apparent difference is visible.
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Figure 6: Amplitudes of the top (a) and bottom (b) reflector in the synthetic model picked from the
migrated depth section for the zero-offset case. The results from DRT and traveltime weights coincide. The
analytic reflection coefficients are also given. For the top reflector, the reflectivity could be reconstructed
with higher accuracy than for the bottom reflector. The reasons are discussed in the text.
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Figure 8: The velocity model for the real data set obtained from CRS tomography.

CONCLUSIONS AND OUTLOOK
We have presented a new, highly efficient traveltime-based approach to true-amplitude migration of seismic
data. The method requires only traveltimes on coarse grids as opposed to the conventional true-amplitude
migration, where dynamic Greens function tables must be generated on finer grids. Thus, while maintaining the quality of the resulting images and the accuracy of the recovered amplitudes, application of the
traveltime-based strategy leads to considerable savings in computer storage and computational time. For
the 2.5D synthetic and field data examples presented in this study, the CPU time was reduced by 80–85 %,
and the required storage was reduced by about 95 % in comparison to standard true-amplitude migration,
whereas no discernable differences exist between the results from both methods. We expect the savings to
increase in 3D.
The new method will be even more interesting when anisotropy is considered. Whereas the requirements in computer storage do not depend on the type of medium, the computational time for the generation
of the Greens function tables becomes a major issue in anisotropic media: their calculation is a magnitude
slower than in isotropic media, especially when dynamic wavefield properties are concerned. Therefore,
the extension of the traveltime-based strategy to account for anisotropy will lead to even higher savings
than for isotropic media, as dynamic wavefield properties are no longer required. Also, traveltimes need to
be calculated for fewer shots. First tests on the determination of geometrical spreading – a key quantity for
the weight functions – from traveltimes in anisotropic media confirm the high potential of the technique
(Vanelle and Gajewski, 2003). More details on the anisotropic extension of the traveltime-based strategy
will be given in a follow-up paper.
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Figure 9: The true-amplitude migrated and stacked sections of the real data set: (a) with weights from
dynamic ray tracing, (b) from the traveltime-based approach with ray traveltimes for the real data model.
There is no visible difference between (a) and (b).
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Figure 10: Common image gathers resulting from migration of the real data with DRT weights (a) and
traveltime-based weights (b) for the real data model. No apparent difference is visible.
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APPENDIX A – TRANSFORMATION TO REFLECTOR COORDINATES
The 2×2 matrices Nr1 and Nr2 in the weight function (3) are taken in the reflector coordinate system,
whereas the 3×3 matrices determined from traveltimes, N1 and N2 , are given in the global Cartesian coordinate system. In this appendix we derive the transformation from global Cartesian to reflector coordinates.
We do not a priori know the orientation of the reflector element, thus this coordinate system is also
unknown. In fact, we do not even know if a reflector exists at the subsurface point under consideration.
However, as the migration result Ω(M ) only exists if the image point M is a reflection point and the
weights are taken in the stationary point, we assume that the two rays which connect S to M and G to M
correspond to a specular reflection.
Let the base vectors of the global Cartesian system be denoted by e x , ey , and ez . We now define the
base vectors of the reflector coordinate system as follows:
• Vector e3 is normal to the interface and given by
e3 =

V2 q 2 + V 1 q 1
|V2 q2 + V1 q1 |

,

where V1 and V2 are velocities at the image point: V1 is the velocity for the ray that connects the
source and the image point, and V2 is the velocity for the ray connecting the geophone and the image
point. For pure modes it follows that V1 = V2 .
• Vector e2 is perpendicular to the plane of incidence,
e2 =

q2 × q 1
|q2 × q1 |

.

For the zero-offset ray, where V1 q1 and V2 q2 coincide, the vector e2 is chosen arbitrarily in the
plane perpendicular to VI qI .
• Vector e1 lies along the reflector in the plane of incidence,
e1 = e2 × e3
by

.

The transformation from reflector coordinates, r, to global Cartesian coordinates, x, is then described
r = Hx ,

where the transformation matrix H is


e1 · ex
H =  e2 · ex
e3 · ex

The 2×2 matrices NrI are then obtained from

e1 · ey
e2 · ey
e3 · ey


e1 · ez
e2 · ez 
e3 · ez

NrI = I2×3 NI H−1 I3×2
with
I2×3 =



1 0 0
0 1 0



and I3×2

.

,



1 0
= 0 1 
0 0

.
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ABSTRACT

Migration of seismic reflection data is a standard technique for subsurface imaging. To obtain a
high quality image even illumination of the subsurface is essential. Conventional Kirchhoff migration, however, does not provide the desired angular coverage at the image point, especially when
complex media are considered. In this paper we suggest a new strategy for migration with angular
parametrisation in anisotropic media. The method, which guarantees even illumination, combines the
conventional ray shooting with a hyperbolic traveltime interpolation. This makes the technique very
efficient. An anisotropic example with elliptical symmetry confirms the high potential of the new
strategy.

INTRODUCTION
Kirchhoff migration is one of the oldest migration tools, and has its roots in the graphical migration scheme
of Hagedoorn (1954). His work was later related to the wave equation by Schneider (1978) and became
familiar as “Kirchhoff migration”. Kirchhoff migration is an inversion technique that images the structure
of the subsurface from seismic reflection data. Even if newer migration methods exist that can in some
cases provide better images, Kirchhoff migration is still a standard technique.
The conventional Kirchhoff migration treats each subsurface point under consideration as a diffraction
point; the corresponding diffraction traveltime curves are constructed and the traces are stacked along that
curve. In a typical seismic experiment, the source and the receivers are spaced uniformly in the recording
surface. This line-up has, however, a vital disadvantage especially for complex subsurface structures: the
usually equidistant spacing of source and receivers leads to high illumination in some angular regions, and
poor illumination in others (see Figure 1). However for many purposes, e.g. AVO studies, an equiangular
spacing at each image point is needed.
To overcome this deficiency, Brandsberg-Dahl et al. (2003) suggested a migration scheme with angular
parametrisation. By following this strategy for migration, rays with equal angular spacing are required
from the image point to the registration surface. Rays shot from image points with equiangular spacing,
however, do not arrive at the recording surface with equidistant spacing (see Figure 1).
In this paper we introduce a migration method based on the idea of migration with angular parametrisation
in combination with ray shooting and hyperbolic traveltime interpolation to calculate the traveltimes.
Therefore, we calculate traveltimes by ray shooting from each image point to the surface for each angle
increment. Instead of applying seismic trace interpolation (Spitz, 1991), we calculate the traveltime to the
real trace positions by applying the hyperbolic traveltime interpolation introduced by Vanelle and Gajewski
(2002).
To account for the irregular grid resulting from the non-equidistant positions in the registration surface, we
extended the hyperbolic traveltime interpolation. During the migration procedure only those traces, which
are accessible from the image point, are taken into account. To obtain an image with high-resolution, the
subsurface is discretised on a fine grid. Since traveltimes to the registration surface are required for each
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Figure 1: Both figures demonstrate a model with a negative velocity lens structure. The left hand side
figure shows the principle of the conventional Kirchhoff migration, where the registration surface has an
equidistant sampling, but this is no guarantee that this is also the case at the image point; the right figure
shows the situation for the migration with angular parametrisation, where even illumination at the image
point is ensured.
image point on that fine migration grid, we also use hyperbolic interpolation of the traveltimes at the image
point. Then, ray shooting has only got to be carried out for image points on a coarse grid.
After an introduction to the method we give a numerical example. We demonstrate the accuracy of the
technique by comparing traveltimes computed for an anisotropic model to exact traveltimes. Additionally,
we show the migration results for the presented model. Finally, we will conclude our results and present
an outlook to future work.
THE METHOD
In this part, we give a short overview of our traveltime-based migration implementation with angular
parametrisation. Also, we explain the extension of the hyperbolic traveltime expansion (Vanelle and Gajewski, 2002) for our application.
Inside a predefined target zone (see Figure 2(a)) traveltimes are calculated from image points on a coarse
grid to the registration surface. To provide the desired uniform angular coverage at the image point M the
slowness at M is defined by equidistant emergence angles (see Figure 2(b)). To calculate the traveltimes
by ray shooting from the image point M to a point at the surface we solve the kinematic ray tracing system
(Červený, 1972). Since in most cases there will be no source or receiver at this position, the hyperbolic
traveltime interpolation is applied. For this purpose we have extended the hyperbolic traveltime approach
by Vanelle and Gajewski (2002) to irregular traveltime grids. This approach allows us to interpolate the
traveltimes to the real trace position (Figure 2(c)). We use the same method to interpolate to image points
on a fine grid (Figure 2(d)).
Hyperbolic traveltime equation for irregular grids
To interpolate the traveltimes from the intersection points of the rays with the registration surface to the
receiver position we use the 3-D hyperbolic traveltime expansion introduced by Vanelle and Gajewski
(2002). It follows from a Taylor expansion of the squared traveltime T 2 . The expansion is carried out
in the three components of the source position vector ~s = (s 1 , s2 , s3 ) and those of the receiver positions
~g = (g1 , g2 , g3 ). The hyperbolic equation reads


T 2 (~s, ~g ) = (T0 − p~0T ∆~s + q~0T ∆~g )2 + T0 −2∆~s T N∆~g − ∆~s T S∆~s + ∆~g T G∆~g + O(3), (1)
where T0 is the traveltime in the expansion point. The “source” location here is assumed to be the image
point, and the receiver in the registration surface. Therefore, here the expansion point corresponds to the
“source” on the coarse subsurface grid and the receiver at the endpoint of the ray in the registration surface.
The vectors ∆~g = ~g − ~g0 and ∆~s = ~s − ~s0 are the deviations of the image point and receiver positions (~s
and ~g) from the location of the expansion point (~s0 and ~g0 ).

166

Annual WIT report 2004

 
 !#"%$&('*)

(a) Define the target zone inside the model.

(b) Calculate traveltimes by ray shooting to
the surface.

(c) Interpolate to the receiver positions.

(d) Interpolate the traveltimes onto the fine
migration grid.

Figure 2: The principle of calculating the traveltime tables for the migration procedure.

The first-order derivatives
p i0 = −

∂T
∂si

s~0 g~0

and qi0 = −

∂T
∂gi

,
s~0 g~0

(2)

are the slowness vectors at the image point and the receiver, and the matrices
Sij = −

∂2T
∂si ∂sj

s~0 g~0

Gij =

∂2T
∂gi ∂gj

s~0 g~0

∂2T
∂si ∂gj

s~0 g~0

Nij = −

= Sji ,
= Gji ,

(3)

6= Nji ,

(i, j = 1, 2, 3) are the second derivatives of the traveltimes, which are related to the curvature of the wavefront.
We will now consider one expansion point. The receiver position of the expansion point is defined by the
emergence angle at the image point. The coefficients Gxx and qx0 can be computed from the three traveltime values T0 = T (~s0 , ~g0 ), Tm = T (~s0 , ~g0 − ∆gm ) and Tp = T (~s0 , ~g0 + ∆gp ) (see Figure 3(a)). In
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(a) First step: Determination of the traveltime coefficients qx and Gxx at position g0 .

(b) Second step: Interpolation to the real receiver position g.

Figure 3: Traveltime interpolation to the real receiver position. The traveltimes T m , T0 and Tp are computed by ray shooting.

comparison to the regular grid formula given by Vanelle and Gajewski (2002), here the distances between
grid points differ (∆gm 6= ∆gp ). The insertion of Tm and Tp into the hyperbolic equation (1) leads to a
linear system of two equations with two unknowns, which can be solved for q x0 and Gxx . As result we get
qx0

=

2
2
2
Tp2 ∆gm
− Tm
∆gp2 − T02 (∆gm
+ ∆gp2 )
,
2 ∆g + ∆g ∆g 2 )
2T0 (∆gm
p
m
p

(4)
Gxx

=

2
Tm
∆gp

+ Tp2 ∆gm − T02 (∆gm +
2 ∆g + ∆g ∆g 2 )
T0 (∆gm
p
m
p

∆gp )

+

2
qx0

T0

.

After the coefficients have been determined, Equation (1) can be directly applied for the traveltime interpolation to the real receiver position g (see Figure 3(b)). This is repeated for all receiver positions and for
each subsurface point.

Interpolation to the fine migration grid
It is also possible to interpolate traveltimes between image points, i.e. ∆~s 6= 0. This requires that the
derivatives with respect to the image point positions are also known. The coefficients S xx , px0 can be
obtained from the traveltimes Tm and Tp (see Figure 4).
0
The ray shooting from the three subsurface points sm , s0 and sp gives us the traveltimes Tm
, T0 and Tp0 .
By applying the hyperbolic traveltime interpolation with the coefficients q m and Gm for the expansion
point (sm , gm ) which we have already calculated before, we get (see also Figure 4)

0
2
2
0
Tm
= (Tm
− qm ∆gm )2 − Tm
Gm ∆gm
.

(5)

Similar, interpolation with the coefficients qp and Gp at (sp , gp ) yields
Tp2 = (Tp0 − qp ∆gp )2 − Tp0 Gp ∆gp2 .

(6)

168

Annual WIT report 2004

H<

D<
;=<?>:@A<

DC
;>3@

DE
;FEG>3@E

B?< C

BC

BE C

I H

I H

HC

JL
J-M

JK

NK

H3E

NM

NL

(a)

(b)

Figure 4: (a) Rays are shot from the three subsurface points at sm , s0 and sp , respectively. The corre0
sponding traveltimes to the surface are Tm
, T0 and Tp0 .(b) With the coefficients qm , qp , Gm and Gp we
obtain the traveltimes Tm and Tp . These lead to the coefficients px0 and Sxx .
With these traveltimes we can calculate the coefficients px0 and Sxx :
px0
Sxx

=

2
Tm
− Tp2
,
4T0 ∆s

=

2
Tp2 + Tm
− 2T02 p2x0
−
,
2T0 ∆s2
T0

(7)

where ∆s = sp − s0 = s0 − sm . The remaining coefficients are computed correspondingly. Afterwards
the traveltimes can be interpolated from the fine grid of image points to the receiver positions.
NUMERICAL EXAMPLE
Traveltime interpolation
To illustrate the accuracy of the traveltime computation presented in the previous section we have chosen
an anisotropic two-layers model with elliptical symmetry. Elliptical anisotropy is a special case of polar
anisotropy with an additional constraint, that reduces the number of independent elastic parameters to four.
Elliptical anisotropy is rarely found in real rocks. It is used here for verification purposes since traveltimes
and synthetic seismograms can be computed analytically. We describe our model by the Thomson parameters  = δ = 0.187 and γ = 0.51 and the vertical velocities vp0 and vs0 (Thomsen, 1986). The model is
shown in Figure 5. The receivers are located at the surface with 20 m spacing.
x
0km

1

2
20m

...
s0

...201 4km
vp=3.37km/s

2km
z

vp=3.54km/s

4km

Figure 5: The model dimensions for the elliptically anisotropic test model.
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To evaluate the accuracy of the traveltime interpolation, we will consider an image point at s 0 =
(0.5, 0.5)km. From here and the neighbouring image points on a 100 m coarse grid we have performed
ray shooting with a constant angular increment. Traveltimes were interpolated from four different image
points to the receivers using (1) and were compared to analytic values. The results are shown in Figure 6.
Image point x=0.5km, z=0.5km
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Figure 6: Distribution of traveltime errors. Upper left: errors for an image point on the coarse grid at
~s0 = (0.5, 0.5)km. Upper right: errors for an image point of the fine grid with ~s = (0.52, 0.5) ∆x = 20m.
Lower left: errors for an image point at ~s = (0.5, 0.52) ∆z = 20m. Lower right: Errors distribution for an
image point of the fine grid with ~s = (0.52, 0.52) ∆x = ∆z = 20m.

The upper figure on the left hand side shows the absolute traveltime error for the image point on the coarse
grid, i.e.at ~s0 = (0.5, 0.5)km. Here, we have the lowest errors, because we only had to interpolate the
receiver positions. The absolute traveltime error is less than 0.004 ms for all receiver positions.
The upper figure on the right hand side and the lower figure on the left side represent the absolute errors
for image points on the fine grid, where we have interpolated traveltimes for image points at the positions
~s = (0.52, 0.5) ∆x = 20m and ~s = (0.5, 0.52) ∆z = 20m. While we have slightly better results for the
fine grid interpolation in x-direction, the maximum absolute traveltime error in z-direction is also less than
0.016 ms.
The lower figure on the right side shows the error distribution for an image point at the position ~s =
(0.52, 0.52) ∆x = ∆z = 20m. In this case the absolute traveltime error is also lower than 0.016 ms.
The interpolation of traveltimes onto the fine grid was 10 times faster than the calculation with ray shooting
from image points on the fine grid.
We have chosen a homogeneous medium with elliptical symmetry to validate our implementation. For this
medium, the traveltime expression (1) is exact. Therefore, we expected traveltime errors within machine
precision, which was confirmed by the tests. The high accuracy of the traveltime interpolation for other
types of complex isotropic and anisotropic media for regular grids was already demonstrated in Vanelle
and Gajewski (2002) and Vanelle and Gajewski (2003).
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Figure 7: Synthetic common-shot section: The receiver spacing is 20 m and the source is located at 1 km.

Migration
To verify the migration algorithm synthetic seismograms in a common-shot configuration were computed
for the two-layers model. The seismograms were computed using the analytical solution. The synthetic
shot section (Figure 7) was created with a receiver spacing of 20 m, where the source is located at 1 km.
The input traveltimes were calculated on a 100 m grid. First the interpolation to a fine migration grid is
accomplished, here the grid spacing is 5 m. These traveltimes were the only input data for the migration
algorithm.
Figure 8 shows the migrated depth section. The reflector has been migrated to the correct depth. The
hyperbola-shaped event in the migrated section is an artefact caused by the limited extent of the receiver
line. It can be suppressed by application of a suitable taper.
CONCLUSION AND OUTLOOK
We have presented a traveltime-based implementation for the migration with angular parametrisation. The
traveltimes are computed on coarse grids, leading to considerable savings in storage. Subsequent hyperbolic interpolation leads to the traveltimes on the required fine migration grid. A numerical example
indicates the quality of the traveltime interpolation. Application of angle-based migration to a simple
anisotropic model resulted in a kinematically correct image of the subsurface where the reflector depth was
successfully reconstructed.
The main advantage of the migration with angular parametrisation in comparison to conventional migration
is that it leads to an even illumination. This is especially important for media with a complex subsurface
structure. Therefore, future work will be devoted to compare the migration results of traveltime-based
migration with angular parametrisation with conventional Kirchhoff migration for heterogeneous complex
3-D models.
The consideration of migration amplitudes is another important future aspect. The output of a trueamplitude migration serves as input for AVO analysis, a key technique for reservoir characterisation. Future work will therefore be addressed to the extension of the angle-based implementation to true-amplitude
migration in anisotropic media. This implementation will also be based on traveltimes as only input information for the determination of the true-amplitude weights.
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Figure 8: Migrated depth section of the common shot section shown in Figure 7. The reflector was
migrated to the correct depth. The hyperbola-shaped artefact is an aperture effect which can be removed
by applying a taper.
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ABSTRACT

The localization of seismic events is of utmost importance in seismology. Current techniques rely on
the fact that the recorded event is detectable at most of the stations of a seismic array. Weak events, not
visible in the individual seismogram of the array, are missed out. We present a new approach, where
no picking of events in the seismograms of the recording array is required. The observed wavefield
of the array is reversed in time and then considered as the boundary value for the reverse modelling.
Assuming the correct velocity model, the reversely modelled wavefield focusses on the hypocenter
of the seismic event. The origin time of the event is given by the time where maximum focussing is
observed. The spatial extent of the focus resembles the resolution power of the recorded wavefield
and the acquisition. This automatically provides the uncertainty in the localization with respect to
the bandwidth of the recorded data. The new method is particularly useful for the upcoming large
passive arrays since no picking is required. It has great potential for localizing very weak events, not
detectable in the individual seismogram, since the reverse modelling stacks the energy of all recorded
traces and therefore enhances the signal-to-noise ratio. The method is demonstrated by 2-D and 3-D
numerical case studies which demonstrate the potential of the new technique. Events with a S/N ratio
smaller than 1 where the events cannot be identified in the individual seismogram of the array are
localized very well by the new technique.

INTRODUCTION
The problem of earthquake location is one of the most basic problems in seismology. Although numerous
applications exist worldwide, the inherent non-linearity prevents earthquake location and tomography from
being a standardized routine tool. The earthquake location problem is stated as follows (Pujol, 2004): Given
a set of arrival times and a velocity model, determine the origin time and the coordinates of the hypocenter
of the event. This definition inherently assumes that the arrivals of an event are visible on a certain number
of the recorded seismograms of the observing array. This also means, that the arrival has to be identified in
the seismogram prior to the actual localization of the event. This not only requires the correct identification
of the onset of the arrivals but also the proper correlation of the individual phases among the different
stations of the array.
Source location methods can be categorized into absolute location methods and relative location methods. For the first type, the determination of the excitation time and hypocenter of a seismic source is
traditionally performed by minimizing the difference between the observed and predicted arrival times
of some seismic phases. For recent advances in seismic event location using such approaches see, e.g.,
Thurber and Rabinowitz (Thurber and Rabinowitz, 2000). The second class of methods considers relative
location within a cluster of events using traveltime differences between pairs of events or stations, see, e.g.,
Waldhauser and Ellsworth (Waldhauser and Ellsworth, 2000). These methods allow improvement of the
relative location between seismic sources but are exposed to the same difficulties mentioned above.

Annual WIT report 2004

173

In the above techniques, it is assumed that the event is visible on at least a few stations of the recording
array. In this paper we follow a different approach. Similar to Kao and Shan (Kao and Shan, 2004) we
will not assume that the event is visible on the individual seismogram of the array and we therefore do
not pick arrival times. The information present in all recordings of the whole array is exploited. Since the
image of the seismic source is observed from different observation angles by the different receivers of the
array, we can exploit this redundancy in the data. In applied seismics, the redundancy or the fold of the
recorded reflection data is the key issue for stacking with its potential to increase S/N ratio. For passive
seismic arrays the fold for an observed seismic event is determined by the numbers of the receivers in the
array. Kao and Shan (Kao and Shan, 2004) developed the Source-Scanning-Algorithm where they exploit
the stacking advantage by computing brightness functions for trial locations and origin times.
In our approach a reverse modelling technique is used to propagate the emitted seismic energy back to
its origin. The wave propagation for this situation is basically a one way process. We consider the recorded
seismograms, which are reversed in time, as the boundary values of our modelling. These boundary values
are downward continued, i.e., propagated backwards through the assumed model. If the model is correct the
backward propagated energy will focus at the source location and the corresponding zero time. The spatial
extent of the focus depends on the bandwidth of the recorded data and reflects the localization potential
of the event recorded by the used acquisition geometry, i.e., the localization uncertainty is automatically
obtained.
After the introduction we present the general outline of the methodology and describe its numerical
realization. Two-dimensional and three-dimensional numerical case studies for simple and complex models
demonstrate the feasibility of the method and show its potential for future development. Issues related to
model complexity, poor S/N ratio, velocity errors and sparse receiver arrays are considered in the case
studies. In the discussion section we suggest applications of the method and formulate extensions not yet
put into practice.
METHOD
Outline of the Methodology
The backward propagation of the recorded wavefield is so far entirely based on acoustic numerical seismic
modelling. In the present work the Fourier method, a pseudo-spectral method Kosloff and Baysal (1982), is
applied. However, finite-differences algorithms or elastic modelling could also be used as well. The main
idea is that, in contrast to seismic forward modelling initiated by a (highly) localized source, seismograms
reversed in time are used as initial conditions at the receiver locations. For the sake of simplicity the
algorithm is presented here for a 2-D space.
The modelling scheme is used to propagate the wavefield, which is fed into the numerical model at the
receiver stations, backwards in time. This can be done since the wave equation has no inherent preferred
direction in time. It is expected that after propagating the wavefield backwards in time, all energy will be
focussed at the source location, which will lead to large amplitudes at this position. These large amplitudes
can be easily detected by scanning the image at every time step. A continuation of the process of backward
propagation beyond maximum focussing will spread the wavefield away from the source.
The propagation in time is performed iteratively by a time-stepping scheme step by step with small time
increments ∆t. At each time step the entire grid representing the subsurface pressure field is scanned for its
maximum value and the spatial position thereof is stored. The location of the maximum pressure amplitude
over all time is the source position and its time is the excitation time of the source we are searching for.
The excitation time is obtained from the absolute time of the first sample fed into the back propagation and
the number of time steps needed to focus the event.
Assuming the recorded wavefield stems from a point source and the subsurface velocity model is
known, ideally the wavefield should focus perfectly. The spatial extent of the focus reflects the resolution
power of the experiment. This depends on the bandwidth of the recorded seismograms and the acquisition
geometry. Thus, the localization uncertainty is automatically obtained with this method. However, the
receiver locations are not perfectly sampled around the source position. Therefore, much information for
reconstructing the total wavefield at the source is missing. Consequently, we cannot expect that the wavefield perfectly collapses at the source location. Nevertheless, the examples presented below show that this
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method works surprisingly well even for erroneous velocities and low fold arrays.
Modelling
Various types of wave equations (WE) can be used for the propagation algorithm. There are the variabledensity WE and the constant-density WE, which in pseudo-spectral algorithms is computationally half as
expensive as the former. These two WEs naturally produce reflections at interfaces. If reflections need to
be avoided, which is desirable in our case, a one-way WE Baysal et al. (1983) which shows no reflections
at interfaces at all, or a so called impedance matching WE Baysal et al. (1984) with vanishing reflection
coefficient at normal incidence can be used.
The various WEs for 2-D media are given below:
Two-way wave equation





∂
∂2p
∂p
∂p
1
1
∂
2
+
= ρ(x, z) c (x, z)
∂t2
∂x ρ(x, z) ∂x
∂z ρ(x, z) ∂z

(1)

Constant-density two-way wave equation
∂2p
= c2 (x, z)
∂t2



∂2p ∂2p
+ 2
∂x2
∂z



(2)

Impedance-matching two-way wave equation





∂2p
∂p
∂
∂p
∂
c(x, z)
+
c(x, z)
= c(x, z)
∂t2
∂x
∂x
∂z
∂z

(3)

One-way wave equation
h
i
∂p
−1
= c(x, z) F F Txz
sign(kz ) i (kx2 + kz2 )1/2 P
∂t

(4)

where p is the pressure field, P is the pressure field double Fourier-transformed with respect to directions x
−1
and z, c is the velocity, ρ is the density, kx and kz are spatial wave numbers and F F Txz
denotes a double
inverse Fourier transform with respect to x and z. p, c and ρ are functions of the position.
The one-way WE cannot be directly implemented into finite-difference methods since it is implemented in
the wavenumber domain.
Most of the computational work is needed for calculating the spatial derivatives. The spatial derivatives
were computed by the Fourier method, which avoids numerical anisotropy and allows the use of coarse
grids, i.e., only two grid points per shortest wave length.
In the WEs the time derivatives were replaced by the following finite-difference approximations:
∂2p
p(t + ∆t) − 2p(t) + p(t − ∆t)
≈
∂t2
(∆t)2
and
∂p
p(t + ∆t) − p(t − ∆t)
≈
∂t
2∆t
respectively. For extrapolation in time - be it forward or reverse in time - the resulting expressions are then
solved for p(t + ∆t) or for p(t − ∆t) when modelled backwards in time.
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NUMERICAL CASE STUDIES

The performance of the localization methodology described above is demonstrated using simple and complex subsurface models for which synthetic seismograms were computed by the Fourier method utilizing
a code developed by Tessmer (Tessmer, 1990). We consider first a simple 2-D model consisting of four
homogeneous layers separated by interfaces exhibiting lateral variations and a very complex 2-D subsurface structure, a part of the Marmousi model Versteeg and Grau (1991). The synthetic seismograms for
the tests were computed by the Fourier method using the acoustic variable-density wave equation. These
seismograms served as input data. In order to study the quality of estimating the source location and excitation time we apply noise to the input seismograms and use incorrect subsurface velocities for the reverse
modelling to demonstrate the ability of the method to cope with such situations. Moreover, we perform
tests with reduced numbers of receivers. The 3-dimensional version of the algorithm demonstrates that the
method works well also for a 3-D subsurface structure.
Simple Model 2-D
The simple velocity model is shown in Fig. 1. The grid spacing is 10 m. The velocities vary between
2000 m/s and 3000 m/s. The explosive source is located at (360, 400) m. We use a Ricker-wavelet with a
dominant frequency of 50 Hz and a high-cut frequency of 100 Hz. 2000 time steps with a time increment
of 0.5 ms were calculated. 143 receivers are placed at the surface with a spacing of 10 m. The reverse
propagation is performed using the one-way wave equation. The calculations are done on a numerical grid
of 143 x 117 nodes. Surface seismograms for the above mentioned source position are shown in Fig. 2.
Only every second trace is displayed. Since this is a synthetic example the exact location and excitation
time are known. All times mentioned in the following text are relative to the exact source time, which is
0 s (zero time); i.e., negative numbers correspond to times prior to the real excitation time and positive
numbers indicate times after the real excitation time.
Correct Velocities In the first test of reverse propagation the correct velocity model is used. The scan for
maximum amplitudes yields the exact grid point of the source location. Snapshots showing the wavefront
collapsing at the source location are shown in Fig. 3. The final snapshot shows an almost point-like wavefield. The areal width of the focus corresponds roughly to the the prevailing wavelength of the recorded
data (about 60 m). The localization uncertainty is automatically obtained. For this ideal surface acquisition,
an optimal result without spatial or timing errors is achieved.
Velocity Errors In this test of reverse propagation, the velocities used throughout the model were 10%
higher than the correct velocities. Snapshots showing the wavefront collapsing at the source location are
shown in Fig. 4. The scan for maximum amplitudes yields the exact horizontal position of the source.
However, the vertical position is found 50 m above the real source position (i.e., at 350 m instead of
400 m) corresponding to about one dominant wavelength. Also the excitation time is not found correctly
(maximum amplitude is found at 30 ms instead of 0 ms) due to wrong velocities. These deviations are
expected, since an incorrect velocity model was used for the reverse modelling. The image with the highest
amplitude is shown in Fig. 4 (bottom).
Another example of an incorrect velocity model would be a smoothed version of the velocities shown
in Fig. 1. Such models are typically obtained from a tomography study. Performing the reverse modelling
with a 100 times applied 3-point smoothing operator almost repeats the results for the unsmoothed velocities and we therefore do not reproduce the result here. The maximum amplitude of the reversely modelled
sections is found at -1.5 ms and the determined location corresponds to the real source position.
Noisy Data In order to examine the effect of noise on the localization procedure a signal-to-noise ratio of
0.5 is chosen. The seismograms contaminated with noise are displayed in Fig. 5. The seismic event cannot
be identified in the individual seismogram of the section. After reverse propagation of the wavefield, the
estimated source position is found at (360, 390) m, i.e., the vertical position is wrong by a third of the
dominant wavelength. The timing error is 3 ms. In view of the fact that the events cannot be visually
identified in the seismograms, this is a remarkably good result which is explained by the stacking of energy
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from the large number of receivers. The corresponding snapshots showing the wavefront collapsing at the
source location are shown in Fig. 6. The focal area is clearly visible despite a higher noise level in the
image.
Reduced number of receivers For realistic acquisitions with passive arrays the number of receivers is
considerably smaller than in the previous examples. This also means that the observations are spatially
aliased. In this example the number of receivers is only a tenth of that in the previous cases, i.e., 14 equally
spaced receivers are used. The receiver spacing is 100 m. The estimated source position and its excitation
time is still found correctly. However, the wavefront does not look as smooth as in the previous cases
since the wavefield is heavily undersampled. It can be seen merely as the envelope of several wavefronts,
however, the focal area is clearly imaged. The snapshots showing the wavefront collapsing towards the
source location are shown in Fig. 7.
Complex Model
As a more complex model, a portion of the Marmousi model Versteeg and Grau (1991), is considered to
test the algorithm in a geologically more difficult situation. In this subsurface model the velocities vary
between 1500 m/s and 5500 m/s. The grid spacing is 8 m. The Ricker-wavelet has a maximum frequency
of 90 Hz where the dominant frequency is 45 Hz. The position of the explosive source is at (2800, 1520) m.
5000 time steps with a time increment of 0.25 ms were calculated. The velocity model is shown in Fig. 8.
The calculations are done on a numerical grid of 693 x 385 nodes. Seismograms for the above mentioned
source position are shown in Fig. 9. Only every fifth trace is displayed.
Correct Velocities Despite the fact that the Marmousi velocity model is rather complex, the reverse
modelling of the seismograms for the localization yields the exact source position and the correct excitation
time. Snapshots of the wavefront are shown in Fig. 10. The excellent localization can be explained by the
good coverage with receivers. The receiver spacing in this example is only 8 m. In another example below
we consider a more realistic acquisition with a reduced number of geophones.
Velocity Errors For this test the velocities are chosen 10% higher than the correct velocities in the entire
subsurface model. The scan for maximum amplitudes yields source coordinates of (2800, 1496) m. This
is correct in horizontal direction. The vertical position, however, is about 2% incorrect in depth (1496 m
instead of 1520 m). Also, the determined excitation time is incorrect by 76 ms. This is caused by the use
of wrong velocities. Snapshots showing the wavefront collapsing towards the source location are shown in
Fig. 11.
Reduced number of receivers Compared to the previous example here the number of receivers is reduced by a factor of 60, i.e., the receiver distance is now 480 m. The reverse modelling of the seismograms
for the localization yields an almost accurate source position. Only the vertical coordinate is missed by 8
m. The excitation time error is 2 ms. Snapshots are shown in Fig. 12.
It is important to note, that for correct reverse modelling the geometrical spreading losses should be
removed, which is not correctly handled by the current reverse modelling approach. We use time-dependent
weights for a crude correction of spreading losses. If such corrections are not applied the largest amplitudes
are observed directly at the receivers for sparse receiver spacing. A more detailed consideration of this issue
is given in the discussion.
Simple 3-dimensional Model
To test the three-dimensional implementation of the localization algorithm a 2.5-dimensional version of the
velocities for the simple model (Fig. 1) is considered. The original 2-D velocity model is extended laterally
into the y-direction leading to a 2.5-D velocity distribution. The model is made up of 140×140×110 grid
nodes with a spacing of 10 m. The explosive source is located at (360, 760, 490) m. A reduced number
of receivers, in this case at every 20th grid node, is used. In total the seismograms of 25 receivers with an
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average spacing of 200 m are fed into the numerical model as boundary conditions. In Fig. 13 snapshots at
different times for the xz- and xy-plane containing the source location are shown. The algorithm delivered
the correct horizontal locations and excitation time. The vertical position was incorrect by only one grid
cell.
DISCUSSION AND CONCLUSIONS
We have presented a new technique for the localization of seismic events and the estimation of their excitation times. The examples show that the method works extremely well if a sufficiently high coverage with
receivers is present. The algorithm still yields very good estimates even if the data are very noisy, here
S/N = 0.5. This makes the method attractive especially for weak onsets which are not detectable on single
traces. As one would expect, the quality of the localization and excitation time estimate degrades if the
subsurface velocities are not exactly known. A smoothing of the velocities does not degrade the localization. The numerical experiments have shown that the algorithm works very well even for source radiation
not visible in the individual seismogram of the array if a sufficient number of receivers is available.
Even in rather complex subsurface models the localization works surprisingly well. A sparse receiver
coverage, however, may lead to wrong localizations if no spreading corrections are applied. The reversely
propagated wavefield interferes constructively at the source position and the highest amplitudes should be
observed at this point. However, if we use only very few receivers, i.e., a heavily undersampled wavefield,
we observe the highest amplitudes at the receiver locations. The wavefields back propagated from the
receivers experience spreading losses in the reverse modelling and consequently display lower amplitudes
than at the receiver position. A possible solution is to restrict the search area (or volume) to locations
which are sufficiently far from the receivers and where constructive interference of the wavefield is already
present. This, however, requires a priori information on the possible source location. This can be exploited
when observing aftershocks or induced seismicity.
The physically more appealing solution is to account correctly for the removal of geometrical spreading
during back propagation. The spreading losses collected during the propagation from the source to the
receivers need to be removed in the reverse modelling in order to obtain the correct radiated amplitude. In
the current localization method based on the wave equation this is crudely implemented by a simple time
scaling of the images at every time step. Another option is the removal of geometrical spreading using a
wavefield continuation method for back propagation which is based on high frequency asymptotics. The
removal of geometrical spreading in reflection data is known from true amplitude migration Schleicher
et al. (1993); Tygel et al. (1992).
The potential to update the velocities based on the focussing of the event are not investigated yet. The
experience with migration velocity analysis in applied seismics, which is also based on the focussing of
energy at a common depth point, is motivating to progress in this direction. Having the source location
and the excitation time estimated by the method described above a mapping of reflectors below the source
location can be performed in a pre-stack reverse-time migration manner or with another pre-stack depth
migration algorithm.
An extension of the localization procedure to three dimensions is straight forward and was verified by
a numerical example. The computational effort for the downward continuation using the wave equation
increases considerably. Downward continuation techniques based on high frequency asymtotics may help
with this issue.
The range of possible applications of the presented techniques appears to be very broad. Currently,
many research initiatives are installing large passive arrays with 100+ receivers. These arrays will record
the wavefield for extended periods and it is almost impossible to check every recorded trace for a possible seismic event. The method used in this paper can be applied almost in real time if a fast downward
continuation method is used since no picking of arrivals is required. The data recorded by the array are
stored in blocks. Each block represents a certain time, e.g., 10 s. This wavefield is then reversed in time and
processed according to the method described above. The results can be displayed on a screen and inspected
for focussed energy. Activity in the subsurface can be visualized almost instantaneously as bright spots on
the screen.
The new approach might be also particularly valuable for areas with very weak seismic activity or poor
recording conditions (low S/N ratio), for production monitoring in oil and gas reservoirs, for monitoring

178

Annual WIT report 2004

of hydrofracs and seismic swarm events. The methodology can be also applied in areas which up to now
appeared to be seismically inactive. The apparent inactivity might be a result of poor recording conditions
and weak events which can not be detected in the individual seismograms of the array but may be visible
in the stacked superposition of the whole acquisition obtained by the reverse modelling.
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Figure 1: Simple velocity model.
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Figure 2: Seismograms from a source at (360, 400) m for the simple velocity model.
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Figure 3: Snapshots for the reversely modeled data of the simple velocity model. The maximum amplitude
is found for the image at 0 ms, i.e., for the exact excitation time.
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Figure 4: Snapshots of the reversely modelled data for the simple velocity model using 10% too high
velocities. The maximum amplitude is found at 30 ms, i.e., 30 ms too late.
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Figure 5: Seismograms from a source at (360, 400) m for the simple velocity model with noise added to
the data (S/N = 0.5). No events can be identified in the individual seismogram.
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Figure 6: Snapshots of the reversely modelled data with S/N = 0.5 for the simple velocity model. The
maximum amplitude is found in the image at 3 ms, i.e., 3 ms too late.
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Figure 7: Snapshots of the reversely modelled data of the simple velocity model with 10× less receivers
compared to Fig.3.
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Figure 9: Seismograms from a source at (2800, 1520) m for the Marmousi model.
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Figure 10: Snapshots of the reversely modelled data for the Marmousi velocity model. The maximum
amplitude is observed at the exact excitation time.
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Figure 11: Snapshots of the reversely modelled data of the Marmousi velocity model using 10% too high
velocities.
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Figure 12: Snapshots of the reversely modelled data for the Marmousi velocity model with 60× fewer
receivers compared to Fig.10. The maximum amplitude is found at -2 ms, i.e., 2 ms too early.
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Figure 13: Snapshots of the reversely modelled data for the 3-D simple model using 25 equally spaced
receivers. The maximum amplitude is observed at the exact excitation time.
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ABSTRACT

A real land data set of the Takutu basin (Brazil) was processed as an example not for comparison with
other processing packages, but to demonstrate once more the high potential of data-driven CommonReflection-Surface (CRS) stack-based imaging methods. The aim of this ongoing project is to establish a workflow for basin reevaluation for oil play. Based on the CRS attributes obtained during the
CRS stacking process, the determination of a smooth macrovelocity model via tomographic inversion
was conducted, followed by pre- and/or poststack depth migration.
It will be shown that both, pre- and poststack depth migration benefit from this approach. Other
CRS-stack based processing steps which could be added to this workflow are, e. g., residual static corrections, limited-aperture migration based on the estimated projected Fresnel zone, determination of
the geometrical spreading factor, and analysis of amplitude variation versus offset in the time domain
using approximate common-reflection-point trajectories calculated from CRS attributes.
Geological interpretation should be carried out mainly on the basis of zero-offset (ZO) and migrated
sections, being important that all maps have the proper scale, axis exaggeration and size. From details,
an anticline structure and faults can be mapped, where plays of horsts, grabens and rollovers are
indicated. Nevertheless, the basement cannot easily be traced. Especially, the right part of the section
needs more processing studies.

INTRODUCTION
This report is centred on results obtained for the land seismic data of the Takutu graben, where we used the
processing and imaging workflow and results of the Rhein graben seismic data presented in Heilmann et al.
(2003) as reference. The latter publication serves, together with Mann et al. (2004), as the basic references
on the CRS stack data-driven imaging approach for this report. Considering that most reflection seismic
surveys are subject to proprietary laws, our intention is to have data accessible to academic projects for
basin reevaluation.
The presented Takutu data set was acquired by Petrobras (Takutu Basin, Rondônia, Brazil) for petroleum
exploration. The data is free for use on university research and it was obtained from Agência Nacional do
Petróleo (ANP), Brazil. The goal here is to support academic projects that can deal with basin reevaluation
based on seismic reprocessing. The software used is non-commercial and developed, in the spirit of
continuous cooperation with the Geophysics Department of the Federal University of Pará, Brazil, by the
WIT Consortium group in Karlsruhe, Germany. This data set is offered in the form of non-processed field
records, therefore a complete pre-processing stage was necessary and described in the sequel.
The Takutu basin, following the description by Eiras and Kinoshita (1990), is classified as a Mesozoic
intracontinental rift, oriented NE-SW and approximately 300 km long and 40 km wide. It was developed
in the central part of the Guyana shield and located at the border Brazil and Guyana. The rift is filled with
sediments ranging from the Jurassic to the Quaternary and composed of two asymmetrical half-grabens:
The SW part dips southeasterly and the NE part dips northwesterly.
The structural scenario of the Takutu basin features horsts, grabens, anticlines, synclines, flower structures,
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and dip inversions (rollovers). Transcurrent faulting is considered to have reactivated local features
that were developed in the rift stage. The stratigraphical scenario of the Takutu basin is divided into
four depositional sequences that reflect the geological evolution of the area. The first basal sequence
is represented by the volcanic Apoteri formation and by the shaly Manari formation, both related to
the pre-rift phase. The second sequence is represented by the evaporitic Pirara formation and relates to
the stage of maximum stretching in the rift phase. The third sequence is represented by the sands and
conglomerates of the Tacutu and Tucano formations and are interpreted to correspond to the continuous
decrease in stretching. The fourth sequence is represented by the lateritic and alluvium of the Boa Vista
and North Savannas formations.
Continuing with Eiras and Kinoshita (1990), the conclusions for the model of the Takutu basin were
formally based on the interpretation of the conventional processed seismic data, seismic reprocessing,
seismic stratigraphy, surface geology, drilled wells, geochronology, and geochemistry. Several structural
styles were considered for the basin in focus and the most attractive were deltaic fan-shaped, compressional inversions, internal horst highs, and dip reversals. Our intention at this moment is not to trace new
evidences for the structural scenario for the Takutu basin, what may follow with the advance of the studies
with more systematically processed data completing a full block, followed by an enlarged work-group for
a proper geological interpretation.
The workflow for reference was the one for the data sets of the Rhein graben area acquired by the
HotRock Company with the aim to obtain a structural image of relevant structures for a projected geothermal power plant. A power plant is based on boreholes for production and re-injection of thermal water at a
depth of ≈ 2.5 km, where a strong fractured horizon of hot-water saturated shell limestone is to be located.
The production rate depends mainly on the degree of fracturing of a target horizon and a detailed knowledge of the subsurface structure is necessary. A standard preprocessing was applied to the Rhein graben
data set, followed by an imaging sequence consisting of: (1) normal-moveout (NMO) correction stack; (2)
dip-moveout (DMO) correction stack; (3) Finite difference (FD) time migration; and (4) a time-to-depth
conversion using macrovelocity models based on stacking velocity sections. Complementary to this standard processing, the main steps of the CRS-stack-based seismic imaging workflow were carried out. Also,
additional tasks, such as residual static corrections, true-amplitude migration, and amplitude variation with
offset (AVO) analysis may follow in the course of further research collaboration.
The CRS-stack-based seismic imaging workflow is presented in Figure 1. A fundamental point for good
CRS stack results is the preprocessing of the multicoverage seismic reflection data. The preprocessing was
performed in several steps beginning with the geometry setup and muting of bad shot and receiver gathers
followed by F-filtering, F-K-filtering, amplitude correction, and deconvolution. Since there were no significant changes in elevation, field static correction were omitted.
It has been reported in the recent 5 years by several case studies (Gierse et al., 2003) that CRS stack
produces reliable stack sections with high resolution and signal-to-noise (S/N) ratio. A set of physically
interpretable stacking parameters is determined as a result of the data-driven stacking process. These
kinematic wavefield attributes obtained by the CRS stack are important because they can be applied to
resolve a number of dynamic and kinematic problems. CRS-stack-based seismic imaging can make use
of these extended possibilities in further processing, e.g., to determine a smooth macro-velocity model or
to consider rugged top-surface topography. Besides the 2-D implementation used in this study also a 3-D
implementation, including parallel processing technology, is available.
PREPROCESSING
This section is mainly concerned with the tasks related to the Takutu original non-processed field data.
After a previous analysis, the selected line for processing was the one numbered 204-239 and it has
the following survey information: date of acquisition 1986; direction NW-SE; length of 31.5km; 631
shot points; 4ms of time sampling interval; 50m spacing of shot points and stations; charges of 0.9kg
at 2m depth distributed as L-3x2/25m. The receiver array distribution from left to right starts with a
part right-unilateral 0-48; the second part is split-spread symmetrical 48-48; the third part is split-spread
asymmetrical 76-20; and the fourth part is a left-unilateral 76-0. Similar procedures can be carried
out for all the lines of the two seismic blocks (numbered 50 and 204) of the Takutu graben. As before
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Figure 1: The CRS-stack-based seismic imaging workflow.
mentioned, the topography of the terrain is very smooth to almost flat so that elevation statics were omitted.
The preprocessing steps were performed with the Seismic Un*x (SU) package of the Colorado School
of Mines (Cohen and Stockwell, 2000). The SU data format is standard in almost every CRS imaging tool.
To facilitate an easy reproduction of the results, the tasks performed were organised in a so-called Makefile.
It severs as important reference information, as the further CRS imaging process is highly dependent on
the preprocessing. In our case, it consisted mainly of three parts: (1) Geometry setting; (2) Muting of bad
traces; and (3) F and F-K filtering. Besides these main parts, the workflow was subdivided into minor steps
given below.

1. Converting data format
1.1 Convert data from SEGY to SU and look at content of headers

2. Setting geometry
2.1. Set record number and trace number
2.2. Remove non-existing files reported on the field report
2.3. Set shot point coordinates
2.4. Set receiver point coordinates
2.5. Concatenate all shot gathers into one file
2.6. Set offset values
2.7. Set trace number within each CDP gather
2.8. Sort traces by CDP and offset
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3. Discriminating bad traces
3.1. Detect and zero out bad common-receiver (CR) gathers
3.2. Detect and zero out bad common-source (CS) gathers
3.3. Detect and zero out remaining bad traces
4. Muting
4.1. Select and mute top part of CS gathers (surface waves, refractions and noise)
4.2. Select and mute corrupted parts and coherent noise where possible
5. Filtering
5.1. Check dataset and apply trapezoidal bandpass filter: f=10,20,40,50 Hz
5.2. Check CS gathers and apply appropriate dip filters
5.3. Repeat muting
6. Trace balancing
6.1. Apply automatic gain control (AGC) with Gaussian window of 1s
As a first observation about the original Takutu seismic land data, the line 204-239 has many noisy
sections. For this reason, several shot and receiver gathers were initially completely muted. As a result
of visual analysis of all shot gathers, again several single traces had to be zeroed due to the high noise
level like spikes and sensor wandering. Afterwards, several band-pass filters with trapezoidal form were
experimented and the decision was for adopting the case with corners 10-20-40-50 Hz. The F-K velocity
dependent filter was used to further emphasise the cutting of high and low frequent noise, as surface waves
and critically refracted waves. The decision for adopting the filter parameters was based on the trace
gathers analysis through the spectrum and preliminary stack results, reinforcing the importance of the preprocessing stage on the CRS stack results. Also, it should be clear that, intentionally at the current stage,
no techniques as, e.g., radon filtering or ghost deconvolution were carried out on this data. Therefore,
increased results on stacking, tomography and migration might be obtained after inclusion of such advanced
pre-processing techniques.
CRS-STACK-BASED IMAGING
For the visualisation of the CRS attributes (see, e.g., Mann, 2002), the coherence section should be used
to mask out locations with very low coherence, considering that such locations are not expected to be
associated with reliable attributes. For these preliminary results, this step as well as the calculation of
additional output sections as, e.g., the optimized NMO velocity section and the geometrical spreading
section was omitted. The obtained sections of kinematic CRS wavefield attributes, as indicated in Figure 1,
are the following:
• a section containing the emergence angle of the central ray with respect to the measurement-surface
normal.
• a section containing the radius of the normal-incidence-point (NIP) wavefront as observed at the
emergence point of the central ray. The NIP wave focuses at that point of the reflector, where the
respective central ray is reflected, i. e., at the NIP.
• a section containing the curvature of the normal wavefront which can be observed at the emergence
point of the central ray due to an exploding reflector element at the NIP.
It is evident that a single display cannot emphasise all objective parts of the whole survey; therefore,
a prominent display was selected. Figure 2 displays the coherence panel that serves to indicate the fit
between the determined CRS stacking operators and the reflection events. Figure 3 displays the number
of traces used on the CRS stack process. It is clearly visible that there are zones of lower trace density.
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This laterally variable trace density corresponds to the changing acquisition geometry along the line and to
missing shotpoints. Figure 4 displays the radius of curvature of the normal-incidence-point wave (R N IP ).
Figure 5 displays the radius of curvature of the normal-wave (RN ). Figure 6 displays the emergence angle
of the central ray (β). This complete set of CRS wavefield attributes allows to estimate the size of the
projected first Fresnel zone. This is done by comparing the traveltime of the actual reflection event with
the traveltime of its associated diffraction event (characterised by the identity R N = RN IP ). The locations
where these events differ by half the temporal wavelet length define the extension of the projected first
Fresnel zone, and, thus, the optimum aperture to apply the attribute search and the stack. In addition to
the stack performed in the user defined aperture, a second stack is performed within the projected Fresnel
zone, only. Figure 7 displays the simulated non-Fresnel CRS ZO panel. Figure 8 displays the simulated
Fresnel CRS ZO panel. Figure 9 displays a typical near-offset gather for a direct use in the analysis of
ZO section in interpreting underlying reflectors. However, we can observe the difficulties in doing so.
Figure 10 displays a selected window of the ZO Fresnel stack panel for detailed analysis in interpreting
underlying reflectors. Figure 11 displays the same window now used for the automatic picking of CRS
attributes needed by the tomographic inversion. The time samples where CRS attributes have finally been
picked (after some editing) are marked by green crosses. Figure 12 displays the velocity model distribution
obtained by the tomographic inversion and it serves as input for the migration process. Figures 13 and 14
display the prestack and poststack depth migration panels, respectively.
The section depicted in Figure 10 shows that part of the ZO section which was used for the tomographic
inversion and migration. There, a prominent reflector dips from ≈ 0.5 s (left) to ≈ 1.5 s (right). The most
prominent anticline structure is on the left side between ≈ 2.0 km and ≈ 6.0 km. Although the preliminary
set of CRS attribute sections, at first glance, seems to be without good and clear correlative information,
the simulated zero offset sections show rather surprising correlated patterns in the panel.
A tomographical inversion based on the kinematic NIP wavefront attributes, as developed by Duveneck
(2002), was carried out to obtain a data consistent smooth macrovelocity model for depth imaging
of time-domain pre- and/or poststack data. This method is based on the description of the smooth
macrovelocity model by two-dimensional B-splines. It performs a simultaneous fit to all data points during
every iteration, in a least squares sense. Thus a simultaneous update of all model parameters is possible
after each iteration. In this case study, about several hundreds of ZO samples together with the associated
attribute values were picked to achieve the best resolution possible. Automatic picking was carried out
using a module based on the coherence associated with the ZO samples. The picked data, as shown in
Figure 11, was edited using several criteria to discriminate outliers and attributes related to multiples,
before the tomographic inversion process was applied. The obtained macrovelocity model is displayed in
Figure 12. During the first iterations the velocity models obtained changed rapidly, starting from a simple
gradient model. However, after four or five iterations they got more and more similar, ending up with the
displayed model after ten iterations.
A prestack depth migration (Hertweck and Jäger, 2002; Jäger and Hertweck, 2002) based on the
macrovelocity model, obtained in the tomographic inversion, was applied to the prestack data of both
profiles, where the kinematic Green’s function were calculated by means of an eikonal solver. The
resulting depth-migrated prestack data was first muted to avoid excessive pulse stretch for shallow
reflectors and then stacked in offset direction in order to obtain the depth-migrated images displayed in
Figures 13 and 14. Both sections do not show the same amount of structures, as in the stacked sections.
However, these results are preliminary, and do by far not tap the full potential of CRS imaging. Therefore
they cannot be compared to results of standard processing, where a sophisticated and very laborious
preprocessing and NMO/DMO/stack process was applied, using additional information (as refraction
seismics or borehole data) which was not yet considered for these preliminary results.
Nevertheless, even the results obtained so far by CRS-stack-based imaging show to be consistent for
the major structural trends and it is expected that the depth location of the reflectors are more reliable.
Comparison of the presented results with existing borehole data and other geological and geophysical
information available for the investigated area (Eiras and Kinoshita (1990)) shows agreement.
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Figure 2: Coherence panel for line Takutu 204-239.
As a complementary or alternative step of the CRS-stack-based imaging workflow, a poststack depth
migration was carried out for the profile. Input for the poststack depth migration are the CRS-stacked section and the macrovelocity model derived from the CRS attributes via tomography. In general, poststack
depth migration can be advantageous in cases where the determination of a sufficiently accurate macrovelocity model is difficult and/or the signal-to-noise ratio is poor. As both of these conditions might be met
in the case discussed here, where the data quality is considered to be low and therefore a macrovelocity
model, determined fully data-driven, may not be very reliable. For these preliminary results, prestack depth
migration cannot fully compete with the poststack depth migration in view of resolution and image quality.
However, there are also regions, especially at greater depths, where some details are better resolved by the
prestack depth migration. As a summary, prestack and poststack depth-migrated results can provide complementary information for questions related to a seismic reevaluation, in the sense that both migrations
serve as a double check on the previously obtained model.
CONCLUSIONS
Geological interpretation should be carried out mainly on the basis of Figures 7, 8, and 10, together
with the details given in Figures 13 and 14, being important that all maps have the proper scale, axis
exaggeration and size. From details of Figure 10, a long anticline structure and several faults, where plays
of horsts, grabens, and rollovers are indicated, can be mapped . Nevertheless, from Figures 7 and 8, the
basement cannot be easily traced. Especially, the right part of the section needs more processing studies.
Here, a standard processing sequence with commercial software was not carried out. The presented study
is not intended to compare softwares, but to compare geological targets represented by the Takutu graben
for oil exploration, and by the Rhein graben for geothermal exploration.
The coherence sections served to indicate the fit between the determined CRS stacking operators and the
reflection events in the prestack data. The overall Takutu seismic image quality is quite low compared to
the high quality of the Rhein seismic image. In both cases, the results obtained by CRS revealed good
signal-to-noise ratio and reflector continuity.
The quality of the Takutu seismic data is a limitation in enhancing different parts of imaging the selected
line. The ideal is still to process other lines completing a full block to demonstrate the applicability of the
CRS-stack-based imaging basin reevaluation project. The CRS formalism is proposed because the applied
methodology can provide good basis for the geological interpretation, but it would be important to conduct
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Figure 3: Density of traces for line Takutu 204-239.
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Figure 4: Radius of curvature [m] of normal incidence wave (RN IP ) for line Takutu 204-239.
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Figure 6: Emergence angle [◦ ] of central ray (β) for line Takutu 204-239.
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Figure 7: Takutu optimized CRS non-Fresnel stack zero-offset panel for line 204-239.
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Figure 9: Selected near-offset gather (-100 m) for comparison with the ZO section.
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the velocity analysis more closely in order to check for possible structural inversion on the stack part. It is
clear that as the quality of the seismic data becomes high, it provides an ideal basis to apply and enhance
the different parts of the seismic imaging software and to demonstrate its practical applicability by means
of a real data example. The obtained results provide good grounds for giving continuity to the Takutu
seismic data reprocessing, geological reinterpretation, and for a hopefully successful drilling.
This example serves to reinforce our perspectives and intentions on research collaboration between
University and Industry to provide foundation for applied seismics.
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ABSTRACT

The focus of this paper is on effective elastic properties (i.e. velocities) in three different kinds of
dry and fluid-saturated porous media. The synthetic results are compared with the predictions of the
Gassmann equation and the tortuosity-dependent high-frequency limit of the Biot velocity relations.
Using a dynamic FD approach we observe for Fontainebleau sandstone the same effective elastic
properties as with a static finite-element approach. We show that so-called open-cell Gaussian random
field models are similar in mechanical properties to Fontainebleau sandstone. For all synthetic models
considered in this study the high-frequency limit of the Biot velocity relations is very close to the
predictions of the Gassmann equation. However, using synthetic rock-models saturated with an
imaginary fluid of high density we can approximately estimate the corresponding tortuosity parameter.

INTRODUCTION
The problem of effective elastic properties of dry and fluid-saturated porous solids is of considerable interest for geophysics, material science, and solid mechanics. Strong scattering caused by complex rock
structures can be treated only by numerical techniques since an analytical solution of the wave equation
is not available. In this paper we consider the problem of a porous medium in three dimensions. Alternative numerical studies of elastic moduli of porous media of Arns et al. (2002) and Roberts and Garboczi
(2002) employ a (static) finite-element method (FEM). This FEM uses a variational formulation of the linear elastic equations and finds the solution by minimizing the elastic energy using a fast conjugate-gradient
model. Dynamic effects (e.g. velocity dispersion) can not be described with this method. Finite difference
(FD) methods discretize the wave equation on a grid. They replace spatial derivatives by FD operators
using neighboring points. This discretization can cause instability problems on a staggered grid when the
medium contains high contrast discontinuities (e.g. pores or fractures). These difficulties can be avoided
by using the rotated staggered grid (RSG) technique (Saenger and Bohlen (2004) and references therein).
Since the FD approach is based on the wave equation without physical approximations, the method accounts not only for direct waves, primary and multiply reflected waves, but also for surface waves, head
waves, converted reflected waves, and diffracted waves. The main objective of this paper is a numerical
study of effective elastic properties of porous 3D-media with connected dry and fluid-filled pores. The
synthetics are compared with the high and low frequency limit of the Biot’s theory in dependence of the
tortuosity α (Biot, 1956).
THE SYNTHETIC MODELS OF POROUS ROCKS
In order to consider fluid effects on wave propagation we design a number of synthetic rock-models (size:
4003 gridpoints) with a known number of pores or porosity φ. We consider three different types (i.e.
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MEDIUM:
Porosity φ:
corrl. len.
[0.0002m]
cut min.
cut max.
corrl. len.
[0.0002m]
cut min.
cut max.

GRF 1
3.42%

GRF 2
8.77%

GRF 3
13.2%

GRF 4
8.02%

GRF 5
21.6%

25
0.4
0.6

25
0.4
0.6

25
0.4
0.6

13
0.4
0.6

25
0.38
0.62

30
0.485
0.515

30
0.48
0.52

30
0.4575
0.5415

15
0.4904
0.5296

14
0.46
0.54

Table 1: Details of the open-cell GRF models. Every single model (GRF1-5) is build up of the intersection of two two-level cutted Gaussian random fields (Gaussian A and B).
geometries):
• Type 1: A homogeneous region is filled at random with randomly oriented non-intersecting thin
penny-shaped pores. The effective elastic properties of those materials are intensively investigated
in Saenger et al. (2004). However, we include some results of this numerical study in the present
paper to give a relation to other pore geometries.

Figure 1: X-ray microtomographic image of Fontainebleau sandstone ( used by Arns et al. (2002), originally from Spanne et al. (1994); porosity φ = 8.4%). The structure shown is the porespace, the transparent
part is the grain material.
• Type 2: The second type of model is a microtomographic image of Fontainebleau sandstone shown
in Figure 1. We use a 4003 gridpoint cubic data set of the model fb7.5 of Arns et al. (2002). Therefore, the numerical estimates of effective elastic properties derived with the RSG-based dynamic FD
approach can be compared with the results of the static approach of Arns et al. (2002).
• Type 3: To generate realistic synthetic microstructures we use the approach described in Roberts and
Garboczi (2002), the so-called open-cell Gaussian random field (GRF) scheme. The porespace is
defined by the intersection of two two-cutted Gaussian random fields (i.e. Gaussian A and Gaussian
B; see Table 1 for details). To ensure a complete connectivity of the pores we eliminate isolated
pores. This connectivity is a basic assumption of the Gassmann equation (see e.g. Wang (2000)).
Figure 2 shows one typical realization.
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Figure 2: An open-cell Gaussian random field (GRF 4) with a porosity φ = 8%. The similarity between
this model and the Fontainebleau sandstone (Figure 1) is evident. The similarity can also be observed for
the effective elastic properties (see Figures 3 and 4).
MODELING PROCEDURE
We apply the RSG-technique to model wave propagation in porous media. The synthetic rock-models
(type 1,2 and 3) are embedded in a homogeneous region. The full models are made up of 804x400x400
grid points with an interval of 0.0002m. In the homogeneous region and for the grain material we set a
P-wave velocity of vp =5100m/s, a S-wave velocity of vs =2944m/s and a density of ρgrain =2540kg/m3.
For the dry pores we set vp =0m/s, vs =0m/s and ρv =0.0001kg/m3 which approximates vacuum. For
the fluid-filled pores we set vp =1500m/s, vs =0m/s and ρf l =1000kg/m3 which approximates water. We
perform our modeling experiments with periodic boundary conditions in the two horizontal directions. To
obtain effective velocities in different models we apply a body force plane source at the top of the model.
The plane P- or S-wave generated in this way propagates through the porous medium. With two horizontal
planes of receivers at the top and at the bottom, it is possible to measure the time-delay of the mean
peak amplitude of the plane wave caused by the inhomogeneous region. With the time-delay one can
estimate the effective velocity and therefore also the corresponding elastic moduli. The source wavelet in
our experiments is always the first derivative of a Gaussian with a dominant frequency of 8 ∗ 10 4 Hz and
with a time increment of ∆t = 2.1 ∗ 10−9 s. All computations are performed with second order spatial FD
operators and with a second order time update. A similar numerical setup with a detailed error analysis is
discussed in Saenger et al. (2004).
NUMERICAL RESULTS
Our numerical setup enables us to compare effective elastic properties of dry and fluid filled 3D porous
media (i.e. the dry rock skeleton is exactly the same in both cases). Therefore we can test the applicability
of the Gassmann-equation and the Biot velocity relations (Gassmann, 1951; Biot, 1956) for our 3D porous
materials without any additional effective medium theory. For all synthetic models we fulfill the following
assumptions of the Gassmann equation: isotropy, frictionless fluid, undrained system, and no chemical
interactions (discussed e.g. by Wang (2000)). However, from a theoretical point of view we consider
here the high frequency range of the Biot velocity relations because we saturate our rock-models with a
non-viscous fluid (: viscosity η = 0; hence, the reference frequency f biot can be determined for our rockmodels with a non-zero permeability κ using fbiot = φη/(2πρf l κ) as zero; see e.g. Mavko et al. (1998)).
Note, there is one geometrical parameter in the Biot velocity relations, namely the tortuosity parameter
α, which is not easy to determine analytically. The difference between the high frequency limit and the
low frequency limit (i.e. Gassmann equation) of the Biot velocity relations for the fast P- and the S-wave
is maximal for α=1 and is zero for α → ∞. This can be easily evaluated for S-waves by analyzing the
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corresponding prediction of the Biot approach (e.g. Mavko et al. (1998)):
VS∞ =



µdry
ρ − φρf l α−1

 21

,

(1)

where VS∞ is the high frequency limiting velocity, µdry is the effective shear modulus of the dry rock
skeleton, ρf l is the fluid density, and ρ is the density of the whole porous material [ρ = (1 − φ)ρ grain +
φρf l ]. The much more complicated formula for the velocity of the fast P-wave with the tortuosity-behavior
described above can also be found in Mavko et al. (1998). Another important solid-fluid interaction is the
Squirt mechanism (Mavko et al. (1998) and references therein). The reference frequency for this fluid-flow
is given by fsquirt = Kgrain a3 /η where Kgrain is the bulk modulus of the grain material and a is the pore
aspect ratio. The use of a non-viscous fluid (η = 0) in this work means that our modeling takes place in the
zero freqency limit in respect to the Squirt theory. Thus, from three distinct solid-fluid interactions (viscous
Biot-coupling, Squirt flow and inertial coupling) we work with the inertial coupling only. However, our
numerical results provide asymptotic values for all three coupling mechanism.
Penny-shaped cracks
The calculated effective moduli for fluid-filled and for empty non-intersecting cracks (model Type 1) are
shown for two different realizations in Figure 3 and 4. Detailed results for these kind of media and other
structures with thin cracks can be found in Saenger et al. (2004) and Orlowsky et al. (2003). The main
point here is the relation to the pore structures discussed below.
Fontainebleau Sandstone
The calculated normalized effective shear moduli < µ > /µgrain for the dry and fluid-saturated
Fontainebleau sandstone (model Type 2) are 0.766 and 0.770, respectively (see Figure 3). In spite of
the high-frequency limit of Biot theory, where our numerical results apply, the prediction of the Gassmann
equation (µdry = µsat ) is for this model very accurate. This is a first indication that the tortuosity α must
be relatively high. Only in this case the numerical considered high frequency limit of the Biot approach
is close to Gassmann. Moreover, our dynamic approach gives approximately the same result as the static
approach of Arns et al. (2002) [< µ > /µgrain ≈ 0.765, for the dry and fluid-saturated case from Fig. 5b
of Arns et al. (2002)]. One more remarkable aspect of these considerations for Fontainebleau sandstone is
that the connectivity of the pores is not complete (but rather 95%) which is in principle inconsistent with
one of assumptions of the Gassmann equation.
Open-cell Gaussian random fields (GRF)
The calculated effective moduli for the open-cell Gaussian random field models are shown in Figure 3 and
4. With an increase of the porosity (GRF 1, 4, 2, 3 and 5) we observe an increasing mismatch between the
predictions of the Gassmann equation (α → ∞) and the numerical results. Again, we expect this behavior
because we consider here numerically the tortuosity-dependent high frequency limit of the Biot approach.
In particular for the effective elastic shear moduli of the fluid-saturated models GRF 2,3 and 5 (see Figure 3)
one can pre-estimate a tortuosity α relatively close to 1. However, for the model GRF 4 (porosity φ = 8%)
we obtain very similar effective elastic properties as for Fontainebleau sandstone (porosity φ = 8.4%).
Tortuosity determination using an imaginary
fluid of high density for saturation
For all examples discussed above the difference between the high and the low frequency limit of the Biot
velocity relations is relatively low. To distinguish numerically non-ambiguously between both limits we
saturate the synthetic rock models with an imaginary fluid of high density [v p = 1500m/s, vs = 0m/s
and ρf l = 15000kg/m3 (!)]. For such models the difference between both limits increases significantly
(Figure 5 and 6). Moreover, we can fit the high frequency limit of the Biot velocity relations to numerical
results by varying the tortuosity parameter α. The best fit for the tortuosity from the numerically estimated
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Figure 3: Normalized effective shear moduli (< µ > /µgrain ; with µgrain as shear modulus of the grain
material) versus porosity for eight different synthetic rock-models. < µ > dry [triangles joined with a
dashed-dotted line] and < µ >sat [boxes joined with a solid line] are estimated from numerical velocity
measurements for the dry and water-saturated case, respectively. The high-frequency limit of the Biot
velocity relations [tortuosity α=1; stars joined with a black dashed line] is calculated using < µ > dry . The
blue dotted line displays the upper Hashin-Shtrikman bound (Hashin and Shtrikman, 1963).
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Figure 4: Normalized effective bulk moduli (< K > /Kgrain ; with Kgrain as bulk modulus of the grain
material) versus porosity for eight different synthetic rock- models. < K > sat [boxes joined with a
solid line] is estimated from numerical velocity measurements for the water-saturated case. K Gassmann
[stars joined with a dashed-dotted line] is calculated using the Gassmann-equation with < µ > dry and
< K >dry . The high-frequency limit of the Biot velocity relations [tortuosity α=1; stars joined with a
dashed line] is also calculated using < µ >dry and < K >dry . The dotted lines display the HashinShtrikman bounds for the water-saturated case.
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solid line). The dashed lines display the high frequency limit of the Biot approach using different values
for the tortuosity α.
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Figure 6: The normalized effective bulk moduli (< K > /Kgrain ) versus porosity for six different models
saturated with an imaginary fluid of high density are shown (boxes joined with a solid line). The dashed
lines display the high frequency limit of the Biot approach using different values for the tortuosity α.
values of < µ > and < K > are listed in Table 2. They are in a qualitative agreement with the theoretical
prediction of Berryman (1981). For spherical inclusions he suggests the relation α=0.5(1+1/φ). It is
obvious that there is not a better agreement because the geometry used in the models is more complex than
spherical inclusions. However, from our point of view it is important to show that values of the tortuosity
α over 6 are reasonably for the low-porosity models used here. Another confirmation of our Biot-based
tortuosity determination of the Fontainebleau sandstone sample can be found in Arns et al. (2001). They
determine numerically for exact the same Fontainebleau sandstone speciment a reciprocal formation factor
of F −1 ≈ (2.6 ± 2.6) ∗ 10−3 (see Fig. 2 of Arns et al. (2001)). Using the fact that the formation factor F is
related to the tortuosity α via F = α/φ (Walsh and Brace, 1984) one can calculate a tortuosity of α ≈ 32.
Note, the accuracy of tortuosity determination for relatively high values (α above 6) is limited. Therefore,
our results (α ≈ 7.5; see Table 2) are in a qualitative agreement with Arns et al. (2001).
CONCLUSIONS
We use the rotated staggered finite-difference grid technique to calculate elastic wave propagation in 3D
porous media. Our numerical modeling of elastic properties of isotropic dry and fluid-saturated rock skeletons can be considered as an efficient and well controlled computer experiment. Using this approach it is
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α from < µ >
5
10
10
2
1.7
3.5

α from < K >
10
10
5
2.8
2.5
3.5

α
7.5
10
7.5
2.4
2.1
3.5

αth
15
6.7
6.4
6.2
4.3
2.8

Table 2: Numerical estimates of the tortuosity parameter α from Figure 5 and 6. α is the arithmetic
average. For comparison, we also give an theoretical porosity-dependent estimate of the tortuosity α th by
Berryman (1981).
possible to predict precisely effective elastic moduli of various pore geometries in the relatively wide range
between the upper and lower Hashin-Shtrikman bound. We have tested the applicability of the Gassmann
equation and the tortuosity-dependent Biot velocity relations to three different types of porous media. For
the Fontainebleau sandstone model we confirm the estimates of elastic properties obtained in Arns et al.
(2002). For this model the Gassmann equation can be verified because of the relatively high tortuosity.
Additionally, we show that so-called open-cell Gaussian random field models are realistic synthetic rockmodels useful for studying fluid effects on wave propagation in porous media. The theoretically predicted
high-frequency limit of the Biot approach can clearly be observed. With rock-models saturated with an
imaginary fluid of high density we can roughly estimate the tortuosity parameter α of those materials.
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ABSTRACT

In this work we estimate the effective reflection coefficients of an interface between a cracked and an
uncracked material. The study is based on computer simulations using the rotated staggered grid finite
difference method. The numerically obtained reflection coefficients are compared to several theoretical predictions from static effective medium formulations. The agreement between our numerical data
and the theoretical predictions is best for the differential schemes. This result is supported by previous
studies dealing with transmission experiments.

INTRODUCTION
Theoretical effective medium descriptions of fractured media are commonly derived from static considerations (see e.g. Mavko et al., 1998, and references therein). Alternatively, numerical estimations of the
effective elastic properties of such media have been successful Arns et al. (2002); Saenger and Shapiro
(2002); Orlowsky et al. (2003). As the acoustic impedance is altered by the presence of cracks, interfaces
between fractured and unfractured materials act as a reflecting boundary for elastic waves. For example,
fault zones usually are associated with fractured zones. Recognising their characteristics in seismograms
and the knowledge of their reflection coefficients are therefore of great interest in seismic exploration.
These reflection coefficients, giving the ratio of the amplitudes of reflected to incident waves, describe a
dynamic process. The question we pose in this paper is whether reflection coefficients, which are derived
from the static elastic moduli gained from effective media theories, can be used to understand the dynamic
process of wave reflection, including effects like the dependence of the reflection coefficients on the angle
of incidence (i.e. AVO or AVOZ, see e.g. Castagna and Backus, 1993). As no analytical solutions to
the wave equation exist for complex situations like strongly cracked solids, we rely on a numerical finite
difference (FD) technique, the rotated staggered grid, to numerically simulate wave propagation and to determine reflection coefficients of the interface between cracked and uncracked areas. The rotated staggered
grid as described in Saenger et al. (2000) allows one to simulate wave propagation in highly heterogeneous
media without implementing explicit boundary conditions and without averaging elastic moduli. It has
been proven to yield stable and realistic results for cracked media Krüger et al. (2002). Our experiments
consist of simulations of two dimensional models with a plane wave source at the top of the model illuminating a cracked region at some distance from the source. We present numerical results for the reflection
coefficient for normal incidence on cracked areas with different
• crack densities,
• inclination of the cracks,
• dominant frequencies of the source wavelet
and compare them with theoretical predictions. Further parameter variations, which remain to be done,
may include the extensions of the cracked region, an inclination of the cracked region and the position of
the source.
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THEORETICAL PREDICTION OF REFLECTION
COEFFICIENTS IN CRACKED MEDIA

Effective medium theories usually predict static elastic moduli. From these moduli, wave propagation
velocities, acoustic impedances and hence reflection coefficients can be calculated. Here we focus on
three theoretical predictions for parallel cracks, aligned along the x-axis. These are the non-interacting
approximation (NIA), the differential scheme (DS) and an extension of the differential scheme (EDS). All
theories are discussed in detail in Orlowsky et al. Orlowsky et al. (2003) and references therein. For the
NIA, the energy that is needed to insert a single crack into an uncracked medium is simply added to the
elastic potential of the medium. The DS recalculates the effective elastic moduli after the insertion of
each crack, thus taking the effects of the so far inserted cracks into account. The EDS works like the NIA
but multiplies the energy increment for each crack with a function which is derived from expressions for
effective moduli corresponding to the DS results for a isotropic crack distribution. Predictions from these
theories are given as a function of the crack density ρcd , which is defined for N cracks of radii ai distributed
over an area A Bristow (1960):
N
X
ρcd = 1/A
a2i .
(1)
i=1

Young’s modulus E2 along the z-axis and shear modulus G for a crack density ρcd parallel to the x-axis
are then given by:
E2 (N IA) = E · [1 + 2πρcd ]−1 ,
E2 (DS)
= E · e−2πρcd ,
E2 (EDS) = E · [1 + 2πρcd eπρcd ]−1 ,
(2)
G(N IA)
= G · [1 + πρcd (1 − ν)]−1 ,
G(DS)
= G · e−π(1−ν)ρcd ,
G(EDS) = G · [1 + πρcd (1 − ν)eπρcd ]−1 ,
where E denotes the Young’s modulus and ν the Poisson’s ratio of the background matrix. Note that E 1
(along the x-axis) equals E, which means that it is not affected by the cracks. Using these effective moduli,
the stiffness matrix for cracks parallel to the x-axis can be calculated according to


< c11 > < c12 >
0
 < c12 > < c22 >
0
0
0
< c44 >

2
ν(1+ν)
1−ν
− E
0
E1
 ν(1+ν)
1−ν 2
 − E
0
<E2 >
1
0
0
<G>



=

−1



.

The corresponding effective velocities follow from:
q
q
vP,ef f = c22 /ρg,ef f , vS,ef f = c44 /ρg,ef f .

(3)

(4)

The normal-incidence reflection coefficient RP P of an interface between two materials with velocities vP,1
and vP,ef f , resp., and densities ρ1 and ρef f , resp., is given by:
RP P =

vP,ef f ρef f − vP,1 ρ1
.
vP,1 ρg,1 + vP,ef f ρef f

(5)

MODELING PROCEDURE
The two dimensional models consist of a homogeneous medium. Into the lower part of that medium
dry cracks are placed, varying in number and inclination for different simulations. Different types of
wavelets (Gaussian type and Ricker I) and dominant frequencies (f dom ) are used for the plane wave, which
propagates from the top of the model downwards (see Fig. 1Tab. 2). The dimension of the models is 1501
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ρcd = 0.40

geophones

ρcd = 0.65

a)
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100 gp’s

~~~~~~~~~
plane wave

ρcd = 0.28

100 gp’s

b)

Figure 1: a) Typical numerical setup (not to scale). Receivers are places at a depth of about 93m (dashed
line). The plane wave propagates from the top of the model downwards (arrow) towards the cracked area.
b) Three exemplifications for a given area (here: A = 4m2 ), crack length (2a = 1.12m) and crack density
(ρcd ) of a fractured region. The number of cracks increases with the crack density, hence the cracks are
closer-packed.

vp (m/s)
vs (m/s)
ρ (kg/m3 )

homogeneous
medium (matrix)
6000.0
3454.0
2500.0

dry
crack
0.0
0.0
1 · 10−6

Table 1: Compressional-wave velocity (vp ), shear-wave velocity (vs ) and density (ρg ) of the homogeneous
medium and the cracks are listed here.
grid points in the x-direction and 14505 grid points in the z-direction with a grid point spacing of 0.02m
in both directions. The fractured region starts at a depth of 8005 grid points. The elastic parameters of
the medium and cracks are specified in Table 1. The crack length is 2a = 1.12m in all models. Two
types of crack distributions have been used, parallel aligned cracks and cracks with a random inclination
α ∈ [−15o, 15o ]. Receivers are placed at a depth of 4651 grid points. The reflection coefficient is then
calculated from the ratio between the mean amplitude of the reflected wave field and the amplitude of the
source wavelet.
NUMERICAL RESULTS
The reflection coefficients according to the predictions from the static effective medium formulations and
our numerical determined reflection coefficients are plotted in Fig. 2. For the parallel cracks and the inclined cracks one observes an excellent agreement between our data and the predictions from the extended
differential scheme (EDS), while the difference to the NIA prediction is significant. Since the theoretical
predictions of the reflection coefficients are based on static elastic medium theories the dynamic simulations have to be conducted in the long wavelength limit, meaning that the wave length has to be very large
compared to the crack length. To accomplish this we have chosen a Gaussian like wave form, which has
a high low-frequency content. In addition we used have a Ricker I wavelet (first derivative of a Gaussian)
to represent a more realistic wave. Using Ricker I wavelet instead of Gaussians and going to high frequencies, resulting in shorter wave length and smaller wavelength to crack length ratios, we see the increased
mismatch of the theoretical predictions and the numerical results increase. This is to be expected as we
are leaving the long wave length limit. The match between our data and the results from the differential
scheme is also very satisfying. This is in agreement with previous results from transmission experiments
presented by Orlowsky et al. Orlowsky et al. (2003).
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Figure 2: Reflection coefficients for models with parallel cracks. The reflection coefficient according to
different theories are plotted as lines. Our numerical results are represented by plus signs. The numbers at
each numerical result corresponds to the modell number (see Tab. 2).
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Figure 3: Reflection coefficients for models with ±15o inclined cracks. This inclination influences the
theoretical predictions and requires a slightly modified crack density tensor. For details refer to Orlowsky
et al. (2004). The reflection coefficient according to different theories are plotted as lines. Our numerical
results are represented by plus signs. The numbers at each numerical result corresponds to the modell
number. (see Tab. 2)
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model
number
1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
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ρcd
0.05
0.15
0.28
0.40
0.40
0.40
0.40
0.53
0.65
0.65
0.65
0.65
0.65
0.28
0.28
0.40
0.53
0.65

source signal
and
fdom (Hz)
Gaussian, 300
Gaussian, 300
Gaussian, 150
Gaussian, 150
Gaussian, 300
Ricker I, 300
Ricker I, 600
Gaussian, 150
Gaussian, 150
Gaussian, 300
Ricker I, 150
Ricker I, 300
Ricker I, 600
Ricker I, 150
Ricker I, 600
Ricker I, 150
Ricker I, 150
Ricker I, 150

inclination
of the
cracks (o )
0.0
0.0
0.0
0.0
0.0
0.0
0.0
0.0
0.0
0.0
0.0
0.0
0.0
±15
±15
±15
±15
±15

relation:
wave length/
crack length
≥ 17
≥ 17
≥ 36
≥ 36
≥ 17
17
9
≥ 36
≥ 36
≥ 17
36
17
9
36
9
36
36
36

Table 2: Overview of the crack density (ρcd ), source signal, dominant frequency (fdom ), inclination of the
cracks and relation of dominant wave length to crack length used in the experiments displayed in Fig. 2
and Fig. 3.
DISCUSSION AND CONCLUSIONS
Our so far obtained results clearly show the application of the differential schemes to yield much more
realistic predictions of effective reflection coefficients for normal incident P -waves than the non-interaction
approximation. This agrees with transmission results obtained previously by Saenger et al. Saenger et al.
(2004) and Orlowsky et al. Orlowsky et al. (2003) and lets us expect the Differential schemes to be the
most reliable also in predicting the offset dependent effective reflection coefficients. So far, we studied
the case of a plane P -wave hitting the cracked region at normal incidence. Of great interest is surely the
offset dependent behaviour of the reflection coefficient. For this, experiments using a point source and a
cautious analysis of the seismograms are necessary, which still are in progress. Fig. 4 shows such synthetic
seismograms, which will enable us to determine the amplitude variation vs. offset, i.e. the dependence of
the reflection coefficient on the angle of incidence. Note the direct P - and S-wave and the reflected wave
field caused by the cracked region. Once more, the rotated staggered grid proves to produce stable and
realistic simulations of wave propagation in cracked media.
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ABSTRACT

We test the hypothesis that the general trend of P-wave and S-wave sonic log velocities and resistivity
with depth in the pilot hole of the KTB site, Germany, can be explained by the progressive closure
of the compliant porosity with increasing effective pressure. We introduce a quantity θ c characterizing the stress sensitivity of the mentioned properties. A simultaneously conducted analyzis of the
downhole measurements revealed that θc for elastic and electrical properties of the in-situ formation
coincide. Moreover, it is 3.5 to 4.5 times larger than the averaged stress-sensitivity obtained from core
samples. We conclude that the hypothesis mentioned above is consistent with both data sets. Moreover, since θc corresponds approximately to the inverse of the effective crack aspect ratio, larger in-situ
estimates of θc might reflect the influence of fractures and faults (> 10−1 m) on the stress-sensitivity
of the crystalline formation in contrast to the stress-sensitivity of the nearly intact core samples. Finally, because the stress sensitivity is directly related to the elastic non-linearity we conclude that the
non-linearity of the KTB rocks is significantly larger in-situ than in the laboratory.

INTRODUCTION
In this work we present an analyzis of the dependence of P- and S-wave velocity and electrical resistivity
of metamorphic crustal rocks on differential pressure (depth) at the German Continental Deep Drilling Site
(KTB) down to 4000 m depth. We involve downhole sonic and deep lateral resistivity log data from the
pilot hole and laboratory derived stress-dependent P- and S-wave velocities into our analyzis. The used
rock samples were also recovered from the KTB pilot hole.
The pilot (4000 m) and the main borehole (9101 m) and the surrounding area of the KTB site have
been the subject of geoscientific research for more than a decade (Emmermann and Lauterjung, 1997). The
project was dedicated to understand the geological, hydrogeological and geophysical settings of the upper
continental crust. The suite of geophysical monitoring covers downhole measurements, core and cutting
analyzes, potential field analyzes, VSP, and numerous 2D and 3D seismic surveys. The hydraulic system
of the drilled crustal section which shows many prominent hydraulically conducting fracture systems and
hydrostatic pore pressure down to the final depth of the pilot hole was tested by pumping and injection
tests. A comprehensive summary of the KTB research and further references are given in Haak and Jones
(1997). In summary the results from the KTB research project provide a huge and unique data base to
obtain a deeper insight into the geoscientific properties of the upper continental crust.
The goal of this work is to use sonic downhole velocities, resistivity log and ultrasonic laboratory data
from rocks of the KTB pilot hole down to 4000 m depth in order to (a) test our hypothesis that the general
depth trend of the mentioned properties results from compliant pore space closure with increasing effective
pressure (i.e., depth) and (b) to give a quantitative measure for the stress sensitivity of the KTB rocks.
Therefore we use the Stress-Sensitivity-Approach for isotropic rocks as introduced by Shapiro (2003) and
the extension of the approach to the stress sensitivity of electrical resistivity (Kaselow and Shapiro, 2004).
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THE DATA SETS

The laboratory measurements of P- and S-wave velocities were conducted on dry cubic samples in a truetri-axial pressure apparatus up to 600 MPa confining pressure. Three P- and six corresponding S-wave
velocities were simultaneously measured in three orthogonal directions. The measurement coordinate system was oriented with respect to the macroscopically visible foliation plane and lineation elements. For
details about the measurements see Kern and Schmidt (1990); Kern et al. (1991, 1994). These laboratory observations showed a clear correlation between the lithology and seismic velocities (e.g., Kern et al.,
1991).
According to Emmermann and Rieschmüller (1990) the rocks of the KTB pilot hole can lithologically
be subdivided into nine units. In agreement with the laboratory data the sonic P- and S-wave profiles shown
in Fig.( 1) indicate a correlation between the lithological units and wave velocities. The correlation seems
to be stronger for P-wave velocities than for S-waves, especially in the depth range above 1610 m (unit 1-3)
and below 3575 m (unit 9).
The resistivity profile of the KTB location was investigated by numerous researchers. A comprehensive
summary is given by ELEKTB-Group (1997). They found that the mean resistivity (in logarithmic scale)
increases almost linearly with depth and shows practically no correlation with lithology. Moreover, some
very pronounced low resistivity anomalies could be identified which are also clearly not linked to lithology.
The profile interpretation that resistivity and lithology are not correlated was confirmed by laboratory
measurements (Rauen, 1991). An observed decrease of resistivity with increasing recovery depth is assumed to be caused by pressure release effects during and after recovery. The influence of pressure on the
resistivity was investigated by Huenges et al. (1990); Nover and Will (1991); Duba et al. (1994); Nover
et al. (1995). Although most samples showed an expected increasing resistivity with increasing applied
pressure some samples showed the opposite behaviour. Their decreasing resistivity with increasing pressure was interpreted by Duba et al. (1994) as the result of reconnection of metallic bound that might have
been disrupted by pressure release during core recovery. Long-term observations (>300-600 h) on anomalous samples showed that some of them returned to normal behaviour. This was interpreted by Rauen et al.
(1994) as caused by pressure induced internal redistribution of fluids. Thus the anomalous pressure effect
seems to indicate the reconnection of metallic bounds and the dominance of electrolytic conductivity.
METHOD
In a first step we assume that the KTB rock pile can be represented as a homogeneous isotropic porous
medium. Thus we neglect the influence of different lithologies on the logs. This is a rough approximation
since the KTB rocks are known to be anisotropic and at least P-wave logging shows a correlation between
velocity and lithology. However, this correlation seems to be remarkably weaker for S-wave velocities and
resistivity is known to be practically independent of lithology. Since we try to interprete the velocity and
the resistivity profile in combination and since we are rather interested in the general depth-dependent trend
than in a detailed analyzis we assume that this simplification is still reasonable.
In isotropic saturated and dry rocks the dependence of P-and S-wave velocities on effective pressure is
given by equations of the form (Shapiro, 2003)
V (Pef f ) = AV + KV Pef f − BV exp (−DPef f ) .

(1)

Here V can represent P- or S-wave velocity and denotes as a subscript that the physical meaning of the
adjustable parameter (A, K, and B) actually depends on weather P- or S-wave velocity is considered. In
contrast, in isotropic rocks parameter D should be the same for both wave modes. This parameter is a
measure for the sensitivity of the rock properties to load induced crack closure and is given by
D=

θc
Kdrys

(2)

Parameter θc was introduced by Shapiro (2003) as the piezosensitivity. Kdrys is a reference matrix bulk
modulus of a rock with no compliant and undeformed stiff porosity.
For isotropic porous rocks where mainly electrolytic charge transport occurs Kaselow and Shapiro
(2004) have shown that the dependence of the logarithmic electrical formation factor F upon effective
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Table 1: Best fit parameters with asymptotic standard errors for first optimization of P-wave, S-wave, and
formation factor. In case of velocities A and B are in km/s, and in the case of formation factor they are
dimensionless. Parameter D is given in 1/MPa.
Data
A
B
D
VP
5.906 ± 0.017 0.500 ± 0.035 0.060 ± 0.010
VS
3.494 ± 0.006 0.758 ± 0.029 0.111 ± 0.007
F
4.171 ± 0.020 1.147 ± 0.084 0.099 ± 0.012
pressure is also given by an equation of the form of eq. (1), namely:
log F (Pef f ) = AF + KF Pef f − BF Pef f exp (−DPef f ) .

(3)

Again, parameter D is given by equation (2). Note that this derivation is valid for rocks where only electrolytic charge transport occurs.
From the analyzis of stress dependent velocity observations on numerous core samples from the KTB
pilot hole we found that parameter K in equation 1 is usually < 0.001ms −1P a−1 and can thus be neglected.
Parameter K reflects the influence of stiff porosity closure on the considered property. A negligible parameter K is in agreement with former interpretations that the KTB rocks show a very small or even no stiff
porosity at all (Popp, 1994). Note in this case Kdrys is equal to the bulk modulus of the grain material.
Consequently, we simplify equation (1) and (3) to:
Γ(Pef f ) = AΓ − BΓ exp(−DPef f ),

(4)

where Γ stands for Vp , Vs , or F (in logarithmic scale). This equation is used for the further analyzis.
A further simplification is introduced by using isotropic depth-to-pressure transforms for confining and
pore pressure, neglecting the anisotropy of confining stress at the KTB. Confining pressure P c and pore
pressure Pf l at a depth d are calculated using a constant rock (ρr ) and pore fluid density (ρf l ) of 2767 kg/m3
and 1010 kg/m3 , respectively. The resulting depth-to-differential pressure transform reads
Pdif f = Pc − Pf l = gd(ρr − ρf l ).

(5)

It can be shown that the effective pressure Pef f for pore space deformation is just the differential pressure
Pdif f if the grain matrix material is homogenous and elastic (e.g., Zimmerman et al., 1986; Shapiro, 2003;
Gurevich, 2004)), and/or the bulk porosity is low (Shapiro and Kaselow, 2003; Kaselow and Shapiro,
2004). Since the in-situ porosity of the metamorphic KTB rocks is below 1% (e.g., Kern et al., 1991) at
least the last condition seems to be satisfied. Thus we assume that the effective pressure can be reasonably
approximated with the differential pressure.
A simultaneous application of eq. (4) to the P-wave log, S-wave log and to the formation factor profile
requires a two-step fit procedure which is described in detail by Kaselow (2004). In the first step the
data sets are separately fitted using the non-linear least squares Marquardt-Levenberg algorithm with A,
B, and D as adjustable parameters. Due to measurement errors, anisotropy and numerical artefacts of the
iterative fit algorithm one cannot expect that parameter DP, DS, and DFF obtained from P-wave, S-wave,
and formation factor fit, respectively, exactly coincide as theoretically predicted. Thus, the mean D of the
three parameters is calculated and the fit procedure is repeated with D kept fixed. We assume that the
parameters obtained from the second fit sufficiently approach the searched for values.
ANALYZIS AND RESULTS
We obtained for the first data fit the parameters given in Tab. (1). The rms of the residuals of P-, S-wave,
and formation factor fit are 0.380, 0.210, and 0.695, respectively. The D parameters agree quite well,
especially in the case of S-wave log and formation factor.
The repeated fit with D = mean(DP,DS,DFF) = (0.090 ± 0.009 1/MPa) revealed the final set of fit
parameters given in Tab. (2). The rms of the residuals of P-, S-wave, and formation factor fit are 0.381,
0.210, and 0.695, respectively. Obviously, the parameters A and B change only slightly due to an averaging
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Table 2: Best fit parameters with asymptotic standard errors for second optimization of P-wave, S-wave,
and formation factor with D = 0.090 per MPa. Units are given in Tab. (1).
Data
A
B
VP
5.877 ± 0.009 0.547 ± 0.036
VS
3.507 ± 0.005 0.695 ± 0.020
FF
4.180 ± 0.016 1.106 ± 0.063
of parameter D. We conclude that the agreement between the D-values supports our hypothesis of the role
of crack closure on the depth trend.
Figure (1) illustrate a comparison between the profiles and the best fit results. In addition the green
diamonds represent P- and S-wave velocities calculated for the in-situ pressure from pressure dependent
dry rock laboratory measurements. The saturated velocities were calculated from dry rock velocities using
Gassmann’s equations (Gassmann, 1951).
Although most of the laboratory velocities correspond to the sonic log velocities they are generally at
the upper limit of the log velocities and remarkably higher between 55 and 65 MPa (2600–3500 m). This
discrepancy between laboratory derived velocities and logging results in this specific depth range might be
related to the heterogeneity and/or anisotropy of the KTB rocks. It is also known from further studies that
the foliation dips from near vertical to horizontal orientation in this depth interval (Kern et al., 1991).
Generally, the enhanced seismic laboratory velocities might be caused by scattering and/or scaling
effects. All cores investigated in the laboratory show no macroscopically visible crack. Thus we assume
that the rock samples reflect the rock properties while the log velocities approach the in-situ formation
velocities. This indicates that the crack size distribution of the intact rock and the formation differ due to
larger fractures and faults within in the formation. Shapiro (2003) has shown that the piezosensitivity θ c
is approximately the inverse of the effective crack aspect ratio. If this is valid, a smaller crack aspect ratio
should result in a higher θc .
A plot of the θc parameters obtained from the first fit results (θcP from DP and θcS from DS) of 42
samples of the KTB pilot hole and the corresponding values from the sonic logs is shown in Fig. (2).
Obviously, θc obtained from the sonic logs is approx. 3.5 to 4.5 times larger than the mean θ c obtained
from the core samples. This indicates that the mean crack aspect ratio of the formation around the bore
hole is 3.5 times smaller than the one of the laboratory samples. This might be understood as a hint for
the influence of fractures and faults on the in-situ sonic velocities. Therefore, the in-situ stress sensitivity
of the formation is higher that the one of the core samples. Moreover, Shapiro (2003) has shown that the
stress sensitivity is directly related to non-linear elastic moduli through the coefficient β k (see Zarembo
and Krasilnikov, 1966, page 299-309), namely
Kdry (Pef f ) = Kdry (0) [1 + βk Pef f ]
where the coefficient βk is
βk =

θc2 φco
,
Kdry (0)

(6)

(7)

and φc0 is the crack porosity at Pef f = 0. This means that also the elastic non-linearity of the KTB rocks
is higher for the formation than for the core samples.
CONCLUSIONS
We have analyzed sonic P-wave, S-wave and deep lateral resistivity downhole loggings from the pilot
hole of the German Continental Deep Drilling Site (KTB) using the isotropic piezosensitivity approach
with respect to the general dependence of the logging results on increasing effective pressure with depth.
We have neglected anisotropy and lithology. The latter influences P-wave velocities more than S-wave
velocities and has only a very weak influence on resistivity. The used data set was completed with stress
dependent velocity data obtained from core samples of the bore hole. We were able to fit pressure dependent
sonic velocities and formation factor with equations of the form Γ(P ef f ) = AΓ − BΓ exp(−DPef f ). Best
fits of the data revealed a parameter D = 0.090 ± 0.0091/M P a identical for all mentioned logging data.
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Figure 1: Logging (blue dots), laboratory derived in-situ velocities (green), and best fit (red line) for
P-wave (top), S-wave (middle) and logarithmic formation factor. The best-fits were obtained for a common and fixed parameter D = 0.09 1/MPa, calculated as the average of the D parameters obtained from
independent fits of the three downhole data sets.
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Figure 2: Cross-plot of θc obtained from first P-wave (θcP ) and S-wave (θcS ) fit from 42 core samples
(blue) and sonic logging (red). Green square indicates mean θ c from lab data.
This is in agreement with the theoretically derived universality of D for isotropic rocks. This universality
of D supports our assumption that the general depth-dependence of P- and S-wave velocity and resistivity
can be addressed to the closure of the compliant porosity. The dependence can be quantified in terms of
the stress-sensitivity θc .
A comparison between the formation and the rock stress-sensitivity obtained from downhole measurements and laboratory observations, respectively, reveald 3.5 to 4.5 times higher stress-sensitivity of the
formation rocks than of the apparently intact core samples, although the latter clearly show enhanced crack
porosity due to pressure relaxation during and after recovery. We address this to a smaller effective crack
aspect ratio of the formation in comparison to the one of the core samples. This difference might be due to
larger fractures and faults which are absent in the macroscopically almost intact cores.
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ABSTRACT

Seismic scattering occurs due to the interaction between elastic waves propagating through the earth
and the heterogeneities within. Depending on the scattering strength the reflections from structures
below heterogeneous regions suffer from signal distortion and amplitude loss. In order to qualitatively
analyze the image distortion in the presence of a heterogeneous overburden migrated sections have
been numerically calculated and analyzed. First results show that weak scattering in the overburden
slightly increases the image quality of structures below, an increase of the maximum reflectivity was
observed for weak fluctuation 1%, independently from the correlation lengths of the heterogeneities.
With increasing variances the reflectivity of the deep targets were decreased, until an apparent total
loss in the way that strong scattering prevents imaging of deeper structures. Further numerical studies
of the relationship between image distortion and the thickness of the random layer, the aspect ratio
of the heterogeneities correlation lengths, and the ratio between the correlation length and the wavelengths are necessary to provide a deeper understanding of the scattering influence on deep seismic
images.

INTRODUCTION
Seismic scattering occurs due to the interaction between elastic waves propagating through the earth and
the heterogeneities within. Depending on the scattering strength the reflections from structures below
heterogeneous regions suffer from signal distortion and amplitude loss. Consequently, seismic imaging of
these reflection events becomes a difficult task. The reflections can even vanish completely leading to false
conclusions, because deeper structures are apparently not observed. This issue plays an important role
for structural and geodynamic interpretation of seismic depth sections in complex regions with strongly
scattering areas, e.g. the imaging of sub-basalt targets. Thus, understanding scattering phenomena and
their impact on the seismic image is of ongoing interest, not only in exploration seismic surveys, but also
for deep seismic reflection projects, where the crustal and the upper mantle structures are the main targets.
The prestack migrated depth section of the ANCORP line is one example of a deep seismic reflection
line over a strongly heterogeneous environment (Fig. 1) (Yoon et al., 2003). The data set has been acquired
to investigate the geodynamic processes in the Central Andes (ANCORP Working Group, 2003). The
ANCORP data set provides a detailed image of the subduction zone at 21 ◦ S, revealing reflections of
crustal structures e.g. the Quebrada Blanca Bright Spot (QBBS) and the Altiplano reflectors, as well as
of the subducting Nazca plate at depths between 40 km down to 80 km. The apparent breakdown of the
Nazca reflector below the QBBS at a depth of around 80 km and the finding of a reasonable interpretation
of its geological nature are still subjects of ongoing studies. A reflectivity analysis of the QBBS and the
Nazca reflector showed a very complex reflection pattern for both features. A statistical analysis of the
reflection polarity distribution of the Quebrada Blanca Bright Spot did not provide indications for a clear
geologic interpretation (ANCORP Working Group, 2003). One reasonable interpretation could be that the
QBBS is a large complex system of granitic intrusions or a zone where ascending fluids are trapped and
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Figure 1: The prestack depth migrated section of the ANCORP9́6 deep reflection profile reveals a complete
image of the subducting Nazca reflector down to depths greater than 80 km. It shows that below strongly
scattering structures, e.g. Quebrada Blanca Bright Spot the reflectivity decreases and becomes strikingly
weak. It vanishes completely below the Altiplano region in the eastern part of the section.
accumulated. The latter explanation requires low resistivities at the QBBS, but results from magnetotelluric
measurements show contradicting high resistivity anomalies in this region. An appropriate explanation for
the weak reflectivity of the deep Nazca reflector might be that the amplitudes of transmitted and reflected
energy decrease in the presence of strong scattering structures. Another open question is, whether the
seismic image of the Nazca reflector becomes complex due to the influence of the complex overburden
(QBBS) or whether the reflector itself is complex, and thus its image.
Similar observations, their interpretations and the better handling of this problem has been the focus
of the last decades. The improvement of migration techniques, the enhancement of velocity inversion
techniques, as well as the extraction and interpretation of structural parameters have been research subjects
in exploration seismics and in crustal seismology (Martini et al., 2001; Henstock and Levander, 2000).
Early papers on numerical modeling of wave propagation that take scattering into account were presented
by Frankel and Clayton (1984, 1986) and Raynaud (1988). A number of studies investigated scattering in
the context of seismic imaging, i.e. reflection and refraction seismic surveys (Gibson and Levander, 1988,
1990; Gibson, 1991). A comprehensive overview is given in Levander and Holliger (1992). An extensive
study of imaging crustal structures with randomly distributed heterogeneities was presented by Emmerich
et al. (1993). An analysis of prestack depth migrated sections revealed that multiple scattering prevents
correct imaging of these structures. From the modeling results they recommended a very careful use of
commonly applied line drawing techniques, if the imaged region is strongly heterogeneous. They also
concluded that the determination of heterogeneities orientations from seismic images is less reliable than
commonly assumed. The extraction of statistical parameters i.e. variance and correlation lengths of the
heterogeneities have become the subject of later papers. The determination of these parameters provides
the basis for possible amplitude and travel time corrections of seismic data prior to imaging procedures
(Buske et al., 2001). A number of studies based on borehole data analyses revealed that the variances of
velocity fluctuations found in the crust show significant variation with region and with depth (Holliger and
Levander, 1994; Frenje and Juhlin, 1998). Typical values for velocity fluctuation in the crust are around
4%. Dolan et al. (1998) proposed that correlation lengths in the upper crust are on the order of kilometers
with aspect ratios of about 4. Other studies proposed aspect ratios smaller than 2 for the upper crust (Wu
et al., 1994). The accuracy and the reliability of extraction methods and the extracted values is still rather
questionable, as they appear to be strongly dependent on the data type and the frequencies contained in
the data (Pullammanappallil et al., 1997; Bean et al., 2001). Also, Hurich (1996) found out by studying
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the wave field in weak and strong scattering regimes, that wave fields in the strong scattering regime show
shorter lateral correlation lengths than expected. He came to the conclusion that the strong scattering
component becomes dominant in situations where weak and strong scattering is present, thus biasing the
correlation length and the variance extraction analysis.
The present study has been carried out to provide a better understanding of strong scattering present in
deep reflection seismic surveys and shows results from numerical modeling. The used synthetic models
are related to the ANCORP’96 experiment. A qualitative relationship between the image fluctuation and
the heterogeneity in the overburden will be given. The next section gives an introduction to the set-up of
the numerical experiments. Section three will present and discuss the modeling results. Finally, a summary
and conclusion will be given in section four.
NUMERICAL EXPERIMENTS
In order to qualitatively analyze the image distortion in the presence of a heterogeneous overburden 12
migrated sections have been numerically calculated and analyzed. In the following, the set-up of the
numerical experiments will be described e.g. the experimental setting, the finite-difference modeling code,
and the prestack depth migration.
Model description
The experimental set-up e.g. receiver and shot point spacing, model size and its structure, as well as the
values of the elastic parameters were chosen following the ANCORP’96 profile. The total physical size
of the model was 100 km × 90 km in horizontal and in vertical direction, respectively (see Fig. 2). The

ax, az, e

vp=6000m/s

vp=8000m/s

Figure 2: The set of 12 models were build of two homogeneous layers with a 20 km thick random layer
which is superposed at depths between 15 km and 35 km. The statistical parameters i.e. the standard
deviations and the horizontal correlation lengths of the heterogeneities varied between 1% and 20% and
1000 m and 6000 m, respectively. The vertical correlation length was held constant and was set to 200 m.
The layer boundary representing the deep Nazca reflector was at a depth of 70 km. The p wave velocity
was 6000ms−1 for the upper layer and 8000 ms−1 for the lower one.
velocity model consists of two parts: the 70 km thick upper layer representing the crust and the mantle of
the overriding continental plate, that contains an approximately 20 km thick random heterogeneous part.
Second, an homogeneous layer that represents the subducting oceanic plate. The random layer was positioned at depths between 15 km and 35 km. For the purpose of image distortion analysis all models were
generated with this overall layer geometry, but with varying velocity fluctuations and correlation lengths of
the heterogeneities. The vertical and the horizontal correlation lengths were defined independently.
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The background P-wave velocity of the upper homogeneous part was set to v p = 6000 ms−1 , the Pwave velocity of the lower half space was vp = 8000 ms−1 , respectively. The Poisson’s ratio was defined
to 0.25. Densities of both layers were derived from the empirical Nafe-Drake relation. The density of the
random part was kept constant and was calculated corresponding to the background velocity.
The velocity fluctuations were distributed according to an exponential autocorrelation function. The
relative velocity fluctuations were calculated referring to the background velocity of the upper layer. Instead of choosing the von-Karman distribution, which is commonly used to represent the fractal nature of
heterogeneous structures in the earth, the limited frequency bandwidth of the data made the choice of an
exponential function reasonable. The vertical correlation length was kept constant with a z = 200 m, while
the horizontal correlation length was set to 1000 m, 4000 m, and 6000 m. The aspect ratios of the horizontal and the vertical correlation lengths in all models were greater than 4 referring to various values from
studies of crustal structures (Holliger and Levander, 1992; Dolan et al., 1998). Thus, the heterogeneities
are horizontally orientated and therefore resemble horizontal layering. The velocity fluctuations varied
between 1%, 5%, 10%, and 20%. The velocity fluctuations were exponentially tapered in the vertical
direction.
The parameters used here provided the best compromise between the model size, the computation cost
and the modeling constraints e.g. dispersion and stability criterion.
Generation of synthetic depth section
The seismogram sections were calculated using a second-order finite-difference solution of the elastic wave
equation based on an implementation by Saenger et al. (2000). The finite difference grid size was 25 m.
The dominant frequency of the explosion source wavelet was 12.5 Hz, its maximum frequency 30 Hz.
The resulting dominant and minimum wavelengths were about 480 m and 150 m, respectively. The first
Fresnel zone WF r at a depth of 20 km was about (WF r ≈ 4500 m). For each velocity model 5 shot
gathers were calculated as a roll-along profile with a shot point spacing of 6.25 km. The first shot point
was set at x = 37.5 km, the last one at x = 62.5 km (Fig.2). 252 Receivers were positioned on the
right-hand side of each source location. The receiver spacing was 100 m, which provided a maximum
offset of about 25 km. The total recording time of the shot gathers was 30 s. Fig. 3 exemplary shows the
main reflection events that were recorded in all seismogram section. The direct wave, the backscattered
wave field between 5 s and 15 s two way travel time (TWT) and the deep reflection hyperbola between
23.5 s and 24.5 s TWT. A closer look at the deep reflection event reveals that the coherency of the first
arrivals suffer from amplitude and phase fluctuation. A coda with a length of 0.5 s has been generated by
the interaction of the propagating wave field with the heterogeneities.
Kirchhoff prestack depth migration
Kirchhoff prestack depth migration was applied to the synthetic data and provided the single shot migrated
depth sections (Buske, 1999). No preprocessing such as frequency filtering or muting of the direct wave
has been applied to the data prior to migration. The spatial increments were ∆x = 100 m in horizontal
direction and ∆z = 25 m in depth, respectively. A constant migration velocity of 6000 ms −1 was used.
Final stacking of the migrated shot gathers yielded the depth sections for the analysis.
Limitations of the model study
The data processing and the migration have been performed under ideal conditions, i.e. random noise is
absent in the data and the velocity distribution is known. Additionally, a model with very simple geometry
has been used. Certainly, the model cannot resemble the complex structure of the central Andean subduction zone or other comparable regions with complex geology. Additionally, the receivers were positioned
along an ideal line, thus 3D effects from crooked line arrays are also neglected. In real experiments this
situation is rarely given, especially in the case of large-distance onshore measurements. Thus, the results
from this study cannot provide a complete explanation of the phenomena, which can be observed in real
data examples, but they might give qualitative estimations on image distortion and provide constraints for
geological interpretations and further investigations.
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Figure 3: The synthetic seismogram section for the vertical component shows apparently incoherent reflections at TWT 4 s and 12 s. The deeper reflection hyperbola became incoherent due to the heterogeneous
overburden. 3b: Zoom - Reflections in the presence of heterogeneities. A closer look at the deeper reflections shows incoherent first arrivals and a coda of 0.5 s duration, generated by multiple scattering in the
random layer.
RESULTS
A qualitative and quantitative analysis of the scattering strength in the random layer and the image distortion
of the deeper reflector have been performed and will be described in the following. The distortion of reflector images can be described by the change of reflectivity and the degree of reflector image distortion. The 12
final depth sections are shown in Fig. 4. The sections are shown for increasing fluctuation (1%, 5%, 10%
and 20%) from left to right and increasing horizontal correlation lengths with 1000 m, 4000 m, and
6000 m, respectively. The vertical correlation length was kept constant with a z = 200 m. The amplitude
scaling is equal for all displayed sections.
The images in Fig. 4 present the 30 km wide and 80 km illuminated central parts of the final sections
representing the area with the highest subsurface coverage. The focus of the reflectivity analysis was set on
these regions. The apparent strong reflections at depths of about 5 km are due to the migration of the direct
waves, which have not been muted before migration. The reflectivity of the random layer images at depths
between 15 km and 35 km becomes stronger with higher variances. One can observe that the reflections
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Figure 4: The prestack depth sections are shown for increasing variances from left to right and for increasing horizontal correlation lengths from top to bottom (upper: 1000 m, middle: 4000 m, lower: 6000 m).
The reflectivity of the deep reflector decreases with increasing variances and with decreasing horizontal
correlation lengths. The reflectivity vanishes almost completely for 20% for all correlation lengths. Also
image fluctuation of the reflector geometry increases with shorter horizontal correlation lengths. The influence of the correlation length on the shape of the deep reflector image is small for weak fluctuations (1%)
and becomes large for higher variances.
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of the random layer resemble the structures of the heterogeneities. The reflection patterns become more
and more horizontally aligned towards larger horizontal correlation lengths.
In order to qualify the influence of the random overburden for each depth section the averaged reflection
amplitudes of a sub area of the random layer were calculated from the migrated depth sections, as well as
the
reflection amplitudes along the deep reflector. The average has been calculated after A ave =
q averaged
P 2
1
n An .
n
Fig. 5 shows the averaged reflectivity values at given variances of the central parts of the random
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Figure 5: left: Averaged reflectivity in the random overburden. The averaged reflectivity in the random
overburden is comparable for weak fluctuations for all horizontal correlation lengths, but becomes stronger
for larger lengths with increasing variances. The reflectivity for short correlation lengths is weaker. right:
Averaged reflectivity of the deep reflectors. The averaged reflectivity along the deep reflector shows a
decrease for fluctuations smaller than 10 %.
layer and along the deep reflector. This analysis revealed that in the presence of weak scattering in the
overburden, i.e. 1%, the mean reflection amplitudes of the reflector do not change significantly and have
the same strength for all correlation lengths. For increasing variances the reflectivity in the random layer
increases for all models. Comparison of the depth sections calculated from models with the same variances
showed that the reflectivity in the random layer is higher for models with larger horizontal scale lengths.
For correlation lengths of ax = 4000 m and ax = 6000 m, the mean reflectivity in the random layer
shows similar amounts of increase. Compared to the latter the increase of reflectivity for the correlation
length of about ax = 1000 m is smaller. The shape of the reflectors shows no significant change in any
section for small fluctuations about 1%. For higher variances an increase of image distortion was observed
for the deep reflector. A strong decrease of deep reflection strength is observed for fluctuations of about
20%. This might lead to an apparent lack of reflections, if the reflection strength is decreased below the
noise level present in real data. Regarding the same standard deviation in the random medium, i.e. 5%
and 10%, longer horizontal correlation lengths have smaller effects on the reflection strength of the deep
reflector than shorter correlation lengths. In the presence of strong scattering the true geometry of a deep
reflector is disturbed. For a correlation length of ax = 1000 m and 20% velocity fluctuation the reflection
strength of the deep reflector has been decreased below a visible level. This leads to the conclusion that in
situations where extremely strong scattering is present a strong decrease of reflectivity of structures below
the scattering region has to be assumed. Thus, deeper structures cannot be recognized from the reflection
image, which possibly might lead to geological misinterpretation.
In order to transfer the results from the numerical modeling on the real data, the synthetic depth sections
have been compared to parts of the ANCORP depth section (Fig. 6). The areas of main interest are the
regions between 120 km − 160 km and 200 km − 240 km of the profile. These parts contain the strongly
scattering QBBS and the Altiplano reflectors at depths between 20 km−40 km. Both are supposed to effect
the structural images beneath. A qualitative comparison of the depth image between 120 km−160 km with
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Figure 6: Modeling results suggest that the breakdown of the Nazca reflectivity below the Quebrada Blanca
Bright Spot between 110 km and 160 km of the profile is due to strong scattering structures. The standard
deviation might be about 10% of the latter, thus that reflectivity of the down going plate is weakened.
Comparison of modeling results with the migrated real data shows that a 20 km thick highly scattering
(20%) complex zone can lead to a complete loss of reflection energy. Thus possibly existing structures
below cannot be imaged.
the synthetic sections indicate that an overburden with 10% velocity variance might weaken the reflectivity
of deeper structures in the way as it can be observed in the real dataset (Fig. 6a). Furthermore numerical
modeling suggests that the Altiplano reflectors can be considered as region containing heterogeneities of
about 20% (Fig. 6b). A high loss of reflection energy might take place due to strong multiple scattering in
that region, which might be a possible explanation for the missing deeper structural images below.
An extraction of statistical parameters such as variance and correlation lengths directly from the ANCORP data was not performed since the data quality was not sufficient. This is mainly due to the low data
coverage, a low signal-to-noise ratio of the data, as well as due to 3D effects caused by a strongly crooked
profile line.
SUMMARY AND CONCLUSION
The presented numerical modeling results show that the presence of a heterogeneous overburden strongly
influences reflection seismic images of deeper structures. In dependence on the correlation lengths and the
variances in the random overburden, the migrated images of deeper reflectors are weakened in reflectivity
and the shapes are distorted, especially for high velocity fluctuation.
12 depth sections were generated and analyzed regarding the shape and the strength of reflections
within. The synthetic seismograms were calculated by an implementation of a finite-difference scheme.
A constant velocity Kirchhoff prestack depth migration provided the synthetic depth sections. All models
had identical sizes and structures, an upper homogeneous part containing a random layer of 20 km height
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and a lower half space. The amplitudes of the variances and the horizontal correlation lengths of the
heterogeneities located in the upper random layer were varied, but the vertical correlation length was kept
constant. The correlation lengths were in the order of the dominant wavelength of the source wavelet.
Studying the calculated depth sections revealed that the images of the deep reflectors were slightly
distorted but the imaged shape of the layer resembled the true geometry of the reflection boundary. This
could be observed even for standard deviation larger than 10%, independent from the horizontal correlation
lengths. The degree of image distortion is dependent on the variance and on the ratio of the dominant
wavelength to the horizontal correlation length of the heterogeneities. Modeling showed that large-scale
heterogeneities have a smaller influence on the image distortion of the deep reflector, although scattering
in the overburden is stronger.
The results show that weak scattering in the overburden slightly increases the image quality of structures
below, an increase of the maximum reflectivity was observed for weak fluctuation 1%, independently from
the correlation lengths. With increasing variances the reflectivity of the deep targets were decreased, until
an apparent total loss in the way that strong scattering prevents imaging of deeper structures. This should
be kept in mind when interpreting crustal data or images of structures buried in complex heterogeneous
areas, especially when using AVO analysis for structural interpretation.
The modeling results indicate that the apparent weak reflectivity of the Nazca reflector (ANCORP96)
and its diffuse image might be caused by the loss of seismic reflection and transmission energy due to
effect of scattering in the upper continental crust, i.e. the highly reflective QBBS. The results also give
indications that the high reflectivity of the Altiplano might cause the apparent lack of reflection images
from structures below. Both structures seem to have strong screening effects on the seismic transmission,
causing amplitude decrease up to total loss of reflections.
Further numerical studies of the relationship between image distortion and the thickness of the random
layer, the aspect ratio of the heterogeneities correlation lengths, and the ratio between the correlation length
and the wavelengths are necessary to provide a deeper understanding of the scattering influence on deep
seismic images. Also, the frequency dependent reflection pattern and reflectivity in the low frequency range
are subjects for further modeling studies.
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ABSTRACT

In the last two decades, many approximations for the P-P reflection coefficient have been proposed in
the literature. Basically, all of them are derived from the classical approximation of Aki & Richards,
using additional assumptions on the medium parameters. The aim of constructing such approximations is to establish reliable attributes that can be capable to indicate the presence of oil or gas. In this
work we review some well known approximations and their respective attributes, We also introduce a
new indicator based on a impedance-type of approximation for the reflection coefficient. Numerical
examples are also provided

INTRODUCTION
The variation of amplitude with offset (AVO) is a powerful tool to discriminate rocks containing gas and
oil. Several approximations of the P–P reflection coefficient (R) have been proposed and different AVO
indicators can be extracted from them. However, there is no agreement about which is the best attribute and
in which situation it would be better applied. The aim of this work is to present a general approach of the
well-known approximations of the reflection coefficient and its respective attributes. The starting point for
all the approximations is the classical approximation of Aki and Richards (2002), which is based on a weak
contrast in the media parameters and a small angle of incidence. Recently, impedance-type approximations
for the reflection coefficient have been introduced. See, e.g., Connolly (1999) and Santos and Tygel (2004).
Based on this kind of approximation we introduce a new indicator and numerical examples demonstrate
the ability of the attributes to discriminate between gas and oil.
APPROXIMATIONS FOR R AND THE ASSOCIATED SEISMIC ATTRIBUTES
Let us consider two isotropic homogeneous elastic media separated by a smooth interface. Each medium
has a P-wave velocity α, a S-wave velocity β and a density ρ. Further, let us consider an incident compressional plane wave impinging upon this interface. The P-P reflection coefficient R for a compressional
reflected wave has an exact expression knowing as the Zoeppritz-Knott formula. This formula is very hard
to handle and it is difficult to extract the physical sense of their terms.
For a small contrast between the properties of the two media and a small angle of incidence, the well
known first-order approximation of Aki and Richards (2002) is given by


1
β2
β2
∆β
∆ρ sec2 θ ∆α
2
R≈
1 − 4 2 sin θ
+
− 4 2 sin2 θ
,
2
α
ρ
2
α
α
β

(1)

where θ is the incident angle, u = (u2 + u1 )/2 and ∆u = u2 − u1 for u = α, β, and ρ.
Shuey (1985) rewrote the expression (1) as a function of θ:
R ≈ A + B sin2 θ + C[tan2 θ − sin2 θ],

(2)
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where the parameters A (Intercept), B (Gradient) and C are given by




1 ∆α
β 2 ∆ρ
∆β
1 ∆ρ ∆α
, B=
,
+
−2 2
+2
A=
2 ρ
α
2 α
α
ρ
β

and C =

1 ∆α
.
2 α

(3)

Shuey was further on: for incidence angles smaller than 30 degrees, tan 2 θ ≈ sin2 θ and then, equation (2) turns to be
R ≈ A + B sin2 θ .
(4)

Equation (4) is the most used AVO formula. Castagna and Smith (1994) presented a large study using
A and B, A × B and (A + B)/2 as AVO indicators. In that work they have shown that the difference
between the normal incidence P-P and S-S reflection coefficients can be well approximated by (A + B)/2.
Moreover, it is also a robust indicator for clastic section to separate brine sands and gas sands, as shown
on the right of Figure 1. However, for some of their suite of 25 measurements of the Gulf of Mexico and
Gulf Coast, this indicator has failed. On the left of Figure 1 we observe that A × B attribute is not a good
discriminator either.
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Figure 1: Shuey based attributes: shale over gas sand (+) and shale over brine sand (o).
Smith and Gidlow (1987) used Gardner’s relationship for water-saturated rocks (Gardner et al., 1974),
ρ = α1/4 , to obtain the following approximation for R,


5 1 β2
1
∆α
β 2 ∆β
2
2
R≈
−
sin
θ
+
tan
θ
−4 2
.
(5)
2
8 2α
2
α
α β
Using the mudrock line of Castagna et al. (1985),
α = 1.36 + 1.16 β

(in km/s) ,

(6)

which relates the P- and S-wave velocities for water-saturated sandstones, siltstones and shales, Smith and
Gidlow (1987) define the “fluid factor” indicator ∆F as
∆F =

∆α
β ∆β
− 1.16
,
α
α β

(7)

where the α and β contrast can be estimated from equation (5). The second term in the fluid factor is
the value of ∆α/α predicted from ∆β/β using the mudrock line. Therefore, ∆F will be close to zero for
water-bearing and shales rocks and nonzero for other type of rocks or fillings. Figure 2 depicts the behavior
of the fluid factor for the same type of interfaces used previously.
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Figure 2: Fluid Factor ∆F : shale over gas sand (+) and shale over brine sand (o).
Fundamental rock properties such as compressibility and shear rigidity are easier to understand than
acoustic velocities and impedances. In this direction, several authors gave their contribution. For small
angles of incidence and β/α ratio in the range [1.5,2.0], Fatti et al. (1994) rewrote equation (1) in terms of
P and S impedance contrasts,
 2

 ∆IP
1
β
∆IS
2
2
1 + tan θ
− 4 2 sin θ
,
(8)
R≈
2
IP
α
IS
where IP = ρ α and IS = ρ β. From this equation it is possible, trough inversion procedures, to extract
the impedance contrasts and as Goodway et al. (1999) proposed, compute λ ρ and µ ρ as AVO indicators
from the relationships
λ ρ = IP2 − 2IS2 and µ ρ = IS2 ,
(9)

where λ and µ are the Lamé parameters.
Assuming that the ratio β/α is known, Gray et al. (1999) have used the contrasts in λ, µ and ρ as
parameters for the inversion of R, i.e.,






β2 1
∆µ
1 1
∆ρ
1 1 β2
2
2
2
2 ∆λ
−
+ 2
sec θ − 2 sin θ
+
− sec θ
.
(10)
sec θ
R≈
2
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λ
α 2
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2 4
ρ
The use of Lamé parameters as AVO indicators can be observed in Figure 3

IMPEDANCE-TYPE APPROXIMATIONS AND NEW ATTRIBUTES
Following the simple cases of normal incidence in elastic media and general oblique incidence in acoustic
media, two new approaches for approximating the reflection coefficient appear recently in the literature.
The main idea is to write the reflection coefficient as a function of a “angular” impedances,
R≈

I2 − I 1
,
I2 + I 1

(11)

where I1 refers to the incident side and I2 to the transmission side.
Connolly (1999) introduced the elastic impedance, I = EI,
EI = N0 αsec

2

θ

2

β −8K sin θ ρ1−4K sin

2

θ

,

(12)

where K = β 2 /α2 is assumed constant, and N0 is a normalization constant (Whitcombe, 2002). In the
derivation of EI, the angle θ was also considered constant in both sides of the interface, which is not true
in the physical sense.
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Figure 3: Cross-plot of fundamental elastic properties: shale over gas sand (+) and shale over brine
sand (o).
Santos and Tygel (2004) has shown that no exact closed-form solution for equation (11) exists. However, under suitable restrictions in the medium parameters ρ and β (e.g., ρ = b β γ ), they introduce the
reflection impedance, I = RI,
RI = M0 p

ρα
1 − α 2 p2

exp{−4 p2 [β 2 + f (β)} ,

(13)

where M0 is a normalization constant, p is the ray parameter, and f is a function that depends on the
considered functional relation between ρ and β. For the case ρ = b β γ , f (β) = γ β 2 /2. It is important
to mention that in the derivation of RI, it is p that is considered constant on both sides of the interface,
following the actual physics of the ray.
For any choice of the impedance, I = EI or I = RI, from equation (11), it is possible to define a new
attribute J
I2
1+R
J=
≈
.
(14)
I1
1−R
Clearly, this indicator depends on the angle of incidence. Figure 4 shows the behavior of J for elastic and
reflection impedances, taking θ = 30◦ . We can observe that this new attribute separates well gas sand from
brine sand for all the 25 models presented previously.
CONCLUSIONS
Different approximations for the P-P reflection coefficient provide different indicators to discriminate gas
and oil. When applied to a set of data, some of them are able to separate gas sand from brine sand. We
introduced a new attribute which was more efficient in discriminate gas and oil for the same data. Further
investigation is being carried to test the potential of the new attribute for well-log analysis.
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ABSTRACT

The design of traveltime moveouts for optimal stacking and inversion of kinematic parameters has
always been a subject of much interest in seismic processing. A most prominent role is played by
second-order Taylor expressions of reflection traveltimes, commonly known as parabolic and hyperbolic, around a zero-offset (ZO) ray. Here we refer to these expressions as (generalized) quadratic
normal moveouts. For a common midpoint (CMP) gather and assuming a planar measurement surface, one has the well-known normal moveout (NMO) that is given in terms of a single parameter,
the NMO-velocity. For a supergather of non-symmetrical source and receiver pairs around a fixed ZO
point, the simple NMO traveltime is replaced by the generalized quadratic (parabolic or hyperbolic)
normal moveout, that depends on three (or eight) parameters in the 2D (or 3D) situation. The simplest
expression for the generalized moveout, as used in the CRS method, assumes a planar measurement
surface and locally constant near-surface velocities. Corresponding expressions that do not consider
these simplifying assumptions, although more complicated, may be required in more complex situations. In this work we present an organized and didactic tutorial on the formulation and derivation of
the generalized quadratic normal moveouts in isotropic media.

INTRODUCTION
Traveltime expressions that are able to well approximate reflection events and also convey useful information of such events have always been of key interest in seismic data processing. A common feature to all
traveltime formulas, simply referred as moveouts in the seismic literature, is the dependence of a certain
number of parameters, that are estimated by means of coherence analysis directly applied on the seismic
data. More specifically, the parameters are the ones that maximize the stack energy along the moveout.
Besides providing a best-possible stack, the traveltime (or kinematic) parameters play an important role
in deriving further imaging information, such as a background velocity model for migration, geometricalspreading compensation and others.
Of particular importance are the moveouts of rays around the ZO reflection ray. The most familiar
of such moveouts, the Normal Moveout (NMO), considers, in its two-dimensional version, a common
midpoint (CMP) gather of sources and receivers along a horizontal seismic line. The reflection traveltimes
along offset rays not far from the zero-offset (ZO) ray at the CMP are approximated by the one-parameter
formula (Dix, 1955)
q
T (h) =

T02 + C h2 .

(1)

In the above equation, T is the traveltime from the source to the reflector and back to the receiver, T 0 is the
ZO traveltime at the CMP, h is the half-offset between shot and receiver. Finally,
C = 4/VN2 M O ,

(2)

where VN M O is the NMO-velocity, is the single parameter that is to be inverted from the CMP data. Note
that the square of the NMO equation (1) and readily be seen as a second-order Taylor expansion with
respect to half-offset.
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Under the same conditions as above, a more accurate equation than the NMO equation (1) is the twoparameter Shifted Hyperbola formula (de Bazelaire, 1988; Castle, 1994)
p
T (h) = T0 (1 − A) + (A T0 )2 + B h2 .
(3)
The two parameters A and B,that are to be inverted from the CMP data, bear a relationship the previous
single NMO-parameter C, namely
C = B/A.
(4)

Also observe that the Shifted Hyperbola equation (3) reduces to the NMO equation (1) if we take A = 1.
Still considering the 2D CMP situation, nonhyperbolic moveouts have been introduced to account for
larger offsets in isotropic or weakly transversely isotropic media. The moveout expressions are given in the
form of a three-parameter continued fractions expression (see, e.g., Tsvankin and Thomsen (2002), Fomel
and Gretchka (2001))
Dh4
,
(5)
T 2 (h) = T02 + Ch2 +
1 + Eh2
where C is the NMO parameter. More details on the meaning and properties of the above nonhyperbolic
moveout can be found in Fomel and Gretchka (2001) and references therein.
In the last years, more general moveout formulas have been developed, which are not restricted to the
CMP configuration and, moreover, take into account a possibly irregular topography at the measurement
surface. The point of departure for some of such formulas is to apply a second-order Taylor approximation
to the traveltime with respect to the distances of source and receiver from the ZO point. The procedure
leads to the so-called parabolic or hyperbolic traveltime moveout, as used, for example in the CRS method.
In the following, the general second-order Taylor approximations of the traveltime around the ZO ray will
be simply called quadratic normal moveouts.
It is to be mentioned, however, that different approximations, not based on Taylor expansions are also
well established. This is the case, for example, of the Multifocus Moveout (Gelchinsky et al., 1999; Tygel
et al., 1999). In particular, the Shifted-Hyperbola equation (3) is a particular case of such expressions.
An important advantage of Taylor moveouts is their general formulation, also valid for both 2D and
3D situations. Taylor parabolic and hyperbolic moveouts in 3D for arbitrary source and receiver location
are well described in Ursin (1982). That paper uses the simple and direct formalism of Taylor expansions
to quickly derive and elegant expressions. Under the assumption that sources and receivers lie on given
smooth surfaces, the corresponding moveout expressions are obtained in Schleicher et al. (1993) using the
surface-to-surface formalism of Bortfeld (1989). The connection to Ursin’s expressions are also described
in Schleicher et al. (1993). Both papers assume locally constant velocities (that is, negligible velocity
gradients) at the source and receiver points. Moreover, the effects of a possibly rugged topography, although
implicit in the expressions in Ursin’s paper, are not explicitly considered in neither in Ursin (1982) nor in
Schleicher et al. (1993).
Using the formalism of paraxial ray theory, which includes ray and surface-to-surface propagator matrices, Cervený (2001) provides a complete treatment of the quadratic (parabolic and hyperbolic) moveouts,
without a particular attention to the case of normal moveouts. Although the arguments and results described
in Cervený (2001) are, of course, very correct and complete, the presentation demands, perhaps, too much
of an ordinary reader, especially those more involved with practical applications.
After Hubral (1983), the appealing and useful concepts of the normal (N) and normal-incident-point
(NIP) waves were incorporated in the Taylor formulation of the reflection moveouts in the vicinity of the
ZO ray. For instance, for sources and receivers along a horizontal line in the vicinity of a central (ZO)
point, the 2D ZO CRS method uses the hyperbolic normal moveout (see, e.g., Tygel et al. (1997),Müller
(1999))
2

2 T0 cos2 β
2 sin β
mx +
[KN m2 + KN IP h2 ] .
(6)
T 2 (m, h) = T0 +
v0
v0
Here, m and h denote the midpoint (relative to the central point) and half-offset coordinates of the source
and receiver pair, T0 is the ZO traveltime at the central point. Moreover, β, KN and KN IP , referred to
as the ZO CRS parameters, denote the emergence angle of the ZO ray with respect to the surface normal
and the curvatures of the N- and NIP-waves, respectively, all these quantities evaluated at the central point.
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Finally, v0 is the medium velocity at the central point. An implicit assumption of the above formula is
that the velocity gradient at the central point is negligible. Müller (1999) derives the above formula by
comparing the substituting the propagator matrix of a ZO ray in terms of the curvatures K N and KN IP
given in Hubral (1983) into the hyperbolic traveltime expression in Schleicher et al. (1993). It is to be
remarked that also the (nonhyperbolic) multifocus moveout with respect to the ZO ray can be also expressed
in terms of the ZO CRS parameters, namely (Tygel et al., 1997)
#
#
"s
"s
x2g
x2s
Rg
Rs
2 sin β
2 sin β
xs + 2 − 1 +
xg + 2 − 1 ,
(7)
T (xs , xg ) =
1+
1+
v0
Rs
Rs
v0
Rg
Rg
where xs and xg denote the relative distances of the source and receiver to to the ZO point, v 0 and β have
the same meaning as in the CRS formula (6) and Rs and Rg are wavefront radii of curvature given by
1
1
= Ks =
(KN − γKN IP ) and
Rs
1−γ

1
1
= Kg =
(KN + γKN IP ),
Rg
1+γ

(8)

with the so-called focussing parameter
γ=

xg − x s
.
xg + xs − (KN IP sin β)xs xr

(9)

Also in this case, the locally constant assumption on the velocity at the ZO point is considered. It is
to observed that the original multifocus moveout of Gelchinsky et al. (1999) has been also extended in
Gurevich et al. (2002) to account for general topographic effects.
The contribution of velocity gradients and also the effects due to topography at the measurement surface
have been considered in Chira et al. (2001) (for smooth topography) and in Zhang et al. (2002) and Zhang
(1999) (for rugged topography). All these papers use the surface-to-surface formulation of parabolic and
hyperbolic traveltimes around a fixed central ray (not necessarily a ZO ray) as given in Cervený (2001).
Despite their widespread use in many investigations and practical applications, especially in the framework of the ZO CRS method, it is our feeling that the ZO parabolic and hyperbolic moveouts (namely,
quadratic normal moveouts) in 2D and 3D still lack a simple and direct exposition and derivation, for example along the lines of Ursin (1982), that accounts for the following generalizations: (a) Consideration of
a velocity gradient at the ZO point; (b) full account of topographic effects and (c) explicit dependence on
the ZO CRS parameters. This is exactly the purpose of this paper.
In the following, we start with the analysis of 2D Taylor traveltimes around an emerging wavefront,
characterized by a given (fixed) ray and a given wavefront curvature at the emergence point of the ray. Next
we consider reflection traveltimes and observe that, for arbitrary rays around a fixed ZO ray, the parabolic
and hyperbolic moveouts can be fully described in terms of traveltimes around the N- and NIP-wavefronts
that refer to the given ZO ray.
The treatment given in this work is restricted to isotropic media. In this situation, rays and wavefronts
are perpendicular and only phase velocities are to be considered. Moreover, velocity gradients can be
accounted by the change in position only (and not on change of ray direction). The isotropic assumption
poses a number of simplifications on the obtained formulas. The extension of the isotropic results, as
described here, to the general anisotropic case would be very welcome.
2D TRAVELTIMES AROUND AN EMERGING WAVEFRONT
We consider a fixed (central) ray together with its associated wavefront that emerges at a given point O.
Our task is to obtain a Taylor-type approximation of the traveltimes in the vicinity of the reference point O
as the wavefront progresses away from it.
Local coordinates
Referring to Figure 1, we consider the local Cartesian coordinate system (ξ, η) with the origin at the
emergence point O and ξ-axis lying along the tangent to the wavefront. The η-axis is chosen to point in the
direction of wavefront propagation.
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Figure 1: Global and Local Cartesian Coordinate System.
The second-order Taylor approximation for the traveltime, t(ρ), at the point ρ = (ξ, η) T in the vicinity
of the origin reads
1
t(ρ) = t0 + ∇t(0)ρ + ρT ∇2 t(0)ρ,
(10)
2
where


tξξ (0) tξη (0)
2
t0 = t(0), ∇t(0) = (tξ (0), tη (0)) and ∇ t(0) =
.
(11)
tηξ (0) tηη (0)

To compute the coefficients given by equation (11), we first recall that the traveltime, t(ρ), has to satisfy
the isotropic eikonal equation
(12)
|∇t|2 = t2ξ + t2η = 1/v 2 ,

al all points ρ under consideration. In particular, because of our choice of the coordinate system, namely
the ξ-axis being tangent to the wavefront at the origin and the η-axis pointing in the direction of wavefront
propagation, we readily find
tξ (0) = 0 and tη (0) = 1/v0 ,
(13)
where we denoted v(0) = v0 . To obtain the elements of the Hessian matrix, we differentiate the eikonal
equation (12) with respect to ξ and η, respectively, to find
tξ tξξ + tη tηξ = − vξ /v 3

and tξ tξη + tη tηη = − vη /v 3 .

(14)

Setting ρ = 0 yields
tηξ (0) = tξη (0) = − vξ0 /v02 ,

and tηη (0) = − vη0 /v02 .

(15)

with the notation vξ0 = vξ (0) and vη0 = vη (0).
We now show that the remaining element, tξξ (0), has a simple relation to the curvature, K0 , of the
wavefront at the origin. To see this, we make use of the fact that the wavefront, being tangent to the
ξ-coordinate axis at the origin, admits, near that point the convenient parameterization
η = η(ξ),

(16)

for which, the wavefront curvature can be expressed as
K(ξ) = −

η 00 (ξ)
.
[1 + (η 0 (ξ))2 ]3/2

(17)
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The reason of the minus signal in the above equation is that we adopt the usual convention of a positive
curvature for a concave wavefront in the direction of propagation. Setting ξ = 0 in equation (17) yields
K0 = K(0) = − η 00 (0).

(18)

t(ξ, η(ξ)) ≡ t0 ,

(19)

As a next step, we use the identity
that is valid for all points (ξ, η(ξ)) at the wavefront where the above parameterization holds. Differentiating
both sides of equation (19) twice with respect to ξ, we get
tξ + tη ηξ = 0 and tξξ + 2tηξ ηξ + tηη (ηξ )2 + tη ηξξ = 0.

(20)

Setting ξ = 0 in the above equation and also under the consideration of equation (13) yields the well-known
result
1
ηξξ = K0 /v0 .
(21)
tξξ (0) = −
v0
Substituting equations (13), (15) and (21) into equation (10), we obtain the second-order Taylor or
parabolic traveltime,
η
K0 2 1 T
t(ξ, η) = t0 +
+
ξ + ρ Eρ ,
(22)
v0
2v0
2
where
E=−

1
v02



0 vξ0
vξ0 vη0



.

(23)

The last term of the above equation, that accounts for the contribution due to the velocity gradient at the
emergence point of the central ray, will be referred as the inhomogeneity term.
We finally observe that, for observation points on the ξ-axis, ρ = (ξ, 0), we obtain the simplest formula
t(ξ, 0) = t0 +

K0 2
ξ ,
2v0

(24)

which does not depend on the velocity gradients.
Global Coordinates
The previously considered local Cartesian (ξ, η)-system will now be changed to a global Cartesian (x, z)system. This is certainly the real situation, since the wavefront is, in principle, not known. That unknown
angle will become a parameter in the new formula. The relationship between the new (global) and old
(local) Cartesian coordinate systems is simply a rotation about the emergence angle, β, of the normal to
the wavefront at O with respect to the new z-axis (see Figure 1). Setting r = (x, z) T , the corresponding
coordinate transformation is given, in matrix form, as


cos β − sin β
r = Gρ, with G =
,
(25)
sin β
cos β
from which, by the orthogonality property, G−1 = GT , of the matrix G, and an application of the chain
rule of derivatives, we find




vξ
vx
ρ = GT r, and
= GT
.
(26)
vη
vz
Substituting the above relations into equation (22), we arrive at the moveout expression in global coordinates
K0
1
1
[x cos β − z sin β]2 + rT B r ,
(27)
t(x, z) = t0 + [x sin β + z cos β] +
v0
2 v0
2
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where the matrix B that appears in the inhomogeneity term is given by


1
a c
T
B=GEG =− 2
,
v0 c b

(28)

with
a = sin β [vx0 (1 + cos2 β) − vz0 cos β sin β] ,
b = cos β [vz0 (1 + sin2 β) − vx0 cos β sin β] ,
c = vx0 cos3 β + vz0 sin3 β .

(29)

It is important to note that the matrix E has been also tranformed into global coordinates using relations (26).
We finally observe that the parameters a, b and c in equation (30) all depend on the velocity gradient at
the origin. Therefore, for the case of a locally constant velocity at the origin, i.e., v x0 = vz0 = 0, all these
parameters vanish, leading to the reduced expression
t(x, z) = t0 +

K0
1
[x sin β + z cos β] +
[x cos β − z sin β]2 .
v0
2v0

(30)

2D TAYLOR REFLECTION MOVEOUTS AROUND THE ZO RAY
We now consider, still in the 2D situation, reflected rays from arbitrary source and receiver locations around
a fixed ZO reference ray. Assuming a fixed global Cartesian coordinate system, we consider, without loss
of generality, that the (fixed) ZO ray departs and emerges from the origin of that system. To make full use
of the symmetries that are attached to the ZO ray, we adopt, as usual done in the literature, midpoint and
half-offset coordinates m = (mx , mz ) and h = (hx , hz ), to locate a source and receiver pair around the
ZO ray. In other words if rs = (xs , zs ) and rg = (xg , zg ) denote the global Cartesian coordinates of the
source and receiver, respectively, the corresponding midpoint and half-offset coordinates, (m, h), satisfy
the relations
m = (rg + rs )/2 and h = (rg − rs )/2.
(31)
The parabolic moveout (namely, the second-order Taylor approximation of the traveltime), now denoted
by T (m, h), around the ZO traveltime, T0 = T (0, 0) reads
T (m, h) = T0 + ∇T (0) (m, h)T +
where

1
(m, h) ∇2 T (0) (m, h)T ,
2


∂2T
∂2T
 ∂m2
∂m∂h
∂T ∂T

∇T (0) =
and ∇2 T (0) = 
,
∂m ∂h
 ∂2T
∂2T
∂h∂m
∂h2
with the notations




∂T ∂T
∂T ∂T
∂T
∂T
=
,
,
=
,
,
∂m
∂mx ∂mz
∂h
∂hx ∂hz


and

 2

∂2T
∂ T
=
,
∂m2
∂mp mq



 2 
∂2T
∂ T
=
,
∂m∂h
∂mp hq

 2 
∂2T
∂ T
=
,
∂h2
∂hp hq







(p, q = x, z),

(32)

(33)

(34)

(35)

all the above partial derivatives being evaluated at m = h = 0.
We now observe the fundamental fact that, due to reciprocity, we have, for any coordinate pair (m, h),
T (m, −h) = T (m, h) ,

(36)

namely, the traveltime is an odd function of half-offset. As a consequence, in the present ZO situation,
∂T
∂2T
∂2T
=
=
= 0,
∂h
∂m∂h
∂h∂m

(37)
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which allows for the appealing traveltime decoupling, characteristic of the ZO situation,
T (m, h) = T (m, 0) + T (0, h) − T0 .

(38)

It is easy to recognize that the traveltimes T (m, 0) and T (0, h) have obvious meanings, namely as the ZO
moveout, TZO (m), at midpoint m and as the CMP moveout, TCM P (h), at half-offset h with respect to
the midpoint at the origin. Under the above notation, the parabolic moveout (38) can be recast as
T (m, h) = TZO (m) + TCM P (h) − T0 .

(39)

Our task, now, is to find suitable independent expressions for the ZO and CMP moveouts. As shown
below, these expressions can be easily derived from the results of the previous section upon the introduction
of the N- and NIP-waves of Hubral (1983).
• ZO Case: The N-Wave. The ZO moveout, TZO (m), can be readily interpreted to belong to a
wavefront that coincides with the reflector at zero time and progresses towards the measurement
surface with half the medium velocity. As explained in Hubral (1983), this hypothetical, that realizes
the hypothetical exploding reflector experiment, is the N-wave. As a consequence, the sought for
ZO traveltime, TZO (m), can be readily obtained from equation (27) by just considering twice that
traveltime setting r = mT and K0 = KN , the wavefront curvature of the N-wave at at 0. We find
TCM P (m) = 2t(m) = T0

2
[mx sin β + mz cos β]
v0
KN
+
[mx cos β − mz sin β]2
v0
+ m B mT ,
+

(40)

where we have considered the fact that T0 = 2t0 .
• CMP Case: The NIP-Wave. The CMP moveout, TCM P (h) can be also be obtained by the results
of the previous section upon the introduction of NIP-wave and also taking into account the NIPwave theorem of Hubral (1983). The NIP-wave theorem states that, up to the second-order Taylor
approximation, the CMP traveltime equals the diffraction traveltime at NIP. As a consequence, the
CMP traveltime can be considered as the traveltime sum along the rays that connect the source, at
−h and the receiver, at hT to a ”diffraction point” at NIP. Both these traveltimes can be accounted
for using the theory of the previous section, upon the consideration of the NIP-wave, that starts at
time zero as a point source at NIP and progresses to the measurement surface at half the velocity
of the medium. Setting K0 = KN IP in equation (27) and considering r = −hT and r = hT , we
readily find
TCM P (h) = t(−h) + t(h) = T0

KN IP
[hx cos β − hz sin β]2
v0
+ h B hT ,

+

(41)

where we have, once more, considered the relation T0 = 2t0 .
Putting together equations (39), (40) and (41), we arrive at the parabolic approximation for the reflection traveltime, namely
T (m, h) = T0

2
[mx sin β + mz cos β]
v0
KN
KN IP
+
[mx cos β − mz sin β]2 +
[hx cos β − hz sin β]2
v0
v0
+ m B mT + h B hT .
+

(42)

250

Annual WIT report 2004

The corresponding hyperbolic approximation, that is, the second-order Taylor formula for T 2 , can be
readily obtained by squaring both sides of the parabolic traveltime (42) and discarding the higher-order
terms. We find,
2

2
T 2 (m, h) =
T0 + [mx sin β + mz cos β]
v0
2 T0 KN IP
2 T 0 KN
[mx cos β − mz sin β]2 +
[hx cos β − hz sin β]2
+
v0
v0
+ 2 T0 [m B mT + h B hT ] .
(43)
2D CRS traveltime
It is interesting to consider the particular case of source and receiver at the surface z = 0 and a locally
constant velocity at the origin. This is obtained by just setting in equation (43), v x0 = vz0 = 0, as well as
m = (m, 0) and h = (h, 0), leading to

2
2 sin β
2 T0 cos2 β
2
T (m, h) = T0 +
m +
[KN m2 + KN IP h2 ] .
(44)
v0
v0
Equation (44) is the one that is commonly used for stacking and parameter estimations in the CRS method.
As already mentioned, we readily observe that, in the CMP configuration, m = 0, the CRS formula (44)
reduces to Dix’s NMO moveout,
T 2 (h) = T02 + 4 h2 /VN2 M O ,
(45)
where VN2 M O = 2 v0 /(T0 KN IP cos2 β).
Remark: For inversion purposes, the general traveltime formula (43) can, in principle, be used as a
parametric surface for stacking and inversion. In this case, we have six attributes to be determined: the
emergence angle β, the wavefront curvatures KN and KN IP , and the gradient velocity parameters a, b and
c. If we consider, as done usually by the CRS method, a locally-constant velocity, i.e., B = 0, the number
of parameters reduces to three.
EXTENSION TO THE 3–D SITUATION
The previous analysis can be easily extended to the three-dimensional case. In the same way as before, we
start the analysis with the consideration of traveltimes around a given ray together and its wavefront that
emerge at point O at the measurement surface.
Local coordinates
The local (ξ, µ, η)-Cartesian system in which the (ξ, µ)-plane is tangent to the wavefront at the origin and
the η-axis points to the propagation direction is now considered. To facilitate the natural comparison with
the previous 2D case, we now consider ρ = (ξ, µ, η)T . The second-order Taylor expansion of traveltime
in 3D has the same form of its 2D counterpart of equation (10), namely
1
t(ρ) = t0 + ∇t(0)ρ + ρT ∇2 t(0)ρ,
2

(46)

where now,


tξξ (0) tξµ (0)
∇t(0) = (tξ (0), tµ (0), tη (0)) and ∇2 t(0) =  tµξ (0) tµµ (0)
tηξ (0) tηµ (0)


tξη (0)
tµη (0)  .
tηη (0)

(47)

The isotropic eikonal equation, also valid for any point around the wavefront, can be written as (compare
with equation (12))
|∇t|2 = t2ξ + t2µ + t2η = 1/v 2 ,
(48)
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where v is the velocity field. Therefore, in analogy to the previous 2D case, we have, from the chosen
coordinate system,
tξ (0) = tµ (0) = 0 and tη (0) = 1/v0 .
(49)
In analogy to the 2D case, differentiation of the eikonal equation (48) with respect to ξ 1 and ξ2 and evaluation at the origin yields (compare with equation (15))
tηξ (0) = tξη (0) = − vξ0 /v02 ,

tηµ (0) = tµη (0) = − vµ0 /v02

and tηη (0) = − vη0 /v02 .

(50)

Still following the 2D case, we parameterize the wavefront in the vicinity of the origin as (compare with
equation (16))
η = η(ξ, µ),
(51)
for which the curvature matrix at the origin point is given by
 0

0
ηξξ ηξµ
K0 = K(0) = −
.
0
0
ηµξ
ηµµ

(52)

Observe that the same signal convention for the wavefront curvature (positive for concave in the propagation direction) have been adopted. Upon twice partial differentiation of the wavefront identity (compare
with equation (19))
t(ξ, µ, η(ξ, µ)) ≡ t0 ,
(53)
with respect to ξ and µ, we can relate the upper left 2 × 2 submatrix of the traveltime Hessian at the origin
by the formula (compare with equation (21))
tpq (0) = −

1 0
1 0
η = Kpq
.
v0 pq
v0

(54)

with p, q = ξ, µ. Putting together all the above results, we arrive at
t(ξ, µ, η) = t0 +

η
1
1
+
(ξ, µ)K0 (ξ, µ)T + ρT Eρ ,
v0
2 v0
2

(55)

where E is given in the 3–D case by

0
1 
0
E=− 2
v0
vξ0


0 vξ0
0 vµ0  .
vµ0 vη0

(56)

Global Coordinates
Still parallel to the 2D case, we now change from the local Cartesian (ξ, µ, η)-system to a global Cartesian
(x, y, z)-global coordinate system. The new system is obtained by a cascaded rotation of an angle β that
transforms the η-axis into the z-axis followed by a rotation of angle α that takes the (transformed) ξ-axis
into the x-axis. Setting r = (x, y, z)T , the transformation can be given in matrix form as (compare with
equation (25))


cos α cos β sin α
cos α sin β
r = Gρ with G =  − sin α cos β cos α − sin α sin β  ,
(57)
− sin β
0
cos β

where the matrix G is a product of two matrix components



cos β 0 sin β
cos α sin α 0
0 1
0 .
G =  − sin α cos α 0  
− sin β 0 cos β
0
0 1

(58)

>From right to left, the first matrix represents a rotation of angle β around the µ axis until the η-axis and
z-axis coincide and the second matrix is a further rotation of angle α around the z-axis. After these two
rotations, the system (ξ, µ, η) coincides with the system (x, y, z).
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Substituting equation (57) into equation (55), we obtain, after some linear algebra, the 3D traveltime in
global coordinates (compare with equation (27))

t(x, y, z) = t0

+
+
+
+
+

1
[x cos α sin β − y sin α sin β + z cos β]
v0
K11
[x cos α cos β − y sin α cos β − z sin β]2
2 v0
K12
[x cos α cos β − y sin α cos β − z sin β] [x sin α + y cos α]
v0
K22
[x sin α + y cos α]2
2 v0
1 T
r Br ,
2

(59)

where,

a
1
B = G E GT = − 2  d
v0
c

d
e
f


c
f ,
b

(60)

with
a = cos α sin β [vx0 (2 − cos2 α sin2 β) + vy0 cos α sin α sin2 β − vz0 cos α sin β cos β],
b = cos β [−vx0 cos α sin β cos β + vy0 sin α sin β cos β + vz0 (2 − cos2 β)],

c = vx0 cos β(1 − cos2 α sin2 β) + vy0 sin α cos α sin2 β cos β + vz0 cos α sin3 β,

d

= −vx0 sin α sin β(1 − cos2 α sin2 β) + vy0 cos α sin β(1 − sin2 α sin2 β) + vz0 sin α cos α sin2 β cos β,

e = sin α sin β [−vx0 sin α cos α sin2 β − vy0 (2 − sin2 α sin2 β) − vz0 sin α sin β cos β],

f

= vx0 sin α cos α sin2 β cos β + vy0 cos β(1 − sin2 α sin2 β) − vz0 sin α sin3 β .

(61)

As in the 2-D case, for a locally constant velocity at the origin, B = 0 and then, the last term of equation
(59) vanishes. Moreover, if α = 0, formula (59) reduces to formula (27) in the xz-plane (y = 0).

Reflection Traveltime
The same analysis for 2D case can be now applied for the 3-D case. For a general source and receiver pair,
(rs , rg ), in 3D space around the the origin, we consider the 3D midpoint and half-offset coordinates
m = (mx , my , mz ) = (rg + rs )/2 and h = (hx , hy , hz ) = (rg − rs )/2.

(62)

The reflection traveltime by T (m, h) can be readily obtained by applying equation (59) conveniently to approximate the traveltimes T (m, 0) = 2 t(m) and T (0, h) = t(−h) + t(h). We then find the 3D parabolic
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moveout and, after squaring, the hyperbolic traveltime. For simplicity, we only write the hyperbolic one,
2

T (m, h) =
+
+
+
+
+
+
+



2
T0 + [mx cos α sin β − my sin α sin β + mz cos β]
v0

N
2 T0 K11
[mx cos α cos β − my sin α cos β − mz
v0
N
4 T0 K12
[mx cos α cos β − my sin α cos β − mz
v0
N
2 T0 K22
[mx sin α + my cos α]2
v0
N IP
2 T0 K11
[hx cos α cos β − hy sin α cos β − hz
v0
N IP
4 T0 K12
[hx cos α cos β − hy sin α cos β − hz
v0
N IP
2 T0 K22
[hx sin α + hy cos α]2
v0
2 T0 [m B mT + h B hT ] .

2

sin β]2
sin β] [mx sin α + my cos α]

sin β]2
sin β] [hx sin α + hy cos α]

(63)

where T0 = T (0, 0) = 2 t(0), and B is given by equations (60) and (61).
Remark: The traveltime formula (63) can also be used as a parametric surface for inversion purposes.
The number of attributes now has been increased to eleven: two emergence angles α and β, six wavefront
curvatures (three for KN and three for KN IP , and the three components of the velocity gradient. As before,
the number of parameters is reduced for locally-constant velocity (that is, when the velocity gradient is
negligible). In this case, the number of parameters to be inverted reduces to eight.
SUMMARY AND CONCLUSIONS
Taylor-type moveouts, especially the second-order parabolic and hyperbolic are routinely used for stacking
and inversion purposes in the processing of seismic data. Of special relevance are the traveltimes around
the ZO ray, simply called here quadratic normal moveouts, for which a number of useful symmetries
and simplifications are valid. In this paper we have provided an organized presentation, discussion and
derivation of the quadratic normal moveouts in isotropic media, using the simplest possible mathematical
framework. In this sense, we have followed the appealing approach of Ursin (1982) with the inclusion of
the generalizations: (a) Consideration of a velocity gradient at the ZO point; (b) full account of topographic
effects and (c) explicit dependence on the ZO CRS parameters.
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ABSTRACT

Numerical solutions of the acoustic wave equation in media where the physical properties depend
only on two of the spatial coordinates, can be obtained by multiple application of 2D finite-difference
(FD) schemes. This 2.5D approach presents a smaller computation cost than the solution of the
corresponding 3D problem. This work extends previous formulations of numerical 2.5D solutions
of the acoustic wave equation with constant density to variable-density media. The acoustic wave
equation is formulated as a system of partial differential equations for the wavefields of pressure and
particle velocity in isotropic, arbitrarily inhomogeneous media. Absorbing boundary conditions for
perfect impedance match are formulated for the 2.5D case. A comparison of the stability conditions
for the 2.5D and 3D finite-difference schemes of arbitrary order leads to a maximum-wavenumber
condition for the inverse Fourier transform. A discussion of the numerical dispersion and numerical
anisotropy relations shows that these effects increase with decreasing wavenumbers in the out-of-plane
direction. The quality of the numerical solution is confirmed by a comparison to the analytic solution
for a homogeneous medium. As a quality control in inhomogeneous media, a comparison of the 2.5D
results to corresponding 3D FD results for the Marmousi model shows good agreement.

INTRODUCTION
Modeling of seismic wavefields in three dimensions is a very desirable task to understand their properties. However, 3D modeling is very expensive and requires extensive computational resources, even for a
modest-sized model. Therefore, up to now it has been mainly performed using supercomputers.
If the modeling of 3D wave propagation is carried out in media with only 2D variations of the acoustic
properties, the seismic line being positioned within the symmetry plane, this is generally referred to as
the 2.5D situation. This situation is very interesting from the perspective of numerical experiments as the
medium symmetry can be used to reduce the complexity of the numerical task.
The modeling of seismic wave propagation in the 2.5D situation is helpful to approximately simulate
situations where sources and receivers are located within the same plane. Some of the more common
applications are conventional 2D seismic surveys, i.e., where the sources and receivers follow a single
seismic line (Liner, 1991), and seismic borehole tomography (Williamson and Pratt, 1995).
In his 1991 paper, Liner postulated the existence of a 2.5D wave equation the solution of which would
provide 3D waves within the symmetry plane from only in-plane calculations. His equation, however, is
only exact for constant velocity. Based on a Fourier transform in the out-of-plane direction, Song and
Williamson (1995) presented an approach by repeated 2D finite-difference modeling in the frequency domain to find the exact solution of the 3D wave equation in the 2.5D situation for acoustic media with
constant density, and applied their results to tomographic problems. They proved the quality of their results by a comparison to 3D modeling with the Born approximation. Cao and Greenhalgh (1998) and Zhou
and Greenhalgh (1998) determined the stability and absorbing boundary conditions for this 2.5D FD approach, again for constant density, and compared the implementations in the time and frequency domains.
In these papers, the inverse Fourier transform is carried out by a sum up to the Nyquist wavenumber. Re-
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cently, Novais and Santos (2004) revisited this approach and obtained a maximum wavenumber criterion
and sampling limits in the time domain from a comparison of the 2.5D and 3D stability conditions.
In this work, we extend the time domain version of Novais and Santos (2004) to media with variable density. Moreover, we generalize the method to the computation of the complete acoustic wavefield,
composed of the three components of the particle velocity and the pressure field. We present the stability conditions for the corresponding higher-order finite-difference schemes and validate them for one of
these schemes in homogeneous media. Finally, we validate the 2.5D algorithm against 3D finite-difference
modeling for a simple inhomogeneous model and the Marmousi model.
2.5D MODELING
The complete acoustic wavefield in an arbitrary 3D acoustic medium is governed by the equation system
(Aki and Richards, 1980)
1
1
∂j P (x, t) +
fj (x, t) ,
ρ(x)
ρ(x)

∂t vj (x, t)

= −

∂t P (x, t)

= −ρ(x)c2 (x)∂j vj (x, t) + q(x, t) ,

(1)
(2)

where vj (x, t) is the particle velocity in position x and instant t, P (x, t) is the pressure field, ρ(x) is the
density and c(x) is the propagation velocity in the medium.
In 2.5D modeling, it is supposed that the physical properties of the medium are invariant under translations in one direction. In this work this direction is, as usual, described by the coordinate x 2 . Moreover,
sources and receivers are considered be located in plane x2 = 0. Applying the Fourier transform in this
coordinate to the above equation system, we obtain
∂t vJ
∂t v2
∂t P

fJ (t)δ(X − Xs )
1
∂J P +
,
ρ(X)
ρ(X)
1
f2 (t)
= −
ik2 P +
,
ρ(X)
ρ(X)
= −

= −ρ(X)c2 (X)(∂J vJ + ik2 v2 ) + q(t)δ(X − Xs ) ,

where k2 is wavenumber associated with the coordinate x2 . All fields in the above equation system are
functions of (X, k2 , t), with X = (x1 , x3 ), and Xs is the source location. We have adopted the sum
convention, where the subscript J assumes the values 1 and 3. Since we are interested in the wave field
in the x1 x3 -plane, the bipolar source has no component f2 . In this case, the component v2 (x, t) is an odd
function in coordinate x2 , thus its Fourier transform v2 (X, k2 , t) is purely imaginary. By defining the real
field u2 (X, k2 , t) ≡ iv2 (X, k2 , t), we can write the system to be computed by finite differences as
1
fJ (t)δ(X − Xs )
∂J P +
,
ρ(X)
ρ(X)
1
k2 P ,
ρ(X)

∂t vJ

= −

∂ t u2

=

∂t P

= −ρ(X)c2 (X)(∂J vJ + k2 u2 ) + q(t)δ(X − Xs ) .

(3)

The finite-difference method consists in sampling the wavefield and the physical properties of the
medium on a regular grid and in approximating the differential operator by a difference operator defined
on the grid. We use a staggered grid in space and in time. The components of the particle velocity field, v j ,
and the values of the pressure field, P , are sampled at different grid nodes (Levander, 1988), as indicated
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Figure 1: Grid used for the finite-difference scheme. The sampling of the velocity and pressure fields on a
staggered grid reduces the local error.

in Figure 1. The approximation of the above equations on the grid yields the difference scheme
n− 1

2
D+
t v1 j+ 1 ,k

=

2

n− 21

D+
t v3 j,k+ 1
2

n− 12

D+
t u2 j,k

n+1
D−
t Pj,k

=

1
ρj+ 21 ,k
1
ρj,k+ 12



n+ 12
n
D+
1 Pj,k + f1 j+ 1 ,k
2



n+ 1

n
2
D+
3 Pj,k + f3 j,k+ 1
2



n
= −k2 Pj,k


1
n+ 1
n+ 21
n+ 21
− n− 2
+ qj,k 2 .
= Kj,k D−
1 v1 j+ 1 ,k + D3 v3 j,k+ 1 + k2 u2 j,k
2

2

The pressure field is sampled at the grid positions x1 = j∆x, x3 = k∆x and instants t = n∆t; the velocity
field is sampled in intermediate grid positions as displayed in Figure 1 and at the instants t = (n + 12 )∆t.
Here, ∆x and ∆t are the spatial and temporal sampling intervals, respectively. The notations D + e D−
indicate forward and backward finite-difference operators (Iserles, 1996), respectively, and K j,k = ρj,k c2j,k .
The discretization interval of the wavenumber is ∆k2 = π/(∆x max(N1 , N3 )), where N1 and N3
indicate the number of samples in directions x1 and x3 , respectively. After the velocity and pressure fields
are calculated in the wavenumber domain for all values of the wavenumber k 2 , the acoustic fields at the
receiver (with x2 = 0) is obtained by applying the inverse Fourier transform, which in this case reduces to
a simple sum over all wavenumbers, i.e.,
vI (x1 , x2 = 0, x3 , t) =

∆k2 X
vI (x1 , k2 , x3 , t) ,
π
k2

P (x1 , x2 = 0, x3 , t) =

∆k2 X
P (x1 , k2 , x3 , t) ,
π
k2

because all functions are even in coordinate x2 .
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STABILITY

The stability of a finite-difference scheme is evaluated using the von Neumann criterion (Thomas, 1995).
±
The convolutional difference operators, D±
1 and D3 , are of order 2N , and have the form
D+ f i
−

D fi

=

=

1
∆x

N
X

(1)

dj fi−j ,

j=−N +1

N −1
1 X (1)
dj fi−j .
∆x
j=−N

(1)

where the dj are the operator coefficients. In this notation, the coefficients of the corresponding central
difference operator for the second derivative of the same order 2N are determined by the convolution
(2)

di

=

1
(∆x)2

N
X

(1) (1)

i = 2N − 1, ..., 2N − 1 .

dj di−j ,

j=−N +1

After replacing the acoustic field by that of a plane wave in the difference equations, the condition for
a nontrivial solution of the scheme to exist can be written in the form




 2 "
2 2N


−1
X
jk
∆x
jk
∆x
c∆t
k
∆x
ω∆t
1
3
2
(2)
 ,
sin2
dj
=
+ sin2
+
(4)
sin2
2
∆x
2
2
2
j=1

where ω is angular frequency and (k1 , k2 , k3 ) is the wavenumber vector. To guarantee the stability of the
FD scheme, the right side of equation (4) must be less or equal to 1. Thus,
c∆t
≤q
∆x

1

k2 ∆x 2
2

(2)

,

(5)

+ |d0 |

where we have used that the derivate operator applied a constant function has to yield zero, which implies
P2N −1 (2)
(2)
d0 − 2 j=1 dj = 0. Inequality (5) defines the CFL condition, since its left side is the Courant
number, µ = c∆t/∆x (Thomas, 1995). Similarly, the stability condition for the corresponding 3D finitedifference scheme is
s
c∆t
2
≤
.
(6)
(2)
∆x
3|d |
0

If we require the 2.5D scheme to satisfy the relation (6) up to the maximum value of k 2 , we obtain the
condition
q
(2)
2|d0 |
k2 max ≤
.
(7)
∆x

Utilizing equation (4), we can evaluate the behaviour of the FD scheme with respect to numerical
dispersion and anisotropy. For example, Figure 2 shows the curves of numerical dispersion of a 2.5D FD
scheme of order 12, for different directions of the wavenumber vector.
For k2 = 0, the 2.5D FD scheme coincides with the corresponding 2D scheme. In this case, we observe
that the scheme suffers from almost no dispersion or numerical anisotropy, if we choose ∆x ≤ λ min /3,
where λmin is the minimum wave length involved in the propagation. This result shows that higher order
finite-difference schemes reduce the dispersion and numerical anisotropy. On the other hand, for k 2 =
k2max , the 2.5D FD dispersion relation follows closely the exact one, thus not introducing any additional
numerical dispersion or anisotropy.
In this work, we use a second-order difference operator for the time derivative, D t , and the space
derivatives, D1 and D3 , are approximated by a 12th-order finite-difference operator, with the purpose of
reducing the spatial sampling interval and thus of guaranteeing a higher numerical precision. The operator
coefficients are calculated applying the auto-similarity criterion described by Karrenbach (1995).
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Figure 2: Normalized phase velocity cF D (ω)/c for different propagation directions as a function of the
ratio ∆x/λ, where λ is the wavelength. The finite-difference scheme is of 12th order. The CFL number is
0.20. Top: For k2 = k2 max , both the 2.5D exact dispersion relation and its FD approximation show strong
dispersion for small wavenumber components of the wavefield. These curves also show the FD scheme
does not present considerable numerical anisotropy for large k 2 values. Bottom: For k2 = 0, this FD
scheme does produce nonnegligible numerical dispersion and numerical anisotropy if ∆x exceeds λ/3.

VALIDATION
The implementation of a 2.5D scheme requires little change in the corresponding 2D finite-difference
scheme. We base our 2.5D scheme on the 2D scheme presented by Neto and Costa (2004). The free surface
and absorbing boundary conditions are direct adaptions from the 2D case. In this section, we compare the
results of the proposed scheme with the analytic solution for the field pressure in a homogeneous medium

P (x, t; xs ) =



1
kx − xk
w t−
,
4πkx − xs k
c

where xs is the source location and w(t) is the source pulse.
To test the algorithm, we have applied it to a homogeneous medium with wave velocity of 3000 m/s.
The receiver was positioned at a distance of 1500 m from the source and the source pulse was the derivative
of a Ricker wavelet with a dominant frequency of 15 Hz. The spatial sampling interval was ∆x = 12 m,
and the receiver signal was sampled at every 2 ms. Figure 3 shows that the 2.5D FD trace agrees fairly well
with the analytic one. The maximum error is of the order of 5%.
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Figure 3: Comparison of the 2.5D finite-difference solution with the analytical solution for the pressure
field in a homogeneous medium with a wave velocity of 3000 m/s. Top: Source wavelet. Middle: The
normalized signal at a receiver at a distance of 1500 m from the source (red: 2.5D FD, black: analytic).
Bottom: absolute error of the finite-difference calculation. Here, we used ∆x = 12 m and µ = 0.25.
NUMERICAL EXPERIMENTS
We illustrate the 2.5D finite-difference process discussed above by means of two numerical experiments.
The first tests uses a simple model, which consists of a homogeneous layer between two homogeneous
half-spaces as shown in Figure 4. The velocities, from top to bottom, are 3.0 km/s, 3.5 km/s, and 4.0 km/s,
respectively. For this model, we have simulated a split-spread experiment with a compressional point
source located at x = 800 m at 24 m depth, the minimum offset is 124m. The receivers are regularly
spaced around the source at intervals of 50 m at 6 m depth (see Figure 4).
The results of the 2.5D and 3D FD modeling for Model 1, for the pressure field and the vertical velocity
component are presented in the Figures 5 and 6, respectively. These results were obtained by discretization
on a regular grid with ∆x = ∆z = 6 m. The source is of volume injection type and the pulse is a Küpper
wavelet with a dominant frequency of 14Hz.
One point to be stressed when comparing these sections is the source implementation. The source on
3D schemes are specified in a small region around the source position to avoid numerical dispersion. On
the 2.5D FD, although we use a small region on the x1 x3 -plane, the source is delta function along the x2
direction. This difference on the source specifications causes the amplitudes of 3D and 2.5D model not to
match perfectly.
As the second model, we used the Marmousi velocity model (see Figure 7) to evaluate the 2.5D solution
in a complex situation. The Gardner formula (Gardner et al. (1974)) was used to compute the density. The
3D model consists of part of the 2D Marmousi model from 3600 m to 9114 m discretized on a regular grid
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Figure 4: First model: Two interfaces separating three homogeneous layers.

with ∆x = 24 m. This section was extended in the transverse direction with 120 identical panels in a 24 m
interval. A free surface is assumed on the top of the model, and absorbing boundaries of the PML type
(Chew and Liu, 1996) are active on the left, right and bottom of the model. The width of the absorbing
layers is 20∆x. For 3D and 2.5D modeling, the source is of volume injection type, located at 8000 m and
24 m depth. The pressure field is recorded by 96 receivers that are regularly spaced at every 24 m to the
left of the source with 200 m minimum offset at 24 m depth. The wavelet is a Küpper pulse of 10 Hz
of dominant frequency. Figure 8 compares the results of 2.5D FD to the corresponding 3D FD synthetic
data. The sections show good agreement on the first 2.25 s. The differences that follow are produced in
the 3D modeling by reflections on the borders in the x2 direction which are very close to the vertical plane
containing the receivers.
CONCLUSIONS
In this paper, we have extended the formulation of 2.5D acoustic finite-difference modeling to media with
variable density. We have derived and discussed the stability conditions and numerical dispersion relations
for high-order difference schemes. The described FD scheme allows for an immediate incorporation of
absorbing boundary conditions like the ones described by Neto and Costa (2004). Moreover, we have
compared the 2.5D FD modeling results with corresponding 3D results, obtaining good agreement.
Perhaps the most attractive feature of 2.5D modeling is its low memory demand. Since the method
can be similarly extended to elastic case, it will become possible to compute accurate 3D wavefields in
2D models specified on a dense grid on a single PC, while the 3D approach to elastic modeling is quite
demanding even for today’s clusters. The generalization of this approach to viscoelastic and poroelastic
media can provide a cheap approach to seismic modeling in complex exploration environments. Finally,
2.5D FD modeling can provide one more alternative to validate 3D seismic modeling codes.
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Figure 5: Pressure field for Model 1 computed using: (a) 2.5D finite difference, (b) 3D finite difference.
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Figure 6: Vertical component of the particle velocity for Model 1, computed using: (a) 2.5D finite difference, (b) 3D finite difference.
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Figure 7: Second model: Marmousi model.
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Characterization of hydraulic properties of rocks using probability
of fluid-induced micro-earthquakes
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ABSTRACT

The use of borehole fluid injections is typical for exploration and development of hydrocarbon or
geothermal reservoirs. Such injections often induce small magnitude earthquakes. The nature of
processes leading to triggering of such microseismicity is still not completely understood. Here we
consider induced microseismicity using as examples two case studies of geothermal reservoirs in crystalline rocks and one case study of a tight gas sandstone reservoir. In all three cases we found that the
probability of induced earthquakes occurring is very well described by the relaxation law of pressure
perturbation in fluids filling the pore space in rocks. This strongly supports the hypothesis of seismicity triggered by pore-pressure. Moreover, this opens additional possibilities of using passive seismic
monitoring to characterize hydraulic properties of rocks on the reservoir scale with high precision.

INTRODUCTION
Injections of borehole fluids into surrounding rocks are used for developments of hydrocarbon or geothermal reservoirs. Such injections often induce small-magnitude earthquakes (see e.g., Zoback and Harjes,
1997; Fehler et al., 1998; Audigane et al., 2002; Rutledge and Phillips, 2003). The nature of such seismic activity is still under discussion (see e.g., Trifu, 2002). Possible mechanisms of induced microseismicity are, for example, hydraulic fracturing or slip initiation by redistribution of elastic stress. Another
widespread hypothesis explaining the phenomenon of hydraulically-induced microseismicity (e.g., Nur and
Booker, 1972; Pearson, 1981; Shapiro et al., 2002) is that the tectonic stress in the earth’s crust at some locations is close to a critical stress causing brittle failure of rocks, for example, by sliding along pre-existing
cracks. Increasing fluid pressure in a reservoir causes pressure in the connected pore space of rocks to
increase (the pore space includes pores, cracks, vicinities of grain contacts, and all other possible voids in
rocks). This leads to an increase of the pore pressure at the critical locations as well. Such an increase in the
pore pressure consequently causes a decrease of the effective normal stress, usually acting compressionally
on arbitrary internal rock surfaces. This leads to sliding along pre-existing, favorably-oriented, subcritical
cracks.
The change of pore pressure in space and time is controlled by the diffusion process of pressure relaxation in fluids saturating the pores. Thus, if the hypothesis described above is correctly explaining at least
one of the dominant mechanisms triggering fluid-induced microseismicity, then a number of diffusiontypical signatures should be observed in the spatio-temporal distributions of the earthquakes. Several of
these signatures related to the temporal evolution of microseismicity clouds and supporting the hypothesis
above are known. These are, for example a parabola-like forward triggering front and a back front of seismicity. Such fronts are visible on plots of event distances from the injection source versus their occurrence
times (see e.g., Audigane et al., 2002; Shapiro et al., 2003; Parotidis et al., 2004). Another diffusion-related
signature is a convergence of seismicity clouds to ellipsoid-similar figures by normalization of event coordinates by square roots of their occurrence times (see Shapiro et al., 2003). These signatures are related to
the shape and the size of seismicity clouds. In contrast to them, we report here evidence of a completely
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different nature supporting the hypothesis described above. This evidence is related to the spatial density
of seismic events.
In the following we propose a statistical model describing the probability of triggering of microearthquakes. Then we briefly describe how the data of microseismic monitoring should be processed in
order to obtain useful information from the spatial density of the event distribution. Finally, using three
case studies we show that the theoretically-predicted feature of the spatial density of events can be very
well observed. Such a feature additionally illuminates the physics of the fluid-induced microseismicity.
Moreover, it opens a new way to estimate hydraulic properties of natural rocks at large spatial scales with
high precision.
STATISTICAL MODEL OF SEISMICITY TRIGGERING
We start with a theoretical model which is completely consistent with the above described pore-pressure
relaxation hypothesis (PRH). The assumptions of this model are the following: we consider a point pressure
source in an infinite, homogeneous, permeable, porous continuum. We assume that the hydraulic diffusivity
of this continuum is independent of position and time. Due to fluid injection and the consequent process
of pressure relaxation, the pore pressure p will change throughout the pore space. We assume that a
critical value C of the pore pressure necessary for occurrence of a seismic event is randomly distributed in
space. The statistical properties of C are assumed to be independent of position (i.e., C(r) is a statistically
homogeneous random field). If at a given point r of the medium pore pressure p(t, r) increases with
time, and at time t0 it becomes equal to C(r) then this point will be considered as a hypocenter of an
earthquake occurring at time t0 . For simplicity, we assume that no earthquake will be possible at this point
again. Then the probability of an earthquake occurring at a given point at a given time will be equal to
W (C(r) ≤ p(t, r)), which is the probability of the critical pressure to be smaller than the pore pressure
p(t, r). If the pore pressure perturbation caused by the fluid injection is a non-decreasing function (which
is the case for realistic, step-function-like, borehole injection pressures) then this probability will be equal
to
Z p(t,r )
f (C)dC,
W =
0

where f (C) is the probability density function of the critical pressure. The pore pressure p(t, r) is the
solution of the diffusion equation describing the process of pore pressure relaxation. According to this
theoretical model the seismic criticality of rocks is defined by the quantity C. If C is high we speak about
a stable domain of the medium. If C is low we mean a seismic critical domain. Our experience with
microseismic data shows that usually C is of the order of 102 - 105 Pa.
The simplest possible distribution of the critical pore pressure is a uniform distribution f = 1/A, where
A is a normalizing constant having the following physical meaning: A = C max − Cmin , with Cmax
and Cmin standing for maximum and minimum possible critical pressures. In this case W = p(t, r)/A
and the event probability is proportional to the pore pressure perturbation. A question arises: is such
a distribution of micro-earthquakes observed in reality? A positive answer to this question would be of
significant importance for our understanding of the physics of microseismicity triggering as well as for
useful applications of this phenomenon. Our observations provide such a positive answer.
PROCESSING OF PASSIVE MONITORING DATA

Below we will consider several examples of borehole fluid injections. The pore pressure relaxation in
a porous medium surrounding an injection source is described by the differential equation of diffusion.
In many situations realistic conditions of borehole fluid injections can be approximated by a point pore
pressure source of constant strength q (this quantity has physical units of power) switched on at the time
t = 0. The solution of the diffusion equation then has the following form (see Carslaw and Jaeger (1973),
chapter 10.2.(2))


q
r
p=
.
(1)
erfc √
4πDr
4Dt
Here erfc(x) is the complementary Gaussian error function and t denotes observation time. The quantity D
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is an important hydraulic parameter of the rock called hydraulic diffusivity. It is proportional to the Darcy
permeability K of rocks (Shapiro et al., 1999, 2002):
D=

NK
,
η

(2)

where η is the pore-fluid dynamic viscosity and N is a poroelastic modulus related to porosity, bulk modulus of fluid and elastic moduli of the grain material and drained rock skeleton (see also Detournay and
Cheng, 1993; Rice and Cleary, 1976; Van Der Kamp and Gale, 1983).
The event probability is proportional to the volumetric density of microseismic events. Therefore a
comparison of the volumetric event density of microseismicity clouds induced by fluid injections with
equation (1) is required. Before we do this for a microseismic data set obtained during a real borehole fluid
injection, we consider a synthetic example.

Figure 1: A sketch of possible acquisition and processing geometry for passive monitoring data. Multicomponent receivers can be located in several boreholes (Soultz case and Cotton Valley case) or in a
single monitoring borehole. Receivers also can be placed on the Earth surface (not shown here). The cross
denotes the injection point. All other notations are explained on the figure.
Figure 1 shows a sketch of a passive monitoring data acquisition. A synthetic cloud of microseismicity was obtained in a way consistent with the theory described above (such modeling was proposed and
described by Rothert and Shapiro (2003)). This cloud is shown at the left of Figure 2. The following
processing can be proposed to compute the probabilities of seismic events occurring. We count the number
of events in concentric spherical shells with the center at the injection point (see Figure 1). This number
of events is assigned to the mean radius of the corresponding shell. By normalizing event numbers to the
shell volumes we obtain the event density. We normalize the event densities by the event density in the
second spherical shell in order to work with non-dimensional quantities and to eliminate insignificant proportionality factors. (The first shell, which is actually a sphere around the injection point is not considered,
because of the singularity of the diffusion equation solution).
To compare these numerical results with predictions of equation (1), the analytical function p(r, t) is
also normalized by its value at the mean radius of the second spherical shell. Note that p(r, t) is a function
only of the radial distance from the injection point. The time in the Gaussian error function is the total
period of the injection (which is also equal to the total period of observation, i.e., event counting). A very
good agreement of the analytical curve calculated with a hydraulic diffusivity of D = 1m 2 /s and the event
probability in the synthetic microseismic cloud (at the right of Figure 2) is not surprising. The numerical
modeling is completely consistent with the PRH. The dashed line in Figure 2 was obtained using a 10 per
cent smaller hydraulic diffusivity and the dashed-dotted line using a 10 per cent larger D. It should be
noted that the observation time t (i.e., event counting time) can be smaller than the total injection time. If
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Figure 2: Synthetic microseismicity in a hydraulically isotropic model with the hydraulic diffusivity of
1m2 /s. At the left: a view of the cloud of seismic events. The colors correspond to the event occurrence
time in seconds. At the right: spatial density of the microseismic cloud versus distance from the injection
source (crosses). The lines denote the theoretical distribution given by equation (1).
t is too large the normalized function p(r, t) will become insensitive to D. On the other hand, if t is too
small the statistics of events can become insufficient for the processing. In all synthetic examples and case
studies given in this paper the choice of t equal to the injection time is completely adequate.
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Figure 3: Synthetic microseismicity in a hydraulically anisotropic model. Principal components of the
hydraulic diffusivity are 1m2 /s, 2m2 /s, and 5m2 /s. Notations are as in Figure 2. At the left: A view of the
cloud of seismic events is shown. At the right the spatial density of the microseismic cloud is displayed
versus rescaled distance from the injection source. The theoretical curve corresponds to the arithmetic
average of the principal components of the diffusivity tensor.
In the case of real data one more important complication must be taken into account. Hydraulic properties of natural rocks are usually anisotropic. Their hydraulic diffusivity is a second rank tensor (Shapiro
et al., 1999, 2002, 2003). If the PRH is valid then the geometry of the microseismic cloud should be
controlled by this tensor (see Figure 3, left). In order to compare the spatial distribution of the event density with the analytical solution (1), we have to transform the microseismic cloud obtained under pore
pressure relaxation in an anisotropic medium into a microseismic cloud which would be obtained in an
isotropic medium. For this a coordinate rotation is necessary from the original coordinate system (usually
a geographical and depth coordinate system of event locations) to a coordinate system orientated along
the principal axes of the diffusivity tensor. In addition, after this rotation, the new coordinates of events
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must be scaled in relation to the square roots of the corresponding principal values of the diffusivity tensor. Validity of this scaling procedure is a consequence of the equivalence of the diffusion equation in an
isotropic medium to the diffusion equation in an anisotropic medium by the transformation of coordinates
described above (see also Carslaw and Jaeger, 1973, pages 38 - 43). The hydraulic diffusivity in the resulting isotropic diffusion equation is equal to the arithmetic average of the principal components of the
diffusivity tensor. A detailed description of this transformation for microseismic clouds and how to find
the relationship between principal components of the hydraulic diffusivity tensor for real situations using
microseismic clouds is given in Shapiro et al. (1999, 2003). Note that the algorithms of inversion for a
diffusivity tensor described in these publications are able to provide orientations and relations between the
tensor’s principal components which are quite exact. However, their absolute values (i.e., the magnitude of
the arithmetic average of the principal components) are estimated less exactly. This disadvantage can be
compensated by using the event probability analysis we describe here.
After the transformation of the seismicity cloud, a comparison between predictions of equation (1) and
the event density is possible. It is completely analogous to the one in an isotropic medium. At the right of
Figure 3 such a comparison is shown for the synthetic microseismicity from the left of Figure 3.
CASE STUDIES
As an example of real microseismicity we consider a data set of microseismic events that were induced
during the 1993 Hot Dry Rock (HDR) experiments performed at the Soultz-sous-Forêts (France) in the
upper Rhine valley (Jones et al., 1995). About 25,300 m 3 of water were injected into the crystalline rock in
a depth of approximately 2,920 m. The absolute location error of events was of the order of 20 - 80 m. The
data set contains about 9150 events which were induced during 379 hours of injection. The cloud of microearthquakes is displayed at the left of Figure 4. The tensor of hydraulic diffusivity in Soultz is characterized
by a significant anisotropy with an approximate relation of principal components as 7 : 19 : 52 (Shapiro
et al., 2003). After scaling the microseismic cloud the event density can be compared with the distribution
predicted by equation (1). The average of the principal components of the hydraulic diffusivity D can then
be fitted to match the data. The best-fit curve is shown in Figure 4 right. This fit provides an estimate of
D = 0.03 m2 /s. An excellent agreement of the observed event density with the theoretical curve given by
equation (1) is evident.
Independent methods of estimating hydraulic diffusivity at the same location yield similar values: the
average principal component of the diffusivity tensor can be computed from results (again based on microseismicity analysis but using completely different features, i.e., fitting of the triggering front) given
in Shapiro et al. (1999) to be equal to D = 0.023 m2 /s. The estimate of the apparent hydraulic permeability from the same location based on a borehole injection/flow test and reported in Jung et al. (1996)
also can be used to compute the hydraulic diffusivity. This approximately yields D = 0.022 m 2 /s. The
microseismicity-based method of estimating hydraulic diffusivity used in Shapiro et al. (1999) provides
order of estimates only. The error estimates from this publication are ± 50 per cent. The borehole-based
estimates characterize the rocks in the vicinity of boreholes. In turn, two additional curves (Figure 4 at
the right) corresponding to D = 0.03 ± 0.006 m2 /s show that the uncertainties in the average diffusivity are smaller than ± 20 per cent. Therefore, the event probability based approach is more precise for
characterizing rocks on a kilometer-scale than those proposed in Shapiro et al. (1999).
We also applied the new approach to data obtained during fluid-injection experiments at the Fenton Hill
Hot Dry Rock site (New Mexico, USA). In 1983 for about 62 hours more than 21,600 m 3 of water were
injected into the crystalline rock in a depth of about 3,460 meters (Fehler et al., 1998). During this time
interval about 9355 events were recorded and located. The accuracy of the location was better than 100 m
(House, 1987). The tensor of diffusivity is characterized by an anisotropy with an approximate relation
of the principal components as 2 : 3 : 6 (Shapiro et al., 2003). The best-fit of the analytical function
(1) gives an estimate of D = 0.12 m2 /s and is shown in Figure 5. Fitting of the triggering front and the
back front of seismicity (see Parotidis et al., 2004) provide estimates of D = 0.14 m 2 /s. A good agreement
of these values is evident. Additionally Figure 5 (at the right) shows two curves with D = 0.1 m 2 /s and
D = 0.14 m2 /s which correspond to ± 20 per cent deviation. Three data points in the distance range of
300 - 500 m are located even outside this deviation interval. We explain this by an influence of a strong
hydraulic heterogeneity of the medium.
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Especial attention is required by the third example from the Carthage Cotton Valley gas field (East
Texas, USA). In contrast to the previous two case studies concerning crystalline rocks, the Cotton Valley
data set was obtained by a hydraulic fracturing of sediments. On May 14th, 1997 a hydraulic fracture
treatment was performed and for about 7 hours a total fluid volume of more than 1,100 m 3 was injected
into sandstones at the depth of 2,756-2,838 meters (Rutledge et al., 2004). The localized 994 microseismic
events occurred in the depth range from 2,750 to 2,850 meters (Urbancic et al., 1999). The event location
errors ranged from 14 m near the treatment well to 24 m at the wings of the eastern and western edges of
the fracture zones.
In order to discuss this case study in more detail we show here the distance versus time plot
√ for these
micro-earthquakes (Figure 6). Two parabolic curves corresponding to the triggering front r = 4πDt (see
Shapiro et al., 2002, for the theory of the triggering front) with two diffusivity estimates D = 0.36 m 2 /s
and D = 0.72 m2 /s are shown here. The majority of events is located below a parabolic envelope with
a diffusivity ranging from D = 0.36 m2 /s to D = 0.72 m2 /s. A few events occurred relatively far away
from the injection source at early times (see the large circles at Figure 6 and Figure 7 at the left). We
propose that they were caused by hydraulic fracturing rather than by a diffusive process of pore-pressure
relaxation. Probably, a long thin crack filled with fluid was quickly formed during the first hour of the
hydraulic fracturing. This crack has influenced the effective hydraulic properties of the medium. An
analysis of the shape of the square-root-occurrence-time normalized microseismicity cloud of the Cotton
Valley (Rentsch, 2003) shown that diffusivity tensor is characterized by a very strong anisotropy. The
approximate relation of principal components is 1 : 3 : 46. After the transformation of coordinates we can
analyse event probability (see Figure 7, right). Again we see that the majority of events was triggered by
a diffusive process. Between 400 m and 500 m distance from the injection source we observe more events
than predicted by equation (1). These outliers correspond to the events which probably occurred during
hydraulic fracturing at the very beginning of the injection. The estimation of D = 0.22 m 2 /s ± 20 per cent
represents an arithmetic average of the principal components of the effective hydraulic diffusivity tensor
characterizing the seismically active volume of the Carthage Cotton Valley field. The value D = 0.72 m 2 /s
is close to the maximum principal value of the diffusivity tensor.
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Figure 6: Top: actual bottom hole pressure (psi) and slurry rate (bpm) versus time. Bottom: event distance
from the injection point versus occurrence time for the Cotton Valley microseimicity. Two black lines show
locations of the triggering front for D = 0.36 m2 /s and D = 0.72 m2 /s. The red line represents the back
front for D = 0.36 m2 /s. The Cotton Valley diffusivity is characterized by strong anisotropy (Rentsch, 2003;
Rindschwentner, 2001). We propose that events denoted by circles above the solid parabolic envelope were
triggered by the hydraulic fracturing. Data are courtesy of T. Urbancic (ESG).
The resulting diffusivity estimate seems to characterize the medium after the hydraulic fracturing, because it is mainly based on the statistics of events occurring after the outliers.
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cloud versus rescaled distance from the injection source.
The diffusivity anisotropy reflects already the influence of the hydraulically initiated fracture as well
as the influence of the lamination of the sedimentary rocks. This well explains strong anisotropy of the
diffusivity and its relatively high values as well as the observation that the largest principal component is
approximately horizontal.
Figures 6 and 7 document application of three independent approaches (parabolic envelope, backfront
and events density) to the Votton valley data set. They all give results of the hydraulic diffusivity in
the same order of magnitude. The estimation of the hydraulic diffusivity using the parabolic envelope is
mainly based on later events (4.5 - 9 hours after the injection start) by fitting the outer parabolic boundary
of the spatio-temporal distribution. Most events are located below the parabolic envelope on an r − t
plot. A second signature, the back front, also fits the data after the injection stop (see the red curve on
Figure 6). The seismicity back front describes the propagation of the pore-pressure maximum for a boxcar
pressure source of the duration of 6.92 hours. Behind the back front the triggering of seismicity is very
unprobable, corresponding to our model. For a detailed description of the back front signature we refer
to Parotidis et al. (2004). The third signature, the event density, considers all events between the injection
start and the injection stop. This signature also fits the oberserved event number per unit volume up to 450
meters distance from the injection source (Figure 7). According to these three signatures it is a reasonable
assumption that one of the dominant triggering mechanism at Cotton Valley is the pore-pressure diffusion.
The estimated diffusivity reflects the effective hydraulic diffusivity of the medium. This effective hydraulic
diffusivity represents a complex average (upscaling) over the intact rock, the hydraulic fractures and the
hydraulic heterogeneities.
This case study firstly shows that a plot like one shown in Figure 6 can help to identify events which are
probably caused by different triggering mechanisms, for example, hydraulic fracturing and pore-pressure
diffusion. One can expect that the diffusion triggered events are located mainly below a parabolic envelope
of the triggering front. Events which we can identify as hydraulic fracturing events are outliers - early far
events located above the triggering front. This, however, does not exclude that some events triggered by
hydraulic fracturing can be located below the parabolic envelope.
The case study of the Carthage Cotton Valley gas field corresponds to the most complex geological
and technical conditions. It does not comply with our model assumptions in a number of ways. The
hydraulic diffusivity is a function of space because of heterogeneity of the medium (e.g., layering). It is
also a function of time because of creating a hydraulic fracture. The last process increased the spatial
heterogeneity of the diffusivity. Moreover, the fluid entering the hydraulic fracture was varied significantly
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during the period of injection from treated water to a crosslinked gel and to a mixture of the gel and proppant
sand. Finally, Figure 6 shows that the pressure regime was not exactly a non-decreasing function. Such
complexity of the Cotton Valley experiment makes meaningful a very detailed analysis of the relationship
between the time-dependent seismicity rate and pressure and flow rate curves. This analysis is beyond of
the scope of our study whose main goal was to introduce a new quantitatively interpretable signature of
induced microseismicity, the probability of events. However, already our analysis of the gross statistics of
the microseismicity shows that even for this complex case study the seismicity statistic can be described
by a diffusion triggering process. The corresponding diffusivity tensor is a rather complex (effective)
average of the diffusivity tensor of the propped hydraulic fracture and the heterogeneous diffusivity of
the surrounding rocks. It effectively characterizes several processes: the diffusion of fluid-pressure in the
propped fracture, the leak-off pressure diffusion from the hydraulic fracture into the matrix and natural
crack system of the surrounding rocks and the diffusion of pressure in the rocks. This effective diffusivity
should be significantly larger than the diffusivity of the intact rocks. However, it can be proposed as
an orientation value for properties of the hydraulic system of the stimulated reservoir after the hydraulic
fracturing.
CONCLUSIONS
Observations show that clouds of fluid-injection-induced microseismicity require hours or days to reach
a size of several hundred meters. This is definitely too slow a process to be described just by the elastic
stress equilibration which has a characteristic time of elastic wave propagation, i.e., seconds or less. Our
analysis provides additional evidence in favor of the hypothesis that the process of pore pressure relaxation
is at least one of the dominant triggering mechanisms of fluid-induced microseismicity. According to this
hypothesis, spatio-temporal distributions of microseismicity are controlled by the hydraulic diffusivity of
rocks as well as by the distribution and degree of rock criticality. We define the rock criticality as the
minimum pore pressure required at a given location to trigger a seismic event. The criticality of rocks can
be described by rather simple statistical models like a uniform probability density function. We propose a
simple statistical model of the fluid-induced seismicity. Using this model and analyzing three case studies
we have shown that the probability of induced seismic events is well described by the law of pore pressure
relaxation (diffusion, see eq. (1) and Figure 4, Figure 5 and Figure 7). Using this observation we show
that the spatial distribution of the density of earthquakes provides a possibility to estimate the hydraulic
diffusivity on a kilometer scale with a high precision. The case study of the Carthage Cotton Valley gas field
indicates a way of distinguishing seismic events probably triggered by the process of hydraulic fracturing
from seismic events triggered by pore pressure relaxation. For this an r − t plot of the induced seismicity
(like Figure 6) can be analyzed. Farly events which are located clearly above the parabolic envelope of
diffusion-triggered earthquakes are proposed to be triggered by hydraulic fracturing. Such a hypothesis
could be of a high practical importance and requires further detailed studies.
The assumptions of our theoretical model are summarized in the section "Statistical model of seismicity triggering". We consider them as simplifying rather than restrictive assumptions. Clearly, in reality,
hydraulic properties are heterogeneously distributed in rocks. Also the statistics of seismic criticality can
be much more complex than assumed here. We think, however, that the model proposed here correctly
reproduces the "large-scale-picture" of the phenomenon providing us with accurate, scaled-up, effective
hydraulic characteristics of rocks. The case studies support the validity of such a conclusion.
It is clear also that explaining the overall statistics of seismicity is not enough to explain triggering
mechanisms of all events. Already the Cotton Valley example indicates at least two important mechanisms
at work: hydraulic fracturing and pore-pressure diffusion. Hydraulic heterogeneities and/or heterogeneities
of the criticality of the medium can also be of importance. These heterogeneities may exist before injection
started. However, they may also be caused by the injection (Rutledge and Phillips, 2002). The corresponding events may be triggered by non-linear diffusion or a process of tensile opening and propagation of small
cracks (Dvorkin and Nur, 1992). Such events can also be found below the envelope of r − t plots. Coupled
processes like thermo-poroelastic stress relaxation may also be of significance. Finally, other signatures of
seismicity, such as strength of events or fault plane solutions, which are now not included in our model,
may be included in our future analyses.
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ABSTRACT

We propose a new approach for precise location of seismic sources using a Gaussian beam type migration of multicomponent data. This approach requires only the preliminary picking of event time
intervals and is much less sensitive to the picking precision than standard location procedures. Furthermore, this approach is characterised by a high degree of automation. The polarisation information
of multicomponent data is used to perform initial-value ray tracing. By weighting the energy of the
signal using Gaussian beams around these rays the stacking of energy is restricted to physically relevant regions only. Event locations correspond to regions of maximum energy in the resulting image.
We show successful applications of the method to synthetic data examples with 20-30 per cent white
noise and to real data of an hydraulic fracturing experiment.

INTRODUCTION
A precise location of seismic sources (i.e., attributing events to spatial coordinates of their hypocenter) is
an important issue in a broad range of geophysical applications. This includes, e.g., earthquake seismology
(Thurber and Rabinowitz, 2000) and seismicity based reservoir monitoring (Maxwell and Urbancic, 2001).
Several location procedures require identification of seismic phases and picking of P- and S-wave arrival
times as well as determination of the velocity structure between the hypocenter and the seismic station. One
method is to calculate predicted arrival times for the seismic stations and relate arrival time residuals to the
hypocenter and its origin time. The calculation of the predicted arrival times is repeated until arrival time
residuals are sufficiently small (Thurber and Rabinowitz, 2000). Furthermore, the circle method is often
used for location of the hypocenter and the origin time. The difference between P- and S-wave arrival times
for all receivers are used to calculate hemispheres of travel-distances. The hypocenter is assigned to the
intersecting region of these hemispheres (Lay and Wallace, 1995). These standard location procedures are
characterised by a strong dependence on event picking accuracy and a low degree of automation. Manual
picking in the case of large data sets makes the process of location very slow, expensive and not practicable.
In contrast, we propose an automated location procedure that takes into account the full elastic wavefield
of multicomponent data. Our method is based on the principles of wave field back-propagation and uses a
Gaussian beam type migration in order to image seismic sources.
CONCEPT OF THE LOCATION PROCEDURE
The first step in our procedure is to find an event within the recorded data stream. This can be done
by an approximate automatic detection algorithm (e.g., Baer and Kradolfer, 1987). Then a time interval
around this event is selected, which contains at least the full waveform of the event. By analysing the three
components of this signal we obtain the polarisation for each time sample. Then, initial-value ray tracing is
performed using this polarisation information as the starting direction of the ray (see Figure 1(a)). In order
to obtain the image value for an arbitrary grid point P (x, y, z) a Gaussian beam type back-propagation is
performed. This means that the energy E(t) of the signal is weighted mainly with a Gaussian beam type
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factor (Cerveny, 2001) and a summation of all weighted energies over all receivers is done to construct the
image:
X Z t2
M (x, y, z) =
EReceiver (t) · exp(−(r2 )/(b2 ))dt.
(1)
Receiver

t1

The times t1 and t2 correspond to the range of the previously picked time interval. The shape of the Gaussian beam is controlled by the beam width b and the perpendicular distance r of the grid point P (x, y, z)
from the corresponding central ray (see Fig. 1(a)).
Significant energy-values are concentrated within the beam width. Outside the beam width these values
rapidly decrease due to the weighting of the energy with a Gaussian beam type factor (exponential function
in equation 1). Hence, the weighting restricts the back-propagation along the rays as shown in Fig. 1(b) as
shaded areas. Summation over all receivers leads to regions of distinct stacked energy.
Thus, the region in the final image M (x, y, z) with maximum stacked energy is assumed to represent
the hypocenter of the event (see Fig. 1(b)).
t2
t1

t0

x,y

Receiver

s(P)

r
P(x,y,z)

Ray(t0)

z
(a) Initial-value ray tracing is performed for the time
sample t0 . The perpendicular distance r from a grid
point P (x, y, z ) to the ray and the ray parameter
s(P ) is needed for amplitude weighting.

(b) Scheme of an image obtained by initial-value ray
tracing, energy weighting and summation over 3 receivers for a time sample t0 . The region with maximum energy is considered to be the hypocenter of the
event.

Figure 1: Concept of the location method.
In order to take into account the uncertainty of location with increasing depth the raylength s(P ) (see
Fig. 1(a) and Fig. 1(b)) has to control the width b of the Gaussian beam. We define the width of the Gaussian
beam depending on the raylength in terms of the Fresnel radius. This physically means that the beamwidth
increases with increasing raylength.
APPLICATION TO SYNTHETIC DATA
The approach was applied to 3D isotropic and homogeneous synthetic models. As representative examples the results of two data sets are presented. We assigned a constant P-wave velocity of 6 km/s to the
model with dimensions 2000m x 2000m x 2500m. The event was assumed as an exploding point source at
x=1000m, y=700m and z=1000m. The recording network of the first example consisted of 20 arbitrarily
distributed surface stations (see Fig. 2(a)). Such a receiver geometry was used at the German Continental Deep Drilling Project for monitoring fluid induced microseismicity (Baisch et al., 2002). The three
component data with 20 per cent white noise computed for this model are shown in Fig. 2(b).
The full traces of all 20 surface stations were processed as described above using a constant image grid
spacing of 50m. The result is shown in Fig. 3(a) for a slice at y=700m. High energy is focusing in the center
of the image and marks the location of the hypocenter of the event. In order to get a better impression of
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(a) A 3D isotropic and homogeneous model with an
exploding point at x=1000m, y=700m and z=1000m.
The recording network consists of 20 randomly distributed surface stations (orange diamonds)

(b) The three component data with 20 per cent white
noise computed for the 20 surface stations.

Figure 2: First synthetic data example: (a) receiver geometry and (b) the corresponding traces.
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(a) Image at a slice y=700m. Colours represent values
of stacked energy. Red colours correspond to small
values and blue colours in the center of this image to
large ones.
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(b) Distribution of stacked energy at the displayed
slice of Fig. 3(a) with maximum amplitude at
x=1000m, y=700m and z=1000m.

Figure 3: Resulting image of the synthetic data example shown in Fig. 2(b) at slice y=700m.
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Stacked energy

the focus of high stacked energy for the slice y=700m the distribution of energy is shown in more detail in
Figure 3(b). Energy values rapidly decay away from the maximum. This decay gives a qualitative estimate
of the location uncertainty which means the stronger the decay the smaller is the uncertainty. For the
presented example we obtain the coordinates of the maximum energy at x=1000m, y=700m and z=1000m
which corresponds to the true event coordinates of the model.
For the second example we use a recording network of 20 surface stations with a constant interval of
100m. Recording geometries like receiver strings are often used for monitoring of hydraulic-fracturing
experiments (e.g., Urbancic et al., 1999). White noise up to 30 per cent was added to the three component
data. The resulting image for a slice at x=1000m is shown in Figure 4(a). Again, the region of high
stacked energy is considered as the event location. The elliptic shape of the region is caused by the receiver
geometry of a single receiver string. The distribution of stacked energy at slice x=1000m is shown in
Figure 4(b). Also for this example we obtain the coordinates of the grid point with the maximum energy at
x=1000m, y=700m and z=1000m which corresponds to the true event coordinates of the model.
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(a) Image at slice x=1000m. Colours represent values
of stacked energy as described in Figure 3(a). The
region of high stacked energy (elliptic blue area in
the center of this image) marks the hypocenter of the
event.
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(b) Distribution of stacked energy at the displayed
slice of Figure 4(a) with maximum energy at
x=1000m, y=700m and z=-1000m.

Figure 4: Resulting image for the second synthetic model.
Two different receiver geometries and noise levels up to 30 per cent were used to compute synthetic
data. For both presented examples the hypocenter of the event was located sufficiently well. The uncertainty of location depends mainly on the signal-to-noise ratio because noise in the data affects the polarisation information which is used to perform the initial-value ray tracing. Also, perceptible discrepancies of
the velocity model affect the ray tracing. Thus the location uncertainty also depends on the accuracy of the
velocity model. The geometry of receivers, the chosen grid dimension for the migration and the width of
the Gaussian beam also influence the location accuracy, but tests on synthetic data have shown that these
influences are less critical.
CASE STUDY
During a hydraulic fracturing experiment at the Cotton Valley field (East Texas, USA) more than 900 microseismic events were recorded using two monitoring wells (CGU 21-9 and CGU 22-9). These monitoring
wells were located approximately 400 m to the East and Northeast of the treatment well (GCU 21-10). The
sensor array consisted of 48 three component receivers at 15 m spacing in each monitoring well (Urbancic
et al., 1999). Unfortunately, it was not possible to use all 96 receivers to perform our migration method for
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event location. Some receivers have shown broken down components or were completely broken down.
Other receivers have shown significant differences in the mean noise amplitudes on their three components.
This can be caused by differences in the sensitivity or coupling and disturbs the polarisation. Hence, in this
study only sensors displaying equal signal-to-noise levels on every component (4 sensors in CGU 21-9 and
16 in CGU 22-9) were used to locate the events.

Figure 5: Traces of a microseismic event for 20 selected receivers (4 sensors in CGU 21-9 and 16 in CGU
22-9). Horizontal components are rotated into the geographical coordinate system. The waveforms around
the P-wave onset (waveforms within the red marked interval) were used for migration.
Traces of these 20 receivers were rotated into the geographical coordinate system (see Figure 5 as an
example of one microseismic event) and waveforms around the P-wave onset were selected (see red marked
interval in Figure 5). The corresponding image for this event is shown in Figure 6. High energy (red and
white colors) marks the hypocenter of event. The region of high energy has an elliptic shape like the result
for the second synthetic example. Again this is caused by the receiver geometry because all rays are traced
approximately in the same direction.

(a) Image slice 50 m south of the treatment well.

(b) View from above at depth of 2800 m.

Figure 6: Resulting image for the event shown in Figure 5. Colors represent values of stacked energy.
Yellow diamonds mark the used receivers. The region with maximum energy marks the hypocenter of this
microseismic event.
We give a comparison of different event location results in Figure 7. Green stars correspond to event
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locations obtained by the application of our migration algorithm. Red and blue stars belong to event
locations using P- and S-wave arrival times (Rutledge et al., 2004, 1998). Our event locations show a very
good agreement with the results of the other methods. Deviations of the locations might be due to different
velocity models.

Rutledge et al., 2004
Rutledge et al., 1998
Our results
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(a) 3D view of location results from Southwest. Wells
are shown as black dashed dotted lines. Yellow dimands mark receivers used to obtain our results.
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(b) Map and depth view of hypocenters.

Figure 7: Comparison of event locations obtained by different location methods. Blue marked locations
belong to initial locations from Rutledge et al. (1998) and red marked events to relocated hypocenters from
Rutledge et al. (2004). Locations colored in green were obtained using our approach.
CONCLUSIONS
A new method for location of seismic sources using multicomponent data is presented. The concept is
based on the principles of wave field back-propagation and uses a Gaussian beam type migration. By using
Gaussian beams for amplitude weighting the migration operator is restricted to the width of a Gaussian
beam around each ray, which represents the physically relevant region of the wavefield. The hypocenter of
the event is assigned to the region with maximum amplitude in the final image. Successful applications of
the approach are presented on two synthetic data example with different noise levels and different receiver
geometries. The approach was also successfully applied to real data from the Cotton Valley hydraulic
fracture experiment. The uncertainty of location is mainly affected by the signal-to-noise ratio and less
affected by the geometry of receivers, the chosen grid dimension for the migration and the width of the
Gaussian beam.
The presented approach is characterised by a high degree of automation because time consuming manual picking of arrival times is not necessary. In the next steps we will include S-waves into the location
procedure.
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ABSTRACT

The environment of the German Continental Deep drilling site (KTB) is known to be anisotropic. In
this study we have analyzed the seismic events generated by the KTB long term injection experiment.
More than 2500 seismic events were generated and about 260 events were recorded by the borehole
geophone and by the 42 station surface array centered at the KTB. For this experiment we are in the
favorable position to have a priori knowledge, where the acoustic emissions should originate, i.e.,
they should start at the injection point and slowly propagate away from it. Localizing the events using
an isotropic model based on average velocities derived from check shots leads to a southward lateral
shift of the center of the event cloud of about 500m away from the injection point. Since the total
extension of the elongated event cluster is about 2 km in E-W direction and about 300-400 m in NS direction this is a significant contribution. Using the 3-D isotropic velocity model obtained from
the KTB reflection data, no significant change in the localization is observed and the lateral shift is
reproduced. Localizing the same events using an anisotropic model based on published data centers
the event cloud around the injection point. The anisotropic localization not only removes the lateral
shift of the events but it also significantly alters the shape of the event cloud from an elongated cluster
to an almost circular distribution. This is important if the spatio-temporal evolution is interpreted with
respect to the hydraulic properties of the rocks. Also, interpretations with respect to event clustering
due to tectonics or hydro-fracking may be severely affected if the localization is based on the wrong
model assumptions. In seismology, most often there is no a priori information on the subsurface
available and we are in a less favorable position than for the KTB injection experiment. A dislocation
of the events due to anisotropy may be overlooked leading to the mis-interpretation of the distribution
of the events and its spatio-temporal evolution.

INTRODUCTION
The problem of earthquake location is one of the most basic problems in seismology. Although numerous
applications exist worldwide, the inherent non-linearity prevents earthquake location and tomography from
being a standardized routine tool. The general strategy of most applications is the minimization of traveltime differences between observed and measured data. Currently they all have in common that an isotropic
subsurface model is assumed. It is, however, known from seismological studies and reflection seismology that the earth is not isotropic. This anisotropy affects the localization of seismicity. In this study we
quantify this effect for the hydraulically-induced seismic events of the KTB injection experiment. A fluid
injection experiment provides perfect conditions for a real data case study since a priori knowledge on the
event location is available. The events should start close to the injection point and propagate away from it
with increasing injection time. The subsurface of the KTB is known to be anisotropic (Rabbel (1994) and
Rabbel et al. (2004)) and provides therefore an ideal environment for this study.
We used a localization technique recently developed at the University of Hamburg. It allows to consider
3D-heterogeneous isotropic and anisotropic models. This technique is based on a grid search and was
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verified using synthetic data before it was applied on the KTB data for this study. It shows that the neglect
of anisotropy can lead to serious mis-localizations and thus to mis-interpretation of the located events.
We will first describe the KTB injection experiment before we briefly explain the localization method
used. After this we discuss the anisotropy of the KTB and present results of localizations of the induced
seismicity using isotropic and anisotropic subsurface models. Discussions and conclusions finalize the
paper.
EXPERIMENT
During the KTB injection experiment performed in the year 2000, a total of more than 4000 m 3 of water
were injected into the KTB during a period of 60 days. The entire borehole was pressurized. The purpose
was to generate micro-seismicity around the openhole section at a depth of about 9 km to investigate
hydraulic properties of the KTB. More than 2500 seismic events were generated (Baisch et al., 2002). The
events were observed by a surface network, which consisted of 42 stations, including a borehole geophone
which was placed in the pilot hole located 200 m to the west of the KTB at a depth of about 4 km (Fig. 1).
The borehole geophone was recording at 1000 Hz sampling frequency, while the surface network operated
at 200 Hz. Due to a leakage of the casing near 5 km in depth about 75 % of the water escaped at this level.
Using the Geiger method (Geiger (1910)) 237 events were localized by Baisch et al. (2002) assuming a
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Figure 1: The arrangement of the surface network. The projection of the borehole geophone at the surface
is marked by the red triangle. The blue line represents the Franconian Lineament as mapped at the surface.

homogeneous isotropic velocity model with mean velocities obtained from check shot data. Most of the
events published in that work were located to the south of the injection (see Fig. 2). The events in 8 - 9 km
depth are all east of the borehole. Station corrections were applied but are not quantified in the paper of
Baisch et al. (2002). In the next section we will describe the localization technique used in this study.
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Figure 2: Localization of the events of the fluid injection experiment 2000 at the KTB as obtained by
Baisch et al. (2002).

LOCALIZATION TECHNIQUE
Almost all technique currently used are minimizing an objective function based on the traveltime differences of observed and computed onset times of seismic events where an isotropic, and often homogeneous
subsurface model is assumed. In the approach used here we minimize the residual square sum of the measured and the calculated traveltimes determined for different points within the discretized velocity model.
The residual square sum provides a measure for the probability of the hypocenter to be located at the
particular point in the model under consideration. The residual square sum R is defined as the square
of the difference between measured and calculated P- and/or S-traveltimes at each station divided by the
inaccuracy of the particular pick:
R=

2  (S)
2
M  (P )
X
t
− T (P )
t − T (S)
+
∆t(P )
∆t(S)
m=1

,

(1)

where T (P ) and T (S) are the computed P- and S onset times for the particular subsurface point. The
traveltimes are computed using the velocity model under consideration which may be 3-D isotropic or
anisotropic. The traveltimes t(P ) and t(S) are the measured P- and S-onset times, m is the station number
with m = 1, 2, ..., M, and M is the number of stations in the recording array which observed the event.
The picking errors are specified by ∆t(P ) and ∆t(S) .
According to the equation above the hypocentral time, and thus the localization of the hypocenter, not
only depend on the measured onset times, but also on the inaccuracies of the picks. Most localization
methods apply some weights from 1 to 4 depending on the quality of the particular pick. We used the
picks and weights as determined by Baisch et al. (2002). We converted their weights into picking errors
according to Tab. 1.
Weight 1 corresponds to a picking error of one sample. This is 0.005 s for a station of the surface network
and 0.001 s for the borehole geophone. Because of the higher signal to noise ratio of the borehole geophone
the pick inaccuracy is always one sample. The theoretical traveltime is computed for every grid point of
the discretized subsurface model. The maximum spacing of the subsurface grid should reflect the spatial
bandwidth of the data. Model dimensions and computational limitations may require larger grid spacings.
For model grids with spacings considerably larger than the average wavelength of the event under consideration locations between the grid nodes need to be considered. For these locations traveltime interpolation
techniques are required that take the wavefront curvature into account to achieve higher accuracy, like the
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weight
1
2
3
4

picking error [s]
0.005
0.010
0.025
0.050

Table 1: Conversion of weights into picking errors in ms.

hyperbolic interpolation technique of Vanelle and Gajewski (2002) . Because of the model dimensions of
the KTB data the grid spacing of the subsurface model was up to 400 m.
For the computation of traveltimes on a 3-D grid various methods were established, like FD eikonal
solvers (Vidale, 1988, 1990; Soukina et al., 2003), ray tracing methods (Vinje et al., 1996a,b; Coman and
Gajewski, 2005; Kaschwich and Gajewski, 2003), shortest path (Moser, 1991), or bending techniques.
See, e.g., Leidenfrost et al. (1999) for an overview of these techniques and their efficiencies. Quite often
homogeneous models are still in use for event localization where analytical solutions can be applied.
After the traveltimes were generated, the node with the lowest residual square sum is considered as the
hypocenter of the event under investigation. This minimum of the residual square sum is identified with a
grid search algorithm. For this technique the values of the residual square sum at 27 points of a cube of the
subsurface grid are evaluated during each step of the grid search procedure. If the central point shows the

R = min.

R = min.

Figure 3: For the grid search procedure the residual square sums at 27 points of a cube of the subsurface
grid are evaluated. If the central point of the cube shows the lowest value the cube is reduced to half its
size. If one of the other points has the lowest value the cube is shifted so that this point now becomes the
center of a new cube.

lowest value the cube shrinks to half of its size. If one of the other points displays the lowest value the cube
moves such that this point becomes the center of the next cube to be investigated (Fig. 3). This procedure
is continued until the size of the cube is below one characteristic wavelength, which corresponds to the
maximum spatial resolution that can be achieved for event localization. The residuum at the minimum
found in the way described above is a measure for the quality of the used model. The lower the residuum
the better is the fit of the model to the data.
The technique described above can be used for homogeneous and heterogeneous, isotropic or
anisotropic media. The grid search and traveltime interpolation are independent of the type of the model
(i.e., 1-D, 2-D, 3-D isotropic or anisotropic), only the technique to compute traveltimes on the discretized
subsurface grid needs to be adapted to the model under consideration. Therefore, the grid search approach
provides a versatile procedure for event localization as it may be applied to different kinds of subsurface
models without modification of the search itself. Since anisotropic models are the key issue of this paper
we will review the anisotropy of the KTB environment in the following section.
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SEISMIC ANISOTROPY AT THE KTB

After the pilothole was completed at the KTB site, a number of experiments were performed to determine
the seismic anisotropy. The main results of these experiments were (Rabbel (1994); Rabbel et al. (2004)):
• The gneiss in the upper 3.5 km is anisotropic. The polarization direction of the faster shear wave
coincides with the NW-SE-strike of the steeply-dipping rock foliation.
• In the depth interval from 2.2 - 3 km the anisotropy can be approximated by a hexagonal symmetry
with a non vertical symmetry axis. It is mainly caused by the foliation of the gneiss, leading to an
average anisotropy of 2.5 %, 14 % and 5 % for the P-, S1- and S2-wave, respectively.
• Zones of increased anisotropy correlate with zones of increased fracture density.
• The total anisotropy can be divided into two major components:
– the intrinsic background anisotropy, related to mineral composition and foliation of gneiss,
– the anisotropy caused by oriented fractures.
• Generally the KTB rocks displays azimuthal anisotropy, that is most often approximated by hexagonal symmetry with a non vertical symmetry axes.
Further information was obtained from the interpretation of VSP data collected during the years 1999
and 2000. These experiments focused on the lower part of the KTB (Rabbel et al. (2004)).
The upper and lower parts consist mainly of gneiss and show lower P-wave velocities (5.4 - 6.3 km/s)
compared to the middle part that is dominated by amphibolite (6.3 - 6.8 km/s). Average S-wave velocities
are 3.5 - 4.0 km/s and 3.3 - 3.6 km/s, respectively, for the gneiss and 3.6 - 4.0 km/s and 3.5 - 3.9 km/s,
respectively, for the amphibolite. The main properties of the three observed depth levels are summarized
as follows (Rabbel et al. (2004)):
• 2.2 - 3 km: the anisotropy of P-, S1- and S2-waves is 4.4 %, 9.0 % and 3.5 %, respectively. The
average isotropic P- and S- wave velocities are 6.12 km/s and 3.15 km/s, respectively.
• middle section: the material is the same as in the shallower level. It shows 3.9 % lower average
P-wave velocity (5.88 km/s) and 0.8 % lower average S-wave velocity (3.48 km/s), whereas the
anisotropy increases (6.1 %, 11.7 % and 6.2 %, respectively).
• 7.9 - 8.2 km: we find a further decrease of the velocities and increase of anisotropy, namely 13.2 %,
18.3 % and 3.8 % for maximum estimates of the anisotropy of the P-, S1-, and S2-waves, respectively.
The average isotropic velocities are 5.67 km/s and 3.37 km/s, respectively, for P- and S-waves.
While the velocity decreases in the lower part of the KTB the anisotropy increases at that depth. The
anisotropy of the KTB environment is of orthorhombic or lower symmetry, but is usually approximated by
a medium of hexagonal symmetry. The symmetry axis varies with depth where its orientation is tied to the
geological structure, i.e. the symmetry axis is perpendicular to the foliation of the gneiss. The orientation of
this foliation changes considerably with depth. Obviously, the anisotropy at the KTB is rather complicated
and of remarkable magnitude. It affects the localization of seismic events which is considered in the next
section.
RESULTS
Using a homogeneous isotropic model with average velocities determined from check shot data as published in Baisch et al. (2002) we obtained the localizations shown in Fig. 4. The center of the event cloud
is shifted to the south by about 500 m. This corresponds to 25 % of the total extent of the event cloud.
This is a physically unreasonable distribution of events since the center of the event cloud is not centered
at the injection point but set off to the south. The localization of Baisch et al. (Fig. 2) could not be reproduced, since they used stations corrections that are not quantified in their paper. Station corrections are
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Figure 4: Localization with a homogeneous model (vP =6080 m/s and vS =3510 m/s). The center of the
event cloud is shifted to the south of the injection point by about 500 m.

applied in seismology if local site effects are present below certain stations of the network (thus changing
the geology below the array), similar to static corrections in the presence of topography. We think that
station corrections are inappropriate for the KTB data, since almost all stations are on the same geological
unit. Only for the three stations to the west of he Franconian Lineament station corrections may be considered. The effect, however, should be rather small, since only a very short segment of the total ray path is
affected due to the small thickness of the sediments below these stations. Moreover, Baisch et al. (2002)
also applied station weights, emphasizing the borehole geophone 10 times stronger for P-wave events and
7 times stronger for S-wave events compared to the surface stations. Overweighting the shorter raypaths
of the borehole receiver reduces the dependence of the localizations on anisotropy since these effects are
more pronounced for longer ray paths.
Using a 3D heterogeneous isotropic velocity model derived from the 3-D KTB reflection data (Buske
(1999)), no significant change in the localization was observed. The lateral shift of the event cloud was still
present also for this model. Other available localization tools were also applied to the data like SimulPS
(Evans et al. (1994)) which is based on the well known Geiger method. This localization applied to the
KTB data and the isotropic homogeneous model displays an even stronger lateral shift to the south of the
center of the event cloud. To estimate the deviations between our isotropic homogeneous localization
and the isotropic localizations of Baisch et al. (2002) with weights and station correctons we computed
theoretical onset times for every station assuming the event originated at the borehole at 5 km depth. The
isotropic homogeneous velocity model was used and the traveltimes were compared with the measured
onset times. We found a systematical distribution of these differences (Fig. 5) which indicates a directional
dependence, i.e., anisotropy.
Despite the 3-D complexity of the anisotropy at the KTB we consider here a homogeneous anisotropic
model which is derived from laboratory data. We used the elastic parameters determined from experiments
on KTB rock samples by Jahns et al. (1994).:

43.48 11.09 13.20 0.00 −0.10 0.52

41.27 14.93 0.11 −0.00 0.33 



33.28 0.39 −0.96 0.00 


A=
10.70 0.44 −0.13 



10.42
0.07 
15.65


(2)
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Figure 5: Differences of the onset times from the borehole to every station assuming the isotropic homogeneous velocity model and measured onset times. A systematic distribution of differences is obtained.

The elastic parameters of the investigated KTB rock sample correspond to a complex anisotropy with a
symmetry lower than orthorhombic. The magnitude of the P-wave anisotropy is more than 10%. For the
S-waves it is even stronger. The elastic tensor is given in its intrinsic coordinate system and had therefore
to be rotated with respect to the geological situation and acquisition at the KTB (Fig. 6). The rotation was
performed in a way that the fastest P-wave velocity of the anisotropic model is along the foliation of the
gneiss and the slowest one perpendicular to it.
The localization of the data with this homogeneous anisotropic model leads to a physically reasonable
distribution of events (Fig. 7), i.e., the event cloud is centered at the injection well. No station corrections
or weights were applied. We observe from the isotropic and anisotropic localization, that not only the
location of the events, but also the shape of the event cloud has changed considerably.
DISCUSSION AND CONCLUSIONS
The localization of the hydraulically induced seismicity of the KTB injection experiment using an isotropic
homogeneous or a 3-D heterogeneous isotropic model show a strong lateral offset of the center of the event
cloud to the south of the injection point. This is a physically unreasonable result. To locate the center of
the event cloud at the injection point, the localization with isotropic models requires overweighting of the
borehole geophone and station corrections . From several studies of the KTB subsurface it is known to
be anisotropic. Magnitudes of more than 10% velocity anisotropy were reported. Our attempt to use an
anisotropic model lead to a physically reasonable distribution of events, i.e., the center of the event cloud
was located at the injection point. The anisotropic model used was determined from laboratory data and
adjusted to the geological situation. For this localization neither station corrections nor station weights
needed to be applied.
Although the anisotropic localization provides a physically reasonable result and is therefore the model
of our preference, more work needs to be done. Residuals for both models, isotropic and anisotropic are
still quite high. Statistically we can not even decide, which model is actually the better one since both
lead to a similar quality of the fit. This disappointing conclusion is, however, not at all surprising since the
geological situation and the anisotropy at the KTB is rather complex. This complexity is not appropriately
reflected in the homogeneous anisotropic model. We would like to emphasize that careful velocity model
building is essential for any localization, particularly if anisotropy is present: the quality obtained for a
localization can never be better than the match of the used model to the real subsurface.
This data case study has demonstrated that the localization of events and the shape of the event cloud
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Figure 6: Rotation of the elastic tensor to fit the geologic situation. The KTB environment is characterized
by steeply-dipping layers of gneiss with a pronounced foliation in the direction of the layering.
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Figure 7: Localization with the homogeneous anisotropic velocity model. The cloud of events is centered
around the borehole. The lateral shift of events observed for the isotropic model (Fig. 4) is not present.
The shape of the cloud is now almost circular compared to the elongated shape obtained for the isotropic
case (Fig. 4).
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are strongly affected if a present anisotropy of the subsurface is neglected. In contrast to the injection experiment at the KTB in seismology we usually have no a priori information on the occurrence of events. We
are therefore in a much less favorable position than in this study. A systematic displacement of the events
due to an unidentified anisotropy may severely mislead the interpretation of the distribution of the events.
Careful velocity model building including anisotropy prior to the localization is therefore mandatory.
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The Wave Inversion Technology (WIT)
Consortium

W I T

The Wave Inversion Technology (WIT) Consortium was established in
1997 and is organized by the Geophysical Institute, Karlsruhe University, Germany. It consists of four fully integrated working groups, one
at Karlsruhe University and three at other universities, being the Mathematical Geophysics Group at Campinas University (UNICAMP), Brazil,
the Seismics / Seismology Group at the Free University (FU) in Berlin,
Germany, and the Applied Geophysics Group (AGG) of the Hamburg University, Germany. In 2003, the Geoscience Center at the University of Pará,
Belém, Brazil joined the WIT Consortium as an affiliated working group.
The WIT Consortium offers the following services to its sponsors: a) research as described in the topic “Research aims” below; b) deliverables; c)
technology transfer and training.
RESEARCH AIMS

The ultimate goal of the WIT Consortium is a most accurate and efficient target-oriented seismic modeling, imaging, and inversion using elastic and acustic methods. Traditionally, exploration and reservoir
seismics aims at the delineation of geological structures that constrain and confine reservoirs. It involves
true-amplitude imaging and the extrapolation of the coarse structural features of logs onto space. Today, an understanding is emerging on how sub-wavelength features such as small-scale disorder, porosity,
permeability, fluid saturation, etc. influence elastic wave propagation and how these properties can be recovered in the sense of true-amplitude imaging, inversion, and effective media. The WIT Consortium has
the following main research directions which aim at characterizing structural and stratigraphic subsurface
characteristics and extrapolating fine grained properties of targets:
1. data-driven multicoverage zero-offset and finite-offset simulations
2. macromodel determination
3. seismic image and configuration transformations (data mapping)
4. true-amplitude imaging, migration, and inversion
5. seismic and acoustic methods in porous media
6. passive monitoring of fluid injection
7. fast and accurate seismic forward modeling
8. modeling and imaging in anisotropic media
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COMPUTING FACILITIES
In Karlsruhe, the research project uses computer facilities that consist of mainly Hewlett-Packard (HP),
Silicon Graphics (SGI), and Linux workstations. These are networked with a local compute server, a SGI
Origin 3200 (6 processors, 4GB shared memory). For large-scale computational tasks, an IBM RS/6000
SP-SMP (256 nodes + 52 nodes) and a Fujitsu VPP 5000 are available on campus. If there is still a request
for more computing power, a Cray T3e (512 nodes), a NEC SX-4/32, and a Hitachi SR8000 (16 nodes) can
be used via ATM networks at the nearby German National Supercomputing Center (HLRS) in Stuttgart.
The Hamburg group has access to a 16 nodes (8 CPUs and 8 GB each) NEC SX-6 supercomputer at the
German Computer Center for Climate Research (Deutsches Klimarechenzentrum, DKRZ) for numerically
intensive calculations. Additional computer facilities consist of several SUN workstations and Linux PCs.
The Geophysical Department of the Free University of Berlin has excellent computer facilities based
on Sun- and DEC-Alpha workstations and Linux PCs. Moreover, there exists access to the parallel supercomputer Cray T3m (256 proc.) of ZIB, Berlin.
The research activities of the Campinas Group are carried out in the Mathematical Geophysics Laboratory. The Lab has many PC Linux workstations and Sun Ultra 60/80 workstations connected by a dedicated
network, suitable for parallel processing. For large-scale applications, the Lab has full access to the National Center for High Performance Computing of São Paulo, that maintains, among other machines, an
IBM RS/6000 9076-308 SP (43 nodes) with 120GB of RAM. Also available are seismic processing software packages from Paradigm and CGG.
The main computing facility at the Geophysics Graduation Program in Belém is the Seismic Processing
Lab (ProSis). The hardware resources include: workstations (RS3600) from IBM and a SUN SparkStation
20, all networked to a local server SUN Enterprise-3500 with 2 processors; several networked LinuxPCs; for large-scale applications, a cluster of PCs with 20 dual-processor nodes. The proprietary software
packages available for seismic applications are ProMAX, Disco-Focus, and Gocad.

WIT research personnel
Ricardo Biloti received his BSc (1995), MSc (1998) as well as PhD (2001) in Applied Mathematics from
the State University of Campinas (UNICAMP), Brazil. Since May 2002, he has been working for Federal
University of Paraná (UFPR), Brazil, as an Adjoint Professor at the Department of Mathematics. Nevertheless he is still a collaborator of the Campinas Group. His research areas are multiparametric imaging
methods, like CRS for instance. He has been working on estimating kinematic traveltime attributes and on
inverting them to construct velocity models. He is also interested in Numerical Analysis, Numerical Linear
Algebra, and Fractals. He is a member of SBMAC, SIAM, and SEG.
Tim Boelsen is currently working on his diploma thesis at the Geophysical Institute, University of Karlsruhe. His field of study focuses on the handling of rugged topography in the CRS stack and the application
to synthetic and real data. He is a member of the SEG and EAGE.
Stefan Buske received his diploma in geophysics (1994) from Frankfurt University. From 1994 until 1998,
he worked as research associate at Frankfurt University, and from 1998 until 1999 he was with Ensign Geophysics Ltd. (Depth Imaging Department) in London. Since 1999 he is a university staff member at the
Free University of Berlin. His research interests include seismic modeling and inversion, deep seismic
sounding and parallel programming. He is a member of DGG and EAGE.
Klaus Mairan Laurido do Carmo received his BSc (2001) in Mathematics from the Federal University
of Pará (Brazil). Presently, he is finishing his master’s thesis entitled “Global Optimization methods applied in the search of the 2-D CRS stack parameters” at Federal University of Pará. His research interest is
Applied Mathematics.
Pedro Chira-Oliva received his MSc in 2000 and PhD in 2003 from Federal University of Pará (Brazil),
both in Geophysics. His research interests are macro-model independent imaging methods, seismic image
wave methods and 3D modeling. He is a member of SBGf and SEG.
Jessé Carvalho Costa received his diploma in Physics in 1983 from the Physics Department, Federal University of Pará (UFPA) and a Doctor degree in Geophysics in 1993 from the Geophysics Department at the
same University. He was a Summer Student at Schlumberger Cambridge Research in 1991 and 1992. He
spent 1994 and 1995 as a post-doc in the Stanford Tomography Project at Stanford University. He held a
faculty position the Physics Department at UFPA from 1989 to 2003. Currently his is Associate Professor
in the Geophysics Department, UFPA. His fields of interest include seismic anisotropy, traveltime tomography and seismic modeling.
João Carlos Ribeiro Cruz received a BSc (1986) in geology, a MSc (1989), and a PhD (1994) in geophysics from the Federal University of Pará (UFPA), Brazil. From 1991 to 1993 he was with the reflection
seismic research group of the University of Karlsruhe, Germany, while developing his PhD thesis. Since
1996 he has been full professor at the geophysical department of the UFPA. His current research interests
include velocity estimation, seismic imaging, and application of inverse theory to seismic problems. He
is a member of SEG, EAGE, and SBGF. Actually, he is the Director of the National Department of the
Mineral Production of the Pará Province.
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Jaime Fernandes Eiras received his diploma in geology in 1975 from the Pará University, Brazil. He
joined Petrobrás in 1976, where he worked as a wellsite geologist until 1983, and as an exploration geologist until 2001. Since March 2002, he has been a visiting professor at the Geophysics Department of the
ParÚniversity. As a basin interpreter, he has studied many of Brazil’s offshore and onshore areas, such as
Atlantic-type, paleozoic, rift, and multicyclic basins. His fields of interest are structural, stratigraphic, and
seismic interpretation, especially seismic stratigraphy. He is a member of the Brazilian Geological Society.
Carlos A.S. Ferreira received a BSc (1996) and a MSc (2000), both in physics, at Federal University of
Pará. From 1997 to 2001, he spent some time studying geology, where he had the opportunity of working
with some geophysical methods, such as vertical electric sounding and well logging, both as a geology
graduate student. Presently, he is working towards his PhD in geophysics at Federal University of Pará,
where the main topic of his thesis is prestack depth migration using Gaussian beams. His main research
interests are quantum description via Ermakov invariants (in physics) and all forward and inverse seismic
imaging techniques. He is member of SEG, SBPC and SBGf.
Dirk Gajewski received a diploma in geophysics in 1981 from Clausthal Technical University and a PhD
from Karlsruhe University in 1987. Since 1993, he has been associate Professor (Applied Geophysics)
at Hamburg University. After his PhD, he spent two years at Stanford University and at the Center for
Computational Seismology at the Lawrence Berkeley Lab in Berkeley, California. From 1990 until 1992,
he worked as an assistant professor at Clausthal Technical University. His research interests include highfrequency assymptotics, seismic modeling, and processing of seismic data from isotropic and anisotropic
media. Together with Ivan Psencîk, he developed the ANRAY program package. He is a member of
AGU, DGG, EAGE, and SEG, and serves as an Associate Editor for Geophysical Prospecting (section
anisotropy).
German Garabito received his BSc (1986) in Geology from University Tomás Frias (UTF), Bolivia, his
MSc in 1997 and PhD in 2001 both in Geophysics from the Federal University of Pará (UFPA), Brazil.
Since 2002 he has been full professor at the geophysical department of UFPA. His research interests are
data-driven seismic imaging methods such as the Common-Refection-Surface (CRS) method and velocity
model inversion. He is a member of SEG, EAGE and SBGF.
Ellen de Nazaré Souza Gomes received her diploma in Mathematics in 1990 from University of Amazônia. She received her Master degree in Applied Mathematics in 1999 from the Mathematics Departament,
Federal University of Pará. In 2003, she received her Doctor degree in Geophysics from Geophysics Department at the same University. Her fields of interest are anisotropy and seismic modeling. She has been
professor at the Federal University of Pará since 1997.
Zeno Heilmann received his diploma in Geophysics from the University of Karlsruhe (TH) in October
2002. Since November 2002 he has been a research associate at the Geophysical Institute, Karlsruhe University. Besides the practical application of the CRS stack based imaging workflow in several research
projects, he works on the development of the CRS stack software, focusing on the influence of rugged
topography and near surface velocity variations. He is a member of EAGE and SEG.
Peter Hubral received an M.Sc. in 1967 in geophysics from Clausthal Technical University and a Ph.D.
in 1969 from Imperial College, London University. Since 1986, he has been a full Professor of Applied
Geophysics at Karlsruhe University specialising in Seismic Wave Field Inversion. During 1970-73 he was
with Burmah Oil of Australia and from 1974 to 1985 he was with the German Geological Survey in Hannover. He was a consultant in 1979 with AMOCO Research and, during 1983-1984, a Petrobras-sponsored
visiting professor in the PPPG project at the Universidade Federal da Bahia in Brazil. In 1995-1996 he
was an ELF- and IFP-sponsored visiting professor at the University of Pau, France. He received EAEG’s
Conrad Schlumberger Award in 1978, the SEG’s Reginald Fessenden Award in 1979, and the EAGE’s
Erasmus Award in 2003. He is a regular member of DGG and an honorary member of the EAEG/EAGE
and SEG. Peter Hubral is involved in most of WIT’s activities, in particular those including research on
image resolution, image refinement, image attributes, multiple suppression, incoherent noise suppression,
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true-amplitude imaging, interpretative processing, and image animation.
Christoph Jäger received his diploma (with distinction) in Geophysics in February 2002 from Karlsruhe
University. His thesis was about true-amplitude (de)migration and its implementation. Since March 2002,
he has been a research associate at the Geophysical Institute in Karlsruhe. He is currently working on the
efficient implementation and the application of true-amplitude (de)migration software. Christoph is also
responsible for the maintenance of the WIT homepage. He is a member of EAGE and SEG.
Florian Karpfinger is a diploma student. Presently, he is working at the reservoir characterization group
at the Free University Berlin. He is a member of the SEG, DGG, and EAGE.
Tina Kaschwich received her diploma in 2000 in geophysics from Hamburg University. Since 2001 she
has been a Ph.D. student at the University of Hamburg. Her research interests are ray method and migration
in anisotropic media. She is a member of EAGE.
Axel Kaselow received his diploma (M.Sc. equivalent) in Geology from Karlsruhe University in April
1999. Since then, he has been a research associate at the Geophysical Institute, Karlsruhe University, and
became a member of WIT’s internal steering committee. In January 2002 he joined WIT’s rock physics
group in Berlin. His research interests are 4D modeling and rock physics, and the development of rock
physical software. He is currently working on seismic properties of porous and fractured rocks under
stress, especially on the dependence of seismic velocities on pore fluid pressure. He is a member of the
SEG and EAGE.
Tilman Klüver received his diploma (with distinction) in geophysics from Karlsruhe University in February 2004. Since April 2004, he has been a research associate at Karlsruhe University. His research covers
the application of kinematic wavefield attributes in 2D and 3D inversion schemes as well as their extraction
from seismic datasets. He is a member of the EAGE and the SEG.
Ingo Koglin received his diploma in geophysics in 2002 from Karlsruhe University. Since 2002 he has
been a research associate at Karlsruhe University. His research interests include preparation and application of seismic wavefield attributes obtained by the CRS stack. He uses the attributes for inversion and to
improve imaging. A second field of interest is the improvement of the CRS stack by means of residual
static correction. He is a member of EAGE and SEG.
Oliver Krüger received his diploma in geophysics in 2002 from Freie Universität Berlin and is currently a
PhD student at Freie Universität Berlin. His research interests focus on finite difference modeling, imaging
and property prediction of fractured materials.
L.W.B. Leite is a professor of geophysics at the Graduate Course in Geophysics, and member of the Department of Geophysics of the Federal University of Pará (Belem, Brazil). His main emphasis at the present
time is seismic wave propagation in thin layers for deconvolution and inversion problems.
Rômulo Correa Lima received his diploma in geophysics in 2002 from Geophysical Department of the
Federal University of Pará, Brazil, with a thesis on Seismic Migration. In 2002 and 2003, he was a researcher in the seismic group of that university. Currently he is working on 3D modeling.
Stefan Lüth received his diploma in geophysics from the Technical University Clausthal in August 1996.
His thesis was on numerical and methodical investigations on diving wave tomography. He then moved
to Free University Berlin in order to work on a PhD project within the SFB 267 (Deformation Processes
in the Andes). He processed and interpreted Wide-Angle and Seismic Refraction Data from the Andes.
He defended his thesis at the FU Berlin in February 2000. Currently, he is a post-doc researcher working
on imaging three-component seismic recordings along a tunnel or a VSP-configuration using 3D prestack
migration. He is a member of DGG, AGU, and EAGE.
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Jürgen Mann received his diploma in geophysics in 1998 from the Faculty of Physics, Karlsruhe University, with a thesis on Seismic Image Waves. In 2002, he received a doctorate in natural sciences (with
distinction), again from the Faculty of Physics in Karlsruhe, with a thesis on the Common-ReflectionSurface Stack method. Since 1998 he has been a research associate at Karlsruhe University, since 2001 he
is assistant to Prof. Peter Hubral. His fields of interest are seismic reflection imaging methods, especially
data-driven approaches based on kinematic wavefield attributes. He is member of the EAGE and the SEG.
Alex Müller received his diploma in geophysics in December 2003 from Karlsruhe University, Germany.
His thesis dealt with the implementation of the 3D CRS stack. Since 2004 he has been a research associate
at the Geophysical Institute in Karlsruhe. His research covers the 3D CRS stack and the application of the
kinematic wavefield attributes in 3D inversion algorithms. Alex is also responsible for the WIT report. He
is a member of the SEG.
Tobias M. Müller received a diploma in geophysics in 1998 from Karlsruhe University and his PhD
in 2001 from Free University Berlin. Since 2002 he has been a post-doctoral fellow of the Deutsche
Forschungsgemeinschaft at Curtin University of Technology in Perth. His research interests include seismic waves in random media and rock physics. He is a member of DGG, EAGE, and SEG.
M. Amélia Novais received her M.Sc. in Mathematics from the Brazilian Institute of Pure and Applied
Mathematics (IMPA) in 1993 and her PhD in Applied Mathematics from State University of Campinas
(Unicamp) in 1998. Since 1996, she has been a professor for Mathematics at the Federal University of Sao
Carlos (UFSCar), Brasil. She has joined Unicamp in April 2002. Her research interests focus on partial
differential equations and include seismic forward imaging. In particular, she works with finite differences
to obtain the solution of the acoustic and elastic wave equation, as well as with the Born and Kirchhoff approximations. Presently, she also studies image-wave equations. She is a member of SEG, EAGE, SBGf,
SBMAC, and SBM.
Miltiadis Parotidis received his diploma in geodesy and geophysics (Diplom-Ingenieur) in January 1997,
and his PhD (Doctor techn.) in June 2001, both from the Vienna University of Technology, Austria. Since
November 2002 he has been a post-doc researcher at the Geophysics Department of the Freie Universität
Berlin. His main research interests are hydraulic characterization of reservoirs, triggered seismicity by
fluid injections, earthquake triggering mechanisms and signatures. He is a member of AGU, DGG, EAGE,
EGU, and SEG.
Claudia Payne has been Peter Hubral’s secretary since 1990. She is in charge of all WIT administrative
tasks, including advertising, arranging meetings, etc. Email: Claudia.Payne@gpi.uka.de; phone: +49-721608-4443, fax: +49-721-71173
Rodrigo Portugal received his B.Sc. (1995), M.Sc. (1998), and PhD (2002) in Applied Mathematics from
the State University of Campinas (UNICAMP), Brasil. In his thesis he studied wavefront construction
in the 2.5D situation and its application to the four Kirchhoff operations, namely: modeling, migration,
demigration and demodeling. Currently he is an associate researcher of the Department of Geology and
Natural Resources (DGRN) at UNICAMP. His research interests include wavefront propagation, numerical
analysis, seismic imaging and inversion.
Lasse Rabenstein is a diploma student. He is currently working as a teaching assistant for the department
of Geophysics at the FU Berlin. His interests are seismic imaging and wave phenomena in random media.
Susanne Rentsch received her diploma in geophysics from the Free University Berlin in July 2003. Her
diploma thesis was about “Hydraulic characterization of rocks using density of microseismicity”. Since
August 2003 she has been working as a PhD student on location of seismic events using imaging techniques.
Elmar Rothert received his diploma in Geophysics in 1999 from the University of Göttingen. In his
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diploma thesis he studied the scattering of teleseismic waves at small-scale heterogeneities in the crust and
lithosphere below the seismic receiver array GRF in Germany. Since January 2000 he is a Ph.D. student of
Prof. Shapiro at the Freie Universität Berlin. Currently, he focuses on the reconstruction of permeability in
heterogeneous, anisotropic, fluid-saturated media from induced microseismicity. He is a member of AGU,
EAGE, and SEG.
Erik Saenger received his diploma in Physics in March 1998 and his Ph.D. in November 2000 from the
University of Karlsruhe. Since January 2001 he has been a research associate at the Freie Universität
Berlin. Currently, he focuses on Finite Difference modeling of fractured materials at the Geophysical Institute, Free University Berlin. He is member of the DGG, DPG, SEG, and EAGE.
Lúcio Tunes Santos received his B.Sc. (1982) and M.Sc. (1985) in Applied Mathematics from the State
University of Campinas (UNICAMP), Brazil. In 1991 he earned his PhD in Electrical Engineering also
from UNICAMP. From 1985 to 1988 he was employed as a Teaching Assistant at the University of Sao
Paulo (USP). Since 1988 he has been working for UNICAMP, first as an Assistant Professor and after 1999
as an Associate Professor. From 1994 to 1995 he visited Rice University as a postdoc researcher and in
1998, 1999 and 2001 he was a visiting professor at the Geophysical Institute of Karlsruhe University (Germany). His professional interests include seismic modeling and imaging as well as nonlinear optimization
and fractals. He is a member of SBMAC (Brazilian Society of Computaional and Applied Mathematics)
and SEG. His present activities include the development of new approximations for the P-P reflection coefficient, alternative attributes for AVO analysis, and finite-difference methods for the eikonal and transport
equations.
Jörg Schleicher received a BSc (1985) in physics, an MSc (1990) in physics, and a PhD (1993) in geophysics from Karlsruhe University (KU), Germany. From 1990 to 1995, he was employed as a research
fellow at KU’s Geophysical Institute. From September 1995 to September 1996, he was a visiting scientist at the Institute for Mathematics, Statistics, and Scientific Computing of State University of Campinas
(IMECC/UNICAMP) in Brazil with joint grants from the Brazilian Research Council CNPq and Alexander von Humboldt foundation. Since October 1996, he has been employed as an Associate Professor for
Applied Mathematics at IMECC/UNICAMP. In 1998, he received SEG’s J. Clarence Karcher Award. His
research interests include all forward and inverse seismic methods, in particular Kirchhoff modeling and
imaging, amplitude-preserving imaging methods, ray tracing, and model-independent stacking. He is a
member of SEG, EAGE, DGG, SBGf, and SBMAC.
Sergei Shapiro received his M.Sc. in 1982 from Moscow University and the Ph.D. in 1987 from All
Union Research Institute of Geoinformsystem (AURIG) in Moscow, both in Geophysics. During 198290 he worked for AURIG as a research geophysicist. In 1991-1997 he was a senior research scientist at
the Geophysical Institute of Karlsruhe University, Germany. The first two years of this time he was an
Alexander von Humboldt fellow. From January to August 1997, he was a Heisenberg associate-research
professor. Since September 1997 till January 1999, he was a full professor in Applied Geophysics at the
Nancy School of Geology, France, where he was cooperating with GOCAD consortium. Since February
1999 he has been a full professor of Geophysics at the Free University of Berlin, where he leads a research
group in Seismology. His interests include exploration seismology, rock physics, and forward and inverse
scattering problems. He is a member of SEG, EAGE, AGU, and DGG.
Christof Sick is a Ph.D. student and research associate at the Freie Universität Berlin. Presently, he is
working in the random media group and the SFB267. His diploma thesis was about the analysis and modeling of the dynamics of spatio-temporal signals.
Kerstin Sommer received her diploma in 2004 in geophysics from Hamburg University. Her diploma
thesis was about localization of microseismicity at the KTB site considering the effect of anisotropy.
Svetlana Soukina received her diploma in geophysics in 1995 from St. Petersburg State University, Russia.
Until 1999 she had been a research scientist in the Institute of Physics at St. Petersburg State University.

302

Annual WIT report 2004

Since 1999 she has been a Ph.D. student at the University of Hamburg. Her research interest is the computation of traveltimes in anisotropic media.
Miriam Spinner received her diploma in geophysics in December 2003 from Karlsruhe University, Germany. Her thesis dealt with an extension of true-amplitude Kirchhoff migration to handle data acquired on
a measurement surface with topographic variations. Since 2004 she has been a research associate at the
Geophysical Institute in Karlsruhe. Search interests include the CRS approach to AVO analysis. She is a
member of the SEG.
Ekkehart Tessmer received an MSc in 1983 in geophysics from Hamburg University and a PhD in 1990
from Hamburg University. Since 1990, he has been senior research scientist at the Institute of Geophysics
at Hamburg University. Since 1994, he has a university staff position. His research interests include exploration seismology, seismic and electromagnetic wave propagation simulation, and migration. He is a
member of DGG, EAGE, and SEG.
Martin Tygel received his B.Sc. in physics from Rio de Janeiro State University in 1969, his M.Sc. in
1976 and Ph.D. in 1979 from Stanford University, both in Mathematics. He was a visiting professor at the
Federal University of Bahia (PPPG/UFBa), Brazil, from 1981 to 1983 and at the Geophysical Institute of
Karlsruhe University, Germany, in 1990. In 1984, he joined Campinas State University (UNICAMP) as an
associate professor and since 1992 as a full professor in Applied Mathematics. Professor Tygel has been an
Alexander von Humboldt fellow from 1985 to 1987. In that period, he conducted research at the German
Geological Survey (BGR) in Hannover. From 1995 to 1999, he was the president of the Brazilian Society of
Applied Mathematics (SBMAC). In 2002, he received EAGE’s Conrad Schlumberger Award. Prof. Tygel’s
research interests are in seismic processing, imaging and inversion. Emphasis is aimed on methods and
algorithms that have a sound wave-theoretical basis and also find significant practical application. These
include, for example, the unified approach of seismic reflection imaging (problem-specific combinations
of true-amplitude migration and demigration) and, more recently, data-driven seismic imaging approaches
such as the Common Refection Surface (CRS) method. Prof. Tygel is a member of SEG, EAGE, SBGf,
and SBMAC.
Claudia Vanelle received her diploma in physics in 1997 and her Ph.D. in 2002, both from the University
of Hamburg. Since 1997 she has been a research associate at the University of Hamburg and since 1998
at the Institute of Geophysics in Hamburg. In 2002 the Shell She-Study-Award was bestowed upon her in
appreciation of her Ph.D. thesis. Her scientific interests focus on true-amplitude migration and anisotropy.
She is a member of EAGE and SEG.
Markus von Steht is currently working on his diploma thesis at the Geophysical Institute, University of
Karlsruhe. His field of study focuses on the handling of rugged topography in the CRS stack and the application to synthetic and real data. He is a member of the SEG.
Mi-Kyung Yoon receeived her diploma from the TU/FU Berlin in 2001. Since 2001 she has been working
as a Ph.D. student within the imaging group of the FU Berlin on imaging in random media. She is member
of DGG, EAGE, and AGU.
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