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Preface

The fourth WIT (Wave-Inversion-Technology) report gives a compilation of the 2000
WIT activities. The global WIT consortium with one group in Campinas (Brazil), one
in Berlin, one in Hamburg and one in Karlsruhe continued to function effectively with
the same amount of sponsors and researchers as in the previous three years. The WIT
research in Karlsruhe in 2000 was reinforced by the visiting professor and Alexander
von Humbolt Prizewinner Dr. E. A. Robinson (New York).
After Dr. Martin Karrenbach left, there will now only one WIT group remain in
Karlsruhe. However, Martin's 2D/3D FD Modelling capabilities will remain to be
offered to our sponsors.
The WIT consortium member S. A. Shapiro organized the EAGE/SEG sponsored
workshop 'Seismic Signatures of Fluid Transport' (February 27-29, 2000 at Berlin)
for which a Special Proceedings Volume with contributions will appear in Geophysics
(Guest Editors: Shapiro and Gurevitch).
The WIT consortium members M. Tygel and P. Hubral also organized during
February 14-16, 1999 the EAGE/SEG sponsored workshop 'Seismic True Amplitudes'
in Karlsruhe. Finally I would like to mention that the manuscript of our forthcoming
book 'Seismic True Amplitude Reflection Imaging' by Schleicher, Tygel and Hubral is
now with the Special Editor Dr. Stolt to hopefully appear soon as a SEG Monograph.

Peter Hubral

Karlsruhe,

February 21, 2001
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Imaging
The Common-Reflection-Surface (CRS) stack as presented in the preceeding WIT reports assigns only one parameter set to each ZO sample to be simulated. Mann and
Gerst now present an extended CRS stack strategy that is able to detect and characterize an arbitrary number of contributing events for each ZO sample. Thus, conflicting
dip situations can be resolved to simulate the interference of intersecting events and to
characterize the contributing events separately.
Koglin and Vieth present a 2-D velocity model that is exclusively data-driven. The
common-reflection-surface stack attributes are used for the inversion. These are
smoothed with a sophisticated algorithm to obtain a robust inversion.
Chira-Oliva and Hubral provide an analytic 2D CRS stacking formula for a curved
measurement surface. A new analytic expression for the NMO-velocity has been
found.
Garabito et al. present a new optimization strategy for determining the CRS parameters and simulating zero-offset section based on the CRS stack formalism. This
is a three step in cascade process: 1) Two-parameters global optimization; 2) Oneparameter global optimization; and 3) three-parameters local optimization.
Schleicher et al. investigate the asymptotic inverse Kirchhoff-Helmholtz integral under more realistic conditions and compare the results of this 'migration by demodeling'
integral to those of conventional true-amplitude Krichhoff migration.
Schleicher and Santos study the resolving power of seismic migration as a function
of source-receiver offset. In a simple numerical example, they compare the achieved
resolution with the ray-theoretical prediction. They find that the region of influence
after migration is well described by the difference between the time-domain Fresnel
zone and its paraxial approximation.
Hertweck et al. present a seismic imaging tool which is based on the unified approach
theory. With the help of Kirchhoff-type true-amplitude migration and demigration,
1
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they are able to perform various kinds of image and configuration transformations.
Goertz et al. show examples of true-amplitude PreSDM based on the Unified Approach theory (Hubral et al., 1996). By comparing the true-amplitude migrated results with Zoeppritz' equations, they show that the method is capable of performing
AVO/AVA analysis in the depth domain with high precision. This is especially advantageous when trying to invert for fine-scaled amplitude variations below a complex
verburden.
Coman and Gajewski present a wavefront oriented ray-tracing (WORT) technique
for a fast computation of traveltimes and migration weights in a smooth 3D velocity
model. In this method, we propagate a wavefront stepwise through the model and
interpolate output quantities (ray quantities, e.g.,traveltimes, slownesses) from rays
to gridpoints. In contrast to Vinje's wavefront construction method, our technique is
based only on kinematic ray tracing.
Menyoli and Gajewski present a method for determining Poisson's ratio and updating
S-wave velocity using converted wave migration incorporated in reflection tomography. The method based on eliminating residual moveout from migrated CRP gathers
is fast and target oriented and does not assume flat reflectors or lateral invariance in
model. The method is demonstrated using a synthetic 2D seismic section.

Rock Physics and Waves in Random Media
Shapiro et al. propose an extension of the SBRC approach to estimate the large
scale permeability of reservoirs using seismic emission (microseismicity) induced by
fluid injection. They show that in a homogeneous medium the surface of the seismicity
triggering front has the same form as the group-velocity surface of the low-frequency
anisotropic second-type Biot's wave (i.e. slow wave). The approach is generalized for
a 3-D mapping of the permeability tensor of heterogeneous reservoirs and aquifers.
An equation describing kinematical aspects of triggering front propagation in a way
similar to the eikonal equation for seismic wavefronts is derived and used to invert for
the hydraulic properties of rocks. The method is applied to several data sets and tested
on numerical models.
Rindschwentner implemented a new algorithm for estimating a permeability tensor
at reservoir scale using hydraulically induced seismicity. With the new algorithm data
sets from Soultz-sous-Forêts (France), the KTB site (Germany) and Fenton Hill (USA)
were reprocessed and thus the algorithm tested. The algorithm facilitates the interpretation of possible fluid flow paths.
Müller et al. propose a broad frequency range theory to describe seismic primaries
(time harmonic and transient transmissivities) in statistically isotropic heterogeneous
3-D and 2-D media. This formalism is a 3-D analog of the O'Doherty and Anstey
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theory. It relates properties of the primaries to the first two statistical moments of the
medium heterogeneities.
Müller and Shapiro use the formalism for primaries in 3-D statistically isotropic
media (see the Mueller et al contribution) in order to explain seismic attenuation due
to scattering. On the example of the German KTB data set they show that scattering
attenuation has a significant impact on the wavefield propagation.
Saenger and Shapiro are able to model the effective velocities of fractured media
using the rotated staggered finite difference grid. The numerical study of dry rock
skeletons can be considered as an efficient and well controlled computer experiment.
Based on this considerations we present analytical descriptions for effective elastic
properties for fractured media.
The article by Goertz and Kaselow describes a high-frequency, high-resolution seismic experiment carried out by University of Karlsruhe last spring within a gallery
system. The experiment was designed to measure hydraulic properties with seismic
methods. The installations of the rather unique test site used for the experiment allows
for the calibration of techniques for 4D seismic monitoring.

Modeling
Vanelle and Gajewski present a fast and efficient algorithm for traveltime interpolation. High accuracy is achieved because second order derivatives are taken into
account. Examples including the highly complex Marmousi model demonstrate the
quality of the method.
Vanelle and Gajewski developped a method to determine weight functions for a trueamplitude migration. Traveltimes on coarse grids are the only necessary input data, no
dynamic ray tracing is required.
Coman and Gajewski present a hybrid method for computing multi-arrival traveltimes in weakly smoothed 3D velocity models. The hybrid method is based on the
computation of first-arrival traveltimes with a finite-difference eikonal solver and the
computation of later arrivals with the wavefront construction method. For a faster traveltime computation we implement a wavefront construction method without dynamic
ray tracing.
Soukina and Gajewski present an FD eikonal solver scheme for general anisotropic
media which is based on a perturbation method. Traveltimes are calculated for an elliptically anisotropic reference medium. The correction terms required for the traveltimes
of the general anisotropic medium are then computed by a perturbation technique.
Buske presents a method for the computation of first-arrival traveltimes and amplitudes
by a finite-difference solution of the eikonal equation and the transport equation. It

4

is based on the formulation of these equations as hyperbolic conservation laws and
their numerical solution using ENO upwind schemes. Highly accurate traveltimes and
smooth amplitudes are obtained which is demonstrated for the Marmousi model.

Other Topics
The KBC and WHL methods are here compared and applied by Leite et al. to the multiple suppression of peg-legs related to upper low velocity layers (weathering zone),
and to deeper high velocity layers (diabase sills).

5
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New features of the Common-Reflection-Surface Stack
Jürgen Mann and Alex Gerst1
keywords: conflicting dips, multiple attenuation, wavefield attributes

ABSTRACT
The Common-Refection-Surface (CRS) stack is macro-model independent seismic reflection imaging method that provides a simulated zero-offset (ZO) section as well as
kinematic wavefield attributes from 2-D multi-coverage data. The underlying theory,
the implementation strategy, and applications of the method were thoroughly discussed
in the preceeding annual reports. However, the pragmatic search strategy described
in these reports assigns only one optimum stacking operator to each ZO sample to be
simulated. Consequently, in case of intersecting events, this approach only images and
characterizes the most prominent event instead of all contributing events. To overcome
this limitation, we introduce an extended CRS stack method that allows to consider
conflicting dip situations. Combined with an improved handling of stacking velocity
constraints, the extended method is better suited to attenuate multiples and to reveal
and characterize primary events formerly obscured by multiples. Each event contributing to a particular ZO sample is now separately stacked and described by means of
its associated wavefield attributes. Thus, the interference of intersecting events can be
simulated to obtain a more realistic ZO section as input for subsequent post-stack processing. Furthermore, the wavefield attributes associated with an event are now more
contiguous along the event, even if the event interferes with an intersecting event. This
provides a more complete and reliable basis for a multitude of applications of the
wavefield attributes like, e. g., an approximate time migration or a layer-based inversion of the depth model. We present and discuss some of the first results obtained with
the extended CRS stack strategy.

INTRODUCTION
The CRS stack method (Müller, 1998, 1999) simulates a ZO section by summing
along stacking surfaces in the multi-coverage data. The stacking operator is an approximation of the kinematic reflection response of a curved interface in a laterally
inhomogeneous medium. Three kinematic attributes associated with wavefronts of
1
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two hypothetical eigenwave experiments are the parameters of the stacking operator.
Coherency analyses along various test stacking operators are performed for each particular ZO sample to be simulated. The stacking operator (and its three associated
wavefield attributes) yielding the highest coherency is used to perform the actual stack.
Unfortunately, not only one event might contribute to a particular ZO sample, but
different events may intersect at the considered ZO location. In case of bow-tie structures, an event will even intersect itself. To properly simulate a ZO section under such
conditions, it is no longer sufficient to consider only one stacking operator for each
ZO sample, but we have to determine separate stacking operators for each contributing
event (or segment of a bow-tie structure). The final stack result can be constructed as
a superposition of the contributions of all separate stacking operators.
Figure 1a shows a detail of a simulated ZO section with a bow-tie structure as
obtained by the CRS stack without consideration of conflicting dips. The interference
of the bow-tie segments is incorrectly simulated. The less prominent bow-tie segment
is suppressed at the intersection point and thus broken into two parts.
The modeled ZO section of the synthetic data set used for this example is shown
in Figure 1b. As expected, the bow-tie segments interfere and the section differs significantly from the ZO section simulated by means of the CRS stack (Figure 1a). An
ideal CRS stack algorithm should yield the ZO section of Figure 1b rather than that of
Figure 1a.
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Figure 1: a) Detail of a simulated ZO section for a synthetic data set. Conflicting dips
are not considered in this application of the CRS stack, therefore the steeper bow-tie
segment is broken instead of interfering with the flat bow-tie segment. b) Detail of
the modeled ZO section of the synthetic data set used as input for the result shown in
subfigure a). The interference of the intersecting bow-tie segments is clearly visible.
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The lack of coherent energy along the steeper bow-tie segment will cause a shadow
zone in a subsequent post-stack migration. Furthermore, no wavefield attributes for
this segment are available in the region of intersection. Such gaps in the wavefield
attribute sections will cause difficulties in subsequent applications of the attributes.
This is illustrated in Figure 2 for a real data set: this figure shows a detail of a wavefield
attribute based approximate time migration (Mann et al., 2000) without (Figure 2a)
and with (Figure 2b) considering conflicting dips. In the former case, some reflection
events are broken due to the missing wavefield attributes.
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Figure 2: Details of a wavefield attribute based approximate time migration generated
a) with the most prominent event only, b) with up to three conflicting dips. The arrow
indicates a reflector segment that is broken in the former case.

PRAGMATIC SEARCH STRATEGY
To be able to follow the pragmatic approach of (Müller, 1998), let us briefly review
some theoretical aspects of the CRS stack: we use a hyperbolic second order representation of the CRS stacking operator which can be derived by means of paraxial ray
theory (Schleicher et al., 1993; Tygel et al., 1997). Three independent parameters are
used to account for the local properties of the subsurface interfaces: the angle of emergence  of the normal ray and the two radii of curvature  and   associated with
two hypothetical eigenwave experiments (see e. g. (Mann et al., 1999)). The stacking
operator reads
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where the half-offset between source and receiver is denoted by , and
denotes the
midpoint between source and receiver. The only required model parameter is the near

surface velocity & . The respective sample of the ZO trace to be simulated is defined
1
/
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by
.
The CRS stack consists of a measure of the coherency of the multi-coverage data
along all operators given by Equation (1) for any possible combination of values of  ,
36 , and  within a specified test range.
In principle, we have to determine the global maximum and a set of local maxima
of the coherency measure in the three-parametric attribute domain. However, even the
determination of the global maximum turns out to be too time consuming in a threeparametric search strategy. Therefore, we cannot expect to be able to detect additional
local maxima in this way.
(Müller, 1998) proposed to split the three-parametric problem into three oneparametric searches and an optional three-parametric local optimization as depicted
in the following simplified flowchart:

multi-coverage data

7
automatic CMP stack

7 & 8:9
calculate 



7  

ZO section

<;

7

searches for  and 



and 

7

optional optimization and stack with multi-coverage data

The first search step of this pragmatic approach is an automatic CMP stack. The
search parameter is the stacking velocity & 8:9 which can be written in terms of the
CRS wavefield attributes as

  3 
& 8:9 = & ,/
.  >

(2)

The next two search steps are applied to the CMP stacked section. The search parameters are  and  . The former is then used to calculate   by means of formula (2).
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Figure 3: Coherency measure plotted versus the tested angles of
emergence of the normal ray. Distinct local maxima can be observed,
although conflicting dips have not
been considered in the preceeding
step.
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CONFLICTING DIPS
This three-step strategy has to be modified if conflicting dips are to be correctly taken
into account. Unfortunately, in spite of the angle-dependence of & 8:9 , we cannot
rely on the first step to separate events with different emergence angles because the
associated stacking velocities might be similar or even identical. Furthermore, the
sign of the emergence angle  cannot be determined by means of Equation (2).
However, it is possible to detect events with different emergence angles in the
second step in the CMP stacked section, although these have not been correctly taken
into account by the preceeding automatic CMP stack. This is indicated by Figure 3,
which was obtained from a real data example. For a given point in the ZO section to
be simulated the coherency values are plotted versus the tested emergence angles. We
observe three distinct local maxima which are potential candidates for conflicting dips.
We have computed the “angle spectrum” depicted in Figure 3 for a deep-offshore
'-ACBCD and
data set. At the considered ZO location, two diffraction patterns (at @?
D
D
E? CF , respectively) and a weak reflection event (at E?G  ) intersect each other.
Due to the above observations, the three-step approach can be easily extended such
as to detect conflicting events with different emergence angles. However, the calculation of   from  and & 8:9 according to Equation (2) is no longer possible,
because, in general, we will detect more than one angle of emergence but only one
value for the stacking velocity & 8:9 . Consequently, the approach has to be adapted
to account for this fact. An additional search procedure for each radius of curvature
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I3HKJML 6

corresponding to each conflicting dip 

HKJML

becomes necessary.

Unfortunately, I
HNJOL   can be determined neither in the CMP stacked section nor
HKJML   has no
in the original CMP gathers. According to the stacking operator (1), I3
P
Q
R

C
B

1

S

T



*


HNJML   and
, and in the CMP gather
, I
influence in the ZO section
 HKJML cannot be separated. To solve this problem, we propose to perform the additional
HKJML 6 in another subset of the multi-coverage data, namely in the commonsearch for I3
V'
shot/common-receiver (CS/CR) gather. This gather is defined by the condition U
WB UX?YU  U . A simplified flowchart of this strategy is depicted in the following flowchart:
multi-coverage data

7
automatic CMP stack

7

ZO section

searches for 

7 
HNJML
search for 

HNJOL

and 

HKJML  

7  ,  HKJML
HNJOL  

and I HNJML

HKJML

in CS/CR gather
, and 

HKJML

optional optimization and stack with multi-coverage data
The index Z denotes the different events detected for one and the same ZO sample. If
only one event for a particular ZO sample is detected, we can still use the pragmatic
HKJML 6 . Otherwise, the automatic CMP stack
scheme without the explicit search for I3
only serves to provide a simulated ZO section in which  HNJML and   HKJML can be easily
detected, whereas the stacking velocity is not explicitly used anymore.

HKJML   is almost identical as the already
The additional one-parametric search for I3
implemented search for I HNJOL . Thus, a new algorithm to perform this search is not
required.
The determination of the emergence angles is based on an approximation of the
\[^] in the ZO section 1_`* . This implies that
CRS operator (1) for 
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we are looking for plane waves emerging at the surface. This assumption only holds
in a relatively small aperture around the emergence location of the normal ray. As
a consequence, the number of contributing traces is small and the algorithm usually
tends to detect emergence angles which are related to artifacts in the data rather than to
actual events, too. Such cases can be easily identified and eliminated in the subsequent
search for  , because this search will yield very low coherency values for “wrong”
emergence angles associated with small plane artifacts.

STACKING VELOCITY CONSTRAINTS

The first step of the CRS stack approach, the automatic CMP stack, is very similar to
the conventional CMP stack method. Consequently, multiples with moveouts different
from the moveouts of neighboring primary events can be attenuated in the CRS stack
by applying stacking velocity constraints.
For the CRS stack, this approach was already introduced and applied by (Müller,
1999). However, it is not sufficient to simply restrict the range of tested stacking
velocities and to select the stacking velocity yielding the highest coherence value. The
stacking velocity detected in this way might be located at the margin of the tested
range. In general, such a value does not correspond to an actual maximum in the
velocity spectrum and yields misleading results.
We improved the handling of stacking velocity constraints by adding an automatic
analysis of the velocity spectrum. By means of this analysis, we determine the largest
local maximum inside the tested velocity range. This leads to a smoother stacking
velocity section and a better attenuation of the multiples.
Returning to the flowcharts of the CRS stack method, we observe that two of the
wavefield attributes,  and  , are determined in the result of the automatic CMP
stack which no longer provides any information about offset-dependent moveouts.
Unfortunately, an attenuated multiple in the CMP stack result might still be the most
prominent event (at least locally). Consequently, only the combination of stacking
velocity constraints and conflicting dip handling enables us to detect, stack, and characterize potential primary events obscured by multiples.
From our point of view, this strategy is not intended for an efficient removal of multiples, but as an possibility to increase the probability to successfully detect obscured
primary events. The multiples will still be contained in the results, but conflicting
primary events will most likely be preferred.
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Figure 4: Result of the unconstrained automatic CMP stack. Multiples of the sea-floor
and the BSR are clearly visible.

FIRST RESULTS
We applied the extended CRS stack strategy for the very first time to a marine data
set acquired offshore Costa Rica. These data were acquired and provided by the Bundesanstalt für Geowissenschaften und Rohstoffe, Hannover, Germany. The complete
results—a set of 62 output sections—go far beyond the scope of this paper. Therefore, we focus on some small subsets of the results to illustrate the effects of the newly
introduced features.
The processed data have a sampling rate of 4 ms and a CDP bin distance of 6.25 m.
The maximum fold in the CMP gathers is 49. As first processing step we applied
an automatic CMP stack with very weak stacking velocity constraints. The result is
shown in Figure 4. We observe strong multiples of the sea-floor as well as of the BSR
beneath it. The multiples can also easily be identified in the corresponding stacking
velocity section (not shown).
We picked a set of traveltimes slightly above the multiples to set up a very simple model of stacking velocity constraints in a way that water velocity is no longer
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Figure 5: Result of the constrained automatic CMP stack. The multiples of the seafloor and the BSR are significantly attenuated.

allowed in the vicinity of the multiples. As can be seen in Figure 5, the multiples are
significantly attenuated in the now constrained automatic CMP stack. This increases
the probability to detect primary events at these locations.
In the next processing step, our aim is to detect conflicting dip situations in the
result of the constrained automatic CMP stack. For this task we have to automatically
analyze coherence spectra of the kind shown in Figure 3. This requires the definition of
a set of thresholds to detect a discrete number of contributing events. For this example,
conflicting dips were accepted if the most prominent event reaches a semblance value
of 0.6 and the local maxima reach 40% of the global maximum. As a by-product of this
step, we receive a map with the number of detected conflicting events (not displayed).
To briefly illustrate the effect of the conflicting dip handling, details of the final
stack result and the emergence angle sections are shown in Figure 6. At locations were
only one event has been detected, the emergence angle for the second contributing
event (Figure 6d) is replaced by the angle associated with the first (and, in this case,
only) event. This preserves the spatial context of this attribute section, which otherwise
would be only sparsely covered with values.
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Figure 6: Details of the CRS stack results: a) optimized CRS stack section, c) and d)
emergence angles of the first and second detected contributing events, b) difference of
the emergence angles shown in c) and d).

The steep event in the center of the figures intersects several conflicting events,
e.g., the plate boundary in the lower left. Depending on the chosen thresholds for the
identification of conflicting dip situations, the intersecting events were detected and
characterized. This can be seen best in Figure 6b with the difference of the emergence
angles in subfigures c and d.
Although the multitude of (actually only sparsely covered) attribute sections is
difficult to visualize, we can easily make full use of them to simulate the final ZO
section including the interference of intersecting events. Furthermore, the approximate
time migration included in the current implementation handles all contributing events
separately. In contrast, the conventional post-stack time migration is not able to resolve
such ambiguities as its input only contains the superposition of all contributing events.
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We would like to stress that our proposed approach to handle conflicting dip situations significantly differs from the DMO method: instead of summing along an
operator to collect all contributions for all potential dips, we detect and characterize
a discrete number of contributing events. Consequently, our approach provides additional wavefield attributes for subsequent applications, whereas DMO corrects the
stack result but does not provide any additional information.

CONCLUSIONS

The pragmatic approach of (Müller, 1998) to perform a ZO simulation by means of
the CRS stack method can be adapted to also account for the conflicting dip problem.
An additional one-parametric search is required to resolve ambiguities introduced by
different events contributing to one and the same ZO sample to be simulated.
The consideration of conflicting dips is necessary to obtain a more physical simulation of a ZO section: the simulated interference of intersecting events is closer to the
result of an actual ZO measurement.
In addition to the improved simulated ZO section, the extended CRS stack strategy
provides three kinematic wavefield attributes for each particular event, even if it intersects one or more other events (or its own bow-tie segments). Subsequent applications
of these wavefield attributes (e. g., an inversion of the macro-velocity model, calculation of Fresnel zones etc.) benefit from this fact, because otherwise the wavefield
attributes in the gaps between “broken” event segments would have to be interpolated.
Together with an improved strategy to consider stacking velocity constraints, the
extended CRS stack strategy is also better suited to detect and characterize primary
events formerly obscured by multiples.
The first results obtained with the extended CRS stack strategy demonstrate that
the newly introduced features provide a more realistic simulated ZO section as well
as a more complete set of wavefield attributes for subsequent applications. We feel
that a more adequate selection of the processing parameters, especially concerning the
thresholds used to identify conflicting dip situations, will further improve the results.
As final remark we would like to indicate that the new CRS stack release which
includes all newly introduced features is available for download on the WIT homepage.
We would strongly appreciate any feedback concerning the installation and application
of this code.
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Data-driven macro-velocity model – a real data example
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ABSTRACT
A special inversion algorithm makes use of data-derived common-reflection-surface
stack attributes to provide a 2-D macro-velocity model of the subsurface. High frequency and low frequency fluctuations of the common-reflection-surface stack attributes along an event require a sophisticated smoothing method. Thus, the inversion
performed after the smoothing gets more robust. A data-driven macro-velocity model
for a real data set is presented.

INTRODUCTION

The aim of this work is to get a 2-D layered velocity model of the subsurface which
serves, e.g., as macro-velocity model in time or depth migration. We use a special inversion algorithm of (Majer, 2000) which takes as input data-derived commonreflection-surface (CRS) stack attributes (Jäger et al., 2001). Each triplet of CRS stack
attributes (  ,   ,  ) determines a stacking surface to simulate a zero-offset (ZO)
1bc * . Here,  denotes the surface location in terms of the midsample for point a

 is the two-way ZO traveltime.
point coordinate where the normal ray emerges.
The angle  is the emergence angle of the normal ray measured versus the surface
normal. Two theoretical eigenwave experiments (Hubral, 1983) are associated with

the radii of curvature   and  . 36 is the radius of wavefront curvature at
originating from a point source at the normal incidence point (NIP). This NIP is the
endpoint of the normal ray in the depth domain. Analogously, an exploding reflector
experiment in the vicinity of the NIP yields the so-called normal wave emerging with

radius  at .
1
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INVERSION BY MEANS OF CRS ATTRIBUTES
The inversion algorithm uses the CRS stack attributes to back-propagate the ray associated with these attributes.
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Figure 1: 2-D macro-velocity model derived from a real data-set. (a) shows a velocity
model with constant layer velocity. It is the mean velocity that is obtained from many
traces and its corresponding attributes associated with the same event. (b) shows layers
with laterally inhomogeneous velocities. The half-space beneath the last interface was
filled with a constant velocity. The colour corresponds to the layer velocities [km/s].
In addition, picked ZO times divided by two, are needed to find the endpoints of
the rays of one event. We use the algorithm for horizon inversion of (Majer, 2000) for
continuously layers separated by smooth curved interfaces. The emergence angle 
determines the take-off angle of the back-propagated ray. The velocity for each indi`gipMqhkjmlbn o . With this velocity and the
vidual ray, d , of the first layer is obtained by &fe
n o#r
known ZO traveltime, the endpoint is determined. All endpoints that correspond to one
picked event are used to calculate a smooth interface by means of spline approximation. In this approach,  is not used for constructing the interfaces. The curvature of
the interfaces is computed with spline approximation. The next layers are obtained by
applying the transmission law and Snell's law to the back-propagated rays associated
with the next event.
Now, the macro-velocity model can be built up in two alternative ways: Firstly, it
can consist of layers with mean constant velocities separated by the smoothed interfaces, see Figure 1 (a). Those mean constant velocities are the arithmetic mean of all
interval velocities determined for all ray segments in a layer. Secondly, the layers can
have laterally varying velocities. For the first layer, e.g., the velocities are given by
&fe sgipMqhkn o#jtrl/n o . The layer is then filled with these velocities, see Figure 1 (b). The halfspace beneath the last smoothed interface is filled with a constant velocity provided by
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the user.
To obtain a macro-velocity model, we have to execute the following four steps:

u

Pick seismic events,

u

extract the corresponding CRS stack attributes,

u

smooth the attributes, and

u

perform the inversion.

PICKING OF SEISMIC EVENTS
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Figure 2: Two examples of simulated ZO time sections as a result of the CRS stack:
(a) Synthetic data with four interfaces and constant velocity layers. The section was
generated by ray tracing using a zero-phase Ricker wavelet with a peak frequency of
15 Hz. (b) Real data scaled with automatic gain control. The arrows indicate some
seismic events, which where picked by the picking program we used.
Here, picking means to follow a seismic (primary) reflection event from trace to
trace in the time domain. The time samples of one and the same event are found by
comparing the phase of adjacent traces. We pick the maximum amplitude because
robust CRS stack attributes are found by a coherence analysis that is more reliable at
the extrema of the wavelet than at the zero-crossings.
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For synthetic data, it is easy to pick these events, see Figure 2 (a). As there are
no conflicting events and the signal-to-noise (S/N) ratio is high, the picker follows the
same event over the entire ZO section. The synthetic data have been generated using
a zero-phase Ricker wavelet with a peak frequency of 15 Hz. Picking the maximum
amplitude yields the two-way traveltime from the source to the interface and back to
the receiver at the surface. If seismic events in a real data time section, Figure 2 (b),
have to be followed continuously, problems occur. Usually, the S/N ratio decreases
with increasing traveltime. Events at small traveltimes of the simulated ZO section
might be disturbed by mute zones. Regions with conflicting dips or where scattering
prevails, interrupt the automatic picking, see Figure 2 (b) in the vicinity of CMP no.
550. Thus, half-automatic picking is requested in order to overcome these problems.
A little error is included while picking the maximum amplitude. In the synthetic
and real data-set the actual local maximum cannot always be picked because of the
discrete time sampling. But the picked maximum is very close to it, hence, the error
is small. The traveltime that corresponds to the maximum amplitude of the wavelet
differs slightly from the traveltime that actually represents the spatial location of the
impedance contrast in the time domain. To prevent those errors, one suggestion is to
pick the time sample where the wavelet starts to separate from the noise but that is
even more difficult because one has to define a threshold for the noise.
It is advantageous to pick as much events as possible because the more events are
picked the more interfaces can be inverted and the more precise the model will be.
Another reason is that the inversion algorithm provides only constant velocities within
the layers along the traced rays. Hence, it is preferable to have more picked events
with smaller time intervals in order to construct a more complex model.

SMOOTHING BY MEANS OF STATISTICAL METHODS
The inversion algorithm requires smooth CRS stack attributes. The deviation of the
angle  from trace to trace along an event is small and, thus, the data of the emergence
angles do not require much smoothing. In contrast, the radius of the NIP wavefront
36 often varies strongly from trace to trace, see Figure 3 (a). To perform a more
stable inversion, the data have to be smoothed.
There are several filters available for smoothing purposes. The smoothing is done
 G . This yields a symmetrical window
within a pre-defined window of length wv
around the picked time sample that can be set independently in time and/or trace direction.
Here, possible filter choices are:



1. The arithmetic mean, x , is the normalised sum of all values

1y/z {|

within the
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pre-defined window. Here, } denotes the individual values within the window in
time direction and ~ is the index for all values of the window in trace direction.
2. The median sorts the data of the window in an increasing order and takes the
value in the middle of the sequence.
3. A combination of the arithmetic mean and the median, called 'mean difference

cut', calculates at first the arithmetic mean, x , for the entire window. Then, the
deviation of the values from the arithmetic mean is computed. If the deviation is
greater than a given percentage, the value is excluded from further calculations.
If data remain in this interval, the arithmetic mean is calculated again. In the
case that no data are left in this interval, the median is taken as output.

W

y/z {

4. The weighted arithmetic mean, x , is also a sum over all values
of the
pre-defined window. Before the values are summed up, they are multiplied with
a triangular weight function.
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Figure 3: A real data example that has been smoothed with robust locally weighted
regression; (a) shows the original 36 data for one picked event. (b) shows the result
of the robust locally weighted regression filter for smoothing. The parameters used for
the filter were: f=0.1, nsteps=2.
A special filter is the robust locally weighted regression of (Cleveland, 1979). The
first step is to choose a weight function with the following properties:

u 15B for U  U G ,
u 6'  1 ,
u 1 is a non-increasing function for B
u 1B

for

U U  G .

, and
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Examples of such a weight function are a boxcar, a triangle or the cosine function. The
   within the window
second step is to fit a polynomial of  th order to the points




J  J denotes all points of
using weighted least squares with weights 
. Z
G

 G  #
J
>b>b>
one event where is the maximum number of points of that picked event. 
>b>b> 
represents the  th weight function corresponding to the Z th point. This initial fit,  ,

'

is the locally weighted regression. Now, the residual (
 J ) is calculated to get J a
J
new weight function,  , that has large weights for small residuals and small weights
J
for large residuals. The fitted values are calculated again with a new set of weights,


 J  J , which are multiplied with the original data. The last step is repeated several
times and the result is the robust locally weighted regression. The number of iterations
/6#W . The length of the smoothing window is obtained by
is given by the parameter
  , where  is rounded to the nearest integer neighbour and  is a factor between

zero and one. If is close to zero, the window length for smoothing is short. Thus,

the curve of fitted points is more roughly. If gets closer to one, more points are
considered for the fit. That leads to a smoother curve. This filter was designed to gain
   V¡ , where  is a smooth function and ¡ is a
the best fit for data for which
J
J
J
J
random variable with mean zero and constant scale.
In contrast to the robust locally weighted regression, a spline approximation, a
spline interpolation, or a local polynomial regression shows a basic problem. They
cannot merge the local parts such that the resulting curve is smooth in first and second
order. That means the endpoints and/or their first derivative from one local part to
the next must be continuous. To overcome this problem, e.g., a global polynomial
regression could be computed for the whole reflector with a certain order. Choosing
then a small order yields a polynomial that cannot follow high frequency fluctuations
and a large order might lead to a polynomial with more fluctuations than demanded.
The robust locally weighted regression is also a kind of a polynomial fitting procedure.There, the problem of smoothness is solved by improving the weight functions.Hence, the robust locally weighted regression is in favour, see Figure 3 (b).

REAL DATA EXAMPLE
Figure 2 (b) shows a small simulated ZO subset of a real data-set. We had picked ten
events between CMP number 150 and 480 of which we used seven to generate the two
macro-velocity models in Figure 1 (a) and (b). This CMP window was chosen because
there we were able to pick continuous events for times between 0.3 and 3.2 seconds.
As mentioned before, some events could not be followed continuously to the left or
right because scattering prevails or another event crosses the picked one. We could
not pick continuously at smaller times because parts of the events were muted. The
arrows in Figure 2 (a) and (b) indicate some picked events used for the inversion. At
later times in Figure 2 (b), the noise is too strong to find more continuous events.
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Both macro-velocity models or smoothed versions of them can be used for migration. The velocity for the half-space beneath the last interface has to be chosen
manually.

CONCLUSIONS
To our knowledge, it is the first time that a data-driven model is presented which is
not a result of an iterative improvement of an initial model. The model is calculated
directly from the picked data and the model independent CRS stack attributes. We also
presented a sophisticated smoothing algorithm, the robust locally weighted regression.
This algorithm is suited best to prepare the CRS stack attributes in order to ensure a
stable inversion.
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Analytic Moveout formulas for a curved 2D
measurement surface and near-zero-offset primary
reflections
Pedro Chira-Oliva and Peter Hubral1
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ABSTRACT
Analytic moveout formulas for primary near-zero-offset reflections in various types of
gathers (e.g. common shot, common midpoint) play a significant role in the seismic
reflection method. They are required in stacking methods like the common-midpoint
(CMP) or the Common-Reflection Surface (CRS) stack. They also play a role in Dixtype traveltime inversions. Analytic moveout formulas are particularly attractive, if
they can be given a “physical” or “quasi-physical” interpretation, involving for instance the wavefront curvatures of specific waves. The formulas presented here have
such a form. They give particular attention to the influence that a curved measurement surface has on the moveout or normal-moveout (NMO) velocity. This influence
should be accounted for in the CMP or CRS stack and in the computation of interval
velocities.

INTRODUCTION
Analytic moveout formulas for isotropic media have a long tradition of being applied
in the seismic reflection method. Just to mention a few papers that may be considered
as some milestone contributions we would like to refer to the works of (Dürbaum,
1954; Dix, 1955; Shah, 1973; Fomel and Grechka, 1998). Particularly in the light of
macro-model-independent reflection imaging (Hubral, 1999) analytic moveout formulas in midpoint(m)-half-offset(h) coordinates like Polystack (de Bazelaire, 1988; de
Bazelaire and Viallix, 1994; Thore et al., 1994) and Multifocusing (Gelchinsky et al.,
1999a,b) have gained a new relevance and importance. Here we generalize the socalled Common-Reflection-Surface (CRS) stack formula (Müller et al., 1998), which
is used to simulate zero-offset sections from prestack data in a macro-velocity-model
independent way (Jäger et al., 2001). The generalized CRS stack moveout formula
1
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is formulated in such a way that the influence of the curved surface can be clearly
recognized.

THEORY
According to (Schleicher et al., 1993), the hyperbolic traveltime approximation for a
ray from ¢£ to £ and from £ to ¤:£ both on a curved surface, in the vicinity of a
normal (zero-offset) ray from ¢¤ to  and from  to ¢¤ (Figure A-1) is given by

¥¦t§k v |W1 ¨'  ©  v    ª«t¬®¯°'(¬®¯# v ±²¬®¯°QV¬®¯#©³

(1)

´ ' c"µ$¶·¹¸ 
(2)
&
Wº²(»  ¼ »5')Wº

(3)
v

 >
This formula is valid for a 2D laterally inhomogeneus medium. & is the velocity at the
½
Wº and » are the coordinates
ZO location ¢¤ , is zero-offset (two-way) traveltime.
of the source ¢ £ and receiver ¤:£ measured along the tangent to the curved surface at
¢¤ .
with
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The components
of the so-called ÁÀÂ surface-to-surface propagator
matrix for the two-way normal ray (see Appendix) are given by
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where ¶· ¸ is the angle of incidence of the normal ray (emerging on the curved
measurement surface at ¢¤ ) with the normal of the tangent to the curved surface at
¢¤ . Let us define Ã · as the surface curvature at the point ¢¤ . Ã 36 and Ã  are
the curvatures of the NIP-wave and the N-wave observed at ¢¤ , respectively (Hubral,
1983; Jäger et al., 2001).

(4)
(5)
(6)
(7)
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Inserting eqs. (2), (4), and (5) into eq. (1) we obtain
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¶ · ¸  3 6    are wanted parameters that help solve a variety of stacking and
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Here
inversion problems (Hubral, 1999). They can be obtained by modifying the presently
existing 2D CRS stack formula (Jäger et al., 2001) that is obtained from eq. (8) by subÃ ÆB . In the following, we discuss 3 particular reductions of formula (8)
stituting ·
which are of practical relevance.
Particular cases
Common-mid-point (CMP) gather
For this case, v

B

, the equation (8) reduces to

Ç 8 P     Ã    ,f. ¶ ¸ '(,f. ¶ ¸ Ã · Å 
·
·
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(9)

This expression is commonly written as (Shah, 1973)

Ç 8 tW   È  
(10)
&  8:9
where the normal moveout (NMO) velocity & 8:9 is now given by
&

& 8:9  E Ã
(11)
  ,f. ¶ · ¸ '(,f. ¶ · ¸ Ã ·  >
Ã =B this reduces to Shah's formula. For a 1-D model with a planar surface,
For ·
TB this expression reduces to ÉW8:9 
straight normal ray and incidence angle ¶ · ¸
É g 8 · , where É g 8 · is the familiar root-mean-square velocity.
Common - shot gather
For this case,

»Wº²(

, equation (8) reduces to
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where according to eq. (A-9) and (Hubral, 1983), is demonstrated that 3 
 Ã ½ , with Ã ½ being the wavefront curvature of the reflected wave at ¢¤ .
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Zero-Offset section
For this case,

¼B

, equation (8) reduces to

Ë 9 v  0   #"%$¶· ¸ v   Ã  ,f. ¶ ¸ '),f. ¶ ¸ Ã · Å v
·
·
&
& Ä
4
>

(13)

All three formulas should be considered in the 2D CRS stack (Jäger et al., 2001) for a
curved measurement surface.

CONCLUSION
In this paper we have formulated a new analytic moveout formula (8) for a 2D curved
measurement surface. It may find application in a number of modeling, inversion and
stacking problems. The formula is independent of the 2D laterally inhomogeneous
velocity model. For that matter it is also valid for 3D earth models, provided all parameters in the 2D formula represent those in the plane defined by the seismic line and
emerging normal ray at ¢¤ .
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APPENDIX A
Elements of the surface-to-surface propagator matrix Ì

Following (Hubral et al., 1992a; Cervený,
1999; Schleicher et al., 2001), we can exÒ Ð ^Ó Ð Ô Ð of the ÈÕÀÂÈ surfacepress for the 2-D case the ÍÀÎ submatrices ÏÑÐ
to-surface propagator matrix Ì (Bortfeld, 1989; Hubral et al., 1992a; Schleicher et al.,
1993) form by

Ö ¯  @
' Ö  × 
£
£
¬  Ö  
£
¾   £ a ¯ I'  £ka  ×  × £  Ö ¯  ' × £  Ö  × 
£
£

¿  £i a  ×  £ Ö  
£
  Ö ¯ and Ö are the scalar elements of the so-called Ø
where a ¯ a
°



(A-1)
(A-2)
(A-3)
(A-4)

propagator

matrix (Popov and Psenc´ffk, 1978; Cervený,
1985; Hubral et al., 1992a). The matrix
Ì is defined in a Cartesian coordinate system and the propagator matrix Ù is defined

in a ray centered coordinate system (Cervený,
1987).
We assume a 2-D model (Figures 6.1 and 6.2) with a curved measurement surface.
We have a source point ¢ coinciding with the receiver point ¤ . In the paraxial vicinity
of the normal ray surface location ¢¤ , where the medium velocity changes only
gradually, we have two points ¢£ and ¤:£ . This source-receiver pair is linked by a

reflected paraxial ray ¢£O£M¤:£ . According to (Cervený,
1987; Schleicher et al., 2001),
we can express for the 2-D case the transformation from the local 2-D Cartesian
1 #Û* at ¢¤ to the 2-D ray-centered coordiante system Ü Ú
coordinate system Ú ¯
(Figure A-2) by
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(A-7)

In paraxial approximation, the curved surface can be expressed as a parabola. In the
 Û
local 2-D coordinate system ¯ , this is representable as

Û´ G Ã ·  ¯ 


(A-8)

33

Ã

where · is the surface's curvature at ¢¤ (Schleicher et al., 2001).
Ã
The matrix Ù is expressed in terms of the NIP and N wavefront curvatures
Ã  (Hubral, 1983) by

 

and

Ã     Ã 
G Ã
 Ã
Ã
Ã
4
  '  0 Þ ß    

&
Ã     · Ã 
4 à (A-9)
á
By substituting eqs. (A-6), (A-7) and the components of matrix Ù (eq. A-9) into
°(|¬|¾ and ¿ of the matrix Ì given by eqs. (7).
eqs. (A-1) we obtain the components
The matrix Ì also can now be defined in terms of the matrix Ù by
 B
° ¬
»¯ B


(A-10)
Ì
0 ¾ ¿ 4
0  » â  4 Ù 0  » â »¯ 4 >
Inserting the elements of the propagator matrix Ù , we obtain
 B 
° ¬
»¯ B
¯


Ö
Ö
Ì
(A-11)
0 ¾ ¿ 4
0  » â  4 0 a ¯ a 4 0  » â »¯ 4
Ø  0 Öa ¯¯ Öa

thus proving the validity of equations (A-1).
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Figure A-1: Ray diagram for a paraxial ray in the vicinity of a normal ray in a 2D
laterally inhomogeneous medium.
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Common reflection surface stack: a new parameter
search strategy by global optimization

G. Garabito, J. C. R. Cruz, P. Hubral and J. Costa1
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ABSTRACT
By using an arbitrary source and receiver configuration a new stack processing called
Common Reflection Surface was proposed in the recent years for simulating zero-offset
sections. As by products, this technique provides important normal ray associated parameters, to be known: 1) The emergence angle; 2) the radius of curvature of the
Normal Incidence Point Wave (NIP); and 3) the radius of curvature of the Normal
Wave. It is based on the hyperbolic traveltime paraxial approximation, that is function
of the three mentioned normal ray parameters. In this paper we present a new optimization strategy for determining these three parameters and simulating zero-offset
section based on the CRS stack formalism. This is a three step in cascade process:
1) Two-parameters global optimization; 2) One-parameter global optimization; and
3) three-parameters local optimization. This new strategy provides high resolution
simulated zero-offset sections and very good estimates of the three normal ray parameters. It is also possible to apply it, without too much additional work, this strategy for
solving the conflicting dip problem.

INTRODUCTION
This paper concerns with the simulation of zero-offset seismic section. This is a routine
seismic process based on stacking of wave field registered by multi-coverage seismic
data to enhance the primary reflection events and to increase the signal-to-noise ratio.
The conventional CMP stack or NMO/DMO/STACK techniques given by (Mayne,
1962) and (Hale, 1991) use a macro-velocity model to simulate the zero-offset section. In the last years, several seismic stacking process were proposed by (Gelchinsky,
1989); (Keydar et al., 1993); (Berkovitch et al., 1994); and (Mueller, 1999), which are
not dependent on the macro-velocity model, and instead of that use wavefront parameters. One of his new stack method was called Common-Reflection-Surface (CRS) by
1
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(Tygel et al., 1997). In addition to the zero-offset seismic section, the CRS method
provides new stack parameters that are associated with the normal reflection ray and
are useful for determination of the macro-velocity model.
The CRS stack is performed by using a hyperbolic paraxial traveltime approximation to calculate the stack surfaces as given by (Schleicher et al., 1993) and (Tygel et al.,
1997). This formula is useful for seismic stacking with arbitrary source-receiver configuration in heterogeneous media. In the two-dimensional case (2-D), this approach
depends on three stack parameters: (a) The emergence angle of the primary reflection

normal ray ¶ ; (b) the radius of curvature of the normal incidence point (NIP) wave
   ; and (c) the radius of curvature of the normal wave   . The so-called NIP
and Normal waves were defined by (Hubral, 1983), which play an important role for
the second order paraxial traveltime approximation.
The CRS stack method is available by means of a coherence analysis for estimating

three parameters, i.e. ¶ ,   and  , by using an optimization strategy. (Mueller,
1999) has used a three steps optimization method. First step, one parameter search (a

combination of ¶ and   ) is made by using as input the multi-coverage seismic
data in a Common-Mid-Point (CMP) configuration; second step, the emergence angle
and the radius of curvature do the Normal wave parameters are estimated in the simulated zero-offset section obtained in the first step; and as final step, the results of the
two earlier steps are used as initial approach to search the best three parameters by
using the whole seismic data with arbitrary configuration. The non-linear optimization processing is based on the Simplex algorithm. (Birgin et al., 1999) modified the
above optimization strategy by applying a local optimization algorithm called Spectral
Projected Gradient Method.
In this paper we present a new strategy for searching the three CRS stack parameters. This is performed also in three steps: 1) Two-dimensional global optimization

for determining ¶ e   , simultaneously; 2) One-dimensional global optimization
for determining only  ; and 3) Three-dimensional local optimization for the three
parameters, simultaneously, using as initial approximation the results of the earlier
two steps. In the first two steps the Simulated Annealing algorithm is used, and the
Variable Metric algorithm is used in the last step.

HYPERBOLIC TRAVELTIME APPROXIMATION
The second order hyperbolic expansion approaches the traveltimes of the rays in the
vicinity of a fixed normal ray (called zero-offset central ray), can be derived by means
of paraxial ray theory following (Schleicher et al., 1993). For two-dimensional media,
and assuming the near surface velocity is known, the hyperbolic traveltime approximation can be expressed as function of three independent parameters, i.e. the emergence

angle ¶ of the normal ray, the radius of curvature   of the NIP wave and the
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radius of curvature  of the Normal wave. These three parameters are measured at
the emergence point of the zero-offset central ray. The NIP wave (NIP-wave) and the
Normal wave are fictitious waves defined by (Hubral, 1983), which are important concepts for the seismic imaging theory. The NIP-wave is an upgoing wave that originates
at the normal incidence point (NIP) of the zero-offset central ray on the reflector. The
N-wave is an exploding reflector wave with an initial wavefront curvature equals to
the local curvature of the reflector on the vicinity of the normal incidence point. The
general expression of the hyperbolic traveltime that can be applied to heterogeneous
media with arbitrary source and receiver configuration, is expressed by

1- 0    Z   ¶  1)'2*   | ã*äw  ¶  0 1(')*  
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where is the zero-offset traveltime and & is the near-surface velocity;

(1)



and
are the coordinates of the midpoint and half-offset between the source and the receiver,

respectively; and is the coordinate at the emergency point of the zero-offset central
b
½
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#

*

 is the reference point of the zero-offset section to be simulated.
ray. The a



The physical interpretation of the three parameters (¶ ,   and  ), even in
heterogeneous media, is: The emergence angle of the zero-offset ray defines the angular orientation of the reflector at the NIP point on the reflector. The radius of curvature
of the NIP-wave yields informations about the distance between the NIP reflection
point and the emergence point of the zero-offset ray. The radius of curvature of the
N-wave allows informations about the shape (or local curvature) of the reflector, at the
   , the reflector element collapses
NIP point. In the particular case when 
into a diffraction point, and no information about the shape of the scatterer is possible.
Applying this condition in equation (1), it results
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The hyperbolic traveltime becomes a two-parameter expression (¶ and 36 ).

For heterogeneous media, the so-called CRS stacking operator calculated by formula
(2), is similar to the pre-stack Kirchhoff migration operator.
2-D CRS STACK

½1c 

By considering a reference point of the zero-offset section a
, the stacking
surface of the CRS stack, also called CRS stacking operator, is an approach to the
kinematic response of the reflection curved interface in a heterogeneous media.
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The CRS stack is a method that simulates a zero-offset section by using multicoverage seismic data, summing the reflection events in the stacking surface, which is
defined by means of the hyperbolic traveltime formula. Therefore, the definition of the
best stacking surface by means of the kinematic formula (1) requires the determination

½çb# * of the
of the optimal triplet parameter (¶ , 36 and  ), for each point a
zero-offset section.

½



For a given point a of the zero-offset section, the three parameters (¶ ,  
and  ) of the CRS stacking operator can be determined from the input data, by
means of some multi-parameter search process that uses as objective function a certain
coherence measure. Then, the zero-offset section is obtained by stacking the data,
using the three parameters that produce the largest coherence value.
The used coherency criterion is the semblance measure given by (Neidell and
Taner, 1971),

|ë é h ê h ê 
e
c

¢ Yè ì | é h ê
è e#ë  

8ë
è J
hê è

¯  J z e HNJOL + 
8 ë ¯  ze
J J HKJML

(3)

 z
where e is the seismic signal amplitude indexed by the channel order number,
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G «> >%> ì J ,HNJOL and the stacking trajectory, d Z Â  'ítîÁï  * >«>%>   TmîÁï ì   . The
stacking trajectory is determined by the CRS stack formulas. The index
is the
mî
s


G is the number of time gate samples.  is the
number of seismic traces and
index of the amplitude in the center of the time gate. The semblance function ¢ means
the ratio of signal energy to total energy of all members of the gather. It constitutes
B
a normalized coherence measure with values between and G , and it equals to unity
only if all signals in whole traces are identical.
The main problem of the CRS stack method is to find the optimal triplet parameter
that maximizes the objective function. The parameter spaces are the mathematical
'ð3ï   ¶   ð3ï  and '] @36    ñ] . This problem is solved
intervals
by a multi-dimensional global optimization algorithm, which is capable to find the
global maximum, but stated at a low computational cost. However, the convergence
to find the global maximum is, in general, highly dependent on the behaviour of the
objective function.
If a particular zero-offset event is composed by interference of several events, we
have to take into account more than one maximum. In other words, to solve the conflicting dip problem it must be used more than one triplet parameter in the stacking
process. In this case, it is necessary to find the global maximum and at least a local
maximum at points of the zero-offset section.
In the following, based on the formulas (1) and (2), we describe the new CRS stack
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strategy by combining global and local optimization algorithms, for determining the
best triplet parameter.

CRS STACK PROCESSING STRATEGY
We present in this item a description of the optimization strategy that is product of
our endeavour for determining the three parameters of the CRS stack operator. It is
separated in three steps, being the first two performed by using a global optimization
Simulated Annealing algorithm given by (Sem and Stoffa, 1995), and the third step by
a local optimization Variable Metric algorithm given by (Bard, 1974). In all three steps
the input data are common-offset seismic sections.
Optimization Strategy
Step I : Two-parameters global search



We select a point a in time domain that is used as reference for determining the

  in the formula (1) that implies
two parameters ¶ and   , subject to  
in formula (2). By using formula (3) as objective function, the inverse problem is

formulated to estimate the best ¶ and   with the maximum semblance value. For
solving it we use a global optimization Simulated Annealing algorithm, with the initial
approximation being random values into a priori defined physical intervals. We have
as results in this step: 1) Maximum coherence section; 2) Emergence angle section; 3)
Radius of curvature of NIP wave section; and 4) Simulated zero-offset section.
Step II : One-parameter global search



In the second step we select also a reference point a in time domain for determining the third parameter  . The values of parameters estimated by the first step are

used to fix ¶ and   in formula (1) in this step. In this turn, the inverse problem
is formulated to estimate the best  with the maximum semblance value, using the
objective function formula (3). We use, as before, the global optimization Simulated
Annealing algorithm. In this step, the results are: 1) Maximum coherence section; 2)
Radius of curvature of Normal wave section; and 3) the improved zero-offset section.
Step III : Three-parameters local search
The results of first and second steps are considered a good approach to the
searched-for triplet stack parameters, and also an intermediate simulate zero-offset
section. These results are to be used as initial approximation at the third step. It means

that we select a reference point a in time domain, and using the whole data, we
make a new search for the three parameters, simultaneously. The inverse problem is

 
formulated to estimate the best triplet parameters ¶    with the maximum
semblance value. This problem is now solved by using a local optimization Variable
Metric algorithm. As final results we have: 1) The maximum coherence section; 2)
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Emergence angle section; 3) radius of curvature of the NIP wave; 3) radius of curvature of the Normal wave; and 4) the zero-offset simulated section. In Figure 1 is shown
the processing flow chart for the CRS stack applied in this work.

Figure 1: CRS stack processing flow chat. By the two first steps it is determined the
½/

initial triplet parameters (¶ 3   ), which are used as initial guess in the final
step.

APPLICATION
By considering a synthetic model with three homogeneous layers Figure 2, we simulate multi-coverage primary reflection data using a ray tracing algorithm. The data set
consists of 140 common-shots with 48 geophones separated by 25 meters. The minimum offset is 100 meters and the maximum is 1675 meters. The distance between
two consecutive shots is 25 meters. The source signal is a Gabor wavelet with 40
Hz dominant frequency, and a time sample rate of 2 ms. An example of direct mod-
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elled data is presented in Figure 3, that is a synthetic zero-offset seismic section with
noise-to-signal ratio equals to 5.
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Figure 2: Synthetic model consisting of three layers.
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Figure 3: Modelled zero-offset section with primary reflection events corresponding
to the geophysical model in Figure 2.
The common-shot sections were sorted into common-offset sections, before the
optimization strategy was applied to. In Figure 4 is shown the simulated zero-offset
seismic section obtained in this work by CRS stacking. Due to the CRS stack method
involves a large number of traces during the stack process, the simulated zero-offset
section presents a high signal-to-noise ratio, in comparison with the direct calculated
zero-offset section (Figure 3).
In Figure 5 we have the maximum coherence (semblance) section corresponding
to the optimized parameters at the third step . In this section, the two primary reflec-
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Figure 4: Simulated zero-offset section from the final CRS stack, using the three best
CRS stacking parameters obtained by the third step.

tion events are identified by higher coherence values (0.3-0.9). The optimized emergence angles are presented in Figure 6, with a continuos variation in zones of reflection
events. In Figure 7 we compare the CRS optimized emergence angles (cross line) and
the ray theoretical calculated values (dot line).
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Figure 5: Coherency (semblance) section generated in the third step by the stacking
surfaces using multi-coverage data.
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Figure 6:
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section with the best estimated results of the CRS stack.
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Figure 7: Comparison of òó . Direct calculated values (dot line) and final estimated
values (cross line). Top: First interface and bottom: second interface.
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The optimized radii of curvatures of the NIP waves are shown in Figure 8. For
comparison, in Figure 9, we have the optimized NIP wave radii of curvatures (cross
line) and the ray theoretical calculated values (dot line). We observe that in caustic
region the radius of curvature of the NIP wave is only poorly estimated. This last
result is due to the destructive interference of caustic events.
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Figure 8:
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section with the best estimated results of the CRS stack.
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In Figure 10 we have the optimized radii of curvatures of the Normal waves. Due
to the weaker sensibility of ôõ in the optimization CRS stack, we have that zones of
sign changes of curvature in the synthetic model correspond to wrong optimized values
in the result radius section. In Figure 11, we compare the optimized values of radius
of curvature of the Normal wave (cross line), and ray theoretical calculated values (dot
line), both at the reflector interfaces. This third parameter is also not good estimated
in the caustic zone of the second reflector, due to the destructive interference of the
caustic events.
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Figure 10:
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section with the best estimated results of the CRS stack.
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CONCLUSION
In this work, with a reasonable computational cost, we have shown a new strategy for
determining the three parameters of the hyperbolic approximation CRS formula, by
combining three steps: The first, by using a two-parameters global optimization for òó
and ôõö ÷ , subject to ôõVøôõö ÷ ; the second, a one-parameter global optimization for
ôõ ; and the third, the three-parameters local optimization for òó , ôõ3ö6÷ and ôõ . This
three steps are applied in cascade, such that we can observe a progressive improving
of the parameter estimates. To apply the global optimization we have used a Simulate
Annealing algorithm, and for doing the local optimization in the final step we used a
Variable Metric algorithm.
This new CRS stack strategy provide us very good results when applied to multicoverage synthetic seismic data. In the simulated zero-offset section we have a high
signal-to-noise ratio, and very good resolution of primary reflection events. The emergence angle is better estimated in comparison with the other two searched-for parameters. The radii of curvatures of the NIP and Normal waves estimates have lower
accuracies only in the caustic zone at the second reflector.
Finally, we can affirm this new CRS stack strategy is available to solve the conflicting dip problem, so that we have the possibility to determine the global maximum
and at least one local maximum.
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Macro-Velocity Model Inversion from CRS Attributes:
The Hubral and Krey algorithm revisited

Ricardo Biloti, Lúcio T. Santos, and Martin Tygel1
keywords: Macro-Velocity Inversion, Common Reflection Surface Method

ABSTRACT
In conventional processing, the classical algorithm of Hubral and Krey is routinely applied to extract an initial macrovelocity model that consists of a stack of homogeneous
layers bounded by curved interfaces. Input for the algorithm are identified primary reflections together with NMO velocities derived from a previous velocity analysis conducted on CMP data. This work presents a modified version of the Hubral and Krey
algorithm that is adapted to advantegeously use previously obtained CRS attributes as
its input. Some simple synthetic examples are provided to illustrate and explain the
implementation of the method.

INTRODUCTION
The CRS method (Birgin et al., 1999) is a recent technique that is becoming an alternative to the conventional seismic process, presenting promising results concerning the
generation of simulated zero-offset sections. The CRS parameters give, in addition to
a better stacking, more information. In fact, this information can be applied to produce
a more reliable velocity model that can be used for further imaging purposes such as
depth migration.
This is what our work intends to do. What we will show on this article is that, once
we have already made an effort to estimate the CRS parameters to construct a clean
simulated zero-offset section, we shall immediately be in the position of inverting a
macro-velocity model.

Hyperbolic Traveltime and CRS parameters. The hyperbolic traveltime expression relates the traveltime of two rays. One of them is taken as a reference ray and is
called central ray. When this central ray is taken as a normal ray at ù®ó (see Figure 1),
1
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the formula becomes
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where  and
are the horizontal coordinate of the source and receiver pair %$
near ù®ó , ó is the zero-offset traveltime and òó is the angle of emergence at the zero
offset ray with respect to the surface normal at the central point ù®ó . The quantities õ

and õö ÷ are the wavefront curvatures of the N-wave and the NIP-wave (Hubral,
1983), respectively, measured at the central point ù®ó . The traveltime formula above

is on the kernel of the CRS method. Therefore, those three parameters, òó , õ and

õ3ö ÷ are called CRS parameters.

.
Figure 1: CRS Parameters for a normal
central ray ù®ó'&)(+*Îù®ó : the emergence
angle òó and the NIP- and N-wavefront
curvatures. , is the reflector, ù®ó is
"
the central point coordinate, and and
$ are the source and receiver positions
for a paraxial ray, reflecting at ô .
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THE HUBRAL AND KREY ALGORITHM
Our inversion method is based on the well established algorithm proposed in Hubral
and Krey, 1980. The velocity model to be inverted from the data is assumed to consist
of a stack of homogeneous layers bounded by smoothly curved interfaces. The unknowns are the velocity in each layer and the shape of each interface. These unknowns
are iteratively obtained from top to bottom by means of a layer stripping process.
The main idea of the algorithm is to backpropagate the NIP-wave down to the
NIP located at the bottom interface of the layer to be determined (see Figure 2). This
means that the velocities and the reflectors above the layer under consideration have
already been determined. Since the NIP-wave is due to a point source at the NIP, the
backpropagation through this last layer gives us a focusing condition for the unknown
layer velocity.
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Figure 2: NIP-wavefront associated to the central zero-offset ray QSRUT'V7WXQSR , in red.
To well describe the wavefront curvature along a ray path that propagates through
the layered medium, we should consider two distinct situations: (a) the propagation
occurs inside a homogeneous layer and (b) transmission occurs across an interface.
Figure 3 depicts a ray that traverses the homogeneous Y -th layer (of velocity NZ ) being transmitted (refracted) at the interface Y[]\ . Let us denote by ô_^a` Z the wavefront
radius of curvature at the initial point of the ray (that is, just below the Y -th interface).
The wavefront radius of curvature, ôöb` Zc5d , just before transmission, satisfies the relationship
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Figure 3: Ray propagation through layer Y .

where f Z is the traveltime of the ray inside the layer. We now consider the change
in wavefront curvature due to transmission at the interface. As shown in, e.g., Hubral
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and Krey, 1980, we have
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Here, Z and ò Zc5d are the incident and transmission angles of the ray, respectively
and ôU` Z is the interface radius of curvature, all these quantities being measured at the
transmission point. Observe that Snell's law,
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that determine the velocity  õ . Here, ôöb` õ c5d ø is the radius of curvature of the
wavefront at the NIP (it starts as a point source) and ô_^a` õ is the radius of curvature of

the wavefront after transmission across the interface . Note that ô)^e` õ , as given by

\ in equation (2), has an implicit dependence on  õ and òõ . This is
setting YÍø
because

d
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õ

by Snell's law. Once  õ and òõ are determined, the segment of the zero-offset ray

inside the -th layer can be constructed. The sought-for NIP location is then such that
its distance to that transmission point is  õ f õ .
Summary of the Hubral and Krey algorithm
It is instructive to discuss the key ideas involved in the preceeding strategy. Firstly,
we will present the main steps of the algorithm. Then, we will make some comments
about the implementation of the various steps.
The method aims to extract a model composed by homogeneous layers separated
by smoothly curved reflectors, corresponding to the well identified interfaces within
the data only. This choice is made a priori by the user.

 of the first layer: The input data is, for each zero-offset ray, the travDetermination

eltime ó , the emergence angle òó and the wavefront curvature õö ÷ . The velocity of the first layer is assumed to be known. Thus, only the reflector (the
bottom of the first layer) should be determined. As explained below, this can be
achieved in many different ways.
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Determination of the Y th-layer: Suppose that the model has been already deterþ \  th-layer. The method will proceed to the determination of
mined up to the Y
þ 
the next layer, that is, the velocity of the Y th-layer and the YX\ th-interface. The
 again, for each zero offset ray reflecting at the interface þ Y\  , the
input data is

traveltime ó , the emergence angle òó and the wavefront curvature õö ÷ . Trace
the zero-offset ray down to the Y -th interface. Recall that this ray makes the angle òó with the surface normal at its initial point. Now, using equations (1) and
(2), back-propagate the NIP-wave from the surface to the Y -th interface along
that ray. Now use the focusing conditions (4) to determine the layer velocity Z ,
the angle ò Z and the NIP.
The above procedure can, in principle, be done to each zero-offset ray. However,
under the constraint that the layer velocity NZ is constant, we obtain an overdetermined system for that unknown. How to deal with this problem will be
discussed below.

Brief discussion of the algorithm
We now discuss the above algorithm concerning its accuracy and implementation. Our
aim is to identify those aspects that can be improved upon the introduction of the CRS
methodology.

The quantities needed by the method (emergence angles, normal traveltimes and
NIP-wave radii of curvature) are not directly available, but have to be extracted
from the data. In the description in Hubral and Krey, 1980, these quantities are
obtained by conventional processing on CMP data.
Note that the main idea of the method, the back-propagation of the NIPwavefront, is carried out independently for each ray. Thus, in principle, each
ray carries enough information to recover the layer velocity, that can be translated into many equations depending on the same unknown. Since we are assuming homogeneous layers, this implies an over-determination of the velocity.
Of course, this question was faced on the original algorithm, but the methodology applied is not stated in the text. Hubral and Krey have pointed out that
this “excess” of information could be used to improve the velocity distribution
considered, for example, assuming a linear velocity variation.
Note that the law of transmission for the wavefront curvatures depends on the
curvature of the interface ( ôU ) at the transmission point, as we can see on formula (2). Hubral and Krey state that this can be obtained by a normal ray migration.
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As stated in Hubral and Krey, 1980, after the determination of the velocity, the
location of each NIP can be obtained by down propagating the last ray segment.
Since each ray hits the interface normaly, the local dip can also be determined.
In the next section we will show, with the help of the CRS attributes, that most
of the difficulties addressed above can be solved. In this way, a more accurate and
efficient version of the algorithm can be obtained and, moreover, preserving its elegant
structure.

THE REVISED HUBRAL AND KREY ALGORITHM
In this section we discuss how to use the CRS parameters to fully supply the needs of
the Hubral and Krey algorithm, and how to deal with the numerical aspects involved
in. Then, we present a revised version of the original algorithm.
The obvious advantage of having the CRS parameters is that emergence angles
and NIP-wavefront curvatures have been already determined. Thus, neither a velocity
analysis nor a traveltime gradient estimation are required to obtain the input data for
the inversion process. Moreover, with the help of the well-defined coherence section
provided by the CRS method, it becomes easier to select the interesting horizon events.
The CRS method also provides the N-wavefront curvatures, that is not originally
used by the Hubral and Krey algorithm. Recall that the N-wave associated to a zerooffset reflection is a wave that starts at the NIP, having the same curvature as the
reflector. After the determination of a given interface, we can back-propagate the
N-wavefront down to this interface, applying the same procedure we have described
before for the back-propagation of the NIP-wavefront. Doing this, we have an approximation for the curvature of the reflector at the NIP that does not depend on how dense
the NIPs are.
We have to take special care when dealing with estimated quantities as input data.
We have to try to avoid or, at least, reduce the effect of the estimation errors on the inversion process. The strategy applied was to smooth the parameter curves. This makes
physical meaning, since no abrupt variations on the parameters can in general occur.
The method used is stated in Leite, 1998: To each five neighbors points on the curve,
fits the least-square parabola and replace the middle point by its correspondent on the
parabola (see Figure 4). This smoothing technique can be applied a fixed number of
times (we use five) to each parameter curve.
The smoothing method described can be applied to any curve on the plane. All
we need to know is how to follow the curve. In our case, the curves are parametrized
by the central point coordinate. In caustic regions, many values of the parameter are
associated to the same central point. This could generate a problem to find out the
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Figure 4: For each five points, the
smoothing scheme fits a parabola and
replace the central point to its correspondent value on the parabola.
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Figure 5: Both figures show a parameter curve within a caustic region. The small
circles denote the sampled values of the parameter. At left, the points of the curve are
sorted by their central point coordinates. The arrows indicate the sequence. At right,
they were resorted to the correct sequence by the application of the unfolding criteria.

correct sequence. The reader could argue that perhaps the correct orders are already
known. But, since the CRS parameters are extracted from the parameter sections by
some picking process, the method we will describe could be used to automatically do
this picking process. At the left side of Figure 5 we can see a situation where the
parameters values are sorted by their central point coordinates.
We have formulated a criteria to unfold the parameter curve. When the curve has
more than one value for the same central point coordinate, the proposed criteria tries to
keep the variations of the CRS parameters between two neighbor points on the curve
as small as possible. This is a reasonable assumption since a smooth behavior of the
CRS parameters is expected. The merit function which is minimized is
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where
ø ó  ó  ò ó  õ3ö6÷  õ denotes the vector of the CRS parameters, ¨ is the
index of the current point and Y varies on the set of index of the neighbor point of the
current point. We calculate the function above for each neighbor of point ¨ and then
£

the point that has obtained the minimum value is select to be next one in the reordered
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sequence. We made tests including two more terms, one for õö ÷ and one for õ ,
but the stability of the method was reduced. Recall that this criteria should be applied
before the smoothing process. So it must work even if there is noise in the parameters
values. We have made several tests with this criteria and it really was able to unfold
the curve.
We deal with the over-determination on the velocity considering a solution in the
sense of least squares. By now, we are supposing a model with homogeneous layers,
but this approach can be easily extended to incorporate velocity profiles depending for
example, linearly on the depth.
Currently, we are recovering the interfaces by interpolating the many founded
NIPs. Since this could lead to a not so smooth interface, what would be a disaster
for the ray tracing process, we apply the same smoothing process described before to
the interpolated interface. This really enhances the quality process overall.
Following, we present our implementation of the algorithm of Hubral and Krey,
with the modifications discussed above.
Input data. Recall that after the application of the CRS method, we obtain a sim (primary refleculated zero-offset section in which the most important events
tions) are well identified. This means that the traveltimes ó at each reflection
is known. The identified primary reflections will provide the interfaces of the
layered model to be inverted. Also recall that at each point of the zero-offset


simulated section, we have attached the three parameters òó , õö ÷ and õ extracted from the multi-coverage data. We shall make a consistent use of the
CRS parameters along those identified reflections. We finally observe that the
medium velocity in the vicinity of each central point is known a priori.



Determination of the first layer. For a given central point ùÍó , let ó be the zero-offset
traveltime of the primary reflection from the first interface. Also, let òó be the

emergence angle and õ the radius of the N-wavefront curvature of the corre makes an angle òó
sponding zero-offset ray. Draw from ùÍó a straight line that

with the surface normal at ù®ó and has length equals to  ó ó . The extreme of
this segment of ray is the NIP. Do this for all central points that illuminate the
ª©e«
s to recover the first interfirst interface and then interpolate the inverted
face. To minimize the noise on this first approximation, apply the smoothing
process to the curve that describes the interface. We can now say that this first
layer is completely determined. Before we go to the determination of the following layers, we will back-propagate all the N-waves associated to each ray.
This provides an estimative of the curvature of the reflector at each NIP. Note
that the curvature of the reflector will be necessary when we will back-propagate
wavefront curvatures down to deeper layers, since to transpose the first interface
we need to know its curvature.
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Subsequent layers. As before, suppose that the model has been already determined
þ \  . The input data is the CRS parameters for the zero-offset
up to the layer Y

þ
rays that reflect at the interface Y¬\ . Trace the rays down to the interface Y
and back-propagate the NIP-wavefront along those rays. Applying the focusing
conditions, estimate NZ by least squares. Using Snell's law calculate ò Z and,
knowing the remaining traveltimes, trace the last segment of each ray. Smooth

þ
the interpolated curve of the NIPs to obtain the interface Y!]\ . Finally, along
each zero-offset ray back-propagate the N-wavefront curvature to estimate the
curvature of the interfaces.

SYNTHETIC EXAMPLE
The algorithm was applied to the model depicted on Figure 6, which consists of three
interface separating four homogeneous layers. The second reflector has a synclinal region between 6.5km and 7.5km that generates caustics. For the three layers, we modeled the CRS parameters by using the dynamic ray tracing package Seis88, designed


by Cervený
and Psenck (see Cervený,
1985), and other auxiliar softwares developed
by ourselves.
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Figure 6: Synthetic model with four homogeneous layers.
As a validation test, we ran the method with the exact modeled parameters as the
input data. As expected, the velocities and interfaces were recovered with the same
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precision of the modeled input data.
The second and more realistic test were achieved with the CRS parameters with
10% of white noise on all parameters as the input data. We show in Figure 7 the inverted model. Note that the velocities were very well recovered, with relative errors
of \ b® \ % and %¯° %, for the second and third layers, respectively. But the third reflector still has outliers. This problems is due to a not so smooth interpolation of the
recovered points of the second reflector. This problem damages the ray tracing process
subsequently carried out for the deeper layers.

NEXT STEPS
We plan to make two major improvements. The first one concerns a better recovering
of the interfaces. The idea is, once the NIPs were recovered, instead of interpolating
them, fit a smooth curve, like a cubic spline, for example. In fact, we are plannig to
do this with the parametric interpolating curve present in Hildebrand, 1990. The interpolating curve is a picewise cubic polynomial in the innner intervals and a parabola
at the extreme intervals. This options is cheaper then cubic splines because, given the
points to be interpolated, the interpolating curve can be computated directly, without
solving linear systems. We believe that this modification will solve the problem seen
on the estimation of the third reflector of the presented example (Figure 7).
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Figure 7: Inverted model. NZ and Z ± are the real and estimated velocities, respectively.
The solid curves are the inverted interfaces.
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We also plan to modify the software so that the estimated velocity could linearly
variate with the depth. This implies only on a minor modification on the estimation of
the layer velocities and on the ray tracing method.

CONCLUSIONS
The contribuion of this work is a new implementation of the Hubral and Krey algorithm, using the CRS parameters. We also discuss details of the numerical implementation of the algorithm, needed for a efficient application of the method.
The results are encouraging. We strongly believe that the method will be available
for use as soon as the implementation of the approximation of the interfaces by smooth
curve will be finished.
Concerning more complex velocity profiles, we could run the algorithm for separeted parts of the domain. Thus, each inverted model would be composed by homogeneous layers that could be glued to form a complete inverted model, homogeneous by
parts. This approach can be adopted independently of the inclusion of the possibility
of velocity profiles depending on the depth.
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Seismic migration by demodeling

J. Schleicher, L.T. Santos, and M. Tygel1
keywords: seismic migration, inverse Kirchhoff, demodeling

ABSTRACT
We numerically investigate the inverse operation to the classical Kirchhoff-Helmholtz
integral. This operation, which we call Kirchhoff demodeling, is completely analogous
to the forward modeling operation. In the same way as the latter integrates along the
depth reflector, the new inverse demodeling operation integrates along the corresponding reflection traveltime surface. The result is a seismic pulse at the reflector depth,
multiplied with the corresponding reflection coefficient. In this way, we have a new and
promising migration technique at hand. We will refer to this method as migration by
demodeling, in accordance to its position in the triangle of modeling, migration, and
modeling by demigration. A particular attraction of the proposed migration method
is that it is a much faster process than conventional Kirchhoff migration, even when
applied with full true-amplitude weights. Demodeling is a target-oriented operation
as it can be restricted to a target reflector. Demodeling requires an identification and
picking of the events to be migrated. This should, however, not pose a severe restriction to the applicability of the method since the identification of horizons of interest is
always necessary at some stage of the seismic processing sequence. In this sense, the
new process is not be seen as replacement of Kirchhoff migration, but as an alternative
and complementary procedure. Possible applications include the fast true-amplitude
migration of an identified event to determine whether a promising AVO trend in the
CMP section is confirmed after migration.

INTRODUCTION
Wave propagation in acoustic media can be described by the Kirchhoff integral (Sommerfeld, 1964). So, a natural idea is to use this integral to solve the inverse problem,
that is, to reconstruct the medium of propagation form the recorded wavefield. As is
well-know, however, the Kirchhoff integral cannot be used for backward propagation
because it yields zero if the receiver is within the closed surface over which is integrated (Langenberg, 1986). A correct inversion is also impossible because then the
1
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evanescent parts of the wave field explode. To overcome this problem, one usually
works with the complex conjugate of the Kirchhoff integral (Porter, 1970; Bojarski,
1982). In this way, the nonevanescent parts of the wave field are correctly backpropagated whereas the evanescent parts are exponentially damped. This approach leads
to the well-known Kirchhoff migration as is used today in practice (Schneider, 1978).
The same migration operator results from a geometrical approach which implies summing up all possible contributions of a single 'diffraction point' in the wave field. It
turns out that migration can be realized by a weighted stack along the diffractiontraveltime (or Huygens) surfaces (Rockwell, 1971).
Most recently, however, a different approach was used to set up an approximate
inverse operation to the Kirchhoff forward-modeling integral in Kirchhoff-Helmholtz
approximation (Tygel et al., 2000). The new inverse Kirchhoff-Helmholtz integral is
formed in a completely analogous way to the original forward integral by substituting
all kinematic quantities by their corresponding dual ones in accordance with the duality
relationships derived by (Tygel et al., 1995). For example, the integration along the
reflector is substituted by one along the reflection-traveltime surfaces. The weight
factor is then obtained by the criterium that the output amplitude of the inverse integral
should be identical to the input amplitude of the forward integral.
The new inverse integral can be used in seismic imaging to design a new migration technique. Because of its asymptotic inverse relationship to forward modeling by
the Kirchhoff integral, we refer to the new migration technique as Kirchhoff demodeling. In this paper, we present synthetic examples on simple earth models of how
the demodeling integral can be employed for the purpose of a seismic true-amplitude
migration.
Note that the new Kirchhoff-Helmholtz migration is even more economic than conventional Kirchhoff migration. Instead of all possible diffraction-traveltime surfaces,
only the true reflection-traveltime surfaces are needed as stacking surfaces. This makes
Kirchhoff demodeling also a target-oriented process. However, where conventional
Kirchhoff migration can be restricted to a target zone (that may ore may not contain
one or many reflectors) Kirchhoff demodeling can be restricted to a target reflector.
Of course, there is a price to be payed. The drawback of Kirchhoff demodeling is that
the reflection-traveltime surfaces have to be indentified and picked before they can be
migrated. On the other hand, the identifying and picking has generally to be done
anyway at some stage of the seismic processing sequence.
Once the reflection-traveltime surfaces are picked and the trace amplitudes along
them are known, it is sufficient to perform the very same stack along them for any
arbitrary depth point. The only quantity that changes in the process as a function of
the depth point to be migrated is the weight function. The result of this procedure is
a true-amplitude migrated image equivalent to what is obtained after a conventional
true-amplitude Kirchhoff migration.
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The details of the theory involved in setting up the mentioned inverse KirchhoffHelmholtz integral can be found in (Tygel et al., 2000). A derivation of the constantvelocity formulas that were used in the present implementation is given in the Appendix. The main purpose of this paper is to address the more practical aspects of
Kirchhoff demodeling. For this aim, we study the procedure numerically and compare
its results to those of conventional Kirchhoff migration.
NUMERICAL ANALYSIS
To verify the validity of the demodeling integral, we have designed a couple of simple
numerical experiments.

Depth (m)
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0
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Figure 1: Model I: A slightly curved interface below a homogeneous overburden.
The first one is a seismic common-offset experiment with a half-offset of
500 m, simulated above the earth model depicted in Figure 1. It consists of two
homogeneous acoustic layers with constant velocities of 4 km/s and 4.5 km/s, respectively, separated by a smooth interface in the form of a dome structure. The top of the
dome is at 600 m depth, and its base is at 800 m. The terminology 'common-of fset
experiment' means that all source-receiver pairs involved are separated by the same

fixed source-receiver distance (offset) of
ø\²³³ m. The common-offset section
was generated by a ray tracing algorithm using a symmetric Ricker wavelet (Ricker,
ü ø ¯´ ms, i.e., with a dominant
1953) of unit peak amplitude and of duration of
(peak) frequency of about 30 Hz. In order to perform the demodeling integral, it is
necessary to extract the traveltime curve and the amplitudes of the seismic reflection
event. This was done by an automatic picking process.



ø

In Figure 2, we compare the demodeling result with the corresponding Kirchhoff
depth migrated section (every fifth trace is shown). Like Kirchhoff migration, also demodeling provides an image with wavelets perfectly aligned along the reflector, which
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Figure 2: (a) Kirchhoff depth migrated section, (b) Kirchhoff demodeled section, of
noise-free common-offset data for Model I.
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is indicated by a continuous line. This confirms that demodeling correctly positions
the reflector in depth.
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Figure 3: (a) Amplitudes along the reflector from demodeling (solid line) and Kirchhoff migration (dashed line) in comparison to reflection coefficients (bold line). (b)
Relative errors.
To check on the amplitudes, Figure 3a compares the obtained peak amplitudes
along the reflector from demodeling and Kirchhoff migration with the theoretical values of the reflection coefficient.
We observe an almost perfect coincidence between the migrated amplitudes (thin
and dashed lines) and the theoretical curve (bold line) in a large region in the center
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of the figure. On both sides, a larger error can be observed that is due to boundary
effects. In the boundary region, data are missing, which leads to an uncomplete reconstruction of the true amplitudes. Note that the boundary zone of demodeling is visibly
smaller than that of Kirchhoff migration. Figure 3b quantifies the relative amplitude
errors of both migration methods. In the central region, the errors fluctuate around a
mean value of about one half of one percent, never exceeding one percent, as indicated
by the box. This error of about µj¶ is due to numerical effects and can be further reduced by reducing the temporal and spatial sampling rates. These results confirm that
the demodeling integral constitutes an asymptotic inverse to the well-known forward
Kirchhoff-Helmholtz integral. Moreover, we see that under ideal circumstances the
image quality achieved by demodeling can be superior to that of Kirchhoff migration.
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Figure 4: (a) Kirchhoff depth migrated section, (b) Kirchhoff demodeled section, of
noisy common-offset data for Model I.
To test demodeling under more realistic conditions, we have repeated the above
experiments adding white noise with signal-to-noise ratio 3 to the ray data. The resulting migrated sections are depicted in Figure 4. As expected, the kinematics is not
affected by the noise. As an advantage of demodeling, we observe that off the reflector
the noise level is much lower than in Kirchhoff migration. The effect of noise on the
amplitudes is studied in Figure 5. Both migration methods suffer to more or less the
same extent from the noise. The amplitude errors rarely exceed the noise level of 30 %
indicated by the box.
An analysis of a new migration method would not be complete without a test
in the presence of a caustic. Therefore, we simulated a common-offset experiment
over the trough structure depicted in Figure 6. The synthetic modeling was done by
an implementation of the forward Kirchhoff-Helmholtz integral to include realistic
diffraction events. The results of demodeling and Kirchhoff depth migration are compared in Figure 7. As we can see, demodeling provides as good a position of the

(b)

(a)
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Reflection Coefficient
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Figure 5: (a) Amplitudes along the reflector from demodeling (solid line) and Kirchhoff migration (dashed line) in comparison to reflection coefficients (bold line). (b)
Relative errors.
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Figure 6: Model II: A trough structure below a homogeneous overburden.

migrated reflector image as Kirchhoff migration. The principal drawback of demodeling is noted when comparing the amplitudes along the reflector (Figure 8). Because of
the presence of the diffractions, the amplitudes on flanks of the trough are not correctly
recovered. In the range between -500 m and 500 m (except a small region around the
origin), the error strongly fluctuates and exceeds 50%. Further investigations on how
to distinguish reflections from diffractions and how to separate conflicting events in the
picking process are envisaged to improve demodeling amplitudes in caustic regions.
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Figure 7: (a) Kirchhoff depth migrated section, (b) Kirchhoff demodeled section, of
noise-free common-offset data for Model II.
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Figure 8: (a) Amplitudes along the reflector from demodeling (solid line) and Kirchhoff migration (dashed line) in comparison to reflection coefficients (bold line). (b)
Relative errors.

CONCLUSIONS
We have presented a numerical analysis of a new migration method based on the
Kirchhoff-Helmholtz integral. Since the process under investigation represents an
(asymptotic) inverse to Kirchhoff modeling, we have termed it Kirchhoff demodeling. The demodeling integral is completely analogous to the modeling integral in the
sense that it does exactly the same procedure along the reflection traveltime surface
that the modeling integral does along the reflector.
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By our numerical analysis, we have confirmed that demodeling can indeed be used
for migration purposes. In all our experiments, demodeling correctly positioned the
reflector in depth. Concerning amplitudes, demodeling presents positive as well as
negative properties. Positively is to be noted that, under ideal circumstances, demodeling recovers the reflection coefficients along the reflecting interface with very small
errors. Boundary zones can be kept smaller than in Kirchhoff migration. Random
noise does not affect demodeling amplitudes any more than it does Kirchhoff migration. Off the reflector, the noise level is reduced by demodeling. As a negative quality
of demodeling, its bad amplitude recovery in the presence of caustics is to be cited.
From an implementational point of view, we want to stress the following differences between Kirchhoff migration and demodeling. Because of the structure of the
underlying integrals, demodeling is much faster than Kirchhoff migration, even when
applied with full true-amplitude weights. We remind that the demodeling process is
analogous to that of Kirchhoff modeling and, thus, needs comparable computing time.
Like Kirchhoff migration, demodeling is a target-oriented migration method. However, contrary to Kirchhoff migration, where a target zone needs to be specified, demodeling can directly be restricted to a target reflector.
As a disadvantage, we remind that demodeling requires an identification and picking of the events to be migrated. In consequence, its result may vary with the picking
algorithm used. For a kinematic migration, traveltime picking is sufficient. For trueamplitude migration, amplitude picking is also necessary. This should, however, not
pose a severe restriction to the applicability of the method since the identification of
horizons of interest is always necessary at some stage of the seismic processing sequence.
In conclusion, the new process is not to be seen as replacement of Kirchhoff migration, but as an alternative and complementary procedure. Possible applications include
the fast true-amplitude migration of an identified event to determine whether a promising AVO trend in the CMP section is confirmed after migration.

ACKNOWLEDGEMENTS
The research of this paper was supported in part by the National Research Council
(CNPq – Brazil), the Sao Paulo State Research Foundation (FAPESP – Brazil), and
the sponsors of the WIT Consortium.

REFERENCES
Bojarski, N., 1982, A survey of the near-field far-field inverse scattering inverse source
integral equation: IEEE Trans. Ant. Prop., AP-30, no. 5, 975–979.

71

Langenberg, K., 1986, Applied inverse problems for acoustic, electromagnetic, and
elastic wave scattering in Sabatier, P., Ed., Basic methods in Tomography and Inverse Problems:: Adam Hilger.
Martins, J., Schleicher, J., Tygel, M., and Santos, L., 1997, 2.5-d true-amplitude Kirchhoff migration and demigration: J. Seism. Expl., 6, no. 2/3, 159–180.
Porter, R., 1970, Diffraction-limited scalar image formation with holograms of arbitrary shape: J. Acoust. Soc. Am., 60, no. 8, 1051–1059.
Ricker, N., 1953, The form and laws of propagation of seismic wavelets: Geophysics,
18, no. 01, 10–40.
Rockwell, D., 1971, Migration stack aids interpretation: Oil and Gas Journal, 69, 202–
218.
Schneider, W., 1978, Integral formulation for migration in two and three dimensions:
Geophysics, 43, no. 1, 49–76.
Sommerfeld, A., 1964, Optics:, volume IV of Lectures on Theoretical Physics Academic Press, New York.
Tygel, M., Schleicher, J., and Hubral, P., 1995, Dualities between reflectors and
reflection-time surfaces: J. Seis. Expl., 4, no. 2, 123–150.
Tygel, M., Schleicher, J., Santos, L., and Hubral, P., 2000, An asymptotic inverse to
the Kirchhoff-Helmholtz integral: Inv. Probl., 16, 425–445.

PUBLICATIONS
The general derivation of the demodeling integral in inhomogeneous media was published in (Tygel et al., 2000).

APPENDIX A
2.5-D CONSTANT VELOCITY FORMULAS
In this appendix we investigate briefly the form of the Inverse Kirchhoff-Helmholtz
integral (Tygel et al., 2000),

·5¸º»¤¹ ¼%½³¾¿ÁÀ

µ
ÂÃªÄÆÅÇÉÈ

¸º»Ê¹ ¼ Ë ¹ +¾ Ì ¸ Ë ¹ S
¾ ÍÎÏ ¸ ½ÐÀÒÑ º¸ Ê
» ¹ ¼ Ë ¹ ¼ Ó¾¾²Ô Õ7Ö×ÙØÛÝÚ Ü2Þ

(A-1)
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for the 2.5D case
in constant-velocity media. In the above formula, »Ò¿
¸ Ë ¼bà¾ Ó'¿
¸ Ë¹ ¾
,
is the traveltime curve and Ì is the amplitude of the event with pulse
Ç
¸
shape Ï Ó¾ found in the seismic trace at Ç ¹ . Also, ÍÎ denotes the partial derivative in the
¹
¸º¹ Ë
direction of the normal á to Ç and Ñ »Ê¼ ¼Ó¾ is the isochron function defined implicitly
â ¹
by
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¸º¹

¼ »¤¼b½¾ is the traveltime from the source-point å ¾ to the depth-point »Ê¼%½³¾
where
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and back to the receiver-point æ
. To garantee correct amplitude recovery, the kernel
È is selected as
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where ê is the medium velocity at ö
Ç , and
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and

are the the

ó÷ô åö ó÷õ ans öøæ , repoint-source geometrical-spreading factors along the ray segments
spectively. Moreover, ñ represents the angle the normal to Ç makes with the vertical
Ó -axis, and denotes the incidence angle that the incoming ray åö makes with the
ò
isochron normal at ö . Finally, çé is the modulus of the Beylkin determinant,
â
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ö
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is the spatial gradient operator.
In the 2.5D case, and assuming, without
of generality,
that ß and¹ à are the sim¹
Ë
Ë
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¸
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and æ
. We also define the midpoint and half-offset coordinates,
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In the above
integral (A-1), the normal direction is not properly defined, since the
Ó - and Ë ¹ -coordinates have different dimensions. In order to overcome this problem,
we must change the scale of the Ó -axis. For constant ê , we define the new
depth
Ë¹
¿
Ó
coordinate as
ê , so that it has the same dimension (length)
¸ Ë ¹ as the -axes. In
the new coordinates, the traveltime surface is given by ¿ ê Ç ¾ . The integral (A-1)
is therefore,
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where
. Note that now the non-unitary surface normal á ¿
¸
¼¼ºÀ µ ¾ is well defined. Moreover, from now on, the prime will indicate derivative
ê Ç
Ë
with respect to the horizontal-coordinate .
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To make use of the simmetry of the 2.5D situation, we transform integral (A-6)
into the frequency domain, where it reads

¸
Ë
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Ä Å Å à È
Here, 

¸ »¤¼ Ë ¹ 2
¾ Ì ¸ Ë ¾ á!¹ ý Û Ñ ¸ »¤¼ Ë ¹ ¼  ¾"# Ö+× ú%$'&(À  Ñ ¸ »¤¼ Ë ¹ ¼ Ç ¾) Þ
ê

(A-7)

denotes the Fourier transform of Ï .
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corresponding to a constant time, can be easily evalu¸
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In symbols, we have the isochron
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The Beylkin determinant (A-4), in this case, reduces to (see Martins et al., 1997)
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Note that we do not need to compute íNî³ïð ò , since it will be canceled in the computation of the kernel (A-3). The last quantity we need is íNî³ïbðñ , which is given by
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ð
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Therefore, the expression for the kernel (A-3) is
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. After some algebraic manipulation, we
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Now we are ready to approximate the integral in à by the stationary phase method.
The general formula states that for ÔC¤ÔED F ,
.
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Applying all the results above to the integral in à in equation (A-7), we find
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Substituting the kernel È given by equation (A-13), we finally arrive at
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or, equivalently in time-domain,
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where YR denotes the depth-reverse half-derivative, which is equivalent to multiply by
, À  in frequency domain, and where the 2.5D weight function for constant velocity

is given by
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Offset-dependent resolution of seismic migration
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ABSTRACT
In this work, we study the resolving power of seismic migration as a function of sourcereceiver offset. We quantify horizontal resolution by means of the region around the
migrated reflection point that is influenced by the migrated elementary wave. To obtain an estimate for the mentioned zone of horizontal influence after migration, we
investigate the migration output at a chosen depth point in the vicinity of the specular
reflection point, i.e., when the output point is moved along the reflector. We find that
the region of influence is well approximated by the difference between the time-domain
Fresnel zone and its paraxial approximation. The width of the spatial resolution resulting from migration of the reflection event is compared with the resolution predicted
from theoretical ray-theory formulas for various data sets with different offsets. It
is to be remarked that the above resolution is reached only with perfect, noise-free,
correctly sampled, unbiased data.

INTRODUCTION
Seismic resolution after depth migration has been theoretically discussed by various
authors (Berkhout, 1984; Beylkin, 1985; Cohen et al., 1986; Bleistein, 1987). A recent comprehensive study on the subject was carried out in Vermeer (1999), where
additional references on the subject can be found.
It is widely accepted among geophysicists that 'depth migration reduces the Fresnel
zone'. Although this is a very sloppy expression, because the Fresnel zone is a fixedsize frequency-dependent quantity associated with the reflected ray, we will see in this
section that there is a lot of truth in it.
We discuss horizontal resolution in a completely analogous manner to the discussion of the pulse stretch in Tygel et al. (1994) that is closely related to vertical
resolution. Note that we implicitly define now resolution in a slightly different way
from what is usually done in the literature. Conventionally, resolution is quantified
1
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by the minimal distance of two objects such that their images can still be recognized
as two distinct ones. In this way, resolution is clearly a frequency-domain concept.
For a more practical, time-domain concept, we need a different definition. Guided by
the above section on pulse distortion, we quantify horizontal resolution by means of
the region around the migrated reflection point öA[ that is influenced by the migrated
elementary wave at öA[ .
To obtain an estimate for the mentioned zone of 'horizontal influence' after migration, we investigate the migration output at the chosen depth point ö ¿ öO[ in the
vicinity of the specular reflection point öA[ (see Figure 1), i.e., when the output point
is moved along the reflector \T[ .
S

G

MR

xR

r

ΩR

ΣR
MR
migrated reflector image

z

Figure 1: Horizontal resolution: influence of the migrated event at the specular reflection point öA[ on the migration result at the neighboring point ö][ on the reflector.
In particular, we study the horizontal resolution of seismic migration as a function
of offset. As shown by Tygel et al. (1994), the vertical resolution is the worse the
greater the offset becomes. For a horizontal reflector below a constant-velocity overburden, it decreases proportionally to the cosine of the reflection angle. A similiar
behaviour is expected for horizontal resolution.

MATHEMATICAL DERIVATION
As the starting point, we consider the time-dependent diffraction-stack integral in the
form of Tygel et al. (1994),
^X¸

ö ¼Ó¾ ¿

â
À µ
Ë ¹ ` ¸ Ë ¹ ¼ ¾cÏNb OÓ 
a
ö
 Ã Ä _jÄ Å ð
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`
where d denotes the migration aperture, includes âall amplitude
factors being the
¸ Ë¹ ¼ ¾
weight function and the seismic data amplitude, and difâfe ö ¹ is the difference be¸Ë ¼ ¾
â
tween the stacking
ö , and the reflection
¹¸ Ë ¾ surface, i.e., the diffraction traveltime
. The searched-for diffraction-stack migration result at ö is given by
traveltime [
^ ¸

^ ¸ ¼ ¾
ö
the imaging condition ÓS¿O , ö ¾¿
.
Applying the Fourier transform with respect to Ó to equation (1), we obtain accordg
g
ing to familiar rules,
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We consider a Taylor-series expansion of ö][ ¼i'
to the reflector at öA[ (see Figure1). Due to Fermat's principle, we will need a secondg
g
g
order series
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is the gradient
and u [ is the second-order derivative (Hessian) matrix of
where [
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 » [ taken at öA[ .
öO[ ¼ih'¾ with respect to » [wv and
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The stack result,
öA[ ¼ih'¾ is given, after asymptotic evaluation of this integral
g
upon the use of the Methodg of Stationary Phase
(Bleistein, 1984), by
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where the new amplitude y
ö|[ ¾ includes the amplitude factor of integral (1)
together with some additional
Ë ¹ K factors that appear as a consequence of the stationary^X¸

phase analysis. Moreover, denotes the stationary or critical point, i.e., the point that
satisfies the following stationarity condition
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(5)

Ë¹ K
exists in the aperture range
Here, we assume that one and only one critical point
Ë¹ K
d which satisfies equation (5). If no critical point exists in d , the diffraction-stack
output will be asymptotically small. On the other hand, if more than one critical point
exists in d , the stack result will be a sum of the contributions from each single one.
These contributions will show, in general, different amplitudes and different distortions. Therefore, the migrated pulse is no longer under control. However, for most of
the usual seismic measurement configurations (e.g., common shot or constant offset),
the latter situation is extremely unlikely, as this means that a second ray connecting
the same source-receiver pair would reflect at the same depth point.
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where we have used the notation
for the diffraction-traveltime
function along rays
Ë¹
connecting an arbitrary source-receiver pair defined by to an arbitrary point on the
reflector \ . Fermat's principle statesâfthen
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âf~ by the
In high-frequency approximation, equations (6) and (9) are dominated
h
highest-order non-vanishing terms in . At ö|[ , the first derivative of
vanishes
g
due to Fermat's principle, equation (8). Thus, we find in this approximation,
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The asymptotic evaluation ofg equation (11) is completely
parallel to that of integral (2)
g
âf~
and yields
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Here, we recognize the Hessian matrix 
as defined by Hubral et al. (1992). We
g

thus write in matrix form,
u


[

¿ 

 

¹
h Ï hjy ¸ Ë ¼ A
ö [ ¾ Þ


(13)

79

g
We now substituteg equations (4), (10) and (12) in the Taylor
series (3) to obtain
^X¸
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Back in the time domain, this reads
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or, at Ó¿c ,
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This result can again be interpreted as a first-order Taylor expansion of
^¸
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â' of this result is straightforward. Since ÏN Ó" is zero outside
The physical interpretation
B


N
Ó

the interval
, the influence of the migrated wavefield at öA[ ends at that
particular point ö][ , where
â'
µ ¹
 » [

»¹ [ ¿

Þ
(18)
 
This is exactly the definition of the time-domain Fresnel zone (Hubral et al., 1992).
Thus, the area affecting the reflected field in the vicinity of öA[ is the area of the
paraxial Fresnel zone at öA[ .


Let us appreciate the meaning of this result. We know that forward wave propagation distributes the information scattered from each “diffraction point” ö in the
seismic data over one projected Fresnel zone, which is therefore the minimum aperture for seismic Kirchhoff prestack depth migration (Schleicher et al., 1997). The
present result tells us that migration smears the information pertaining to each depth
point is smeared in the migrated section over a paraxial Fresnel zone. To undo the
effects of wave propagation, that is, to recover the migrated image with a perfect resolution, however, it should smear this information over the true time-domain Fresnel
zone. Thus, we can expect that the migrated data will show a lateral resolution that is
roughly equivalent to the quality of the paraxial approximation of the Fresnel zone. In
the next section, we confirm this conclusion with a simple numerical experiment.

SYNTHETIC EXAMPLE
To demonstrate the lateral resolution of seismic Kirchhoff depth migration, we have
devised the following simple numerical experiment. Consider a horizontal interface
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Figure 2: Earth model for a simple numerical experiment. Also shown is the ray family
for a common-offset experiment with a source-receiver offset of 3000 m.

below a homogeneous halfspace with an acoustic wave velocity of 6 km/s (see Figure 2). Below the interface, we consider a vertical fault at » ¿ 0 km, separating two
homogeneous blocks with velocities of 5 km/s and 5.5 km/s on the left and right side
of the fault, respectively. In this model, we have simulated an ensemble of commonoffset seismic surveys with source-receiver offsets ranging from 0 m to 4000 m. The
reflection angle for the largest offset is about 68 . A typical common-offset dataset
(for a source-receiver offset of 3000 m) is depicted in Figure 3. The numerical model-
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Figure 3: A numerically simulated common-offset dataset for the model in Figure 2.
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ing was realized by an implementation of the 2.5-dimensional Kirchhoff integral. The
source wavelet is a symmetrical Ricker wavelet with a duration of 64 ms.
The model was chosen to demonstrate the capacity of Kirchhoff migration to collapse the Fresnel zone. The simple fault model is ideal for this demonstration as it
allows for a quantitative estimate of the residual Fresnel zone after migration. The
Kirchhoff data show how the information of the fault is distributed in the seismic amplitudes over a projected Fresnel zone. To make this even more evident, we have
picked the peak amplitude along the seismic event in Figure 3. This amplitude is
shown in Figure 4 as a function of midpoint coordinate. Also indicated in Figure 4 are
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Figure 4: Seismic peak amplitude along the reflection event in Figure 3. Also indicated
are the boundaries of the time-domain projected Fresnel zone in the direction of the
seismic line.
the boundaries of the time-domain projected Fresnel zone. For a common-offset experiment over a model with a horizontal reflector below an overburden with a constant
velocity ê , the projected Fresnel zone is an ellipse with semi-axes
â'
+
7
¿
½X¼
* ¿
¼
(19)
+
ê
â'
íî³ï ì ð ò
where is the length of the source wavelet, ½ is the reflector depth and ò is the reflection angle. Indicated in Figure 4 is the size of the greater semi-axis * that quantifies
the extension of the Fresnel zone in the direction of the seismic line. We observe that
the abrupt horizontal velocity contrast leads to a smooth amplitude increase along the
seismic reflection event, almost covering a complete projected Fresnel zone.
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Figure 5: Depth section after a true-amplitude Kirchhoff migration of the data in Figure 3.

Figure 5 shows the data of Figure 3 after application of a seismic prestack Kirchhoff depth migration. The same prestack depth migration has been performed on all
other corresponding synthetic common-offset sections with source-receiver offsets between 0 m and 4000 m. The results of these migrations are similar to that of Figure 5
and are, thus, not depicted here. We already recognize in Figure 5 that the amplitude
change from one side of the fault to the other has become much steeper than in the
original data (cf. Figure 3). This comes as no surprise since it is well-known that migration increases the lateral resolution. To better quantify this effect, Figure 6 shows
the picked peak amplitudes along the seismic event in Figure 5. In this figure, it is
much easier to observe than in Figure 5 that the change in amplitudes between the two
values of the reflection coefficient at both sides of the fault is much more abrupt than in
Figure 4. The Fresnel zone has indeed been strongly reduced by Kirchhoff migration.
Our theoretical estimate for the size of the residual Fresnel zone after migration, based
on the results of the previous section, is indicated by two vertical bars. These show the
extension of the difference between the true time-domain Fresnel zone and its paraxial
approximation. We see that this estimate provides a pretty good estimate of the actual
size of the residual Fresnel zone.
To put this investigation on a broader basis and make its results more conclusive,
we have repeated this numerical comparison for the other source-receiver offsets between 0 m and 4000 m. Figure 7 shows the size of the residual Fresnel zone after mi-
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Figure 6: Picked peak amplitudes of the migrated reflection event in Figure 5.

gration as a function of offset (open circles). The size of the residual Fresnel zone after
migration was estimated by determining where the amplitude values in the transition
zone reach the value of the reflection coefficient as recovered by the true-amplitude migration. Because of the numerical error, this cannot be used as an exact criterion. We
therefore chose the value of the recovered reflection coefficient to be reached where
the error was less than six percent. Figure 7 compares the size of the residual Fresnel
zone as estimated in this way to its predicted size (solid line) as calculated by the difference of the paraxial and true time-domain Fresnel zones. We observe quite a good
agreement of estimated and predicted values over the whole range of offsets.
Note that the above results explain a well-known practical observation. It has been
frequently observed in practice that zero- and near-offset data can provide a better
lateral resolution than far-offset data. With the above considerations in mind, we now
understand this fact. The reason is that the paraxial approximation to the Fresnel zone
is the worse the farther the offsets are.
By means of the present analysis, we have now gained a much more quantitative
understanding of what the common expression “depth migration reduces the Fresnel
zone” means in quantitative terms. Speaking implicitly in time-domain concepts, the
zone of influence reduces from the projected Fresnel zone described by the Hessian
to the difference between the paraxial Fresnel zone described by matrix
matrix 



and the true Fresnel zone. It is to be remarked, however, that the above resolution
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Figure 7: Fresnel zone as a function of offset. Shown are the exact (solid line) and
paraxial (dashed line) sizes of the Fresnel zone, their difference (dotted line) and the
estimated resolution region (crosses) after Kirchhoff depth migration.

is reached only with perfect, that is, noise-free, correctly sampled, unbiased, data.
Any additional distortion due to the wave propagation in an inhomogeneous reflector
overburden, such as transmission losses, focusing and defocusing, caustics, etc., as
well as acquisition effects such as irregular source and receiver spacing, source and
receiver coupling, uncalibrated traces, etc., will not only affect the recovery of the best
possible amplitudes but will also degrade the seismic resolution.

SUMMARY
In this paper, we have discussed horizontal resolution of true-amplitude Kirchhoff
depth migration in dependence on the source-receiver offset. We have seen that the
region around the reflection point affected by the reflected wavefield after migration is
closely related to the difference between the time-domain Fresnel zone and its paraxial
approximation. Since this difference increases with offset as the paraxial approximation is getting worse, so does the resolution power of seismic migration. A possible
explanation of this behaviour is that Kirchhoff migration is an algorithm that is based
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on a second-order approximation. Therefore, it can be expected to be correct only up
to second order.
Qualitatively, we observe the expected behaviour of a decreasing horizontal resolving power with increasing offset. However, the quantitative behaviour of horizontal
resolution as a function of offset is different from that of vertical resolution. As shown
by Tygel et al. (1994), for constant velocity and a horizontal reflector, the vertical
resolution decreases proportionally to the cosine of the reflection angle. Horizontal
resolving power, however, seems not to be a simple function of that angle. The best
fitting curve of the type n has an exponent of RLp . The resulting curve, however, does not fit the observed angle-dependence quite well.
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Aspects of the unified approach theory to seismic
imaging: theory, implementation, and application
T. Hertweck, M. Riede and A. Goertz1
keywords: seismic imaging, true-amplitude, migration, demigration

ABSTRACT
This contribution presents theoretical and practical aspects of the challenge, how to
handle 2D and 3D data in a true-amplitude, efficient, and time-saving way for a laterally and vertically inhomogeneous isotropic earth model. The underlying basic imaging processes — Kirchhoff-type true-amplitude migration and demigration — are explained and an implementation of the unified approach theory is shown. Practical
aspects such as aliasing, tapering, the migration and demigration apertures or the
creation of Green's Function Tables (GFT) are considered and, finally, some synthetic
dataset examples are shown.

INTRODUCTION
In the past two decades 3D reflection seismics has become a powerful tool in the
world of seismic exploration. This development is driven by the accuracy of images
of the subsurface obtained by 3D seismics compared with the images of 2D seismic
lines, as only 3D seismics can handle out-of-plane reflections correctly. Many of the
basic concepts that have been developed for 2D seismic imaging are still valid for
3D imaging. However, 3D imaging presents several new problems that are caused
by higher dimensionality – prestack seismic data is defined in a 5D space (time,
two components of the source position, two components of the receiver position),
compared with the 3D space (time, one source coordinate, one receiver coordinate)
of 2D prestack data. An obvious problem is the amount of data that is recorded in
the field and that has to be processed. Thus, an important aspect is the right strategy
for reducing the time and resources which are necessary to obtain an image of the
subsurface from the original large amount of data without compromising the accuracy
of the results.
During the last years, processing methods which do not only account for the
1
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kinematic (related to traveltimes) but for the dynamic (related to amplitudes) aspects
as well have become more and more important. Such methods are able to provide
images that can be used to determine geological and quantitative physical properties of the subsurface which are useful for reservoir characterization by means of
amplitude-variation-with-offset (AVO) and amplitude-versus-angle (AVA) analyses.
An AVO/AVA analysis aims to point out amplitude anomalies which may be caused
by hydrocarbon reservoirs. The quantitative physically well-defined amplitude values
of images are referred to as ' true amplitudes'. A true amplitude is defined as nothing
more than the amplitude of a recorded reflection compensated by its geometrical
spreading factor. Moreover, the construction of a true-amplitude reflection implies not
only a scaling of the considered reflection amplitude with the geometrical spreading
factor but also the reconstruction of the analytic source pulse.
To achieve the above mentioned objectives, the unified approach theory by (Hubral
et al., 1996) (basic concepts) and (Tygel et al., 1996) (theory) is presented which is
based on ray theory and simple geometrical concepts. This approach is composed
of firstly a weighted Kirchhoff-type diffraction stack integral to transform seismic reflection data from the time domain into the depth domain, and secondly a weighted
Kirchhoff-type isochrone-stack integral to transform the migrated seismic image from
the depth domain back to the time domain. By cascading or chaining both processes,
we are able to solve various kinds of seismic reflection imaging problems, e.g. migration to zero offset (MZO) or remigration (RM). Due to the fact that all methods presented here are target-oriented, efficient, and highly parallelizable, they can be used to
perform 4D seismic monitoring by means of modelling by demigration. That means
time-dependent variations of subsurface properties can be investigated, e.g. the exploitation of an oil field and the effect on recorded seismograms.

THEORY
The task of depth migration is the transformation of seismic data acquired with an
arbitrary shot-receiver configuration at a certain measurement surface from the time
to the depth domain. If this transformation is performed in such a way that the
dynamic as well as the kinematic parts are treated correctly, it is called true-amplitude
migration. A true-amplitude trace is a seismic trace where the amplitude is free
of geometrical spreading effects, i.e., where the amplitude is corrected by the
geometrical spreading factor. Therefore, the amplitude of a true-amplitude migrated
reflector image is a measure of the angle-dependent reflectivity and can be used to
determine geological and (quantitative) physical properties of the media by means of
an AVO/AVA analysis. It is important to recognize that a true-amplitude migration
is not able to provide the true reflection coefficient, although the name implies it,
because some factors – including for example source and receiver effects (e.g. strength
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and coupling, geophone sensitivity), transmission, attenuation, thin-layer effects,
scattering, and anisotropy – may have falsified the amplitudes. The latter mentioned
effects, however, are usually small. Furthermore, we are mainly interested in relative changes of the medium parameters at an interface not at global quantitative values.
Demigration is the (asymptotic) mathematical inverse to migration and undoes
what the migration process has done to the original seismic section, i.e., the aim of
demigration is the reconstruction of a seismic time section (primary reflection events
only) from a depth migrated section. This transformation can also be performed
in consideration of geometrical spreading effects which will then also be called
true-amplitude.
The seismic record is expected to consist of analytic traces that contain the se¤f¥i¦i§
¤
where £ is a configuration paramelected analytic elementary reflection events ¢¡ £
ter characterizing the shot-receiver geometry (Schleicher et al., 1993). Analytic traces
of reflection events are necessary to correctly account for the phase shift of primary reflections; they are constructed from the real traces by adding their Hilbert transform as
¤f¥¦i§
an imaginary part. One primary reflection event ¢¡ £
can be expressed in zero-order
ray approximation as
¤f¥¦i§j¨
>¡ £

¤§j¬
ª©«¡ £
¡

¦!A®n¯§j¨O°²±n³ ´µ¬
¡

¦!A®n¯§T¥
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¬ ¦i§
where ¡ represents the analytic point-source wavelet which has to be reproducible
®n¯
¯¹°
for all source points ¶ . The function
provides the traveltime along the ray ¶¸·
¯
°
where ·
is an actual reflection point and is the receiver located at the surface. The
°²±
parameter
is the plane-wave reflection coefficient at the reflection point, ³ is the
´total loss in amplitude due to e.g. transmission across all interfaces along the ray, and
is the normalized geometrical spreading factor.
True-amplitude migration
The true-amplitude migration procedure is performed by a weighted Kirchhoff-type
diffraction stack. The kinematic part of the transformation can easily be performed
in the following way: assume a dense rectangular grid of points · in the depth domain in which we want to construct the depth-migrated reflector image (target zone)
from the given time section. Moreover, let all depth points · on the grid be treated
like diffraction points (which primarily led to the name 'diffraction-stack migration')
in the given (or already estimated) macro-velocity model. Their diffraction traveltime
surfaces – which would pertain to actual diffraction responses if the points · were actual diffraction points in the given model – can be calculated using the macro-velocity
model. Now, a Kirchhoff-type depth migration involves in principle nothing else but
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performing a summation (also called stack) of all the seismic trace amplitudes encountered along each diffraction-time surface (Huygens surface) in the time section,
and placing the summation value into the corresponding point · . The dynamic part
which we refer to as true-amplitude can be performed by weighting all seismic trace
amplitudes along the diffraction-time surface during the stacking process by a varying
true-amplitude weight factor. The summation can mathematically be expressed by
º

¡»·

§¸¨
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The stacking surface is the Huygens surface given by
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¤
with the vector £ varying over the aperture Ú . Note, that to each subsurface point
§Ü
º
· , one generally assigns the value ReÛ ¡»·
to display the depth migrated image.
However, to permit the extraction of complex reflection coefficients in case of
§
º
overcritical reflections, one has to consider the full complex value ¡×·
instead.
The choice of ÝÞ is needed in order to correctly recover the source pulse. The region
¤«Â¥¤nÃ§
of integration Ú Ý È should ideally be the total ¡
-plane. This is, of course, impossible due to the limitation of the aperture of the data acquisition (Tygel et al., 1996).
The true-amplitude weight function, is given by
Ã
´
´
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(4)

¨
¤f¥ §
ßà ¡ £ ·
where ßà
is the Beylkin determinant (Jaramillo et al., 1998). It is
important to note that the weight function on its own does not remove the geometrical
spreading effect. Only the true-amplitude weight function and the summation process
along the diffraction surface account for the whole geometrical spreading effect.
Surprisingly, the evaluation of the stacking integral by means of the stationary phase
method shows that the stack automatically corrects for the Fresnel factor, i.e. reflector
curvature effects on the total geometrical spreading factor are automatically taken
into account. The chosen weight function (4) simply corrects for the remaining
geometrical spreading effects caused by ray segments in the reflector overburden.
This is the reason why the weight function is independent of the reflector's curvature.
True-amplitude weight functions for special shot-receiver configurations and a
comparison can be found in (Hanitzsch, 1997).
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True-amplitude demigration
The true-amplitude demigration procedure is performed by a weighted Kirchhoff-type
isochrone stack. The kinematic part of the transformation can easily be performed
in a completely analogous way to true-amplitude migration as described in the last
section. Rather than defining a grid of points · in the depth domain, we now define
¤f¥¦i§
a dense grid of points ã in the time domain, i.e., in the ¡ £ -volume in which
we desire to construct the time section from the depth-migrated section. Each grid
point ã together with the macro-velocity model defines an isochrone in the depth
domain. The isochrone determines all subsurface points for which a reflection from a
possible true reflector would be recorded at ã after traveling along a primary reflected
°
ray from ¶ to . We now have to perform a stack along each isochrone on the
depth-migrated section amplitudes. Then, we place the resulting stack value into the
corresponding point ã . As in Kirchhoff migration, the isochrone-stack demigration
will only result in significant values if the point ã is in the near vicinity of an actual
reflection-traveltime surface. Elsewhere it will yield negligible results. The dynamic
part can once again be performed by a multiplication of the amplitudes with a varying
weight function.
The summation can mathematically be expressed by
¥î§
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The stacking surface is the isochrone
¡ £ ã given by
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for all points · with ì £ in ö . As we can see here, the isochrone and the Huygens
®nÄ ¤f¥ §
¥î§
surface are defined by the same traveltime function ¡ £ · . The function í ¡ ì £
represents the migrated reflector image to be demigrated and can be expressed as
¥î§j¨
§l¬
Ä îJVõn¯ø§§ ¥
í ¡ ì£
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where
represents the analytic point-source wavelet, ÷
¡
¡ £ is the vertical
¯ù¨
¥îû¨üõ¯ ì §i§
¬UêÅ
ì
stretch factor, and points ·
·ú¡ £
¡ £ define the actual reflector.
§Ü
º
is the true-amplitude weight function to be specified. The value ReÛ ¡ýã
is the
demigration result which is generally assigned to the point ã . However, if we want
to chain true-amplitude migration and demigration, we have to use the complex value
§
º
¡ýã (Tygel et al., 1996).
The true-amplitude weight function for demigration relates to the weight function
for migration because the demigration should undo what the migration has done to the
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original seismic section (provided the same macro-velocity model, the same measurement configuration, and the same ray codes are used; only primary events are considered here). The weight function for demigration can be calculated in an analogous way
to the previously described migration weight function, and reads

´
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Å
¯
where Ò and Ò denote once again the point-source
geometrical spreading factors
þ
°
for the ray segments ¶j· and ·
, respectively; Ò is the angle between the halfangle direction – defined by the two ray segments – and the vertical at · (Jaramillo et
al., 1998).

IMPLEMENTATION
As we have shown in the previous section, the knowledge about the Huygens surface
and the isochrone (stacking surfaces) are fundamental for Kirchhoff-type migration
and demigration. These surfaces can be built by the sum of traveltimes along the
ray branches from the source ¶ to the depth point · and from · to the receiver
°
. Thus, we need a priori information about the traveltimes (for the calculation of
the Huygens surface or isochrone) and dynamic parameters (for the calculation of
the weight function) to perform a true-amplitude migration or demigration. This is
where the macro-velocity model comes into operation. The necessary information,
i.e., the Green's function of the medium, is usually obtained by asymptotic dynamic
ray tracing for a specified ray-code in the macro-velocity earth model, and storing the
parameters in a database which we call Green's Function Table (GFT). This database
is the link between the input and output space, see Figure 1. In other words, we need
information about the wavefield from every shot and receiver position at the surface
to every diffraction point · in the subsurface. Obviously, this is a large amount of
information, and the GFT can exceed the input data by several orders of magnitude. In
order to avoid computation and storage of redundant information, methods to optimize
the creation of the GFT are explained by (Riede et al., 2000) and (Hertweck, 2000).
Our imaging tool is written in C++ in an object-oriented way. According to
the previously mentioned stacking integrals, we have to calculate the analytical
signal and its derivative (3D) or half-derivative (2D). This is done in the frequency
or wavenumber domain, respectively. Tapering of the input data is used to avoid
boundary effects at the border of the aperture during the summation process. We
§T¨

multiply the input data (along the shot coordinates) by the function ÿ ¡

n
ç
ç
over a small range at the border, usually some traces. No tapering is needed within
the shot gathers along the offset dimension. The actual number of traces which are
used for tapering may be specified by the user. The complete taper function in 3D is
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Figure 1: Scheme showing the migration and demigration procedure for 2D data. The
input data is transformed to the output domain with the help of the Green's Function
Table (GFT) which contains all necessary information to construct the stacking surfaces as well as the weight functions.

plotted in Figure 2.
The weight functions for true-amplitude migration or demigration are calculated
during runtime. The necessary information is obtained from the GFT.
To avoid operator aliasing, the operator itself is tapered or, in other words, the
possible reflector dip which can be imaged is limited. The limit can be defined by the
user according to his needs and the input and output grid spacings.
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Figure 2: Taper function in 3D. In this plot, the number of traces which are tapered is
enlarged compared to the overall number of traces to show the effect more clearly.

APPLICATION
We have applied our imaging tool to several synthetic datasets to show how trueamplitude migration and demigration work. The development and the application on
synthetic and real datasets are going on. The current version of the program is able to
handle 2D and 3D true-amplitude poststack migration and demigration, and 2D trueamplitude prestack migration. The 3D prestack case is not considered at the moment
due to limitations in available computing facilities. We cannot really expect that the
theory presented here and the respective weight functions and algorithms work well
for all earth models. However, the following results show that our imaging tool is able
to handle various input datasets in a flexible and accurate way.
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Figure 3: Isochrone. This curve is obtained by migrating a single event, here for zero
offset (ZO) configuration and (for simplicity) constant velocity. In a homogeneous
medium, the ZO isochrone is a semicircle (2D) or a hemisphere (3D).

Figure 4: Huygens curve. This curve is obtained by demigrating a single diffraction
point, here for zero offset (ZO) configuration and (for simplicity) constant velocity. In
a homogeneous medium, the ZO Huygens curve is a hyperbola (2D) or a hyperboloid
(3D).
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Figure 5: A synthetic model used for testing migration and demigration in 2D. The
colors denote P-wave velocities. For simplicity, the density of all layers is constant.

Figure 6: 2D poststack true-amplitude depth migration. The wavelets are correctly
mapped from the time to the depth domain, their amplitudes correspond to the
impedance contrast at each interface.
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Figure 7: 2D artificial migrated image of the upper three layers (model Fig. 5). This
section is created by attaching to each reflector element a correctly stretched wavelet.

Figure 8: 2D demigrated seismogram of the artificial migrated section shown in Fig.
7. Due to the limited demigration aperture, the seismogram can only be recovered
roughly above the target zone.
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CONCLUSION
As a generalization of classical kinematic seismic reflection mapping procedures, we
have presented a complete wave-equation based, high frequency, amplitude-preserving
theory for seismic reflection imaging. The basic tools are two weighted stacking integrals, namely the diffraction and isochrone stacks. Both stacking integrals can be
applied in sequence using different macro-models, measurement configurations or ray
codes, thus allowing us to solve various kinds of imaging problems. All transformations can be carried out in a true-amplitude sense, that means, the geometrical spreading factors are correctly transformed from the input to the output domain. This is
a feature of the Kirchhoff-type stacking structure of the integrals and the adequately
determined stacking surfaces. The theory does not depend on any assumption about
the medium and the reflector curvature besides the obvious condition that all quantities vary smoothly for the zero-order ray theory and the asymptotic evaluations to
be valid. The implementation is straightforward and shows that we are able to handle true-amplitude migration and demigration in a flexible way. Further results are
presented by Goertz et al. (this issue).
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AVO curves from prestack depth migrated images
based on the Unified Approach Theory
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ABSTRACT
The unified approach theory establishes a method to convert seismic data from the
time to the depth domain and vice versa without loss of amplitude information. In
this contribution, we present an application of the unified approach theory for trueamplitude depth imaging. By using a weighted Kirchhoff-type diffraction stack that
correctly accounts for geometrical spreading effects in the propagating wavefield, we
are able to yield amplitude-versus-offset (AVO) curves of high precision in the depth
domain. By comparing the results with analytical values calculated with Zoeppritz'
equations, we show the correct treatment of amplitudes for the inverse (migration)
process as well as for the forward (demigration) process. A synthetic example of a
steeply dipping fault shows how fine-scaled variations of in-situ properties (as, e.g.,
hydraulic properties) can be detected in complex environments.

INTRODUCTION
We present a method to obtain highly accurate information about the offset-dependent
reflectivity in the depth domain. This is an application of the Unified Approach theory (Hubral et al., 1996),(Tygel et al., 1996) which establishes a pair of integrals to
perform transformations from time to depth and vice versa. Both of these stacking operations can be performed as a true-amplitude process in terms of the correct treatment
of geometrical spreading effects, i.e., the transformation of these effects from the input
configuration to those of the output configuration. We show that the method is capable
of retrieving the correct amplitudes in the depth domain as well as in the time domain.
By cascading migration and demigration for different configurations, arbitrary seismic image transformations can be performed. The accuracy of the results is tested by
comparing the migrated and demigrated amplitudes with analytical AVO-curves calculated by means of Zoeppritz' equations (Zoeppritz, 1919). In order to apply the correct
1
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weight during the stacking process, dynamic wavefield attributes need to be known,
which in turn enables us also to sort the migrated/demigrated output by angle instead
of offset, thus yielding AVA curves.
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Figure 1: Principle of time/depth transformations by using Migration/Demigration
based on the Unified Approach.

THE UNIFIED APPROACH
We give an brief outline of the concept of the unified approach which is the underlying
theory to the method presented in this paper. A more complete discussion of the theory
and implementation can be found in Hertweck et al. (this issue). As shown by (Tygel
et al., 1996), there exists another inverse to the Kirchhoff migration integral that has
the same integral structure. It is given by a stacking process which is applied to the
depth migrated section. The stacking surfaces are now the isochrones, i.e., the surface
of equal reflection time for a given source and receiver pair. These isochrones are
defined by the same traveltimes as Kirchhoff-type diffraction traveltime surfaces that
define the stacking surface for migration. Thus, the same macro-velocity model as
previously used for Kirchhoff migration can be taken to transform the data. We can
then set up an integral transformation pair to convert from time to depth and vice
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versa where the two integrals are asymptotically inverse operations to each other. The
transformation pair for the 2D case reads:
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Where denotes the so-called configuration parameter which includes shot- and
¥î§
 ¤f¥¦i§
receiver coordinates. ·ú¡
stands for the image in the depth domain and ¡
denotes the data in the timeç domain. Amplitudes are accounted for with a weight func¬
tion
that changes for each configuration and model dimension. In this paper, we
focus on the true-amplitude migration process. However, demigration as transformation from depth to time is mentioned for completeness.

TRUE AMPLITUDE PRESTACK MIGRATION AND DEMIGRATION
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Figure 2: The first 10 shotgathers of the synthetic prestack dataset calculated by dynamic raytracing. Only primary PP reflections were considered.
We first demonstrate the method using a simple model consisting of a dipping interface which allows us to check the algorithm and compare amplitudes easily. An
input marine multicoverage dataset (Figure 2) was constructed using dynamic raytracing. The data includes elastic amplitudes (however, only PP reflections were taken
into account) and 3D geometrical spreading, thus representing an acquisition line over
a 2.5D model. Figure 3 a shows the smoothed velocity model used to compute the
necessary one-way traveltimes and dynamic attributes. The migrated result is shown
in Figure 3 b for every offset. Due to the acquisition geometry, parts of the reflector
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are not illuminated for every offset. Thus, the amplitude variation with offset can be
drawn best in the center of the target zone, where reflection points are covered by the
whole aperture.
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Figure 3: (a) Smooth background velocity model for a single dipping layer. S-wave
and the density is kept constant at 2 ± . (b) Migrated
velocities are scaled by
images of the synthetic dataset for every source-receiver offset. Thin lines denote
panels displayed on the side faces of the cube.
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Figure 4: Demigration of the migrated image cube to common shot gathers for the
same configuration as the input dataset (a 2 km streamer towed from left to right).
The transformation cycle is completed when the migrated result is demigrated back
to the time domain with the same configuration. As shown in Figure 4, we obtain the
input data again. By changing the configuration in this process, we are able to perform
arbitrary image transformations as, e.g., data regularization without loss of amplitude
information.
In order to compensate for 3D geometrical spreading losses, the diffraction/isochrone stack has to be weighted with an appropriate weight function during
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summation (Hanitzsch, 1997). We avoid stacking the migrated result over the offset
axis in order to gain a true-amplitude migrated data cube. This yields amplitudeversus-offset information at every depth point in the migrated image. From imagegathers at one surface location we picked the maximum amplitude at one reflector
point for every offset contained in the data in order to obtain the desired AVO curves.
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model used for migration. (b) AVO curve from the imagegather to the left. The solid
line denotes the expected amplitudes derived by Zoeppritz' equations and circles denote our migration result
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We tested our migration result by comparing picked amplitudes in the imagegather
of the migration output at a certain distance (Figure 5 a) with the analytical reflectivity
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obtained from Zoeppritz' equations ((Zoeppritz, 1919), see Figure 5 b). For checking
the demigrated amplitudes in the time domain, we compared the demigration output
with the original seismogram for one shotgather (Figure 6 a). When comparing the
frequency content of the demigrated result with the original signal (Figure 6 b), we
find that our demigration result successfully compensates the pulse strech commonly
observed in depth migration for far offsets. The encouraging results from the above
pictures approve that the method can also be used for imaging of slight variations of
elastic properties. This is the case, if variations of elastic properties are caused by
variations of hydraulic properties as e.g. porosity.

EXAMPLE: IMAGING OF HYDRAULIC PROPERTIES ON A STEEPLY
DIPPING FAULT
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Figure 7: (a) Simplified model of a vertically dipping fault with the borehole to the left
and a narrow fault zone with varying porosity. (b) FD Snapshot of the elastic wavefield
through the model for a shot in the upper part of the borehole. The depicted target zone
was imaged using synthetic uniwell VSP data from the borehole.
In order to apply the method to image variations of hydraulic properties, we simulate the following situation in an idealized and simplified fault model shown in Figure 7 a. Here, a narrow fault zone of 150 m width is embedded into a homogeneous
host rock of granitic composition with P-wave velocity of 6.0 km/s. Within the fault
core, we assume a porosity that decreases from top to bottom. The resulting elastic
properties, i.e., P– and S–wave velocities, are calculated using Gassmann's equations
(Gassmann, 1951). The variation of elastic properties is depicted in Figure 8 a. The
porosity varies between 25 % and 35 % within the target zone selected for migration.
We chose the porosity to decrease linearily with depth in order to show how to deduce
porosity variations for a given variation of reflection amplitudes with offset.
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Figure 8: (a) Variation of velocities and Poisson's ratio within the fault for varying
porosity. (b) Example shotgather of the synthetic uniwell survey within the borehole.

We simulate the seismic signature of the fault model by means of Finite Difference
modeling of the full elastic wavefield (Karrenbach, 1995). In order to get a good image of the porosity variation, we chose to illuminate the target zone with a synthetic
uniwell survey with shots as well as receivers in the borehole. With this acquisition
geometry, the problems imposed by the vertical dip of the fault can be overcome. We
shot a Finite Difference dataset with a source at the upper end of the hydrophone string
and the hydrophones moving with the sources subsequently down the hole. The principle of this survey configuration is also depicted in Figure 7 a. A snapshot of the elastic
wavefield for a shot in the upper part of the borehole is shown in Figure 7 b, whereas
Figure 8 b shows a shotgather of the resulting Finite Difference prestack dataset. Reflections with different polarity from the left and right side of the fault can be seen
clearly. We used a source signal with a dominant frequency of 35 Hz and a receiver
spacing on the borehole chain of 20 m.
The migrated result for the target zone depicted in Figure 7 a can be seen in Figure 9 a. Due to their opposite polarity, the two pulses from the left and the right side of
the fault interfere to a strong positive lobe in the middle. The considerable pulse stretch
observed along the offset axis is due to high incidence angles of up to 55 degrees where
the imaging plane cuts the wavefront at considerably oblique angles. However, this has
no influence onto the weighted maximum amplitudes in the image. From this image
cube, we picked amplitudes for the reflection from the left side of the fault. We chose
two image gathers at the top and at the bottom of the target zone which correspond to
depths with different porosity within the fault zone.
In order to validate the resulting AVO curves from the migrated image, we compared the results with analytical reflectivity curves for a single interface using Zoeppritz' equations. Figure 9 b shows the comparison of migrated and analytically cal-
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culated values at two depth locations on the fault that correspond to 25 % and 35 %
porosity, respectively. The variation in porosity is manifested mainly in the zero-offset
reflection coefficient and the slope for near offsets. The reduction in P–wave velocity
governs the zero-offset reflection coefficient, whereas the reduction in S–wave velocity, and respectively the Poisson ratio, determines the slope of the AVO curve. Differences between migrated and analytically calculated amplitudes for large offsets are due
to the smoothing of the background velocity model. Note, however, that the relative
difference in slopes for different porosities remains constant.
We are thus able to map the porosity variation along the dip of the fault for the
whole target zone. This is depicted in Figure 10 where AVO curves for every depth
are plotted as a surface. The decreasing porosity with depth can be drawn from the
decreasing zero-offset reflection coefficient on the left side. Different slopes along
the AVO direction stem from the variation of Poisson's ratio, i.e., the ratio of P–wave
velocity to S–wave velocity.
CONCLUSION
True-amplitude Kirchhoff–type migration and demigration provides a fast and efficient
tool for modeling and imaging of small time–dependent variations within a reservoir.
As the two integrals represent an asymptotically inverse transformation pair, data can
be regularized or transformed to other survey configurations without loss of dynamic
information. In this sense, our algorithm provides a method to improve input data
as well as to fine-tune reservoir models by subsequent switching from time to depth
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domain and vice versa. We present an application of the method to retain precise information about amplitude variations with offset in the depth domain. By comparing the
resulting AVO curves with the analytical reflectivity calculated from Zoeppritz' equations (Zoeppritz, 1919), we find that the method is capable of mapping fine-scaled
variations of target properties as, e.g., those caused by variations of hydraulic properties. The high accuracy of the reflectivity curves obtained enables us to draw more
information than the classical 2 AVO parameters (intercept and gradient) even in the
depth domain. This proves to be especially advantageous in complex environments
involving e.g. steep dips and/or unconventional acquisition geometries. The method
can also be used to simulate 4D monitoring experiments to investigate the change of
AVO anomalies over time.
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Fast computation of 3D traveltimes and migration
weights using a wavefront oriented ray tracing
technique

R. Coman and D. Gajewski1
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ABSTRACT
We present a wavefront oriented ray-tracing (WORT) technique for a fast computation
of traveltimes and migration weights in a smooth 3D velocity model. In this method,
we propagate a wavefront stepwise through the model and interpolate output quantities (ray quantities, e.g., traveltimes, slownesses) from rays to gridpoints. In contrast
to Vinje's wavefront construction method, our technique is based only on kinematic
ray tracing. We show that kinematic ray tracing is sufficient for the computation of
migration weights. We increase the computational efficiency by (1) using only kinematic ray tracing, (2) defining the input quantities (velocity and it's first derivatives)
on a fine grid and using a linear interpolation to estimate these quantities at arbitrary points, (3) computing and interpolating only quantities which are needed for
amplitude-preserving migration. For a better accuracy, in the WORT technique, we
generate new rays directly at the source point (not on the wavefront). The WORT
method computes multi-valued traveltimes. The maximal number of computed laterarrivals can be defined as an input parameter. By computing only first-arrival traveltimes, the WORT technique is faster than Vidale's finite-difference eikonal solver. The
WORT method can be used for amplitude-preserving migration of seismic waves for
data in common shot/receiver gathers.

INTRODUCTION
In this paper, we present a method for a fast computation of traveltimes and migration
weights for 3D amplitude-preserving Kirchhoff prestack depth migration. Prestack
depth migration is a standard method for imaging complex geology. If a subsequent
AVA analysis is required, then it is necessary to use proper migration weights. Starting
from results proposed by Schleicher et al. (1993) and using paraxial ray theory (Hubral
1
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et al., 1992), Hanitzsch (1997) expressed weight functions with respect to quantities
of the Green functions. This notation is well suited for numerical implementation if
the Green's functions are computed with ray tracing (Hanitzsch, 1997). In contrast
to finite-difference eikonal solver (e.g., Vidale, 1990), ray tracing also allows us to
compute later arrivals. Later arrivals are important for the quality of the migrated
images (Geoltrain and Brac, 1993; Ettrich and Gajewski, 1996).
For 3D true-amplitude (' true-amplitude' as defined by Schleicher et al. (1993))
prestack depth migration, a huge number of two-point ray-tracing problems need to

be solved. Cervený
et al. (1984) described a shooting method in which a fan of rays
are traced between source and receiver surface, and paraxial extrapolation is used to
estimate quantities at receiver points. The main problem with this approach is the
limited control of continuous illumination. Vinje et al. (1993, 1996a, 1996b) solved
this problem by grouping adjacent rays into cells and by using these rays to propagate
the wavefront. They used dynamic ray tracing (DRT) for the interpolation of new
rays on the wavefront and for the interpolation of kinematic and dynamic quantities to
gridpoints. For the representation of the model they used a set of heterogeneous layers
separated by smooth interfaces. Ettrich and Gajewski (1996) showed that for the needs
of prestack depths migration a gridbased model representation is more suitable and
they used this in a wavefront construction (WFC) method for 2D smooth media. All
the above cited methods are based on DRT.
In this paper, we propose a 3D wavefront oriented ray tracing (WORT) technique
which is particularly designed for fast computation of 3D traveltimes and migration
weights. We show that the weight function proposed by Hanitzsch (1997) can be
approximately computed using only kinematic ray tracing (KRT). Therefore, we implement the WORT technique by using only KRT and we compute and store only the
quantities which are needed for true-amplitude migration.
In the following section, we will prove that migration weights can be computed
from quantities obtained by KRT, then we will present the WORT method and finally
we will show a result of traveltime computation in a complex velocity model.

MIGRATION WEIGHTS
By using proper migration weights the amplitudes in migrated images determine the
reflectivity. There are different theoretical approaches to true-amplitude migration /
inversion (see e.g., Hanitzsch, 1997 and references therein) and the weight functions
are given in different notations. Hanitzsch (1997) showed that all these expressions are

related and suggested a notation in terms of the point source propagator  (Cervený,
1985), which is well suited for numerical implementation. By considering the KMAH

111

index, the weight function for common shot reads:
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where " is the density, & is the velocity,  is the inclination angle, G is the KMAH
index. The subscript H denotes the source point, I denotes the receiver, J denotes the
depth point under consideration (image point), HKJ denotes the ray segment sourceimage point and ILJ denotes the ray segment receiver-image point.
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intersection of the ray with a given wavefront and Z # is the slowness vector at the
source point (see Figure 1). The expression for det M7.- 1/PO is similar.
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WAVEFRONT ORIENTED RAY TRACING
In the WORT technique, a wavefront (which is defined by the endpoints of rays) is
propagated stepwise through the model, and ray quantities are interpolated to a discrete grid. To describe the WORT technique, we compare it with the classical 3D
WFC method by Vinje et al. (1996a, 1996b). In both methods the ray field is decomposed into elementary cells (a cell is the region between three adjacent rays and two
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consecutive wavefronts). However, the propagation of the wavefront, the generation
of new rays, the estimation of ray quantities at gridpoints and the representation of the
model are different.
Please note the difference between the fine grid where the input quantities are defined and the coarse grid where output quantities are estimated.

Propagation of wavefronts
The WORT technique is based on KRT, while the WFC method is based on KRT and
DRT. The ray is defined by its initial conditions, e.g., for a point source the inclination
and declination at the source. For a given ray, KRT is used to compute the wavefront
location and the slowness vector at given traveltimes. Dynamic quantities along the
same ray are computed with DRT. For more details about KRT and DRT refer to, e.g.,

Cervený
(1985).
On the one hand, DRT is a useful tool for the interpolation of new rays on the
wavefront, for the estimation of kinematic quantities at gridpoints and for the computation of migration weights. On the other hand, DRT needs a velocity model with
smooth second derivatives, while for KRT smooth first derivatives are sufficient; the
computational efficiency of ray tracing is reduced because the DRT system must be
solved (in addition to the KRT system) along each ray, and the interpolation of new
rays using DRT is not accurate in certain situations (see below) .
In section Migration weights, we have shown that migration weights can be approximately computed without DRT. We will show below that DRT is also not necessary for the generation of new rays and for the estimation of ray quantities at the
migration grid.

Generation of new rays
A new ray is generated between two rays of the same cell (parent rays) if either of the
following conditions is satisfied: (1) the distance between these rays is larger than a
predefined maximum value, or (2) the angle between the slowness vectors of the two
rays is larger than a predefined threshold.
In the WORT technique a new ray is generated directly at the source point and
KRT is used to propagate the ray to the given traveltime, while in the WFC method
a new ray is interpolated on a wavefront using DRT and the paraxial ray theory (e.g.,

Cervený,
1985). The generation of a new ray at the source point leads to more accurate
ray parameter than the interpolation of a new ray on the wavefront. The accuracy of
the ray parameter is essential for the accuracy of the whole method.
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The interpolation of new rays on the wavefront in the WFC method is rather cumbersome. Many kinematic and dynamic quantities need to be interpolated and this
affects the computational efficiency. The accuracy of the interpolation depends on the
accuracy of the paraxial approximation. Accuracy of paraxial interpolation is low if the
distance between two rays increase very fast or if the slowness direction change very
fast. Moreover, the dynamic quantities cannot be interpolated by using the paraxial
approximation and therefore a linear interpolation is used. Inexact dynamic quantities
affects the interpolation of ray quantities to receiver points and the interpolation of new
rays.
In the WORT technique we generate a new ray directly at the source point. The
take-off slowness of the new ray is given by the average value of the two parent rays.
The propagation of the ray is done by KRT with a Runge-Kutta method using an adaptive timestep. This method is fast and provides an accurate slowness and location on
the wavefront for the generated ray. If rays cannot be traced in a part of the model
(shadow zone) then a new ray is linearly interpolated on the wavefront. However, this
is seldom required, e.g., in the complex 3D Marmousi model (see below) this option
was never used.

Interpolation of ray quantities to gridpoints
In the WORT technique we interpolate the traveltime, the slowness, the take-off slowness and det M7 O to a a discrete grid. The WORT technique computes multi-valued
traveltimes. To keep migration efficient, we store only one arrival per KMAH index,
and we restrict the number of arrivals by defining the maximum computed KMAH
index as an input parameter. In Coman and Gajewski (2000) we demonstrated that the
estimation of ray quantities at gridpoints is very time consuming. To increase computational efficiency in the WORT technique, the interpolation is done on a coarse grid.
Moreover, avoiding DRT, a less number of ray quantities needs to be interpolated.

Representation of the model
In the WORT technique the velocity model and it' s first derivatives are defined on a
discrete fine grid. For the evaluation of velocities at arbitrary points, we use a trilinear
interpolation, while in the WFC method a spline interpolation is used. The trilinear
interpolation is faster than the spline interpolation and for a smooth model defined on
fine grids, the difference between them is very small (Ettrich and Gajewski, 1996).
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Numerical example
We test the WORT method in a 3D version of the Marmousi model. This model is
an extension of a 2D smooth Marmousi model into the third dimension. The Marmousi model (Versteeg and Grau, 1990) has been widely used as a reference model
to validate new methods. The velocity grid is resampled to 12.5 m in each direction
and the output quantities are interpolated at every fourth gridpoint. Figure 2 shows
first-arrival isochrones computed with the WORT technique. The computation of firstarrival traveltimes with the WORT technique was faster and more accurate than the
computation with Vidale's (Vidale, 1990) finite difference eikonal solver. The main
reason for this (unexpected) result is the fact that in Vidale's method the traveltime
need to be computed on a fine grid, while in the WORT technique a more coarser grid
can be chosen.
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Figure 2: First arrival traveltimes in the 3D Marmousi model.

CONCLUSIONS
We have presented a method based on KRT which is particularly designed for a fast
computation of 3D traveltimes and migration weights. In this method, a wavefront is
propagated stepwise through the model. Output quantities (traveltimes, slownesses,
det M7 O ) are interpolated to a coarse grid in a region between three adjacent rays and
two consecutive wavefronts.
To maintain an accurate representation of the wavefront, we generate new rays
directly at the source point. The following features of the WORT technique increase
the computational efficiency: First, we use only KRT (avoid DRT). Second, we define
the velocity model and it' s first derivative on a fine grid and use trilinear interpolation to
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determine model parameters at arbitrary points, and third, we compute and interpolate
to a coarse grid only the quantities which are needed for true amplitude migration
(traveltime, slowness and det M7 O ). The first-arrival traveltime computation with the
WORT technique is even faster than Vidale's (Vidale, 1990) finite difference eikonal
solver.
The WORT technique can be used for 3D true-amplitude migration of seismic
waves for data in common shot / receiver gathers.
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Poisson's ratio analysis and reflection tomography
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ABSTRACT
Depth imaging of multi-component dataset provides a tool for estimating elastic parameters (&gf E &)h ," and &gf0i0&(h ) in complex media. This paper, introduces a method of
determining shear wave velocities and velocity ratio in a postmigrated domain after
doing Poisson's ratio analysis (PRA). Raypaths are traced through an initial Poisson's
ratio funtion and are used in combination with depth deviations in the postmigrated
domain to compute Poisson's ratio perturbations. The perturbations are added to the
initial Poisson's ratio function to obtain the updated Poisson's ratio. The traveltime
of the CRP rays to and from the reflection point and the horizontal components of the
slowness are used to constrain the raypath when parameters of the reference Poisson's
ratio function are perturbed. The Poisson's ratio model is corrected by an iterative optimization technique that minimizes discrepancies in raypath. The optimization scheme
is a conjugate-gradient method, where the gradient operator linearly relates perturbations in Poisson's ratio to changes in reflector positions. This includes a tomographic
approach in estimating Poisson's ratios. Having the correct Poisson's ratio the shear
velocity model is directly computed. We assume here that the depth model is known
from previous P-wave velocity/depth analysis implying also that the wave conversion
occured at the same interface as the P-wave reflection. The methodology described
here has been applied to a 2D synthetic dataset but is also applicable in a 3D isotropic
medium.

INTRODUCTION
The Poisson's ratio of sediments and rocks has been of special interest in seismology
and oil-exploration. It can be determined from the ratio of compressional wave
velocity &jf to shear wave velocity &)h . The presence of gas in the pore space of a
rock layer causes a remarkable drop in the &gf0i0&(h ratio which leads to a decrease in
the Poisson's ratio. Therefore an analysis of Poisson's ratio is vital as hydrocarbon
1
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indicator.
To extract elastic parameters of sediments and rocks elastic imaging is performed. On the other hand, depth imaging of elastic waves (multi-component data)
is complicated due to the need to develop a consistent velocity/depth model for
both P- and S-waves. Here a method for estimating and optimizing shear wave
interval velocities is presented after performing velocity ratio analysis (Poisson's ratio
analysis) and iterative tomography on converted waves (C-waves). In the past, two
main approaches have been proposed to perform migration velocity analysis after
migration and before stacking for monotypic waves: depth focusing analysis (DFA)
(MacKay and Abma, 1992; Jeannot et al., 1986) and residual wavefront curvature
analysis (RCA) (Al-Yahya, 1989; Deregowski, 1990; Liu and Bleistein, 1995). The
methods of the above mentioned authors did not include tomographic updates. Other
authors e.g. (Bishop et al., 1985), (Stork, 1992), (Kosloff et al., 1996) used migration
tomography to determine the velocity/depth model for monotypic waves. The method
presented here uses the residual wavefront curvature analysis and depth misfit in
tomography for converted waves. More specifically, this method interprets events in
depth migrated common shot sections or common offset sections, and uses the result
of their interpretation to update the Poisson's ratio model and shear velocity model.
No depth updating is done since the depth structure is assumed to be given from
P-wave analysis. The method is useful in areas with complex geology (strong laterally
variant Poisson's ratio and velocity ratio), especially in regions where the geology is
dominated by salt intrusions. These regions are important for oil exploration because
the impermeable salt boundaries for incident P-waves (S-wave) often serve as traps
where hydrocarbons accumulate. Also at these boundaries strong wave conversion do
occur allowing S-waves (P-waves) to penetrate for subsalt illumination.
Poisson's ratio analysis and velocity analysis in the premigrated domain (i.e. reflection tomography) rely on the same information in the data: energy transmitted through
the velocity variations and reflected back to the surface from the underlying reflectors.
In an ideal case, if a velocity field matches the data in prestack domain, it will also
match it in poststack domain. In a reflection survey, each point on a reflector is generally illuminated by the data recorded from several shots, giving redundant images
of the subsurface (see Figure 1). The number of fold is a measure of this redundancy.
The figure is a schematic illustration of common reflection point gathers for converted
waves from five different shot positions. When the prestack data is migrated to its
point of reflection, there will be multiple images of that reflector, which are summed
to produce the final migrated section.
If the correct Poisson's ratio (velocity models for both P and S-waves) are used in a
prestack depth migration, these multiple images are identical and improve signal/noise
on summing. The process of Poisson's ratio analysis is to alter the Poisson's ratio
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Figure 1: Rays illustrating common reflection point gathers (CRP) for converted
waves. The initial model is discretized and the CRP rays are traced from source to
reciever locations.

field so that these multiple images are more identical and produce a better summation.
Moreover, the knowledge of Poisson's ratio is an important hydrocarbon indicator.
Analysis of properties of common reflection point (CRP) gathers or common image gathers (CIG) allows us to develop an iterative tomographic algorithm to estimate
the interval Poisson's ratio directly. When lateral variation of Poisson's ratio within
individual layers do exist, all CRP gathers are analyzed simultaneously. This simultaneous migration and analysis is one advantage of the method presented here since
we can migrate with a range of possible Poisson's ratio functions. The Poisson's ratio
is solved by using all raypaths in the grided model. The whole model is determined
by layer stripping, in a top down procedure. Since Poisson's ratio is related to the
velocity ratio (see Figure 4) the term Poisson's ratio and velocity ratio will be used
interchangeably in the subsequent sections.
The Method
The traveltime (k f and k h ) for both P- and S-ray branches from source to receivers are
b
given as the integral along the corresponding ray paths ;
b
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where S is the position vector, s is the differential distance along the ray. The
total traveltime of a ray from the source to the receiver is given as the integral over
both slownesses along which the ray traversed to the receiver. The slowness of the
medium is made up of the P-wave and S-wave slownesses respectively. Therefore, the
total transient time of the ray is given as
k fjhtumv7wFxFyYz{y p7| M

rA}

b
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S
S
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From equation (3) it is seen that the traveltime associated with a given ray (i.e. the
total transit time from source to receiver) is the integrated Poisson's ratio along that
ray. The difference between the traveltime from a perturbed Poisson's ratio model and
an initial model is used to carry out tomographic inversion of Poisson's ratio along the
ray path. A difficulty with the tomography problem when using equation (3) is that
the ray path itself depends on the unknown Poisson's ratio (note that Poisson's ratio
is equivalent to velocity ratio). Therefore equation (3) is non-linear in Poisson's ratio. The approach used here is to linearize equation (3) about some initial or reference
Poisson's ratio model. In other words like any tomographic approach, instead of solving equation (3) for &jf0i)&)hl~ , we solve some approximation to equation (3) for the
perturbation in &jf0i)&)h from an initial model. The perturbation in traveltime is given in
matrix form as:



k fjh

&jr f

 ~
E

(4)

where ~ is the vector whose components are the differences in Poisson's ratio
between the initial model and the solution, i.e., an (m V 1) vector and  is a matrix
whose element  
is the distance the i-th ray travels in the j-th cell, i.e., an (N V
m) matrix and k 5 fj h is an (N V 1) vector. The symbol  denotes the total number
of picked traces, c denotes the total number of model parameters. The matrix  is
also given as a matrix whose elements are partial derivatives of the traveltimes with
respect to model parameters. In reflection time tomography the model parameters
are made up of the total number of cells in the model and the number of reflectors
(Bishop et al., 1985). In such a case one has to differentiate the traveltime with
respect to the slowness and with respect to the reflector depth. (Bishop et al., 1985)
showed that the derivative of the traveltime with respect to the slowness is equal to
the path length of the ray in each cell. In the case presented here, since the depth
of the reflectors are fixed one would then compute only the traveltime derivative
with respect to the Poisson's ratio. Equation (4) is solved using the least-squares
formulation of (Paige and Saunders, 1982). This updates the Poisson's ratio model by
minimizing the Pj . Equation (4) can be used both in prestack or poststack reflection
tomography to evaluate changes in reflection traveltime due to changes in j0)) . In
the Prestack domain, it will be based on picking, therefore be prone to human or
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machine mispicking especially in areas were complex raypaths cause triplications.
To overcome this difficulty the values of Pj are computed after the data have
been depth migrated and sorted into CRP gathers. Depth deviations (  ) in migrated
CRP gathers are converted to traveltime deviations (traveltime delays Pj ) along a
CRP ray pair. This is done by using the approximate relation between  and the
resulting ray traveltime deviation (Fara and Madariaga, 1988; Stork, 1992; Kosloff et
al., 1996). For a reflecting monotypic ray (e.g P-P):
Pnj1?

while:
PF]1B%17 j

for polytypic rays of type ¡ and ¢ . The symbol 1 is the vertical slowness component of the incident ray if  is the vertical displacement of the boundary level.
Substituting for the slowness and taking into account the local dip of the reflector,
Pj is given as:
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such that  is the residual depth deviation, while ©« and © are the incident and
reflection angles at the reflector and ® is the local dip of the reflector. This dip is
computed from the structure given in the P-wave model.
In equation (4), the º -th row of the » matrix describes the path of the º -th ray from
source to receiver. The number of rows equal the total number of rays, whereas the
number of columns is equal to the total number of cells (nz ¼ nx) used to describe the
model.
The least square solution to equation (4) is given as:
½¸
g

³ª»¾»¿ÁÀÃÂÄÆÅ1Ç»¾PjÆÈ

(7)
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The constant À (damping factor) added to the main diagonal of matrix » ¾ »
makes » nonsingular and also stabilizes the inversion process (Paige and Saunders,
1982). The solution to equation (4) is a set of Poisson's ratio perturbations P¸ which
are added to the initial Poisson's ratio model to produce an updated model, i.e., the
updated Poisson's ratio field is produced by projecting the ½j back through the
medium over the traced raypaths. At this stage the procedure can be repeated with the
updated Poisson's ratio and further updates can be undertaken if the new CRP gathers
are not flat enough. It should be noted that, the grid cell to be adjusted are dependent
on the raypath associated with their reflection event along which the observations are
made. This in turn is dependent on the source and receiver locations of the traces and
the overlying Poisson's ratio model. The changes in traveltime that are required in
each grid cell translate into changes in the interval Poisson's ratio value of the grid cell.
Equation (3) tells us that when a PS-ray travels through several structures in the
earth model, its traveltime is an integral measure of the velocity ratio in the structures
that the ray encounters. Unraveling the exact velocity ratio of a structure from traveltime observations is therefore possible only when the structure is penetrated by a large
number of rays over a wide range of angles. This means the accuracy of Poisson's
ratio analysis by CRP tomography of common shot gathers is best for large sourceto-receiver offsets and short shot point separations as well as short separation between
CRP-gathers. The initial velocity ratio model can be determined from CRP-semblence
velocity ratio analysis, geological information, well logs, or any other source of a priori
information.

The algorithm
The procedure follows 5 main steps. Starting at the top layer;
É
É

at locations distributed throughout the model compute depth migrated image
gathers at the region of interest, based on an initial Poisson's ratio model,

É

estimate the traveltime corrections necessary to flatten the gathers,

É

solve a large system of equations to simultaneously obtain the product of Pwave slowness and velocity-ratio updates throughout the model (so-called local
tomography),

É

divide the product in previous step by the P-wave slowness to obtain the velocityratio update,
add the updated values to the initial values and remigrate. If CRP-flatness is not
achieved repeat starting at step 1, if achieved stop.
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Synthetic example
To demonstrate the effectiveness of the method described above, a numerical example
is presented. Considering the fact that an image depth only depends on the velocity
ratio above it, except for turning rays, the use of layer based tomography is applied to
determine the Poisson's ratio in individual layers. The model consist of seven elastic
layers. The P-wave velocities are 2.075, 2.20, 2.655, 3.00, 4.202, 4.608 and 5.285
km/s while the velocity ratios are 1.5, 1.73, 1.8, 1.73, 1.81, 1.73, 1.73 respectively. The
wavelet used is a 30Hz Ricker wavelet with pulse duration of 0.059 s. The synthetic
data were computed by a program based on the ray method. For this test a total of
17 shot gathers were generated for a regular receiver grid spacing of 10 m and shot
spacing of 100 m with 200 m near offset and 2000 m far offset.
Figure 2 shows a CRP gather at distance ÊË¿ÌÍ(ÎÎ m after migration with a constant
velocity-ratio of 1.99. It is diplayed near the velocity model for comparison. Note that
the CRP images are curved upward since the Poisson's ratio is higher than the true
Poisson's ratio. Thus the S-wave velocity is smaller. Figure 4 shows the relation
between Poisson's ratio and shear velocity. This curvature is well displayed in the
first layer were the true velocity ratio is 1.5. Image positions in Figure 2 are distorted
and will eventually lead to structural distortion of images in the stacked section. The
position of the other reflector images eventhough seems to be flatt are moved upward.
Compare for example the last two image positions in Figure 2. After an average of
seven iterations for each layer-stripping procedure the corrected velocity ratio model
is obtained, Figure 3 illustrate the flatness of the common-image gathers despite some
migration noise being introduced.
Conclusion
The velocity ratio analysis method presented in this paper can provide a useful tool for
determining and updating shear wave velocity models as well as velocity ratios. Together with P-wave velocity and density, some other parameters like elastic impedance,
S-wave impedance, P-wave impedance, zero-offset shear-wave reflectivity and Poisson' s ratio can be determined. These are important parameters used for lithologic
inversion and reservoir characterisation.
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Figure 2: Layered velocity model used in generating common shot gathers. The model
is made up of seven layers. The dashed line indicates the imaged position shown on
the right panel. This panel is a common image gather at position ÊÏÐÌÈYÍ km with
an initial migration g00( -ratio of 1.99 for the entire model. Using this velocity ratio
causes the imaged depths to move upward from their true positions.
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Figure 3: Common image gather from the migrated data with corrected velocity ratio
after seven iterations. Displayed is the image gather at position x=1.5 km for comparison with the image gather in Figure 2. Despite some migration noise, the position of
the events are correctly imaged.

125

8
’poi-vpvs’
’poi-Vs’

Ñ

Vp/Vs and Vs [km/s]

7
6
5
4
3
2
1
0
0

0.1

0.2
0.3
Poisson’s ratio

0.4

Figure 4: The relationship between Poisson's ratio and g00( -ratio, and ( . For a
constant P-wave velocity, ) is inversely proportional to Poisson's ratio

ACKNOWLEDGMENTS
This work was partly supported by a private German-Kenian aid group and the sponsors of the WIT-consortium. Continuous discussion with the members of the Applied
Geophysics Group are appreciated.

REFERENCES
Al-Yahya, K., 1989, Velocity analysis by iterative profile migration: Geophysics, 54,
718–729.
Bishop, T. N., Bube, K. P., Cutler, R. T., Langan, R. T., Love, P. L., Resnick, J. R.,
Shuey, R. T., Spindler, D. A., and Wyld, H. W., 1985, Tomographic determination
of velocity and depth in laterally varying media: Geophysics, 50, 903–923.
Deregowski, S. M., 1990, Common-offset migrations and velocity analysis: First
Break, 8, 225–234.
Fara, V., and Madariaga, R., 1988, Nonlinear reflection: Geophys. J. Internat., 95,
135–147.
Jeannot, J. P., Faye, J. P., and Denelle, E., 1986, Prestack migration velocities from
depth-focusing analysis: 56th Ann. Internat. Mtg., Soc. Expl. Geophys., Expanded
Abstracts, pages 438–440.

126

Kosloff, D., Sherwood, J., Koren, Z., Machet, E., and Kovitz, Y. F., 1996, Velocity
and interface depth determination by tomography of depth migrated gathers: Geophysics, 61, 1511–1523.
Liu, Z., and Bleistein, N., 1995, Migration velocity analysis: Theory and an iterative
algorithm: Geophysics, 60, 142–153.
MacKay, S., and Abma, R., 1992, Imaging and velocity estimation with depth-focusing
analysis: Geophysics, 57, 1608–1622.
Paige, C. C., and Saunders, M. A., 1982, Lsqr: An algorithm for sparse linear equations
and sparse least squares: ACM Transactions on Mathematical Software, 8, 43–71.
Stork, C., 1992, Reflection tomography in the postmigrated domain: Geophysics, 57,
680–692.

127

Rock Physics
and
Waves in Random Media

128

Wave Inversion Technology, Report No. 4, pages 129-145

Characterization of fluid transport properties of
reservoirs using induced microseismicity

S.A. Shapiro, E. Rothert, V. Rath and J. Rindschwentner1
keywords: permeability, hydraulic diffusivity, induced microseismicity, 3-D mapping

ABSTRACT
We systematically describe an approach to estimate the large scale permeability of
reservoirs using seismic emission (microseismicity) induced by fluid injection. We
call this approach the Seismicity Based Reservoir Characterization (SBRC). A simple variant of the approach is based on the hypothesis that the triggering front of the
hydraulic-induced microseismicity propagates like a diffusive process (the pore pressure relaxation) in an effective homogeneous anisotropic poroelastic fluid-saturated
medium. The permeability tensor of this effective medium is the permeability tensor
upscaled to the characteristic size of the seismically-active heterogeneous rock volume. We show that in a homogeneous medium the surface of the seismicity triggering
front has the same form as the group-velocity surface of the low-frequency anisotropic
second-type Biot's wave (i.e. slow wave). Further, we generalize the SBRC for a 3-D
mapping of the permeability tensor of heterogeneous reservoirs and aquifers. For this
an approach similar to the geometrical optics approximation was derived and an equation describing kinematical aspects of triggering front propagation in a way similar to
the eikonal equation for seismic wavefronts is used. In the case of isotropic heterogeneous media the inversion for the hydraulic properties of rocks follows from a direct
application of this equation. We demonstrate the method on several field examples and
test the approach on numerical models.

INTRODUCTION
The characterization of fluid-transport properties of rocks is one of the most important
and difficult problems of reservoir geophysics. Active seismic methods have fundamental difficulties in estimating fluid mobility or the permeability tensor (see e.g.,
Shapiro and Mueller 1999). On the other hand, it would be highly attractive to use
seismic methods to characterize hydraulic properties of rocks because of their large
1
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penetration distances and a potentially high resolution.
Here we describe and demonstrate an approach that combines the above mentioned
advantages of seismic methods with an excellent potential to provide in-situ estimates
of the permeability tensor. The corresponding permeability estimates characterize
reservoirs on the large spatial scale of the order of ÌÎ(Ò.¢Ó¬ÌÔÎ(Õ«¢ . This approach (we
call it SBRC: Seismicity Based Reservoir Characterization) uses a spatio-temporal
analysis of fluid-injection induced microseismicity to reconstruct the permeability
tensor (see Shapiro et al., 1997, 1998, 1999 and Audigane, 2000; see also the recent
discussion Cornet 2000 and Shapiro et al. 2000). Such a microseismicity can be
released by perturbations of the pore pressure caused by a fluid injection into rocks
(e.g., fluid tests in boreholes). Evidently, the triggering of microearthquakes occur in
some locations where rocks are in a near-failure equilibrium. Such locations can be
just randomly distributed in the medium.
Recently, Shapiro et al. (1999) proposed to interpret the spatio-temporal evolution
of the clouds of such microseismic events in terms of pore-pressure relaxation
in media with anisotropic hydraulic diffusivity. They derived an equation for the
microseismicity triggering front in homogeneous anisotropic poroelastic media. The
propagation of the triggering front is controlled directly by the permeability tensor.
Using this equation Shapiro et al. (1999) proposed a variant of the SBRC method,
which considers real heterogeneous rocks as an effective homogeneous anisotropic
poroelastic fluid-saturated medium. The permeability tensor of this effective medium
is the permeability tensor upscaled to the characteristic size of the seismically active
region.
In this paper we propose a technique to characterize heterogeneous distributions of
the permeability in reservoirs. Firstly we give a theoretical introduction into SBRC for
homogeneous anisotropic poroelastic media. We show that in a homogeneous medium
the microseismicity-triggering front has the form of the group-velocity surface of the
anisotropic diffuse wave of the pore-pressure relaxation (which is the low-frequency
Biot-slow wave). Then we describe the concept of the SBRC approach to the 3-D
mapping of hydraulic diffusivity. A differential equation is derived which approximately describes kinematics of the microseismicity triggering front in the case of
quasi harmonic pore pressure perturbation. This approximation is similar to the geometrical optics approach for seismic waves. The propagation of the triggering front
is considered in an intermediate asymptotic frequency range. This means that we assume that the dominant frequency of pressure perturbations is much smaller than the
critical Biot frequency. On the other hand we assume, that the slow-wave dominant
wavelength is smaller than the characteristic size of the heterogeneity of the hydraulic
diffusivity. Then we suggest an algorithm of hydraulic diffusivity mapping in 3D in
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the both cases, quasi-harmonic and quasi-step-function medium excitation. Finally we
demonstrate the SBRC method on some case studies.

THE CONCEPT OF TRIGGERING FRONTS
In the following we approximate a real configuration of a fluid injection in a borehole
by a point source of pore pressure perturbation in an infinite heterogeneous anisotropic
poroelastic fluid-saturated medium. In the low-frequency limit of the Biot equations
(Biot 1962) the pore-pressure perturbation  can be approximately described by the
following differential equation of diffusion:
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where »P×]Ú are components of the tensor of the hydraulic diffusivity, ÊÛÚ (Ý½¿Ì?ÛÆÞ ) are
the components of the radius vector from the injection point to an observation point
in the medium and  is the time. This equation corresponds to the second-type Biot
waves (the slow P-waves) in the low frequency limit and describes linear relaxation
of pore-pressure perturbations. Note, that this equation is valid for a heterogeneous
medium in respect of its hydraulic properties. In other words, components of the
tensor of the hydraulic diffusivity can be heterogeneously distributed in the medium.
The tensor of hydraulic diffusivity is directly proportional to the tensor of permeability
(see e.g. Rindschwenter et al. within this volume).
In some situations (e.g., some hydrofracturing experiments) the hydraulic diffusivity can be changed considerably by the fluid injection. This means, that in the equation
above the diffusivity tensor must become pore-pressure dependent. Therefore, this
equation becomes non-linear. Such changes of the diffusivity take place in restricted
regions around boreholes. However, our method is aimed at estimating the effective hydraulic diffusivity in a large rock volume of the spatial scale of the order of 1km.
Moreover, in a given elementary volume of the medium, the triggering of the earliest microseismic events starts before the substantial relaxation of the pore-pressure
occurs. This means, that even in the 'near zone' very early events occur in the
practically unchanged medium. In other words, the front of significant changes of the
medium propagates behind the quicker triggering front of earlier microseismic events.
However, it is precisely these early events that are important for our approach for
estimating the diffusivity. Thus, the corresponding estimate should be approximately
equal to the diffusivity of the unchanged medium even in such situations, where the
diffusivity was strongly enhanced by the hydraulic fracturing. Because of this reason
we assume that changes of the diffusivity caused by the injection can be neglected.
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Thus, »P×]Ú is assumed to be pressure independent in eq. (1).
To introduce the concept of triggering fronts let us firstly recall the form of the solution of (1) in the case of a homogeneous poroelastic medium. In the case of anisotropic
homogeneous medium equation (1) takes the following form
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and » is the scalar hydraulic diffusivity. If a time-harmonic perturbation 1äåjæÄçèF¬´ºét=
of the pore-pressure perturbation is given on a small spherical surface of the radius ê
with the center at the injection point, then the solution of equations (3) is
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where é is the angular frequency and ëáôó õtó is the distance from the injection point to
the point, where the solution is looked for. From equation (4) we note that the solution
can be considered as a spherical wave (it corresponds to the slow compressional wave
in the Biot theory) with the attenuation coefficient equal to ö é )» and the slowness
equal to Ì$÷ é (» .
In reality the pore pressure at the injection point is not a harmonic function. Let
us roughly approximate the pore pressure perturbation at the injection point by a
step function è=ø¿1ä , if PùúÎ and è=øÓÎ if ½ûôÎ . For instance, this can be a
rough approximation in some cases of a borehole fluid injection (e.g. for a hydraulic
fracturing or other fluid tests). In a given elementary volume of the medium located at
the distance ëüýó õó from the injection source, the triggering of microseismic events
starts just before the substantial relaxation of the pore pressure has been reached. For
a particular seismic event at the time Fä the time evolution of the injection signal for
the time ÿþÏFä is of no relevance for this event anymore. Thus, this event is triggered
by the rectangular signal è=P1ä if Î

Fä and è=P Î if û Î or þ Fä .
The power spectrum of this signal has the dominant part in the frequency range below
 èFä (note that the choice of this frequency is of partially heuristic character; see
the related discussions in Shapiro et al., 1997 and 1999). Thus, the probability, that
this event was triggered by signal components from the frequency range é
!0Fä is
high. This probability for the lower energetic high frequency components is small.
However, the propagation velocity of high-frequency components is higher than those
of the low frequency components (see eq. 4). Thus, to a given time Fä it is probable



 



133

that events will occur at distances, which are smaller than the travel distance of the
slow-wave signal with the dominant frequency  è0Fä . The events are characterized
by a significantly lower probability for larger distances. The spatial surface which
separates these two spatial domains we call the triggering front.



Triggering fronts in homogeneous anisotropic media
Let us firstly assume, that the medium is homogeneous and isotropic. Then the slowness of the slow wave (see eq. 4) can be used to estimate the above mentioned size of
the spatial domain, where microseismic events are characterized by a high probability.
We obtain (see also Shapiro et al. 1997)
ëß
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This is the equation for the triggering front in an effective isotropic homogeneous
poroelastic medium with the scalar hydraulic diffusivity » .
With a correctly selected value of the hydraulic diffusivity, equation (5) corresponds to the upper bound of the cloud of events in the plot of their spatio-temporal
distribution (i.e., the plot of ë versus  ). In Figure 1a such a spatio-temporal distribution of the microseismicity is shown for the the microseismic data collected in
December 1983 during the hydraulic injection into crystalline rock at a depth of 3463
meters at the Fenton Hill (USA) geothermal energy site (see for details and further
references Fehler et al., 1998). We see a good agreement between the theoretical
curve with » ÎÈ Ì )¢ËÒ? and the data.
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Figure 1: Distances of events from the injection source versus their occurrence time for
a) the Fenton Hill experiment, 1983 and b) the Soultz-sous-Forets experiment, 1993
Such a good agreement supporting the above concept of the triggering of microseismicity can be observed in many other cases. For example Figure 1b shows
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a similar plot for the Soultz-sous-Forêts experiment in 1993 in France, where about
9000 events were localized during the injection (see Dyer et al., 1994). The diffusivity
» uÎÈ^Î%Í)¢ËÒ? was observed for the seismically-active volume of the crystalline rock
¨
at the depth of 2500-3500m.
Equation (5) provides scalar estimates of » only. Let us now assume, that »P×]Ú
is homogeneously distributed in the medium. When estimating the diffusivity under
such an assumption we replace the complete heterogeneous seismically-active rock
volume by an effective homogeneous anisotropic poroelastic fluid-saturated medium.
The permeability tensor of this effective medium is the permeability tensor of the
heterogeneous rock upscaled to the characteristic size of the seismically-active region.
Performing very similar consideration as in Shapiro et al. (1997), but now using
equation 2) in a scaled principal coordinate system, the following equation for the
triggering front can be obtained for anisotropic media (Shapiro et al., 1999):


'  È
 denotes that the matrix (vector) is transposed,  nõ óõW ó and  
 .
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(6)
is the inverse of

Group-velocity surface of anisotropic slow waves
To gain more insight into the physical nature of the triggering-front surface (eq. 6) we
consider solutions of the anisotropic diffusion equation (2) in the form of homogeneous
plane waves:
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Because we look for homogeneous waves (i.e. the real and imaginary parts of the wave
vector are parallel) we can define a unit vector in the direction of the wave vector :
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and & are real numbers and ( is a complex one. Substituting equation (7) into

where ê
the diffusion equation (2) we obtain the following dispersion relationship characterizing the low-frequency propagation of slow waves:
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The dispersion equation provides us with the following group velocity of anisotropic
low-frequency slow waves (see the definition of the group velocity in Landau and
Lifshitz (1984)):
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In turn, eq. (11) shows that the direction of the group velocity is defined by a unit
with the components:
vector
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Changing now the notations:
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we finally arrive at the following result:
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A comparison of equations (6) and (14) shows that the triggering front has the same
spatial form as the group-velocity surface of anisotropic slow waves. Physically this
means that in the case of a point injection source triggering fronts in anisotropic rocks
propagate like heat fronts or light fronts in anisotropic crystals.

Inversion for the global diffusivity and permeability tensors
Recently a new approach for estimating the global hydraulic diffusivity tensor was
proposed by Shapiro et al. The new algorithm is based on a transformation of the microseismic events into a scaled coordinate system. Here all events must lie whithin an
envelope ellipsoid whose half axes represent the orientation and magnitude of the diffusivity. For further details, the application to different data sets and the determination
of the global permeability tensors see ”J. Rindschwenter: Estimating the Global Permeability Tensor using Hydraulically Induced Seismicity - Implementation of a new
Algorithm” whithin this volume.
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TRIGGERING FRONTS IN HETEROGENEOUS MEDIA

For details on the 3-D mapping of hydraulic diffusivity we refer to further publications
(see e.g. Shapiro, WIT Report no. 3, 53-63). To demonstrate the idea of the approch
we just illustrate the main points of the method in the following. Figure 2 shows a
view of the microseismic cloud collected during the Soultz experiment 1993. For each
event the color shows its occurrence time in respect to the start time of the injection.
With a subdivision of the space to a number of 3-D cells we can define an arrival time
of the triggering front into each of these cells. Figure 2 also shows such a triggering
front for the arrival times of 100h. Such a surface can be constructed for any arrival
time presented in microseismic data. The time evolution of the triggering surface,
i.e., the triggering front propagation can be characterized. In a heterogeneous porous
medium the propagation of the triggering front is determined by its heterogeneously
distributed velocity. Given the triggering front positions for different arrival times,
the 3-D distribution of the propagation velocity can be reconstructed. In turn, the
hydraulic diffusivity is directly related to this velocity.

Figure 2: A perspective projection of the 3-D distribution of microseismic events registered during the Soultz-sous-Forets experiment: Borehole GPK1, September 1-22,
1993. The color corresponds to the event occurrence time. The axes X,Y and Z point
to the East, the North and the earth surface, respectively. The surface shown is the triggering front of microseismicity for the arrival time of 100h. The vertical and horizontal
scales of the Figure are equal.
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Triggering fronts for the case of a quasi-harmonic pressure perturbation
In the following we shall consider relaxation of a harmonic component of a pressure
perturbation. By analogy with (4) we will look for the solution of (1) in a similar form:
èõ!.=t¯1ä0õ =ì Å
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We also will assume that 1ä0{õ , !õ and »½× Ú(õ° are functions slowly changing with õ .
Substituting (15) into (1), accepting é as a large parameter and keeping only terms
with largest powers of é (these are terms of the order  é  ; the other terms, which are
ä
of the orders ¶é  and ¶é Ç ÒÆ are neglected) we obtain the following equation:
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Considering again the homogeneous-medium solution (4) we conclude that the
frequency-independent quantity is related to the frequency-dependent phase travel
time as follows:
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In the case of an isotropic poroelastic medium this equation is reduced to the following
one:
Ì
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Thus, we have obtained a standard eikonal equation. The right hand part of this equa
tion is the squared slowness of the slow wave. One can show (Cerveny,
1985) that
equation (19) is equivalent to the Fermat's principle which ensures the minimum time
(stationary time) signal propagation between two points of the medium. Due to equation (17) the minimum travel time corresponds to the minimum attenuation of the signal. Thus, in this sense, equation (19) describes the minimum-time maximum-energy
front configuration.

Triggering fronts in the case of a step-function like pressure perturbation
We now return to a more realistic situation, where the pressure perturbation can be
roughly approximated by a step function in the source point.
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In the previous section we derived an equation for the triggering time {õ  of
a harmonic pressure perturbation. Using this equation we shall derive another one,
which will describe the triggering time gõ° of a step-function pressure perturbation.
From our earlier discussion we know, that the triggering time  roughly corresponds to
the frequency
éä  è0?È
(20)
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Substituting this equation into equations for of the previous section we obtain the following results. In the general case of an anisotropic heterogeneous poroelastic medium
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In the case of an isotropic poroelastic medium this equation is reduced to the following
one:
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Inversion for the permeability of heterogeneous media
In the case of an isotropic poroelastic medium equation (25) can be directly used to
reconstruct the 3-D heterogeneous field of the hydraulic diffusivity. In turn, equation
(24) shows, that in the case of an anisotropic medium it is impossible to reconstruct a
3-D distribution of the diffusivity tensor. The only possibility is the following. Let us
assume that the orientation and the principal components proportion is constant in the
medium. Then, the tensor of hydraulic diffusivity can be expressed as

SR {õ 5Tg×]Ú

»P×]Ú(õ

T

(26)

where × Ú is a nondimensional constant tensor of the same orientation and principalcomponent proportion as the diffusivity tensor, and is the heterogeneously distributed
magnitude of this tensor. This tensor can be found using the global SBRC estimate of

R
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the hydraulic diffusivity as was mentioned above. Then, the quantity
computed as follows:

R½ U T× ÚWV Yî X V !î 
V V
È

R

can be directly

(27)

Let us finally consider an example of application of the method. Figure 3 shows
the reconstructed hydraulic diffusivity for Soultz-1993 data set according to equation
(25). From the other hand assuming, that the tensor ×]Ú has the same orientation and
principal-component proportion as the diffusivity tensor given in equation (16) of
Shapiro et al. (1999), equation (27) can be applied to obtain the diffusivity-tensor
magnitude.

T

It is interesting to note that there is no significant difference between the representation of the isotropic and anisotropic variant of the method. They both show larger
diffusivity in the upper part of the medium then of the lower one. In addition, a high
permeable channel leading to the upper right-hand part of the medium is visible in the
reconstructed hydraulic diffusivity. This is in good agreement with Figure 2, which
shows a number of early events in the upper right-hand corner of the rock volume.

Figure 3: An example of the hydraulic diffusivity reconstruction in 3-D for the Soultz1993 data set. For the inversion isotropic variant of the method has been used. The
diffusivity is given in the logarithmic scale. It changes between 0.001 and 1.0 ¢ËÒ? .
¨
Light gray corresponds to cells with no diffusivity value resolved. The geometry corresponds to that given in Figure 2.
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DISCUSSION
The main limitations of the extension of the SBRC to the case of heterogeneous media
proposed here are apparently related to the validity range of equation (16). Roughly
they can be formulated from the following consideration of the right hand part of equation (1) in a 1-D medium:
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Our approach is expected to be valid if the following inequality is satisfied:
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This inequality relates the gradient of the hydraulic diffusivity and the frequency of
the pressure perturbation. It is rather typical for the geometric optic approximation. It
shows, that if the frequency is high enough and the medium heterogeneity is smooth
the above approximation can be applied. In the case of the step-function like pressure
perturbation the frequency corresponding to the triggering front is accepted to be éÁ
 è . Using the equation of the triggering front in homogeneous poroelastic media (5)
the occurrence time of earlier events can be roughly approximated as  Ê Ò B !»Ë .
Note, that Ê denotes the distance from the injection source. Thus, inequality (30) can
be reduced to the following one



`_

Ö
Ö
ó Ë
»  Êó
»

Z P  Ê ÷


È



(31)

This condition is a rather restrictive one. In addition, it shows that the smaller
distance Ê the higher is the resolution of the method.
In spite of the restrictive character of the inequalities above, we think that the
geometric optic approximation is applicable to the propagation of microseismicity
triggering fronts under rather common conditions. This is based on the causal nature
of the triggering front definition. When considering the triggering front we are
interested in a quickest possible configuration of the phase travel time surface for a
given frequency. Thus, we are interested in kinematic aspects of the front propagation
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only. The quickest possible configuration of the phase front is usually given by the
Hamilton-Jacobi, i.e., eikonal equation. However, the conditions above necessarily
take into account not only kinematic aspects of the front propagation but rather mainly
dynamic aspects, i.e., amplitude of the pressure perturbation. In other words, the
eikonal equation is usually valid in much broader domain of frequencies than those
given by the inequalities above. Therefore, the method will give meaningful and
useful results, at least semi qualitatively.
To verify the assertion that we are able to describe the diffusion process and the
kinematics of the evolution of the triggering front in a heterogeneous medium by
the use of the eikonal solution, we performed some numerical tests. We solved the
parabolic differential equation of diffusion (1) in two spatial dimensions with the help
of a finite elements method (FE) implemented in the MATLAB computing environment. We calculated the time-dependent pressure variation through a medium where
the diffusivity » varies smoothly in Ê direction with a Gaussian profile. It changes
from a background value of » uÎÄÈ;ÍW¢ËÒ? to a minimal value of »úÎÈ Ìè¢ËÒÆ at the
¨
¨
center. The half-width of this heterogeneity is approx. 200 m. The dimension of the
computational mesh is 4000 m x 4000 m, and the source point is located at its center.
As input signal we use a time-harmonic sinusoidal signal with a period of 400 h and
800 h respectively, multiplied with a boxcar function for the whole simulation time of
Þ h while the elementary
2400 h. The time increment in our simulations was P
cell was of the order of 5 m x 5 m. We observe the pressure variation in a one dimensional section along the x-axis through the center of the model, where the source is
located. In each point of observation we estimate the arrival time of the fourth resp.
sixth zero-crossing of our quasi-periodic pressure signal. This was necessary to reduce
the effects of the high-frequency components due to the finite character of the source
signal. We compare this time with the corresponding theoretical eikonal solution
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Using the arrival time we also calculate the velocity  of the phase front at a given
distance from the source point. Then we convert it into the diffusivity and compare
the result with the exact diffusivity of the model. The diffusivity is calculated from the
measured velocity of the phase front by
»ÃÊ
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(33)

where is the dominant frequency of the source function (see eq. 4 and the
comment below).
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Figure 4: Comparison of eikonal equation and numerical diffusion models.

Reasonable agreement for both numerical experiments is found. In Fig. 4a the traveltime is shown for the eikonal solution (32) and the numerical results. Fig. 4b shows
the reconstructed diffusivity » at a given distance Ê in the medium. The good agreement between eikonal-predicted and numerically calculated travel times of the phase
front in Fig. 4a is obvious. The small differences between the eikonal solution and numerical results at times Aû 50 h can be explained with the relatively rough method we
used to pick the phase front, i.e. the zero-crossing. The reconstructed diffusivity at a
given distance in the medium also agrees very well with the exact value (see. Fig. 4b).
The differences at distances Ê·þ Î(Î(¢ in Fig. 4b are caused mainly by influences of
the prescribed boundary conditions, namely fixing the pressure to zero there (Dirichlet
type). Thus the influences become larger at greater times and disturb the velocity of
the triggering front measured during the numerical experiments. Differences between
eikonal and exact numerical results are smaller for higher frequencies. This is obviously due to the fact, that the eikonal equation is a high frequency approximation, and
therefore provides better results for smaller periods of the perturbation. In particular,
the increasing difference between theoretical curve and the models in Fig. 4b is due to
the fact that the region of inhomogeneity, i.e. increasing diffusivity, is smaller than the
wavelengths used. The small differences observed between estimated and exact diffusivities indicate that the formal validity conditions (eqns. 29-30) are too restrictive.
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CONCLUSIONS
We have developed a technique (SBRC) for reconstructing the permeability distribution in 3-D heterogeneous poroelastic media. For this we use the seismic emission
(microseismicity) induced by a borehole-fluid injection. Usually, global estimates of
permeabilities obtained by SBRC agree well with permeability estimates from independent hydraulic observations. Moreover, the global-estimation version of the SBRC
provides the permeability tensor characterizing the reservoir-scale hydraulic properties
of rocks. The processing of SBRC data for global estimates is based on the hypothesis that the triggering front of a hydraulic-induced microseismicity has the form of
the group-velocity surface of anisotropic Biot slow waves. In this paper, we have further generalized the SBRC approach by using a geometrical-optic approximation for
propagation of triggering fronts in heterogeneous media. We think, that results of such
inversion for hydraulic properties of reservoirs can be used at least semi-quantitatively
to characterize reservoirs. They can be very helpful as important constrains to reservoir
modeling, or be starting models for more sophisticated inversions.
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Estimating the Global Permeability Tensor using
Hydraulically Induced Seismicity — Implementation of
a new Algorithm

J. Rindschwentner1
keywords: diffusion, permeability, hydraulic diffusivity, fluid flow

ABSTRACT
Permeability has a major control on fluid flow since it covers many orders of magnitude
and because of its anisotropy. Moreover, estimates of permeability are highly scale
dependent. (Shapiro et al., 1997, 1999a) proposed a method to estimate a permeability
tensor at reservoir scale using hydraulically induced seismicity. Now, an alternative
approach has lead to a new algorithm for estimating the permeability tensor. The
algorithm is based on the computation of a pseudo-covariance matrix. With the new
algorithm data sets from Soultz-sous-Forêts (France), the KTB site (Germany) and
Fenton Hill (USA) were reprocessed and thus the algorithm tested. It proved to produce
very reasonable results and facilitates — along with a visualization of the results —
the interpretation of possible fluid flow paths. The presented paper is extracted from
the author's Master's thesis. The latter was supervised by S. A. Shapiro.

INTRODUCTION
The estimation of hydraulic diffusivity and permeability was introduced in recent years
by (Shapiro et al., 1997). At first, they introduced an isotropic estimation which was
later extended to the anisotropic case (Shapiro et al., 1999a,b). The method is called
'Seismicity Based Reservoir Characterization' (SBRC). Now, we developed and implemented a new algorithm for estimating the permeability tensor. This was done in
the framework of the author's Master thesis. The material presented here is extracted
from that thesis.
In the following section we will introduce the main features of the algorithm. Subsequently, we present reprocessed results from Soultz-sous-Forêts (France), the KTB
site (Germany) and Fenton Hill (USA). The quality of these results and the potential
1
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of the method for fluid flow interpretations is then discussed in section Discussion of
Results.
AN ALTERNATIVE APPROACH FOR A GLOBAL ESTIMATION OF THE
PERMEABILITY TENSOR
The algorithm
The new, alternative algorithm is meant to provide a more straightforward estimation
of the permeability tensor and shall also yield orientations of the latter which was not
possible with the old method (Shapiro et al., 1999a). The following considerations
are based on this previously published work. For fundamentals of the method see the
contribution of Shapiro et al. in this report.
In the new approach the triggering front can be expressed in the principal coordinate system as follows:
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are the principal components of the hydraulic diffusivity.

The transition to a new coordinate system by scaling the original data points in the
following way
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yields the triggering front as an equation of an ellipsoid:
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Hence, all events in the scaled coordinate system – which do not occur before the
triggering front – lie within this ellipsoid whose half axes ê1  are the square roots of
¥
and »
, respectively. In order to determine the triggering front one needs to
»
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find an envelope ellipsoid for the majority of events.
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The new space is then divided into a 3-D-grid with cubic cells. We start off with
a coarse grid which is refined from run to run. On the next step, the algorithm checks
whether a cell is occupied by at least one event. If that is the case, the events in these
cells are replaced by the center point of the cell and the cell is selected for further computation. Thus, all selected cells together form a slightly irregular body that resembles
an ellipsoid. All void cells are discarded at this point. With the remaining cells we
compute a – as we call it – pseudo-covariance matrix. We replace the dividend of
the covariance matrix by the cell volume which is constant for each cell
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The eigenvectors of this matrix yield the orientations of the diffusivity tensor. The
magnitudes of the tensor are obtained by equating the irregular body to an ideal ellipsoid. The result relates the eigenvalues ì %Æì )ÆìÔ of the irregular body and the the
lengths ê1  of the half-axes of the ellipsoid:
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Further transformations lead to solutions of the »P×;× expressed by the known eigenvalues ì Æì 0ÆìÔ :
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The orientations of the tensor axes are obtained from the eigenvectors of the
pseudo-covariance matrix. They are given – as we will show in the next section –
as strike and dip of the vector. The strike is counted clockwise from N and the dip
positively downwards.
In order to obtain the permeability tensor we use relations between hydraulic diffusivity and permeability introduced by (Biot, 1962):
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where d is the permeability tensor, »½d the hydraulic diffusivity tensor, is the
pore-fluid dynamic viscosity and
is the poroelastic modulus. The latter comprises
several other parameters. For crystalline rocks with low porosity one can simplify the
poroelastic modulus and thus obtains the approximation (Shapiro et al., 1997)
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. The parameters are the bulk modulus of the drained rock À , the
bulk modulus of the pore fluid À , the bulk modulus of the solid À¶ , the porosity and
the coefficient of effective pressure . Generally, the term ¦(À
can not be neglected
À (Shapiro et al., 1997).
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RESULTS
Soultz-sous-Forêts
Investigations The injection test in 1993 lasted for about 350 hours and fed about
25,300 m Õ of water into the rock. The injected water induced about 18,000 events
of which about 9,300 were localized with sufficient accuracy within 400 hours after
the start of injection. The data set was provided by courtesy of SOCOMINE. The
events occurred in the depth range from 2,000 m to 3,500 m with the injection source
assumedly located at 2,920 m. In fact, the injection was conducted between 2,850 and
3,400 m (Cornet, 2000). However, major fluid loss occurred in the interval from 2,850
to 3,000 m which justifies the assumed point source at 2,920 m (Shapiro et al., 2000).
The volume of the seismically active rock approximately comprises 1,5 kmÕ .

Results The envelope ellipsoid which fits the cloud in the scaled coordinate system
best is displayed in figure 1. The ellipsoid is semi-transparent in order to get an idea
how well it fits the cloud. As one can see, the ellipsoid extends slightly too far towards S (top view) and apparently does not dip steeply enough (east view). However,
generally the fit is quite good for the compact part of the cloud.
The computed orientations of the ellipsoid are as follows. The largest component
points in NNW-direction and dips with an angle of about 72 towards N. The medium
component points SSE with a dip angle of 18 towards S. The smallest component is
about horizontal while pointing ENE (for exact numbers see table 1).





Figure 1: The smaller ellipsoid representing the hydraulic diffusivity tensor shown
together with the cloud of events in the scaled coordinate system looking from the top,
south and east, respectively.
An alternative estimate yields an envelope ellipsoid that encloses most of the
points. However, as figure 2 reveals, vast areas around the compact cloud remain
void. The fit of the cloud is obviously influenced by the upward trending events. This
is reflected in different orientations compared to the smaller ellipsoid. Now, the maximum component trends N and dips 60 , the medium component S with a dip of 30
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larger ellipsoid
strike
dip
minimum component N272
2
medium component
N181
30
maximum component
N5
60





smaller ellipsoid
strike
dip
N259
0
N169
18
N351
72





















Table 1: Orientations of the principal diffusivities for Soultz.

and the smallest component strikes W and is quasi-horizontal (for exact numbers see
table 1).

Figure 2: The larger ellipsoid representing the hydraulic diffusivity tensor shown together with the cloud of events in the scaled coordinate system looking from the top,
south and east, respectively.
For both ellipsoids, we computed the following hydraulic diffusivity tensors:
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In order to obtain the permeability tensor we revert to the equations (9) and (10).
Log measurements and literature data (Haar et al., 1984) provide the estimates of the
necessary parameters (see table 2). The fluid viscosity is that of hot water.
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Table 2: Estimates of poroelastic parameters for Soultz.
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for the smaller ellipsoid and the larger ellipsoid, respectively.
Figure 3 shows the ellipsoid representing the permeability tensor (taken from
smaller ellipsoid) in the Cartesian coordinate system together with the cloud of events.
This display illustrates well the proportions and orientations of the tensor components.
Besides, it makes clear that the ellipsoid does not depend on the shape of the cloud of
events.

Figure 3: The cloud of events from the 1993 injection experiment at Soultz (France)
together with the ellipsoid representing the permeability tensor looking from the top,
south and east, respectively.

KTB
Investigations During the experiment 200 mÕ of KBr/KCl brine was injected in the
depth interval 9.03–9.1 km over a period of 24 hours. Seventy-three short-period seismometers at the surface and one 3-component downhole seismometer installed at 4
km depth recorded more than 400 microearthquakes in 60 hours. Ninety-four of these
earthquakes could be localized with respect to 'master' events with a relative location
accuracy of several 10's of meters (Zoback and Harjes, 1997). Magnitudes were larger
than -1.5 with a maximum of 1.2. They represent the data we used with courtesy of
Hans-Peter Harjes2 . The seismically active rock comprises a volume of approximately
0.35 kmÕ .
Results In order to be able to apply our method we had to mirror the cloud at the
injection point. However, the result obtained is only valid for the volume above the
injection point since seismic activity was only found there. Moreover, the results obtained contain some uncertainty. This is taken into account and we obtain the following
hydraulic diffusivity tensor
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Thus, the range of values obtained is considerable with the upper bound being almost
twice as large as the lower bound. The orientations only differ slightly.
The envelope ellipsoid computed encloses most of the events in the scaled coordinate system (figure 4). The fit is reasonable considering the low density and small
number of events. We will return to this in the discussion. The link to permeability

Figure 4: The ellipsoid representing the hydraulic diffusivity tensor at the second kink
shown together with the cloud of events in the scaled coordinate system looking from
the top, south and east, respectively
is given by the equations (9) and (10). Log measurements and literature data (Bram
and Draxler, 1995; Emmermann et al., 1995) provide the estimates of the necessary
parameters. (Shapiro et al., 1997) assumed properties of water for the fluid and thus
obtained the following parameters
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Table 3: Estimates of poroelastic parameters for the KTB.
Hence,

_ P¼ ÌÔÎ Ç7Ç Pa and thus, yields the following permeability tensors
svu R

ÎÈY ÈÔÈÔÈ.ÎÈ  f
Î
Î
Î
ÎÄÈ ÈÔÈÔÈgÌÈ^Îf
Î
 ¼ ÌÎ$Å1Çj mÒ È
R
(14)

Î
Î
Èf ÈÔÈÈ
f Èf

Figure 5 illustrates the large difference between the largest and the smallest component
of the permeability tensor. The ellipsoid representing the permeability tensor is shown
in the Cartesian coordinate system together with the cloud of events. This display
makes clear that the ellipsoid does not depend on the shape of the cloud of events.
Fenton Hill
Investigations The data set of microearthquakes we work with was recorded during
the massive hydraulic fracture experiment (MHF) in December 1983. It was provided
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Figure 5: The cloud of events from the 1993 injection experiment at the KTB site
together with the ellipsoid representing the permeability tensor looking from the top,
south and east, respectively.

by courtesy of Micheal Fehler3 . For 61 hours, 21,600 m Õ of water was injected at a
depth of about 3,460 m (House, 1987). The injection occurred through a 20 m openhole interval. No events were recorded in the first 5 hours. In the time span from 30 to
40 hours after the injection only three stations were in operation and therefore, no data
was analyzed (Fehler et al., 1998).
Registration of seismicity occurred with four geophones. The instruments were
deployed in four different boreholes, i.e. in EE-1 at 2,850 m, in EE-3 at 3,300 m, in
GT-2B at 2,440 m, in GT-1 at 820 m, in PC-1 at 570 m depth. The stations EE-1, EE-3
and GT-1 were located within the basement rocks and station PC-1 within a cavernous
limestone formation, approximately 150 to 200 m above the basement (Block et al.,
1994). The accuracy of the earthquake locations was better than ÌÎÎ m. The relative
location uncertainty was even brought down to 20 to 30 m (House, 1987).

Results The smallest ellipsoid only contains the more compact inner cloud of events
(figure 6). The fit looks very good in east view whereas in top view the NE part appears
overpronounced which is confirmed by the display in south view. As a comparison,
figure 7 shows how the larger, computed ellipsoid encloses almost all points. Thereby,
most of the space within the ellipsoid is not filled by events. The size and the shape is
due to the outliers making the ellipsoid rounder and more spherical. All ellipsoids have
significantly different orientations. The second largest ellipsoid' s maximum half-axis
strikes SW and dips 60 . The other two half-axes reveal a strike of ESE and NNE and
a dip of 12 and 27 , respectively. The smaller ellipsoid has orientations of NW and
ENE as well as dips of 57 and 4 for the smaller half-axes, respectively. The largest
half-axis runs SSE and dips 33 (for exact values see table 4). The cloud of events in
the scaled coordinate system forms a rather compact inner cloud. Around it one finds
almost uniformly distributed events (outliers) with no preferential direction. They are
responsible for the estimates of the two larger ellipsoids.
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largest ellipsoid medium ellipsoid smallest ellipsoid
strike
dip
strike
dip
strike
dip
minimum component N350
15
N12
27
N69
4
medium component
N87
25 N109
12 N332
57
maximum component N233
61 N220
60 N161
33





































Table 4: Orientations of the principal diffusivities for Fenton Hill.

Figure 6: The ellipsoid representing the hydraulic diffusivity tensor shown together
with the cloud of events in the scaled coordinate system looking from the top, south
and east, respectively.

Figure 7: The ellipsoid representing the hydraulic diffusivity tensor shown together
with the cloud of events in the scaled coordinate system looking from the top, south
and east, respectively.

Both ellipsoids correspond to the following estimates of the hydraulic diffusivity
tensor
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Again, we revert to the equations (9) and (10) for computing the permeability tensor. Values for the needed poroelastic parameters are gathered from literature (after
(Shapiro et al., 1999b)). The fluid viscosity , i.e., is that of hot water. That makes
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Table 5: Estimates of poroelastic parameters for Fenton Hill.
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for the smaller ellipsoid and the larger ellipsoid, respectively.
In Figure 8 one can see that the difference between the largest and the smallest
component of the permeability tensor is not nearly as distinct as at the KTB site. The
ellipsoid representing the permeability tensor (obtained form the smaller ellipsoid) is
shown in the Cartesian coordinate system together with the cloud of events. This
display makes clear that the ellipsoid does not depend on the shape of the cloud of
events.

Figure 8: The cloud of events from the 1993 injection experiment at the KTB site
together with the ellipsoid representing the permeability tensor looking from the top,
south and east, respectively.

DISCUSSION OF RESULTS
The results from the different sites reveal some similarities. Most important for us
is the fact that all results agree well with independently determined permeability values at comparable scales. Thus, the magnitudes obtained can be considered highly
reasonable. Results previously obtained by (Shapiro et al., 1998, 1999a,b) with the
old method are confirmed by computations with the new algorithm. Only at Fenton
Hill, the new minimum component is slightly smaller due to reason discussed below.
Moreover, the orientations of the tensors coincide with stress and fracture orientations
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found at the respective sites except at the Fenton Hill site. Here, the information on
stress and fracture orientations do not suffice to be able to compare them to our results.
However, the notion of the 'comple x fracture system' (House, 1987) can be interpreted
as a confirmation of our round ellipsoid where the difference between the maximum
and the minimum component is merely 3 to 1. That means there is only a weakly pronounced preferential direction of fluid flow. This situation is very likely in a complex
fracture system. At the other two sites fluid flow will be most distinct in direction of
the dominating fracture system.
The figures 1, 4 and 6 of the envelope ellipsoids together with the cloud of events
in the scaled coordinate system allow to judge the quality of the fit of the ellipsoids to
the clouds. Especially at Soultz (figure 1), the fit is very good. Only in east view one
can see a certain misfit that leads to a smaller dip angle for the maximum component.
So, instead of 74 the dip is rather 80 or more. At Fenton Hill (figure 6) the north view
shows that the magnitude of the smallest component striking roughly EW was a little
(factor 2 to 3) overestimated. Also slightly overestimated might be the entire ellipsoid
at the KTB site (figure 4) although – due to the few events – this is rather speculative.
The proportions of the three components, however, look right. Secondly, we observe
that this way of presenting the results gives some impression of irregularities. Figure
6 from Fenton Hill, e.g., reveals differences in the extension of the cloud southward
and northward from the center and also eastward and westward. Once more, heterogeneities might be the reason for that. The same consideration applies to figure 1 from
Soultz were upward and downward extension differ a little. Generally, we conclude
that the plain numbers of the tensors and the orientations represent a reasonable result.
However, considering the scaled cloud together with the semi-transparent ellipsoid
adds some qualitative information which might improve the interpretation.





Another illustration facilitates the understanding of the results as well as of the
method. Figures 3, 5 and 8 visualize the permeability tensor. The ellipsoid corresponding to the latter is plotted in the Cartesian coordinate system together with the
cloud of events. Thus, one obtains a good impression of the proportions of the tensor components as well as of their orientations. This simplifies the interpretation of
possible fluid paths. Moreover, the display shows that the shape of the cloud in the
Cartesian system does not coincide with the tensor orientation because it is not relevant for determining the tensor. The estimation of the tensor is exclusively dependent
on the shape of the cloud in the scaled coordinate system (see also (Shapiro et al.,
submitted 2000)).

CONCLUSION
We have implemented a new, alternative algorithm to estimate the permeability tensor.
Running time is short – between 10 and 20 minutes – and the whole procedure is rather
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straightforward. The new approach was tested on various data sets with different characteristics and proved to produce very reasonable results. Along with the visualization
of the tensors as ellipsoids in goCad the method represents a quite powerful tool for
estimating fluid flow paths and transport capacities. Thus, it complements the SBRC
method very well.
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A weak fluctuation approximation of the primaries in
typical realizations of wavefields in random media

Tobias M. Müller, Serge A. Shapiro and Christof Sick1
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ABSTRACT
We construct the complex, ensemble averaged wavenumber of an initially plane wave
propagating in 2-D and 3-D weakly heterogeneous random media. The validity range
of this complex wavenumber has practically no restrictions in the frequency domain.
Its real part is related to the phase velocity dispersion, whereas its imaginary part
denotes scattering attenuation. These logarithmic wavefield attributes, obtained by
combination of the Rytov approximation and the causality principle, are self-averaged
quantities and allow to describe any typical, single realization of the wavefield. Typical wavefield realizations or seismograms are those that are nearly identical to the
most probable realization. We verify the analytical results with help of finite-difference
simulations in 2-D elastic random media. A statistical analysis of the simulated wavefield shows how typical realizations of seismograms can be identified. The method
agrees well with numerical results.

INTRODUCTION
In seismics and rock physics the measured seismograms usually consist of the
so-called primary wavefield followed by the coda. The primary wavefield is the
wavefield in the vicinity of the first arrivals. Performing an average over all possible
realizations of disorder one obtains the so-called coherent wave (for a recent review
see Tourin et al., 2000). The coda is the long complex tail of the seismograms and
contains multiple scattering contributions (Sato and Fehler, 1998).
Within the weak wavefield fluctuation regime there exist several approaches to
quantify scattering attenuation. They include the meanfield theory based on the Born
approximation yielding an estimator of the coherent wavefield (Keller, 1964). That the
meanfield theory is not adequate to describe scattering attenuation is well-known (Wu,
1
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1982). There is also the so-called traveltime-corrected meanfield formalism which
is successfully applied to interpret attenuation measurements in seismology (Sato
and Fehler, 1998). The traveltime-corrected meanfield formalism however is based
on heuristic assumptions. Stronger wavefield fluctuations visible through a longer
and more complex coda indicate that the process of multiple scattering becomes
important. Then the radiative transfer theory and the diffusion approximation are
adequate concepts to describe averaged wavefields . In addition numerous numerical
studies characterized the scattering attenuation in heterogenous structures (e.g.
Frankel and Clayton, 1986).

Several pulse propagation theories for random media already appeared in the
literature. Wenzel (1975) describes the propagation of coherent transients with perturbation theory. Beltzer (1989) investigated the pulse propagation in heterogeneous
media based on the causality principle. The above mentioned wavefield approximations describe the wavefield for an ensemble of medium' s realizations. This is because
ensemble averaged wavefield attributes are used. However, in geophysics only one
realization of the heterogenous medium exists. Then the ensemble averaged wavefield
attribute does only represent the measured one provided that it is a self-averaged
wavefield attribute (Gredeskul and Freilikher, 1990). That is to say it becomes
averaged while propagating inside the random medium.

A pulse propagation theory valid for single realizations of 2-D and 3-D random
media is not available. In the case of 1-D random media such a wavefield description
is known as the generalized O'Doherty-Anste y (ODA) formalism (Shapiro and
Hubral, 1999). It is a suitable wavefield description of the primary wavefield, i.e.,
the wavefield in the vicinity of the first arrival. There are also recent efforts to
generalize the ODA theory for so-called locally layered media, i.e., media with
layered microstructure but a 3-D heterogeneous macroscopic background (Solna and
Papanicolaou, 2000).

The purpose of this study is to present a method that allows to describe pulse propagation in single realizations of 2-D and 3-D random media. It is based on ensembleaveraged, logarithmic wavefield attributes derived in the Rytov approximation which
is only valid in the weak wavefield fluctuation regime. Müller and Shapiro (2000)
numerically showed the partial self-averaging of logarithmic wavefield attributes and
constructed the medium' s Green function for an incident plane wave. Here, we follow the same strategy, however using logarithmic wavefield attributes that additionally
fulfill the Kramers-Kronig relations and are valid in a very broad frequency range.
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THEORY
Rytov transformation and the generalized O'Doherty-Anstey theory
The basic mathematical model for scalar wave propagation in heterogeneous media is
the wave equation with random coefficients. In the following, we look for a solution
of the acoustic wave equation
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where ä denotes the propagation velocity in a homogeneous reference medium. The
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We consider now a time-harmonic plane wave propagating in a 2-D and 3-D random medium and describe the wavefield inside the random medium with help of the
Rytov transformation, using the complex exponent  üÁºN® , where the real part
represents the fluctuations of the logarithm of the amplitude and the imaginary part ®
represents phase fluctuations. Omitting the time dependence åjæÄçèF¬´ºét= , we write
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where ä  läåjæÄçèº7® äj is the wavefield in the homogeneous reference medium
(W )  Î ) with the amplitude ´ä and the unwrapped phase ® ä . To be more specific, we assume that the initially plane wave propagates vertically along the z-axis.
Equation (7) can then be written
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where we introduced the complex wavenumber
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with and denoting the phase increment and attenuation coefficient, respectively.
is the travel-distance and
denote the transverse coordinates relative to the z-axis.
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¤

For 1-D random media, Shapiro & Hubral (1999) approximated the transmitted
wavefield with help of a second-order Rytov approximation. An essential property of
their wavefield description is its property to describe the wavefield in a single realization of the random medium. That is to say, it is an approximation of non-averaged
wavefields. This is possible due to the use of self-averaged wavefield attributes. The
latter are quantities that assume their ensemble averaged values when propagating in
a single realization of the random medium. Shapiro & Hubral indeed showed the selfaveraging of the phase increment and the attenuation coefficient. This strategy leads to
the generalized O'Doherty-Anste y theory. Now we adopt this strategy for the case of
2-D and 3-D random media. By analogy with the generalized ODA formalism in the
1-D case, we use the wavefield approximation in 2-D and 3-D:
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Note that equation (7) is expected to describe the (primary) wavefield in single realizations of random media, since its lefthand side is not subjected to statistical averaging.
The righthand side contains however the ensemble averaged wavefield attributes
and
. To keep equation (7) physically true, we require self-averaging of the quantities and . In the following we consider the approximations and properties of the
logarithmic wavefield attributes
and N® . The self-averaging of and we show
in section (2.3).
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Approximations for the logarithmic wavefield attributes
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We derive now tractable approximations for the wavefield attributes
and N® in
the weak wavefield fluctuation regime. To do so we note that the wavefield can be

where
separated into a coherent and fluctuating (incoherent) part: ·
denotes the ensemble averaged wavefield. A measure of the wavefield fluctuations is
the ratio
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is set to unity) if we ignore backscattering. ³ Â  ó°^0 ó Ò is the coherent intensity.
u
The range of weak fluctuation is defined by  ÒY]Z Ì and means that the coherent
intensity is of the order of the total intensity. As shown in Shapiro et al. (1996), these
assumptions lead to
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These are useful relations since all quantities on the righthand side can be obtained in
the Rytov- and Bourret approximation. Explicit expressions for 'Ò  °Ò Æ® in 2-D
and 3-D media can be found in Shapiro et al. (1996) and Shapiro & Kneib (1993).

 ¼¼  ¼¿ u

It is the purpose of this section to construct logarithmic wavefield attributes which
satisfy the Kramers-Kronig relationship. That means the primary wavefield in random
media obeys the causality principle. For a comprehensive review of this topic we refer
to Beltzer (1989). The Kramers-Kronig equations allow to reconstruct the attenuation
from the dispersion behavior and vice versa since both quantities are related by a pair of
Hilbert transforms. To this end it is sufficient to derive a Kramers-Kronig relationship
for the complex wavenumber À¯ é  of the plane wave response. For our purpose it
is expedient to use the formulation of the Kramers-Kronig relationship of Weaver and
Pao (1981):
(11)
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In the following weÁ derive the scattering attenuation coefficient by applying equation
{

(12) to the phase increment. Let's begin with the Rytov part of the phase increment
which is in 3-D random media given by equation (10) in Müller & Shapiro (2000).
Inserting that into equation (12) we get after integration
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Thus the Rytov parts of equations (9) and (10) are related by the Kramers-Kronig
relationship. Now the questions arises, what does happen with the Bourret part of
equation (10), namely ® , when subjected to the Kramers-Kronig relation? We show
that this results in an additional term
. To do so, we note that the phase increment
resulting from the Bourret approximation can be written
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Inserting equation (14) into equation (12) and performing the integrations we obtain
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Using the relation between correlation function and fluctuation spectrum (see e.g. Rytov et al., 1987), equation (15) becomes
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To summarize, we derived two pairs of wavefield attributes,
and
?® ¬¿® ä , each of them related by (12). Therefore, the causality principle
suggests to use the following logarithmic wavefield attributes in 2-D as well as 3-D
random media.
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Note that we used in equations (13)-(16) the 3-D wavefield attributes and that equations
(17) and (18) are also valid for 2-D random media if we skip in the integral over
and divide by .
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Self-averaging of the logarithmic wavefield attributes
A self-averaged quantity tends to its mathematical expectation value provided that
the wave has covered a sufficient large distance inside the medium. For 2-D and 3-D
random media, we show that the attenuation coefficient and the phase increment
in the above discussed approximations tend to their expectation values for increasing
travel-distances. In analogy to the 1-D case, we compute the relative standard deviations of the attenuation coefficient and phase increment. Using synthetic wavefield
registrations of finite-difference simulations (see section 3.1) we compute the relative
standard deviation of the attenuation coefficient for several travel distances. Fig. (1)
displays the numerically determined  éä« as a function of for 6 simulations
(éä is the center-frequency of the input wavelet, see also section 3.1). Instead
of considering the relative phase increment fluctuations, we compute the relative
traveltime fluctuations. This is an estimate of  since  Wéä . Again we observe
the decrease of the relative standard deviation with increasing travel-distance (Fig. 2).
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It is clear that within the validity range of the Rytov approximation (that implies
for finite travel-distances) only a partial self-averaging can be reached. That is to
say the probability densities of the wavefield attributes have not yet converged to a
-function what would indicate that the quantities are not any more random. Therefore, it is expedient to look for the probability density of the logarithmic wavefield
attributes and to introduce the concept of typical realizations of a stochastic process.
Typical realizations are defined to be close to the most probable realization which
is defined by the maximum of the probability density function (Lifshits et al., 1988,
and Gredeskul and Freilikher, 1990). Now, the partial self-averaging means that we
deal with wavefield realizations that are most likely to occur and therefore are typical
realizations.
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It can be theoretically and experimentally shown that and ® are normally distributed random variables (see chapter (2.5) of Rytov et al., 1987). If is described
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by the probability density èÊl
(where and are the mean and
Ç ì Å Å
Ò
standard deviation, respectively ), then we might expect that the Rytov transformation
yields log-normal distributed wavefield amplitudes. Indeed, in section (4.2) we will
numerically confirm the log-normal probability density of the wavefield amplitudes:
Ò . With the above criterion, it is possible to find the typical
èÊ 
Ç ì Å
Å
realizations Ò from numerical experiments by constructing the probability density functions and to compare them with the discussed wavefield attributes. The identification
of typical seismograms is explained in section (3.2).
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Figure 1: The relative standard deviations of the attenuation coefficient for a 2-D exponentially correlated random medium evaluated. For all investigated ratios of
and standard deviations we can observe a decrease of the relative standard deviations
with increasing travel-distances.
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Acoustic and elastic Green's function for random media
Now, we show how finite-bandwidth pulses evolve in time when propagating in random media. In order to construct the Green's function we have to combine the results
for the ensemble-averaged log-amplitude and phase fluctuations obtained in equations
(17) and (18). Finally, by integration over the whole range of frequencies we obtain
the time-dependent transmission response due to the initial plane wave:
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That is what we call the Green's function for random media. It is now possible to
describe seismic pulses as

where
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is the Fourier transform of the input signal

ø

(20)
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In order to obtain explicit analytical results for the Green's function in the time domain (that is to evaluate the integral in equation (19)), we have to introduce some simplifications. To do so, we study the behavior of equations (17) and (18) in the Fraunhofer approximation. The latter is characterized by a large wave parameter
so
that the mean of phase fluctuations can be neglected. The Fraunhofer approximation
becomes valid for large travel-distance . From the behavior of scattering attenuation, it turns out that for large travel-distances only the low-frequency components of

but also
the transmitted pulse survive. Thus, with increasing not only
effectively increases. Therefore, equation (19) can be reduced to:
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Figure 2: The relative standard deviations of the phase increment for a 2-D exponentially correlated random medium.
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where  is given by
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Evaluating then the integral in (21) yields a Gaussian pulse (in 2-D as well as in 3-D).
(23)

ã,+  Ú Ý- æ/ . á and 
. It is interesting to note that the
à
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of the pulse in 2-D and ê 3-D is also obtained for 1-D random media
ø
ø
(compare with equation (7.8) in Shapiro and Hubral, 1999).
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A wavefield description in elastic media should be based on the elastodynamic
wave equation. Gold (1997) discussed the generalizations of the Rytov as well as the
Bourret approximations to elastic media. Under the assumption of weak wavefield
fluctuations, the propagation of elastic waves shows the same behavior as acoustic
waves. The Rytov approximation for elastic P and S-waves yields for the complex
exponent 8 in 2-D and 3-D random media the following equation:

Ü
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where
wavenumbers, respectively. Gold et al. (2000) applied the Bourret approximation in
the Dyson equation in order to obtain the coherent Green's function in isotropic elastic
random media. From this consideration the coherent phase L % is obtained and can be
used for equation (10).

NUMERICAL EXPERIMENTS
FD-modeling in elastic random media
Now let us compare the analytical Green's function with finite-difference simulation
results for wave propagation in 2-D elastic (isotropic) random media with an exponential correlation function of the velocity fluctuations. For the numerical computation of
the wavefield we use the so-called rotated-staggered grid finite-difference scheme for
the elastodynamic wave equation (Saenger et al., 2000).
We simulate a plane wave propagating from the top down to a certain depth (zdirection) in a single random medium realization. The background medium is characON4P$P$P
P
QSR m/s
terized by a P-wave velocity of M >
m/s, a S-wave velocity of M ?

ã

ã ä
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R g VUXW . In the actual FD-model the random medium is emand a density of T
bedded in a constant background medium with the properties defined above.
For the
+

Y
modeling we need instead of velocities the stiffness tensor components
+ZYZ
+ M T and

M ? T and density. For simplicity, only the stiffness tensor component Y exhibits
exponentially correlated fluctuations. We simulate a line-source exhibiting only a zcomponent. The wavelet is the second derivative of a Ricker-wavelet with a dominant
frequency of about 75 Hz (this corresponds to a wavelength of 40 m for the P-wave).
The wavefield is recorded by several receiver lines (where each line consists of 146
receivers) which are placed at several depths positions such that the mean propagation
direction of the plane wave and the receiver lines are perpendicular.

ã

ã

Pulse propagation in random media
The here presented theory of pulse propagation depends very much on the ratio of
wavelength and correlation length
. Therefore we have to consider three scenarios,
namely
and `_ . We choose in all simulations
the same input-wavelet
,-S\
P [ , ^]
,
=
(
m) and vary the correlation lengths (
) The
strength of the medium fluctuations determines the spatial range of weak wavefield
fluctuations, where our theory is expected to work. Reported standard deviations
bN^J PSc
of the velocity in reservoir geophysics are a G
. We simulate the wave
propagation in random media with 8% of standard deviation.
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Each gray 'background' in the left-sided column of Fig. (4) consists of 50 traces
(the z-component of the wavefield) recorded on a common travel-distance gather at
the corresponding depths 24, 224, 424, 624 and 824 m. From the uppermost to the
lowermost seismograms in Fig. (4) we clearly observe that the amplitude as well as
traveltime fluctuations of traces – recorded at the same depths – increase with increasing travel-distances. This is physically reasonable since for larger travel-distances
there are more interactions (scattering events) between wavefield and heterogeneities
resulting in a more complex wavefield and consequently in more variable waveforms
along the transverse distance relative to the main propagation direction. Finally, the
thicker black curve denotes the result of convolving the analytically computed Green's
function with the input-wavelet w(t).
Our wavefield description is based upon self-averaged quantities and should be
able to describe the most probable primary as well as be a good approximation for
primaries in typical seismograms. That is to say, we should look for the probability
densities and find those seismograms whose wavefield attributes coincide with the
maxima of the probability densities. To numerically demonstrate this, we have to
compute the joint probability density function of the first arrival amplitudes and phases
(traveltimes). Assuming statistical independence of amplitude and traveltime fluc-
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Figure 3: The contour plots show the reconstructed joint probability densities for several travel-distances.
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tuations, we can write the
f
f
 joint probability density f as f
A robust estimate of f
and f
from the simulated data can be obtained
by the maximum-likelihood method. The contour plots in Fig. (3) display the joint
probability function for the travel-distances
24, 224, 424, 624 and 824 m. On
the other hand, the diamonds in Fig. (3) denote the amplitude and traveltime values
as predicted by our wavefield description. The filled diamonds refer to the aforesaid
travel-distances. We observe that for all travel-distances these points coincide well
with the maxima of the joint probability densities.

à ã

Now, the grey seismograms in right-sided columns of Fig. (4) are selected in such
a way that their amplitudes and traveltimes are typical ones (i.e., situated in the vicinity of the most probable amplitudes and traveltimes according to the maxima of the
2-D probability density functions in Fig. (3)). That is what we call typical seismograms. Of course, there are various seismograms which could be selected in this fashion (10% of the seismograms displayed on the left side). The black curves in Fig.
(4) (right columns) denote the theoretically predicted wavefield based on the Green's
function. We observe an good agreement between theory and experiment for the primary arrivals. Comparing left and right plots in Fig. (4) clearly demonstrates that the
analytical curves give estimates of the primary wavefields for typical single traces. To
summarize, with help of a statistical analysis of the recorded wavefields we can verify
our theoretical results. No matter if g_
or g[ , the our method is able to predict
the wavefield around the primary arrivals.

Ù QÛ
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CONCLUSIONS
We construct the complex, ensemble averaged wavenumber of an initially plane wave
propagating in 2-D and 3-D weakly heterogeneous random media. These logarithmic wavefield attributes, obtained by combination of the Rytov approximation and
the causality principle, are self-averaged quantities and allow to describe any typical,
single realization of the wavefield. Typical wavefield realizations or seismograms are
those that are nearly identical to the most probable realization. This approach describes the wavefield in the vicinity of the primary arrivals. The analytical results are
confirmed with help of finite-difference simulations in 2-D elastic random media. A
statistical analysis of the simulated wavefield shows how typical realizations of seismograms can be identified. The proposed method agrees well with numerical results.
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A new model of scattering attenuation: theory and
application
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ABSTRACT
We derive a scattering attenuation model based on the statistical wave propagation
theory in random media. This new description of scattering attenuation additionally
obeys the causality principle. It practically has no restriction in the frequency domain.
The presented formulas allow to quantify scattering attenuation in complex geological
regions using simple statistical estimates from well-log data. This knowledge is important for further petrophysical interpretations of reservoir rocks. This description of
scattering attenuation can be also helpful in order to design and to improve monitoring systems.
Furthermore, we apply this model to measured Q-values at the German KTB-site and
find that scattering attenuation plays an important role in the upper crust in this area.
This is not confirm with previous studies that suggest absorption mechanisms as the
main reason for attenuation.

INTRODUCTION
Fundamental signatures of seismic waves in rocks are the attenuation and the
dispersion. It is of great importance for the interpretation of seismic data to quantify
the magnitude as well as the frequency dependence of attenuation. The knowledge
of attenuation is needed for a correct estimation of the magnitude of reflection
coefficients. From a practical point of view, there are however serious problems
connected with the determination of attenuation (Bourbié et al., 1987). One of them
is the fact that, in general, attenuation is not only caused by absorption, i.e. due to
viscoelastic effects (anelasticity, presence of fluids) but also due to the heterogenous
composition of rocks and reservoirs on many length scales. A further difficulty is
the frequency dependence of attenuation measurements. That is why laboratory
experiments cannot easily be compared with field measurements.
1
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It is well-known that inhomogeneities of any scale affect the seismic wavefield
and characteristics of scattering attenuation and dispersion are observed like e.g. the
decrease of seismogram amplitudes with increasing travel-distance and the broadening
of seismic pulses. In contrast to attenuation by absorption (sometimes called intrinsic
attenuation), where the energy of the wavefield is transferred into heat, scattering
attenuation means a spatial re-distribution of wavefield energy. So that at a certain
recording position only a part of the wavefield energy can be received within a certain
time interval. The signals seem apparently damped (apparent attenuation).
Usually the attenuation of seismic wavefields are characterized with help of the
quality factor h (see Bourbié et al., 1987, for a detailed exposition of the quality factor
concept). In general, Q-values inferred from seismic data sets include both kinds of
attenuation. In many studies it is assumed that the total reciprocal quality factor can
be obtained by superposition of the reciprocal quality factors connected with a certain
attenuation mechanism. There are also some efforts to separate the intrinsic part from
the scattering attenuation part. This is, however, no easy task, especially in reservoir
geophysics, because a priori it is not known which absorption mechanisms are present
nor how the geometrical composition of rocks looks like.
Deterministic approaches are not suitable to describe the complex structures of
reservoirs. In contrast to this, stochastic models provide an interesting alternative
and are ideally used complementary with deterministic (macro-) models. Analytical
results are obtained within framework of wave propagation theory in random media.
Theoretical methods developed in order to quantify scattering attenuation include the
meanfield theory using the Born approximation or the traveltime-corrected meanfield
formalism (for an overview see Sato and Fehler, 1998). The meanfield theory overestimates the scattering attenuation. The traveltime-corrected meanfield formalism
excludes large wavenumbers so that scattering on large-scale heterogeneities is not
taken into account. It requires a heuristically chosen cut-off wavenumber (or a
scattering angle) which can be only determined by numerical tests.
It is the purpose of this study to derive a model of scattering attenuation that is
applicable in connection with standard methods in reservoir geophysics. Based on the
Rytov approximation and the causality principle, we present tractable expressions for
scattering h in 2-D and 3-D random media (see Müller et al., 2000).
In the second part of this paper we apply this new model to the KTB area, where
statistical estimates from the boreholes are used in order to quantify the amount of
scattering attenuation. In contrast to previous studies, where the scattering attenuation
estimate of the traveltime-corrected meanfield formalism was found to be insignificant
(e.g. Holliger, 1997), we show that the measured h -values can be explained to a
considerable amount due to scattering on upper-crustal heterogeneities.
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THEORY
Scattering attenuation and dispersion in random media
Based on the Rytov approximation and the causality principle, we give a description
of scattering attenuation for plane and spherical waves propagating in 2-D and 3-D
weakly heterogenous elastic solids. Shapiro et al. (1996) derived analytical expressions for the phase velocity in random media which is practically valid for all frequencies. Applying the Kramers-Kronig relationship (which follows from the causality,
passivity and linearity of the medium) to the results for the phase velocity, we calculate the attenuation (for a detailed derivation see Müller et al., 2000). For plane wave
propagation in 3-D we obtain
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In the case of a point source excitation in 3-D we find by an analogical treatment

 =:9 i
 

ñô

åæ Yÿ ç è m =:9*Ý  á
Ý æ | å   á zÝ  á
npo Ý  J ø å ÿ ê áJ U q


]



q!st

Ý æ | å   á WÝ  á õ
v

(3)



Here the functions and denote the Fresnel cosine and sine integrals, respectively.
Note, however, that in a strict sense the Kramers-Kronig relations can be only applied
to the wavenumber of a plane wave. A rigorous derivation of equation (3) should be
based on a plane wave decomposition of the used (point source) wavefield attributes
This work is still going on.
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random media according to the generalized O'Doherty-Anste y formalism of Shapiro

and Hubral (1999). The reciprocal quality factor in Fig. (2) is normalized by 6 a .
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Figure 1: Phase velocity normalized by the background velocity as a function of {
for Gaussian and exponentially correlated random media in 1-D, 2-D and 3-D .
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APPLICATION
Attenuation measurements at the KTB-site
Within the framework of the KTB (the German continental deep drilling project) a
new insight in the structure of the continental crust was obtained. The KTB-site is
located in Southeast Germany and consists of two super-deep boreholes. The rocks
are of crystalline type (for a thorough review of this project we refer to Harjes et al.
1997). Several techniques (including analysis of VSP-Data and lab measurements)
have been applied in order to estimate the attenuation (see also Pujol et al, 1998).
Figure (3) displays the measured values in the frequency range from 5 to 85Hz and
indicates the corresponding references and depth intervals. In summary, all studies
P4P
show surprisingly low h -values ( h [
P$P P$P$P ). Note that reported h -values of the
Lithosphere are of the order h
(see e.g. Figure 5.2 in Sato and Fehler,
1998).
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Figure 2: The reciprocal quality factor h
as a function of { for Gaussian
and exponentially correlated random media in 1-D, 2-D and 3-D.

In order to interpret these low h -values several attenuation mechanisms have been
assumed to play a major role at the KTB-site. Lüschen et al. (1996) argued that lithology contrasts do not cause strong reflections (so that scattering attenuation is small?).
Strong reflections are connected with fluid-filled fracture systems. Pujol et al. (1998)
argued that scattering due to thin layering is not a dominant effect of attenuation. Holliger (1997) used the single scattering model in 2-D in order to estimate upper crustal
scattering h -values ranging between 600 and 1500 and concluded that the attenuation
is dominated by absorption rather than by scattering.

Application of the new scattering attenuation model
We study whether the relatively low h -values can be explained due to scattering.
That is to say, we apply the scattering attenuation model as derived in the previous
section to the KTB-site. Fortunately, a statistical analysis of the well-log (Vp, Vs and
density logs) and VSP data yielding estimates of characteristic sizes of heterogeneities
(correlation lengths { ) and contrasts (relative standard deviations a of the background
+
P-wave velocity ) have been already performed. The results are briefly summarized
in the following table:
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Statistical parameter estimates from log-data at the KTB-site
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Moreover, Jones and Holliger (1997) investigate the inter-log coherence and find
no significant correlation between the sonic logs from the pilot and main hole, which
are located 200m apart. They conclude that the lateral correlation length is smaller than
200m and is approximately the same as the vertical correlation length. These studies

Measured Q-values at the KTB site
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Figure 3: Measured Q values at the KTB-site and the corresponding reference.
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justify the assumption that the upper crust heterogeneities can be well characterized
as a realization of an isotropic random medium using spatial correlation functions.
This assumption has been made not only for the KTB-site but also for many regions.
Especially the fractal-like character of upper crustal heterogeneities may be accommodated by the use of a von Karman correlation function (see Sato and Fehler, 1998).
Accordingly, we choose a von Karman correlation function which is additionally characterized by the so-called Hurst coefficient . Its fluctuation spectrum in 3-D is given
by

i  =NM

`Ý âá ã æ

 =:9 

ã ä|å

Z a
PO M

Ý á Ýä
{

Ý



ä õ  R áá Q ð1PO Z õ


(4)

{

æ

For
one obtains an exponential correlation function. Note that equation (4)
=
differs from somewhere used definitions of the fluctuation spectrum (factor Q
due to
different definition of the Fourier transform).
As the Q-measurements result from VSP-data we must further make sure that
the weak scattering regime, where our scattering model is valid, is a reasonable
assumption. The scattering regime is characterized by 3 parameters, namely the
}|
dimensionless wavenumber { , the normalized travel-distance
{ and the strength
of the velocity perturbations (i.e., the relative standard deviation a ). Kneib
N$P4o  (1995)
shows that the relevant frequencies in the VSP experiment (R
) and the
P
inferred correlation length lead to { _
}|
-SP$P d . Taking into account the geometry of
R
the experiment one obtains
. Together with the estimated relative
c {
standard deviations (a [ S ), we conclude that the weak scattering assumption
is fully justified. The regime, where the wavefield fluctuations become saturated,
is not realizable within the given VSP experiment (this becomes intuitively clear
when looking at the VSP seismograms like in Figure 17 of Kneib (1995), where the
wavefield amplitudes after the first arrivals are small and the wavefront is not strongly
distorted).
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We compute next the quality factor as a function of frequency for waves excited
by a point source in 3-D using formulas (3) and (4) The impact of the parameters
Hurst coefficient, standard deviation, correlation length and travel-distance are studied
(Fig. (4)). The parameters are chosen according to the inferred values from the well
P
P
R for fixed values
log analysis. First we let vary the Hurst coefficient from
e +
N P4e\|T
c
P4e
d R
R R and {
d
of
,
,a G
(upper left-sided plot in
S
Fig. (4)). An increased scattering attenuation can be observed for increasing Hurst
P
R the complete measured attenuation could be explained due
coefficients. If
to scattering attenuation. This value of , however, is according to the statistical
estimates too high.
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Then we study the influence of the relative standard deviation of the velocity
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fluctuations (upper right-sided plot in Fig. (4)), where we use the same fixed values
as above and choose VUXWZY\[ . The relative standard deviation of the velocity fluctuations shows a strong influence on the magnitude of attenuation. For large standard
deviations (]_^`S a ) we observe again that the complete measured attenuation is due
to scattering (this is of course an unrealistic situation and defines an upper bound of ] ).
We are further interested in the dependency on the correlation length (lower
left-sided plot in Fig. (4)). As the estimates from the KTB boreholes suggest, we
consider realistic values of b ranging from 60 to 250m. Finally the lower plot on the
right side of Fig. (4) displays the dependency on the travel-distance.
In summary, Fig. (4) clearly demonstrates that within the given (realistic) parameter ranges, a considerable amount of the attenuation can be explained in terms of scattering attenuation. Moreover, for frequencies higher than 30 Hz, all relevant parameter
combinations yield a quality factor smaller than 100. In contrast to previous interpretations (see above), this indicates that scattering on upper-crustal heterogeneities plays
at least a considerable role at the KTB-site. We do not see a contradiction to the fluidfilled crack systems as a possible source of strong attenuation since there would be
also strong scattering attenuation on these crack systems. Nevertheless, it is clear that
there is strong intrinsic attenuation in this area. Especially for frequencies smaller than
30 Hz, the measured c -values can not be explained in terms of scattering attenuation.
CONCLUSIONS
We derive a scattering attenuation model based on the statistical wave propagation
theory in random media. This new description of scattering attenuation additionally
obeys the causality principle. It has practically no restriction in the frequency domain.
The presented formulas allow to quantify scattering attenuation in complex geological
regions using simple statistical estimates from well-log data. To demonstrate this,
we apply the model to measured Q-values at the KTB-site and find that scattering
attenuation plays an important role in the upper crust in this area.
Estimates of scattering attenuation as derived from our formulas can be important for
further petrophysical interpretations of reservoir rocks. This description of scattering
attenuation can be also helpful in order to design enhanced monitoring systems.
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ABSTRACT
This paper is concerned with a numerical study of effective velocities in two types of
fractured media. We apply the so-called rotated staggered finite difference grid technique. Using this modified grid it is possible to simulate the propagation of elastic
waves in a 2D or 3D medium containing cracks, pores or free surfaces without hardcoded boundary conditions. Therefore it allows an efficient and precise numerical
study of effective velocities in fractured structures. We model the propagation of plane
waves through a set of different randomly cracked media. In these numerical experiments we vary the crack density. The synthetic results are compared with several
theories that predict the effective P- and S-wave velocities in fractured materials. For
randomly distributed and randomly oriented rectilinear intersecting thin dry cracks the
numerical simulations of velocities of P-, SV- and SH-waves are in excellent agreement
with the results of a new critical crack density (CCD) formulation. On the other hand
for randomly distributed rectilinear parallel thin dry cracks three different classical
theories are compared with our numerical results.

INTRODUCTION
The problem of effective elastic properties of fractured solids is of considerable interest for geophysics, for material science, and for solid mechanics. In this paper we
consider the problem of a fractured medium in two dimensions. With this work some
broad generalizations can be elucidated that will help solving problems with more
complicated geometries.
Strong scattering caused by many dry cracks can be treated only by numerical techniques because an analytical solution of the wave equation is not available. So-called
boundary integral methods are well suited to handle such discrete scatterers in a homogeneous embedding. They allow the study of SV-waves (Davis and Knopoff, 1995;
Murai et al., 1995), SH-waves (Dahm and Becker, 1998) and P-waves (Kelner et al.,
1
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1999) in multiple fractured media, but they are restricted to non-intersecting cracks.
Finite difference (FD) methods discretize the wave equation on a grid. They replace
spatial derivatives by FD operators using neighboring points. The wave field is also
discretized in time, and the wave field for the next time step is generally calculated by
using a Taylor expansion. Since the FD approach is based on the wave equation without physical approximations, the method accounts not only for direct waves, primary
reflected waves, and multiply reflected waves, but also for surface waves, head waves,
converted reflected waves, and waves observed in ray-theoretical shadow zones (Kelly
et al., 1976). Additionally, it automatically accounts for the proper relative amplitudes.
Consequently, FD solutions of the wave equation are widely used to study scattering
of waves by heterogeneities (e.g. (Saenger et al., 2000; Saenger and Shapiro, 2000;
Frankel and Clayton, 1986; Kneib and Kerner, 1993; Andrews and Ben-Zion, 1997;
Kusnandi et al., 2000)).
In this paper we present a numerical study of effective velocities of two types of fractured 2D-media. We model the propagation of plane waves through well defined fractured regions. The numerical setup is described in section . Our numerical results for
intersecting and parallel cracks are discussed in section and .

EXPERIMENTAL SETUP
As mentioned above, the rotated staggered FD scheme (Saenger et al., 2000) is a powerful tool for testing theories about fractured media. In order to test these formalisms
we design some numerical elastic models which include a region with a well known
crack density. The cracked region was filled randomly with rectilinear dry cracks. A
typical model contains 1000 d 1910 grid points with an interval of 0.0001m. In the
homogeneous region we set egfhUiZjWTWlknm o , epqU[Trs stknm o and u vwU[ xTWTWzy|{}mk~ .
Table 1 summarizes the relevant parameters of all the models we use for our experiments. For the dry cracks we set efUWknm o , epUWknmTo and u vhUW}W W W}jly|{}mk~
which approximates vacuum. To obtain effective velocities in different models we apply a body force plane source at the top of the model. The plane wave generated in
this way propagates through the fractured medium. With two horizontal lines of 1000
geophones at the top and at the bottom, it is possible to measure the time-delay of the
mean peak amplitude of the plane wave caused by the inhomogeneous region. With
the time-delay one can calculate the effective velocity. The direction of the body force
and the source wavelet (i.e. source time function) can vary to generate two types of
shear (SH- and SV-) waves and one compressional (P-) wave. The source wavelet in
our experiments is always the first derivative of a Gaussian with a dominant frequency
of 50kHz and with a time increment of lUiltjW|o . From the modeling point
of view it is important to note that all computations are performed with second order
spatial FD operators and with a second order time update.

185

No.

crack
density

length
of cracks
[0.0001m]
56
56
56
56
56
56
56
56
56
56
56



1x
2x
3x.1-3x.6
4x
5x.1-5x.6
6x
7x
8p
9p
10p
11p

0.050
0.100
0.200
0.300
0.401
0.601
0.801
0.025
0.050
0.100
0.200

number
of cracks
63
126
252
378
504
756
1007
32
64
128
255

porosity 
of the
crack region
0.0045
0.0091
0.0181
0.0270
0.0360
0.0539
0.0720
0.0018
0.0036
0.0073
0.0145

number
of model
realizations
1
1
6
1
6
1
1
1
1
1
1

Table 1: Crack models for numerical calculations. The models with an x attached to
its number have intersection of cracks. The models with a p attached to its number
have parallel cracks (see Figure 3). Note that 0.0001m is the size of grid spacing and
the size of the crack region is always 1000*1000 grid points.

INTERSECTING CRACKS
Intersecting Cracks
0
0.01
0.02
0.03
width [m]
0.04
0

0.01

0.02
0.03
depth [m]

0.04

Figure 1: Randomly distributed and randomly oriented rectilinear intersecting thin dry
cracks in homogeneous 2D-media. A part of Model 3x.1 is shown.
In this section we consider randomly distributed and randomly oriented rectilinear
intersecting thin dry cracks in 2D-media (see Figure 1). Our goal is to compare the
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numerical results of the present study with the predicted effective velocities of a new
critical crack density (CCD) formalism (Saenger, 2000). The CCD formulation is
valid for 2D (i.e. 3D transversely isotropic) fracturing configurations with intersecting
cracks. We introduce an additional factor into results of a modified self-consistent
theory (described e.g. in (Davis and Knopoff, 1995)) to include the physical behavior
at the critical crack density (similar to the critical porosity described in (Mukerji et al.,
1995)). We propose the following formulae for the effective elastic moduli:
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where is the shear modulus,
is the Young's modulus, is the Poisson's ratio
of the unfractured medium, u is the crack density (as in (Kachanov, 1992)), uÀ is the
critical crack density (can be found
in (Robinson, 1983) for our models), [ » is the
¸
¾
rectilinear length of a crack and is the representative area.
Now, we discuss the numerical results on effective wave velocities. They are depicted
with dots in Figure 2. For comparison, the predictions of the CCD formulation described above are shown in the same Figure with lines. We show the normalized effective velocities for three types of waves. The relative decrease of the effective velocity
for one given crack density is in the following succession: For SH-waves we obtain
the smallest decrease followed by SV-waves. For P-waves it is largest. For each wave
type we perform numerical FD-calculations with different crack densities to obtain the
effective velocity. For these measurements depicted in Figure 2 we use the models
No. 1x,2x,3x.1-3x.6,4x,5x.1-5x.6,6x,7x (see Table 1).
A final result is that our numerical simulations of P-, SV- and SH-wave velocities are
in excellent agreement with the predictions of the CCD formulation.
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Figure 2: Normalized effective velocity versus crack density. Dots: Numerical results
of this study, Lines: Theoretical predictions of the CCD-formulations. The error bar
denotes the standard deviation for different model realizations.
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PARALLEL CRACKS
Parallel Cracks
0
0.01
0.02
0.03
depth [m]
0.04
0

0.01

0.02
0.03
width [m]

0.04

Figure 3: Randomly distributed rectilinear parallel non-intersecting thin dry cracks in
homogeneous 2D-media. A part of Model 11p is shown.
This section considers randomly distributed rectilinear parallel non-intersecting
thin dry cracks in 2D-media (see Figure 3). The paper of Kachanov (1992) discusses
three different theoretical descriptions of effective velocities in such a case. Namely,
they are the “theory for non-interacting cracks (NIC)”, the “modified (or differential)
self-consistent theory (MSC)” and a extension of the modified self-consistent theory
(EMSC) by Sayers and Kachanov (1991). In order to give an overview we present here
Á³
^ for the three theories:
the effective Young's modulus
±
j
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where
is the Young's modulus of the unfractured medium and u is the crack density.
The effective velocities of SV- and P- waves predicted by this three theories for parallel
cracks are plotted in Figure 4 using lines. Our numerical results for parallel cracks can
be seen in the same Figure using dots. Details of the models No. 8p-11p used for
the experiments are displayed in Table 1. We show the calculations for two types of
waves. The relative decrease of the effective velocity for one given crack density is
in the following order: For SV-waves we obtain the smallest decrease followed by Pwaves. The main result of the investigations in this section is the fact, that the three
theories for parallel cracks can only be applied successfully to a dilute crack density.
For large crack densities further research is necessary.
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Figure 4: Normalized effective velocity for parallel cracks versus crack density. Dots:
Numerical results, Lines: Different theoretical predictions.

CONCLUSIONS
We present a new numerical tool to calculate effective velocities in fractured media.
Finite-difference modeling of the elastodynamic wave equation is very fast and accurate. In contrast to a standard staggered grid, high-contrast inclusions do not cause
instability difficulties for our rotated staggered grid. Thus, our numerical modeling
of elastic properties of dry rock skeletons can be considered as an efficient and well
controlled computer experiment.
We propose a heuristic approach called the critical crack density (CCD) formulation.
This formulation introduces the critical crack density into the modified (differential)
self consistent media theory. The CCD formulation predicts effective velocities for
SV-, SH- and P- waves in fractured 2D-media with intersecting rectilinear thin dry
cracks. The numerical results support predictions of this new formulation.
Moreover, we show that different theories for effective velocities for parallel cracks
can only be applied successfully to a dilute crack density.
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A High-Frequency Seismic Experiment to Measure
Seismic Signatures of Fluid Flow In-situ

A. Goertz, A. Kaselow1
keywords: Hydraulic properties, seismic subsurface measurements

ABSTRACT
In May 2000, the HIKALISTO experiment was carried out in and around a gallery system in southern Germany. Named for HIgh-frequency CAlibration measurements in
the LIndauSTOllen, the survey aimed at measuring fine-scaled variations of hydraulic
properties such as porosity, permeability and pore fluid pressure of a well-known hydrothermally overprinted transform fault. Measurements were carried out within and
above a 0.7 km long gallery system which crisscrosses the target fault. The structure
could be sensed with frequencies of up to 5 kHz over a range of up to 100 m. A large
number of sources and receivers ensures a survey geometry similar to a 3D crosshole
experiment.

INTRODUCTION
The Lindau Test Site is located within a granite complex of the southern Black Forest,
Germany (see fig. 1). The target feature of the experiment is a vertically dipping
transform fault, the so-called ore-dyke Herrmann which originated in variscan times
and consists mainly of quartz and barite. Fluorite minerals originally contained in the
ore-dyke have been washed out over time and caused the fault to become a highly
porous and permeable layer. In the course of a hydroelectric project the gallery and
about 200 shallow boreholes were drilled at the site. As the ore dyke was assumed
to lead to leakages below a planned dam, cement was injected into parts of the ore
dyke from the gallery system. The project had never been completed which makes
the existing infrastructure above and below the surface a unique test site available for
research. The location of the ore dyke together with the gallery system and some of
the boreholes is shown in fig. 2. The central part of the gallery system consists of a
triangular test block (see fig. 5) which makes the ore dyke perfectly accessible for highresolution in-situ observations. The test site represents a highly controlled environment
for seismic measurements which enables us to calibrate techniques to deduce hydraulic
1
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properties from the measured seismic signature (e.g. (Batzle and Wang, 1992)). The
subsurface structure is known from numerous borehole cores drilled from the surface
as well as from the gallery. Furthermore, the hydraulic system of the test site is known
from tracer and pumping tests carried out during the last 10 years (e.g. (Himmelsbach,
1993), (Kaselow, 1999)). All boreholes within the gallery system are equipped with
pressure gauges which enables us to monitor the fluid pressure during measurements.

7˚

8˚

Location Map

9˚
Karlsruhe

49˚ 00'

49˚ 00'

Strasbourg

48˚ 30'

Figure 1: Location of the Lindau
test site within the crystalline basement of the southern Black Forest,
Germany.

48˚ 30'

Freiburg

48˚ 00'

48˚ 00'

Lindau Test Site
Basel

47˚ 30'
0
7˚

Sch

war

zen

bac

hV

8˚

47˚ 30'

km

Zurich

50

9˚

alle

y

Boreholes

Hermann
Fault

N

Gallery
Subsurface
Test Site

Scale in [m]
0

50

Subsidiary
Faults

100

Figure 2: Overview of the Lindau Test Site with the ore dyke and the gallery. Also
shown are some of the boreholes which constrain the 3D structure around the test site
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SURVEY DESIGN AND RESOLUTION
The dimension and accessibility of the test site as well as the scale of target properties
imposed a challenge onto the survey design in order to achieve a sufficient resolution
for the anticipated measurements of hydraulic properties.
Resolution at 1.5, 3.0 and 6.0 kHz
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Figure 3: The resolution of a seismic survey is governed by the maximum possible
scattering angle and the frequency of the input signal. Curves are plotted for the least
(1.5 kHz) and the highest expected signal frequency.
Using formulae given in (Yilmaz, 1987) and revisited by (Margrave, 1997), the
size of the smallest resolvable length ÏÑÐ on a reflector can be approximated by
ÏÐÒU

e
«
Ó
sÔÕ×ÖÙØ ¦¥ Ú

(1)

where is a proportionality factor near unity, Ô is the maximum frequency of
Ó
the probing signal, e the velocity at target depth and Ú the maximum scattering angle
recordable with the installed array. The scattering angle itself will depend on the
aperture of the seismic array, the record length and the overburden structure. The
receiver spacing is a crucial parameter as it restricts the maximum resolvable dips
(and therefore scattering angles) due to spatial or operator aliasing caused by a spatial
sampling which is too coarse. Fig. 3 shows the smallest discernible feature depending
on the scattering angle Ú and the frequency according to equation. 1. A more detailed
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discussion of these problems can be found in (Traub, 1999).

Figure 4: Frequency and transmission range of typical survey configurations used in
seismic exploration and non-destructive testing as compared to the anticipated scale of
measurements in the HIKALISTO experiment.
Considering a mean thickness of the ore dyke of about 2 meters, a resolution of
less than 1 meter within a granitic environment of about 5 km/s had to be reached.
This implied high scattering angles as well as frequencies well above 1 kHz. In this
frequency range, limitations are imposed not only by the possible sources and signal
transmission, but also by the recording characteristics of available receivers. This
situation is depicted in fig. 4, where the scale and frequency range of our experiment
is compared with other survey configurations frequently used in exploration and nondestructive testing. Available recording equipment shows a gap in the range between
1 and 10 kHz.
Survey Layout
The seismic measurements consisted of two parts: firstly, a low-frequency (Û 100
Hz) survey at the surface above the gallery involving groups of 6 geophones with an
eigenfrequency of 14 Hz and an airgun-type source. Secondly, a high-frequency survey
(up to 5 kHz) within the gallery, mainly concentrating on the testblock shown in fig. 5.
In order to resolve the ore dyke with a thickness of about 1 - 3 meters within a granitic
host rock, frequencies of up to 5 kHz had to be reached within the gallery. This could
be achieved by a combination of high-frequency receivers including geophones with an
eigenfrequency of 100 Hz and piezo-accelerometers. The geophones are able to record
frequencies up to 3 kHz, whereas the accelerometers are recording in a frequency range
of about 1 kHz to 10 kHz. As sources, detonator caps and a H ILTI bolt gun were used.
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Figure 5: The central part of the test site where the gallery system excises a triangular
test block of about 50 m length.

Figure 6: Overview of the Test site showing the geometry of the geophone spread.
Through installation of receivers at the surface and within the gallery, a threedimensional array of receivers could be realized.
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Altogether, close to 260 shotpoints were covered, recorded by about 220 live channels. Fig. 6 depicts the location of the threedimensional recording array at the surface
as well as within the gallery.
Receiver Characteristics
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Figure 7: Comparison of different receiver characteristics for the type of receivers used
in the experiment. The full frequency range of the input signal can be estimated from
the accelerometer recordings.

FIRST RESULTS
In this section, we will show some data examples from the triangular test block within
the gallery (see fig. 5). Here, all shots were recorded with three arrays: first, a spread
along the parallel drift, consisting of 74 100-Hz-geophones spaced 0.7 m apart, then
a 48-channel hydrophone cable with 0.5 m spacing which was installed in a 80 m
deep water-filled shaft depicted in fig. 5. Shotpoints were shot several times in order
to cover the whole shaft with the borehole cable. A high-frequency array consisting
of 20 accelerometers was installed in the oblique drift where it crosses the ore dyke.
Fig. 5 also depicts the location of some of the shotpoints that are shown in the example
shotgathers below.
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HIKALISTO: Shotpoint T7
sourcetype: Hilti, line: parallel drift, unfiltered
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HIKALISTO: Shotpoint T7
sourcetype: TNT, line: parallel drift, unfiltered
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Figure 8: Comparison between bolt gun (upper) and detonator cap (lower) as sources,
recorded by an array of 100-Hz geophones along the parallel drift. The H ILTI bolt
gun produces considerable S-wave energy in contrast to the explosive (detonator cap)
source.
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sourcetype: Hilti, line: shaft, filter: 1200-1500-5000-6000
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Figure 9: Comparison of different filters for a shot recorded by the hydrophone cable
within the shaft. The unfiltered data (upper figure) show both P- and S-wave energy.
Lowpass filtering (middle figure) enhances S-wave energy, whereas S-wave energy can
be removed by highpass filtering the data (lower figure).
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Differences between the different source types used can be seen in fig. 8. The
H ILTI bolt gun (upper figure) produced a considerable amount of shear wave energy
which can be seen between 12 and 25 ms in the shotgather. The recording of the
detonator cap (lower figure) shows predominantly P-wave energy. Thus, by comparing
the two source types, we are able to distinguish converted wave energy from S-wave
energy created at the source. Both sources produce roughly the same frequency range
(dominant frequency above 2 kHz).
The data show also that the S-wave energy recorded is of considerable lower frequency than the P-wave data. This seems to be a source effect of the H ILTI bolt gun,
but can be used to easily separate the two wavefields. This is demonstrated for a record
of the hydrophone cable in fig. 9. The unfilterd data (upper part) show both P- and Swave energy, whereas the S-wavefield can be enhanced by lowpass filtering the data
(middle). When high-pass filtering the same record (lower part), the S-wavefield can
be eliminated. Arrows on the side point to P- and S-wave reflections of the ore dyke.
Note that the shot (Se1, see fig. 5) was not inline with the cable. Diffraction patterns
that can be seen in the left half of the shot records are produced by a drilling alcove
within the water-filled shaft. Figure 7 illustrates the range of recorded frequencies of
the different types of receivers used in the experiment. 100-Hz-geophones are not able
to record more than 2500 Hz which is a limit imposed by their construction (induction
coil). However, the sources (H ILTI bolt gun as well as detonator caps) produce much
higher frequencies as can be seen in the spectra of the hydrophones (red) and the accelerometers (green). We assume a flat response for the accelerometers up to 10 kHz
(factory specifications). However, when comparing their spectra, one has to take into
account that they were driven by a different recording system with different gain.

OUTLOOK
Preliminary data examples of this experiment show that the anticipated goals of this
experiment could be achieved within a challenging frequency range. Data will be
used for inversion of rock-physical parameters within the well-known ore dyke. We
will test ideas and approaches to invert for hydraulic target properties. This includes
seismic tomography, attenuation studies, detailed AVO studies in the depth domain
and comparison of crack statistics with measures of possible anisotropy within the
ore dyke. Such studies are feasible because the structure and geometry of the target
feature is already well known. Structural uncertainties can thus be ruled out as a cause
for biases in the data. Furthermore, the existing database allows us to test a variety of
effective media approaches over a wide range of frequencies. The amount of detailed
information is unique and enables us to study rock physical properties relevant for 4D
seismic monitoring. In addition, the equipment of the gallery enables us to perform
experiments under controlled transient hydraulic conditions by injection or extraction

200

of groundwater.
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ABSTRACT
To carry out a 3-D prestack migration of the Kirchhoff type is still a task of enormous
computational effort. Its efficiency can be significantly enhanced by employing a fast
traveltime interpolation algorithm. High accuracy can be achieved if second order
spatial derivatives of traveltimes are taken into account to acknowledge the curvature
of the wavefront. We suggest a hyperbolic traveltime interpolation scheme that allows
for the determination of the hyperbolic coefficients directly from traveltimes sampled
on a coarse grid, thus reducing the requirements in data storage. The approach is
closely related to the paraxial ray approximation and corresponds to an extension of
the well-known ÜÝTÞáßàÝ method to arbitrary heterogeneous and complex media in 3-D.
Application to various velocity models including a 3-D version of the Marmousi model
confirms its superiority to the popular trilinear interpolation. This is especially the
case for regions with a strong curvature of the local wavefront. Contrary to trilinear
interpolation our method also provides the possibility to interpolate source positions,
which is a factor 5-6 faster than the calculation of traveltime tables using a fast finite
differences eikonal solver.

INTRODUCTION
Using finite difference eikonal solvers or the wavefront construction method (for an
overview of both, see (Leidenfrost et al., 1999)) traveltime tables can be computed efficiently. This is one foundation for the summation stack along diffraction surfaces for
a Kirchhoff type migration. For a 3-D prestack depth migration, however, tremendous
amounts of traveltimes are needed: fine gridded traveltime maps are required for a vast
number of sources. The need in computational time as well as in data storage can be
significantly reduced by using fast and accurate traveltime interpolation routines such
that only few original traveltime tables must be computed and stored on coarse grids,
whereas fast interpolation is carried out onto the finer migration grid.
In 1982, Ursin introduced a hyperbolic approximation for reflection traveltimes where
1
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the wavefront curvature matrix employed is determined by dynamic ray tracing. A
general second order approximation of traveltimes in seismic systems was established
by (Bortfeld, 1989). His work is based on the paraxial ray approximation and can
be used to interpolate traveltimes for sources and receivers which are located in the
bordering surfaces of the seismic system. (Schleicher et al., 1993) link the Bortfeld
theory to the ray propagator formalism and introduce a hyperbolic variant of paraxial
traveltime interpolation. Both methods are, however, restricted to source and receiver
reference surfaces and require the application of dynamic ray tracing. (Mendes, 2000)
suggests traveltime interpolation using the Dix hyperbolic equation. Since the Dix
equation is only valid for horizontally layered media, this technique is not justified for
other models. (Brokesová, 1996) states the superiority of the paraxial (parabolic) interpolation compared to linear and Fourier (sinc-) interpolation of traveltimes. (Gajewski,
1998) not only finds the hyperbolic variant of paraxial approximation to be far superior
to trilinear interpolation but also introduces a technique to determine the interpolation
coefficients directly from traveltimes, therefore providing a means to avoid dynamic
ray tracing. The algorithm is, however, restricted to horizontal interpolation. Although
the procedure can be repeated for vertical receiver lines this does not allow for data
reduction onto vertical coarse grids.
The method of traveltime interpolation that we present in this paper is neither restricted
to laterally homogeneous media nor to interpolation in reference surfaces respectively
horizontal layers only. We overcome the latter problem by introducing a technique
to compute also coefficients for vertical interpolation. With all properties being determined from traveltimes only our method corresponds to an extension of the well
known Ü Ý Þâß Ý technique to arbitrary heterogeneous media. No dynamic ray tracing
is necessary.
Following the derivation of the parabolic and hyperbolic traveltime expansion in 3-D
we give a detailed description of the implementation of our algorithm. Interpolation
coefficients are determined from coarse gridded traveltimes including coefficients necessary for vertical interpolation. We then demonstrate the quality of our method by
applying it to a variety of velocity models ranging from examples for with analytical
solutions are known to a 3-D extension of the highly complex Marmousi model. We
compare our results for both parabolic and hyperbolic interpolation to trilinear interpolation in accuracy and performance. We also investigate the influence of the size of
the coarse grid spacing and the behaviour in the vicinity of non-smooth zones in the
traveltime data. We summarize the results in the conclusions and give an outlook.

TRAVELTIME EXPANSION
The following considerations are based upon the existence of first order continuous
derivatives for the velocities. For the traveltime fields continuous derivatives of first
and second order are required. Traveltimes that satisfy these conditions can be ex-
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panded into a Taylor series until second degree. Provided that the distance to the
expansion point is small, the Taylor series yields a good approximation for the original
traveltime function. The size of the vicinity describing 'small' distances depends on
the scale of velocity variations in the input model.
For the 3-D case, the Taylor expansion has to be carried out in 6 variables: the 3
ã åçæèäégêä êä¶ëìí and those of the receiver
components of the source position vector äÒ
Ý
ã åïæðîéê×î ê×îëì í . The values of ä ã and î ã in the expansion point are ä¶ã ñ and îã ñ
position î
Ý
with the traveltime ò ñ from ä¶ã ñ to îã ñ . The variations in source and receiver positions óµä ã
and ó¿î ã are such that ä
ã å äã ñõô óµä ã and îz
ã å îã ñNô ó¿î ã . The Taylor expansion for ò æ äã ê îZã ì up
to second order is
ò æ ä ã ê îZã ìöå

æ ì

û
þ äÿô
ò ñ Þ÷øùã ñ óµäÎ
ã ô ²ú ã ñ óqî ã Þµóµä ã í ã óqî ã Þý ü óµä ã í ã ¿
ó ã

with the slowness vectors at ä¶ã ñ and îã ñ
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The second order derivatives are given by the matrices ã , ã and ã with
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Equation (1) describes the parabolic traveltime expansion.
Since we know that diffraction traveltimes can be expressed by hyperbolae rather then
by parabolae (e.g., (Ursin, 1982), (Schleicher et al., 1993)) we will now derive a hyperbolic expression for ò æ ä ã ê îZã ì . Instead of expanding ò æ äã ê îZã ì we expand its square,
ò Ý æ ä ã ê îZã ì , again until second order. Applying the chain rule and the abbreviations (2)
and (3) leads to
û
þ
ý
ò Ý æ ä ã ê îZã ìå æ ò ñ Þøã ñ ó¿äã ô úã ñ ó¿îZã ì Ý ô ò ñ Þ óµä ã í ã ó¿î ã Þó¿ä ã í ã óµä
ã ô óqî ã í ã óqî ã ô Òæ ì
(4)
This equation is the hyperbolic traveltime expansion. The same result (4) can be obtained by squaring equation (1) and neglecting any terms of higher spatial order than
two, corresponding to a Taylor expansion of (1). This approach was used by (Schleicher et al., 1993). Please note that for the derivation of (1) and (4) no assumption on
the model was made. Therefore these expressions not only apply to 3-D heterogeneous
media but even to anisotropic media.
A similar result for reflection traveltimes was presented by (Ursin, 1982) and (Gajewski, 1998). Gajewski considers a CMP-situation with ðä ã å Þ î ã å
as half offset
Ý
coordinate for a laterally homogeneous layered medium. Using the zero offset ray and
ã å Þ þ ã leads to
û
Ý
ò Ý å ò ñ Ý ô ýü ò ñ ã Ý å ò Ý ô
(5)
Ý
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Figure 1: Determination of the coefficients ú²ñ and ã : traveltimes ò ñ from ¶ä ã ñ to î ã ñ ,
ò é from ä¶ã ñ to îã ñ Þµó î and ò from ä¶ã ñ to îã ñ ô ó î are required.
Ý

, -/.10 ?> A@

ý ñû ã
å
The move-out velocity
is a good approximation for the RMS-velocity
ò
of the Dix formula. Therefore our technique can be considered to be an extension of
the well known ÜÝöÞâßàÝ -method to arbitrary 3-D heterogeneous media.

IMPLEMENTATION
Equations (1) and (4) state that for small variations of óµä ã and ó¿î ã traveltimes can
be interpolated with high accuracy if the according coefficient sets are known. This
means that we can not only interpolate in between receivers but also in between
sources. (Ursin, 1982) has presented examples for coefficients determined from
ray tracing. We can, however, use (1) and (4) not only for interpolation but also
for the determination of the coefficients if traveltimes for certain source-receiver
combinations are given. Since we aim for migration such data are available. We will
now demonstrate how to obtain the coefficients from traveltimes sampled on a coarse
grid. Subsequent interpolation onto the required fine grid can then be carried out.
In the following we will refer to cartesian grids for both source and receiver positions.
Sources are located in the - -plane with , and corresponding to the indices
1,2 and 3 of the previous section. To determine the slowness
vectors øã ñ and ú²ã ñ as
û
þã ã
well as the second order derivative matrices , and ã , we need tables containing
traveltimes from the source to each subsurface point for eight neighbouring sources of
the source under consideration at ä¶ã ñ (for a 2D model the number of additional sources
reduces to two). These additional sources are placed on the - -grid with a distance
to the central source that coincides with the coarse grid spacing ó and ó . Please
øã ñ , þ ã and
note
that
the
method
is
not
restricted
to
cubical
grids.
The
components
of
û
ã carrying indices and only are determined directly from the traveltime tables, as
are all elements of úã ñ and ã .

5B

5

5 B

4

5B
5

B

=

To give an example: to compute úñ and ã

CB

== we need only the traveltimes ò ñ , ò é and
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ò as they are shown in Figure 1. We insert ò é and ò into the parabolic expansion (1)
Ý
Ý
respectively. Building the sum and the difference of the resulting expressions yields
the following result:
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For the hyperbolic form we find a similar solution. Inserting ò é , ò and ò ñ into (4) leads
Ý
to
ý
ô é
ú ñÝ
é
ò ñÝ
úñ wå ò Ý Ý Þâò Ý
å ò ÝÝ ý ò Ý Þ
ã
Þ
(7)
ò ñ
ò ñ ó î
ò ñ ó î Ý

=
= D =  9 ==
=

The B - and 4 -components of úã ñ and ã can be found in the same way by varying îE
respectively îF . Varying both î= and îE leads to ã =E ; ã EF and ã F= follow accordingly.
þ
The determination of the 5 - and B -components of ã and øã ñ is straightforward: instead
of varying the receiver ûposition we use different source positions. For the 5G5 -, BHB -, 5 B and B 5 -components of ã both source and receiver positions have to be varied. But this
does not yet give us the 4 -components. Unless we compute also traveltimes for sources
at different depths – which we do not intend to – another approach is needed. At this
point we make use of the eikonal equation to express the 4 -component of the slowness
vector øã ñ as
øñq
F åJI , ü Þ ø ñÝ = Þ ø ñÝ E
(8)
Ý
where , is the velocity at the source, provided that the source lies in the top surface
of the model. Otherwise we have to insert a sign in (8). Since second order
traveltime
û
þã
derivatives are also first order derivatives of slownesses we can rewrite and ã to

 LK  øäH M  û ã  å Þ K  ú/ä OM åLK  ø9î# M
N 
% 
   (9)
If we now substitute øñF in equation (9) by (8) we can compute the second order derivatives of ò with respect to äF and îF from the already known 5 -B -matrix elements and
derivatives of the velocity. Since we assume the velocity field to be smooth, the velocity derivatives can be determined with a second order FD operator on the coarse grid.
þ
þ
þ
To give an example the matrix element ã =OF can be expressed by , , ã == and ã =E as
 , øñ= þ ã == øñE þ ã =E
þ ã =OF å
Þ , ë ü øñF  ä= Þ øñF
Þ øñF
(10)

þ
This expression will not yield a result for ã =OF if øñF equals zero. This case has, however,
no practical relevance for the applications that the û method was developped for. The
þ
derivation of the remaining 4 -components of ã and ã is straightforward.
þ ã ¿å
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Table 1: Median relative errors for the homogeneous velocity model.

PHQ

PHQ

Interpolation: original source: shifted source:
hyperbolic:
10 %
10 %
parabolic:
0.014 %
0.023 %
trilinear:
0.401 %
not available

EXAMPLES
Our first example is a model with constant velocity. We used analytical traveltimes as
input data. Therefore errors are only due to the method itself and possibly roundoff
errors. The example model is a cube of 101 101 101 grid points with 10m grid
spacing. The source is centered in the top surface. Input traveltimes were given
on a cubical 100m coarse grid. The distances in source position were also 100m
in either direction. Coefficients were computed for both hyperbolic and parabolic
variants. For each variant interpolation onto a 10m fine grid was carried out twice:
for the original source position and for a source shifted by 50m in and . Both
were compared to analytic data. The resulting relative traveltime errors are displayed
in Figure 2. They are summarized in Table 1 together with results for a trilinear
interpolation using the 100m coarse grid traveltimes as input data. A layer of 50m
depth under the source was excluded from the statistics. We find the hyperbolic interpolation superior to the parabolic variant. Both exceed the trilinear interpolation by far.

R R

5

B

We use median errors, not mean errors. This is due to the stability of the median
concerning outliers. Therefore, the median error is a more reliable value compared to
the mean error.
The second model is again an example whereé the analytical solution is known. It has
a constant velocity gradient of
=0.5s and the velocity at the source is 3km/s.
The source positions and dimensions are the same as in the first example. The results
are shown in Figure 3 and in Table 2. As before, a layer of 50m depth under the source
was excluded from the statistics. Again we find the hyperbolic results better than the
parabolic ones and both far superior to trilinear interpolation. The difference in quality
between hyperbolic and parabolic interpolation is less than for the constant velocity
model. The reason is that for a homogeneous medium the hyperbolic approximation
is equal to the analytic result.

,@4

P

The constant velocity gradient model was also used to investigate the influence
of the coarse grid spacing on the accuracy. Traveltime interpolation was carried out
for coarse grid spacings ranging from 20 to 100m using hyperbolic, parabolic and
trilinear interpolation. The fine grid spacing remained fixed at 10m. The resulting
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Figure 2: Relative traveltime errors for a homogeneous velocity model. Top: errors
using the hyperbolic interpolation if only receivers are interpolated (left) and for both
source and receiver interpolation (right). Isochrones are given in seconds. Bottom: the
same as above but using the parabolic variant. The relative errors near the source appear exaggerated because there the traveltimes are very small. Please note the different
error scales.

errors are displayed in Figure 4. We find the same quality relation between the three
interpolation schemes as before and, as expected, the accuracy increasing for smaller
coarse to fine grid ratio.
The reason for the much higher accuracy of the parabolic and hyperbolic interpolation is obviously that trilinear interpolation neglects the wavefront curvature.
Unlike in the previous examples this is not only a problem in the near-source region
but anywhere where we find locally higher wavefront curvatures. This is especially
very common for more complex velocity models, which we consider in the following.
We now apply our method to a 3-D extension of the Marmousi model (Versteeg and
Grau, 1991). Input traveltimes were computed with a 3-D-FD eikonal solver using
the (Vidale, 1990) algorithm. The coarse grid spacing was 125m, the fine grid was
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Table 2: Median relative errors for the constant velocity gradient model.
Interpolation: original source: shifted source:
hyperbolic
0.002 %
0.001 %
parabolic
0.009 %
0.015 %
trilinear
0.282 %
not available

12.5m. The amount of computational time necessary to carry out the hyperbolic
interpolation for one shot is 14% of the time needed by the Vidale algorithm. The
parabolic interpolation is only very slightly faster, it needs 13% of the time necessary
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Figure 3: Relative traveltime errors for a constant velocity gradient model. Left: errors
using the hyperbolic interpolation (non-shifted). Middle: the same for the parabolic
interpolation. Right: as before but with trilinear interpolation. Please note the different
error scales on the plots.
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Figure 4: Relative traveltime errors vs. ratio of fine to coarse grid spacing for the constant velocity gradient model shown for trilinear (dotted line) parabolic (dashed line)
and hyperbolic interpolation (solid line). The plot is displayed twice using different
scales to illustrate the differences.
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for Vidale. The resulting interpolated traveltimes were compared to reference data for
the fine grid obtained from the same Vidale scheme. The relative traveltime errors
for the hyperbolic interpolation are shown in Figure 5. A layer of 62.5m depth under
the source was excluded from the statistics. We find a median error of 0.025%. The
parabolic variant yields a median error of 0.026% (not shown here). Compared to the
generic models both interpolations yield similar quality. The reason is that for more
complex models errors due to the different algorithms are dominated by errors caused
by the quality of the input data, i.e., insufficient accuracy and particularly smoothness
of the input traveltimes.
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1
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Marmousi model: non-shifted source
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Rel. traveltime error [%]

1.0

Figure 5: Relative traveltime errors for the Marmousi model using hyperbolic interpolation. Isochrones are given in seconds. The correlation of errors and 'kinks' in the
isochrones is clearly visible. The arrow at the 1.2s isochrone indicates a higher error
area that is caused by bad quality of the input traveltimes (due to a deficiency of the FD
implementation used). This can be compensated by smoothing the input traveltimes.
In the last example we find errors in the vicinity of 'kinks' in the isochrones.
These indicate triplications of the wavefronts. The resulting errors are no surprise
because the assumption of smooth traveltimes does not hold anymore. The reason
is that a triplication consists of wavefronts belonging to two different phases. These
must be interpolated separately. The obvious solution to overcome this problem is to
employ later arrivals in the input traveltime scheme and to apply our method to first
and later arrivals separately.
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CONCLUSIONS
We have presented a method for the interpolation of traveltimes which is based on the
traveltime differences (i.e., move-out) between neighbouring sources and receivers of
a multi-fold experiment. The interpolation has a high accuracy since it acknowledges
the curvature of the wavefront and is thus exact to the second order. Although for
complex models parabolic interpolation yields high accuracy we recommend the use
of hyperbolic traveltime expansion. This commendation is supported by the generic
examples. Both hyperbolic and parabolic variants are, however, far superior to the
popular trilinear interpolation. The difference in computational time for the three
variants is insignificant.
One important feature of our technique is its possibility to interpolate for sources,
not only for receivers. The fact that all necessary coefficients can be computed on a
coarse grid leads to considerable savings in time and memory since traveltime tables
for less sources need to be generated as well as kept in storage. If we use, e.g., every
tenth grid point in three dimensions, this corresponds to a factor of 10 less in storage
requirement for interpolation of shots and receivers. As the method is not restricted to
cubical grids the coarse grid spacing can be adapted to the model under consideration.
Our method is best combined with techniques for computing traveltime tables for first
and later arrivals on coarse grids, like the wavefront construction method (i.e., ray
tracing). Most finite difference eikonal solvers (FDES) do not allow the computation
of traveltimes on coarse grids since it reduces accuracy to an unacceptable degree.
Moreover, FDES provide first arrivals only.
In the examples presented isotropic models were assumed. Since no assumptions
on the models were made when deriving the governing equations (1) and (4) the
technique presented here can also be applied to traveltimes tables computed for
anisotropic media.
Since the matrices introduced in this paper bear a close relationship to the matrices
employed in the paraxial ray approximation (cf., e.g., (Bortfeld, 1989)) our technique
can also be used to determine dynamic wavefield properties. This leads to the
determination of the complete ray propagator from traveltimes only which can be
used for various tasks including the computation of geometrical spreading (leading
to an interpolation of Green's functions) or migration weights (i.e., amplitude preserving migration) and the estimation of Fresnel zones and therefore optimization of
migration apertures. Unlike for the traveltime interpolation the hyperbolic expansion
is significantly better suited for these applications. A detailed discussion will be given
in a follow-up paper.
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True-amplitude migration weights from traveltimes
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ABSTRACT
3-D amplitude preserving pre-stack migration of the Kirchhoff type is a task of high
computational effort. A substantial part of this effort is spent on the calculation of
proper weight functions for the diffraction stack. We propose a method to compute the
migration weights directly from coarse gridded traveltime data which are in any event
needed for the summation along diffraction time surfaces. The method employs second
order traveltime derivatives that contain all necessary information on the weight functions. Their determination alone from traveltimes significantly reduces the requirements in computational time and particularly storage. Application of the technique
shows good accordance between numerical and analytical results.

INTRODUCTION
Kirchhoff migration is a standard technique in seismic imaging. During the last decade
its objective has changed from the conventional diffraction stack migration that produces 'only' an image of reflectors in the subsurface to a modified diffraction stack,
e.g., to peform AVO analysis, lithological interpretation and reservoir characterization.
In the modified diffraction stack specific weight functions are applied which countermand the effect of geometrical spreading. Following from this, amplitudes in the resulting migrated image are proportional to the reflector strength if the weight functions
are chosen correctly. Three different theoretical approaches (Bleistein, 1987; Keho and
Beydoun, 1988; Schleicher et al., 1993) have lead to formulations of the weight functions. As (Docherty, 1991) and (Hanitzsch, 1997) have shown these results are closely
related.
Since weight functions can be expressed in terms of second order spatial derivatives of

traveltimes they were until now computed using dynamic ray tracing (Cervený
and deCastro, 1993; Hanitzsch et al., 1994). Although (Schleicher et al., 1993) state that the
modulus of the weight function can also be determined from traveltimes, (Hanitzsch,
1
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1997) points out that computing traveltime derivatives along dipping surfaces is expensive and numerically unstable. In this paper we propose an alternative algorithm for
determining traveltime derivatives that does not suffer from the instability of numerical
differentiation. It is based on a local spherical approximation of the wavefront leading to a hyperbolic expansion of the traveltimes. We determine the complete weight
functions from traveltimes sampled on a coarse grid that are at the same time used
for the computation of the diffraction time surface needed for the stack. This makes
the algorithm computationally efficient in time and particularly in storage. Dynamic
ray tracing is not required. For the special case of 2.5-D symmetry we use a simple
expression for the out-of-plane spreading that can also be determined from traveltimes
and not, as it is usually done, from an integral along the raypath.
Following an outline of true amplitude migration using a weighted diffraction stack
we will give an expression for the actual form of migration weight functions as they
were employed in this work. We will then demonstrate our method by applying it to
two examples. Comparison of our results to analytical values will confirm its quality
which we also summarize in our conclusions.
METHOD
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In equation
(2) v æwc ì is the shape of the analytic source pulse, òx the reflection travelu
time and the geometrical spreading. r is the plane wave reflection coefficient and t
expresses transmission losses. The integral (1) cannot generally be analytically solved.
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(Schleicher et al., 1993) show that a diffraction stack of the form
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It can, however be transformed to the frequency domain and for high frequencies be
approximately evaluated by the stationary phase method. This solution is then transformed back to the time domain and compared to the analytic true amplitude signal
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The comparison of
and the result of (1) shows that equation (1) yields indeed
a true amplitude trace if the weight functions are chosen to be (Schleicher et al., 1993)
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The matrix
is the Hessian matrix of the difference ò å ò ÞVò between diffraction and reflection traveltime at the stationary point ê , where ò å
, meaning
Ý
that in this point the diffraction and reflection traveltime curves are tangent to each
other.
can be expressed in terms of second order spatial derivative matrices of
traveltimes which until now were computed by dynamic ray tracing. This is, however,
not necessary since these derivatives can be extracted from traveltime data that is required for the construction of the diffraction traveltime surface for the stack anyway.
Using these derivatives also gives an effective and highly accurate algorithm for interpolating traveltimes from the coarse input grid to the fine migration grid (Vanelle and
Gajewski, 2000a). Also, the geometrical spreading can be written using second order
derivatives of traveltimes (see Appendix C). The expression for the weight function
we use is
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ceiver,  is the velocity at the source and ¸ and ¸ are the
indices of the two
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branches of the traveltime curve. § The matrices
and describe the measurement
§
configuration (e.g., common shot). ¦ ] and ¦  are second order derivative matrices of
KMAH

the traveltimes. All quantities and their determination from traveltimes are explained
in detail in the appendices.

APPLICATIONS
In this section we will apply our method. A simple example was chosen in order to allow for comparison of numerically and analytically computed amplitudes. The method
is, however, not limited to homogeneous velocity layer models. For convenience reasons we have restricted our example to what is commonly referred to as a 2.5-D geometry (Bleistein, 1986). The need to introduce this concept arises when seismic data is
only available for sources and receivers constrained to a single straight acquisiton line.
Processing of this data with techniques based on 2-D wave propagation does not yield
satisfactory results because the (spherical) geometrical spreading in the data caused by
the 3-D earth does not agree with the cylindrical (i.e., line source) spreading implied
by the 2-D wave equation. The problem can be dealt with by assuming the subsurface
to be invariant in the off-line direction. This symmetry is called to be 2.5 dimensional.
Apart from the geometrical spreading the properties involved do not depend on the outof-plane variable and can be computed with 2-D techniques. The geometrical spreading is split into an in-plane part that is equal to the 2-D spreading and an out-of-plane
contribution. For the described symmetry the product of both equals the spreading in a
true 3-D medium. We determine the out-of-plane spreading along with the migration
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weight functions from traveltimes only. The actual expression and its derivation are
given in Appendices B and D.
For the example the only input data used were the velocity model and traveltimes computed with a finite-difference eikonal solver (Vidale, 1990) using the implementation
of (Leidenfrost, 1998) and stored on a coarse grid of 50m in either direction. These
were used to compute the migration weights as well as to interpolate the diffraction
traveltimes on a fine migration grid of 5m in -direction. Traveltimes were interpolated using the hyperbolic approximation as described in (Vanelle and Gajewski,
2000a). The migration weights were also computed using the coefficients determined
from the hyperbolic approximation.
The velocity model we used has a plane reflector with an inclination angle of 14 . The
velocity is 5km/s in the upper part of the model and 6km/s below the reflector. The
reflector depth under the source is 2500m. Ray synthetic seismograms were computed
for 80 receivers with 50m distance starting at 50m from the point source. Figure 1
shows the migrated depth section. The reflector was migrated to the correct position
and the source pulse, a Gabor wavelet, was reconstructed. Since there are no transmission losses caused by the overburden, the amplitudes of the migrated section should
coincide with the reflection coefficients. Figure 2 shows the accordance between amplitudes picked from the migrated section in Figure 1 with theoretical values. Apart
from the peaks at 900m and 2500m distance the two curves coincide. These peaks are
aperture effects caused by the limited extent of the receiver line.

¹

º
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Distance [km]
2

3

Depth [km]

1.5

2.0

2.5

Inclined reflector: migrated depth section

Figure 1: Migrated depth section. The reflector was migrated to the correct depth and
inclination. The source pulse was correctly reconstructed.
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Inclined reflector: reflection coefficients
Reflection coefficient

0.2

0

1

2
Distance [km]

3

Figure 2: Solid line: picked reflection coefficients from the migrated section in Figure
1, dashed line: analytical values for the reflection coefficients.

CONCLUSIONS

We have presented a method for the determination of weight functions for an amplitude preserving migration. Traveltimes on coarse grids are the only necessary input
data. Since every required quantity can be computed instantly from this coarse grid
data alone the technique is very efficient in computational time and storage. Dynamic
ray tracing is not required. It is particularly suited to be used in connection with techniques for traveltime computation that can directly provide coarse gridded data, like,
e.g. the wavefront construction method which does not require a fine grid for sufficient
accuracy of traveltime as, e.g., FD eikonal solvers do. The examples show good accordance between the reconstructed reflectors and theoretical values in terms of position
as well as in amplitudes. This demonstrates also the applicability of the method to the
special situation of 2.5-D symmetry.
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The weight function in equation (4) contains the Hessian matrix of the difference bein terms of second
tween diffraction ( ) and reflection ( ) traveltimes. To write
derivatives of traveltimes we will now derive expressions for
and
containing
first and second derivatives. Consider an arbitrary velocity model. Let sources be
positioned in a reference surface that we will denote the source surface. If the resulting traveltime field for a source at the position
is single-valued, the traveltime
from a point in the source surface and in a near vicinity of
to a subsurface point
near
can be expressed by a Taylor series provided that
and
are small, the size of this small vicinity depends on the model
under consideration and the required accuracy. For a multi-valued traveltime field the
Taylor expansion is valid if the different branches of the traveltime curve are treated
separately. As and lie in one surface the traveltimes are expanded into the surface
in this variable. We also expand into a surface in , this will be the reflector surface,
or, more precisely, the reflector's tangent plane at
if is on a curved reflector. The
traveltime expansion looks as follows:
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¢ Î
¢ Î for diffraction and reflection
¢¢¢ Î Î travWe will now derive¢¢×Î expressions
in terms of¢¢ Î (A-1)
eltimes as needed for the weight functions. Since »  ½o Ú  ½   Û »  ½  ¥ ½o Ú we can use
(A-1) twice for the down- and upgoing branches of the reflection traveltime »x and
the diffraction traveltime »¼ . Similar as for the sources we assume the receivers to be
placed in a receiver surface. Source coordinates will be denoted by Ü  , receivers by Ý 
and subsurface points by Þ  . The traveltimes for the branch from Ü  to Þ  is
» Ú Ü   Þ Z » ¾NÚßÃ ÆC Ú Á Ü  « Æ  ¿Ú Á Þª ÃàÉÇ Á Ü  ¨ Ê ¦ Ú Á Ü  « ÉÇ Á Þ  ¨ Ë ¦ Ú Á Þá Ã Á Ü  ¨ § ¦ Ú Á Þ  (A-4)
and from Ý  to Þ  :
»   Ý   Þ Z » ¾  Ã Æ   Á Ý  « Æ  ¿ Á Þ® Ã ÉÇ Á Ý  ¨ Ê ¦  Á Ý  « ÉÇ Á Þ  ¨ Ë ¦  Á Þ® Ã Á Ý  ¨ § ¦  Á Þ  ¶ (A-5)
The sums of equations (A-4) and (A-5) give us »¼ and »x . For the diffraction traveltime
the diffractor position is fixed at Þ ¾ and thus with Á Þ  =0 we get (» ¾â » ¾NÚ « » ¾  )
»¼  » ¾ãÃ Æ` Ú Á ÜÅ Ã Æ   Á Ýä Ã ÉÇ Á Ü  ¨ Ê ¦ Ú Á Üå Ã ÉÇ Á Ý  ¨ Ê ¦  Á Ý  ¶
(A-6)
For the reflection traveltime we must take into account that variation of source and/or
receiver positions will result in a different reflection point Þ  . Aiming for an expression
'æ
containing Á Ü  and Á Ý  only, we make use of Snell's law stating that Æå ¿ Ú « Æå ¿   »x 
 . This we can solve for Þ  and eliminate Á Þ  from the sum of (A-4) and (A-5) resulting
in
»x  » ¾ãÃ ÆC Ú Á ÜÅ Ã Æ   Á Ýç ÃàÉÇ Á Ü  ¨ Ê ¦ Á Ü  « ÉÇ Á Ý  ¨ Ë ¦ Á Ýä Ã Á Ü  ¨ § ¦ Á Ý   (A-7)
where we introduced the following matrices to bring (A-7) into the same form as (A-1):
Ê ¦  Ê ¦ Ú « § ¦ Ú Ë ¦ Ú « Ë ¦   ² Ú § ¦Ú Ú ¨
Ë ¦  Ã Ê ¦  Ã § ¦   Ë ¦ Ú Ú« Ë ¦   ² § ¦  ¨
§ ¦  § ¦ Ú Ë ¦ Ú « Ë ¦   ² § ¦  ¨ ¶
(A-8)
Ê¦

are the slowness vectors at and , respectively. The second order derivatives are
given by the matrices , and with
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Ê ¦ Ë ¦ § ¦

To compute the weight functions in equation (5) we need the matrices
and . In
(Vanelle and Gajewski, 2000a) we presented a hyperbolic traveltime expansion similar to the parabolic expansion in (A-1) but with respect to three spatial coordinates
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instead of an expansion into reference surfaces. The procedure of determining the corresponding 3-D slowness vectors and and matrices
and
from multi-fold
traveltime data sampled on a coarse cartesian grid is described in detail in (Vanelle
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and Gajewski, 2000a) as well as in (Gajewski, 1998). Once
and
are known,
the desired 2 2 matrices
and
can be computed by projecting them from the
cartesian coordinates into the reference surfaces. Since we assume a velocity model to
compute traveltimes, we can also make use of this to extract the reflector position and
geometry from it.
In a situation with a 2.5-D symmetry as considered in the numerical examples the
and second order derivative matrices
components of the slowness vectors
and
simplify. Let the out-of-plane direction have index 2 – coincinding with
the -axis of the cartesian system used for the determination of
and
– with
the -position of the sources and receiver line. Then we have
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From the symmetry we can easily see that the ê -components of the slownesses vanish
at ê ¾ :
Í ê» ï  Í ê» ï  Í ê» æ ï ¶
(B-2)
Í  ¢¢ Ñ Ê Í Ë ¢¢ Ñ § Í ¢¢ Ñ
¢¢¢ ¦  ¦ ¢¢¢ and ¦ consist
¢¢¢ only of diagonal elements.
From this follows that the matrices
A
É
É
Furthermore, for the ê^ê - or -components we get
§ ¦  ï Ñ  Ë ¦  ï Ñ ÌÃ Ê ¦  ï Ñ
(B-3)
§
¢
¢§
¢
and the sign of ¦  ï Ñ is positive;¢¢ i.e., ð  ¢¢ ¦ Aî ï Ñ Z « ¢¢ Ç .
Ù
If the source-receiver
line is equal to the ½ -direction of the cartesian system from the
¢
input traveltimes, the¢¢ 11-components are computed as follows:
§ ¦ ÚÚñ § ¦ ÐÐ óò Ã § ¦ ÐOô Nõ ò
Ë ¦ ÚÚö Ë ¦ ÐÐ A  ò « Ë ¦ ô÷ô õ Ù  ò Ã É Ë ¦ ÐOô Nõ òøAóò
Ù
Ù
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(B-4)
where ò is the inclination angle of the reflector's tangent plane against the sourcereceiver line (½ -coordinate).
APPENDIX C
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Equation (5) contains the geometrical spreading which we will now express in terms
of traveltime derivatives. Equation (A-1) is equivalent to the paraxial ray approxima-
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tion introduced by (Bortfeld, 1989). (Hubral et al., 1992) give the normalized geometrical spreading in terms of the matrices of second order derivatives of traveltimes. This
is
(C-1)

u  ¡ Ç  Aî £~| 9} § A¦ î 1 | ²#³ ú ´ 
ã ù

are the emergence angle at Ü ¾ and the incidence angle at Ý ¾
where the angles 


1

and can be determined from the slownesses at these positions. ¸ is the
-index of
the ray connecting Ü  and Ý  .
£ § § §
For a 2.5-D situation we find that |}±¦  ¦ ÚÚZû ¦  (see Appendix B) and therefore
expression (C-1) can be reduced to the simple form
ü  ¡ Ç ·îo§ 9¦ ÚÚ Aî 1 ý § Ç |²#³ ú ´ ¶
(C-2)
¦ 
ù
This result is no surprise since (Bleistein, 1986) found the relationship between the outof-plane spreading commonly denoted by þ and the second order traveltime derivative
in out-of-plane direction. Thus we have
þ  § ¦ Ç  ¶
(C-3)
KMAH

½  ª½  ¿
þ $ÿ £ Ü¡
(C-4)
with Ü being the arclength and ¡ the velocity. We compute this quantity from traveltimes and do not have to trace rays to determine þ .

So far, however, it was common practice to determine the out-of-plane spreading from
the integral along the ray from to
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Equations (4) and (5) are expressions for weight functions if the diffraction stack is
carried out over the aperture in and . Since in the 2.5-D case we have only data
from a single acquisition line (assumed to coincide with the coordinate), we only



integrate over . In this case we have 
where the asterisk
denotes the stationary point. Inserting the according expression for the input traces (2)
into the stack integral (1) then leads to
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 Z Ç É ÿ £ Ú Â  Ú     ¤  Ú    « »¼  Ú     ¯











!



" #







%$



'&





($









 

 

($



(D-1)

(D-2)

225

¤  ¯

Ô

with the function &   corresponding to a *) filter operation in the frequency
domain (commonly called half derivative). The 2.5-D weight function
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(D-3)
Í ¢¢
¢¢¢ We will now express
can be evaluated using the results from the previous sections.
the involved quantities in terms of traveltime derivatives and apply the simplifications
from the 2.5-D symmetry. We find
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where the first index denotes the first or second branch of the traveltime curve and the
second double index labels the corresponding matrix element. For the out-of-plane
spreading we have
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The resulting expression for the 2.5-D weight function is then
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We can further insert the
indices ¸ and ¸ of the two ray branches with (Schleicher et al., 1993)
¶
(D-8)
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The ¸ ³ are not determined from the traveltimes themselves but we can use a suitable algorithm for computing traveltimes, as for example the wavefront construction method
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in the implementation introduced by (Coman and Gajewski, 2000) that outputs multivalued traveltimes sorted for the KMAH index.
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Hybrid Method for Traveltime Computation in a
Complex 3D Model

R. Coman and D. Gajewski1
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ABSTRACT
We present a hybrid method for computing multi-arrival traveltimes in weakly
smoothed 3D velocity models. An efficient computation of multi-valued traveltimes
and of the KMAH index in 3D models is important for 3D prestack Kirchhoff migration. The hybrid method is based on the computation of first-arrival traveltimes with
a finite-difference eikonal solver and the computation of later arrivals with the wavefront construction method (WFCM). For a faster traveltime computation we implement
a WFCM without dynamic ray tracing. The detection of later arrivals is done automatically and permits the estimation of the KMAH index. The hybrid method is a better
alternative to WFCM, since it is considerably faster and has a comparable accuracy.

INTRODUCTION
3D traveltime computation has many applications in seismic processing (Sethian and
Popovici, 1999). One of them is 3D prestack Kirchhoff migration. 3D traveltime
maps are commonly computed with finite-difference eikonal solvers (FDESs) or with

ray-tracing techniques (e.g., Vidale, 1990; Cervený,
1985).
FDESs provide fast and robust first-arrival traveltime computations (Vidale, 1990;
Sethian and Popovici, 1999). However, in complex velocity structures, first arrivals do
not necessarily correspond to the most energetic wave, and later arrivals can be more
important for accurate modeling and imaging (e.g., Geoltrain and Brac, 1993).
Multiple arrivals are traditionally computed with ray-tracing methods (e.g.,
Cervený, 1985). The most suitable implementation of ray tracing for computing a
large number of two-point problems is the wavefront construction method (WFCM)
(e.g., Vinje et al., 1996; Lambaré et al., 1996; Coman and Gajewski, 2000). Unfortunately, the computational efficiency of WFCM is lower than for FDES (Leidenfrost et
al., 1999).
1
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In this paper, we present a more efficient computation of multi-valued 3D traveltimes in weakly smoothed media. We combine FDES and WFCM to a hybrid method,
taking advantage of the computational speed of FDES and using the ability of WFCM
to compute multi-valued traveltimes. This idea was also used by Ettrich and Gajewski
(1997) for a related 2D hybrid method.
Very important for the hybrid method is an efficient detection of later arrivals. This
is necessary to avoid the computation of first arrivals by the WFCM. The detection of
later arrivals in a 3D model is more difficult than in a 2D model. For the 3D model we
have developed and tested different techniques and finally selected one that uses the
detection of caustic regions as an intermediate step.
The WFCM plays a central role in the hybrid method. It not only computes later
arrivals but also provides subroutines for detection of later arrivals. The 3D WFCM
proposed by Vinje et al. (1996) is based on dynamic ray tracing (DRT). For a faster
traveltime computation we have implemented a WFCM without DRT.
We start the next section by a presentation of the hybrid method followed by theoretical and practical aspects of later arrivals. We present different approaches to detect
later arrivals and show that by using the distance between two neighbouring rays we
get an efficient technique which also permits the estimation of the KMAH index. We
show numerical examples on a 3D two-layer velocity model and on a 3D version of
the Marmousi model and estimate the CPU time that can be saved by using the hybrid
method instead of the WFCM alone.
The hybrid method was developed for an efficient prestack Kirchhoff depth migration. For true-amplitude Kirchhoff migration (Schleicher et al., 1993), we suggest the
computation of traveltimes and KMAH index with the hybrid method followed by the
computation of the weighting function from traveltimes only (Vanelle and Gajewski,
2000).
HYBRID METHOD
For a more efficient computation of multi-valued 3D traveltimes in weakly smoothed
media we present a hybrid method. The method consists of three steps:
1. Computation of first-arrival traveltimes with FDES.
2. Detection of later arrivals.
3. Computation of later arrivals with WFCM.
As arrival we consider the transmission traveltime of a wave propagating from a point
source through the velocity model. Multi-valued arrivals are events corresponding to
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rays with different paths that arrive at the same receiver. A typical multi-valued wavefront (WF) is shown in Figure 1. The points I and I are caustics. The branch
between caustics (the reverse branch of the triplication) is built by rays which have
passed a caustic and now carry third arrivals. Rays between the caustics and the wavefront crossing point carry second arrivals, while all other rays carry first arrivals.
Figure 1: A triplicated WF. Point
J
is a WF crossing point. At
this point two rays with different
paths arrive at the same traveltime.
At the WF crossing point the firstarrival isochron is not smooth. The
points I and I represent caustic
points. The branch between these
points, the reverse branch, is built
by rays which have passed a caustic point. Rays between the caustic point and the wavefront crossJ
I ) carry secing point (WF I
ond arrivals, while all other rays
carry first arrivals.
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The consideration of later arrivals improves the quality of prestack Kirchhoff migration (Geoltrain and Brac, 1993). In regions where later arrivals occur they most
often carry a higher amount of energy than the first-arrival. Later arrivals commonly
are built by rays which passed a low velocity region. In this region the geometrical
spreading is low, i.e. a high ray amplitude.
For first-arrival traveltime computation we use the FDES proposed by Vidale
(1990), but other methods could be also used (e.g., Sethian and Popovici, 1999). To
avoid the computation of first arrivals with the WFCM we detect later arrivals. The
detection of later arrivals is the key element of the hybrid method. Theoretical and
practical aspects regarding the detection of later arrivals are given in the next section.
To compute later arrivals we adapt the 3-D WFCM (Figure 2) proposed by Vinje et al.
(1996) to the needs of the hybrid method.
The WFCM proposed by Vinje et al. (1996) is based on DRT. By using DRT,
we need a velocity model with smooth second derivatives. DRT also decreases the
computational efficiency of ray tracing because the DRT system must be supplimentary
solved along each ray.
DRT consists in solving a system of several ordinary differential equations along
a ray to get the elements of two matrices (K and L ). For more details about DRT

refer to, e.g, Cervený
(1985). L is the transformation matrix from ray to Cartesian
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Figure 2: The WFCM method (2D
and simplified). The basic concept of the WFCM is to propagate
a wavefront as a representation of
endpoints (nodes) of a number of
rays at a given time and to retain
a good representation of the wavefront by interpolation of new rays.
Another interpolation is done for
traveltimes from nodes to the rectangular grid. For details see Vinje
et al. (1996).
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where are Cartesian coordinates. In case of a point source,
and U may be the
U
1:5
take-off angles at the point source and U is a parameter along the ray (e.g., traveltime
or arclength). At caustic points the ray jacobian (V
).
L ) vanishes (V
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The interpolation of the elements of the matricies L and K at a new ray is a weak
point in the WFCM. A third order polynomial interpolation may lead to unstable solutions in some cases (Vinje et al. 1996) and the linear interpolation is not accurate
enough and leads to wrong detection of caustic points. Therefore, in the hybrid method
we use an implementation of the WFCM without DRT (Coman and Gajewski, 2000).
DETECTION OF LATER ARRIVALS
An efficient detection of later arrivals is essential for the hybrid method. In this section
we present different approaches to detect later arrivals and show that by using the
distance between two neighbouring rays we get a simple, fast, robust and accurate
technique. This technique also permits us to estimate the KMAH index.
In the classical WFCM, Vinje et al. (1996) use the take-off direction from the
source, WYX to distinguish between arrivals. WZX is defined as the initial tangent vector of
the ray that would reach the receiver if the ray actually had been traced. Two arrivals
at a receiver cannot have equal WZX . This technique to detect later arrivals is not suitable for the hybrid method because it assumes that the first arrival is also obtained by
WFCM. To keep the hybrid method efficient we must avoid double computation of first
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arrivals. In other words, we must find regions with later arrivals without interpolating
of first arrivals with the WFCM.
Next, we present assumptions regarding later arrivals and argue why this assumptions could be made. The assumptions are:
1. Before a ray belongs to the reverse branch, it first passed a WF crossing point
and a caustic.
The support for this assumption is given by Figure 3. The bold ray at \[ which
belongs to the reverse branch passed the WF crossing point at  and the caustic
at \# .



2. The first-arrival traveltime is not smooth in the region around the WF crossing
point.
The derivative of the traveltime is the slowness vector. At the WF crossing point
two rays from different directions arrive at the same traveltime. A function with
an ambiguous derivative at a point is not smooth at that point. For a graphical
support see Figure 1.
3. The distance between two neighbouring rays is very small (local minimum) in
the caustic region.
In the caustic region the wave energy is very high, that means a high ray density,
or in other words a small distance between two neighbouring rays. A graphical
support is given in Figure 3, where the distance between the rays reaches a local
minimum between the traveltimes \# and \[ .
4. Caustic points of second order are exceptions.
At caustics the cross-sectional area of the ray tube shrinks to zero. In a 3D
medium there are two types of caustics. At a caustic point of first order, the ray
tube shrinks to an elementary arc, perpendicular to the direction of the propagation. For rays which passed this caustic the KMAH index should be increased
by one. At the caustic point of second order, the ray tube shrinks to a point.
For rays which passed this caustic the KMAH index should be increased by two

(e.g., Cervený,
1985). A caustic point of second order is an exceptional case
that is unlikly to occur in real geological situations unless is has been imposed
by symmetry of the problem (Hanyga, 1988).
We have assumed above (assumption 1) that before carrying later arrivals a ray
passed a WF crossing point. Rays which belong to the reverse branch also passed a
caustic. Based on this assumption, we present two classes of approaches for detection
of later arrivals. The first presumes the detection of the WF crossing point, the second
presumes the detection of the caustic regions. Next we discuss this two approaches.
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Figure 3: The evolution of a WF
that triplicates. Six WFs are represented at different traveltimes. ]
is the source point and  are traveltimes. The position of two rays
at given traveltimes is marked with
arrows or white dots. At  the bold
ray passes a WF crossing point. Up
to this traveltime it carries first arrivals. Then it carries second arrivals till \# when it passes a caustic. After passing the caustic the
ray carries third arrivals. The distance between the rays passes a local minimum in the caustic region.
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Detection of WF crossing points
This approach consists of two steps. The first step is the detection of WF crossing
points by using the first arrival traveltime map. The second step is the initialisation of
the WFCM.
One possibility to detect a WF crossing point is to use the fact that the slowness
vector changes its direction discontinuously at this point. This fact was also used by
Ettrich and Gajewski (1997) to detect WF crossing points in the 2D hybrid method.
Another possibility is to use the assumption that the traveltime is smooth except at the
WF crossing points (assumption 2). To detect these points we estimate the difference
between a smoothed and the original first arrival traveltime map. In regions with WF
crossing points this difference show high negative values.
After detecting the WF crossing point we have theoretically three possibilities to
initialise the WFCM: (1) by using the slowness vectors to construct a WF in the region
before the triplication; (2) by performing backward ray tracing from the WF crossing
points to the source point and compute the take-off angles; (3) by sending rays into the
whole model starting from the source and interpolate traveltimes and other parameters
only between rays that passed a region with WF crossing points.
A drawback of all these techniques is that they bound the region with later arrivals
with poor accuracy and that they cannot estimate the KMAH index. The first two
techniques are also difficult to implement.
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Detection of caustic regions
This is a one step approach, which is easy to implement as most of the computer code
is shared with the WFCM. It works without initialisation of the WFCM. Actually, we
only propagate the WF without any parameter interpolation at gridpoints. For the WF
propagation we need less than ^`_ of the CPU time of the whole WFCM. Therefore,
this approach is very fast.
We have developed and tested two techniques to detect caustic regions. Both techniques are accurate, robust and allow to estimate the KMAH index. The first technique
uses the WF curvature sign and was presented in Coman and Gajewski (2000). The
second technique uses the distance between two neighbouring rays. This distance is
already computed in the WFCM as it is needed for the interpolation of new rays (e.g.,
Vinje et. al., 1996). Therefore, we select the second technique as it is easier to implement and faster.
We have assumed above (assumption 3) that the distance between two neighbouring rays passes a local minimum in the caustic region. In some cases this happens
but there is no caustic. However, these cases are very seldom and easily detected by
comparing the interpolated traveltime with the first arrival traveltime. We have also
assumed (assumption 4) that caustic points of second order are exceptions. As a consequence, if we detect a caustic we consider it as a caustic of first order and increase
the KMAH index by one.
Tests of this technique have shown that it bounds the regions where later arrivals
occur with good accuracy and properly estimates the KMAH index.

COMPUTATIONAL SPEED AND ACCURACY
In this section we compare the computational speed by a given accuracy between the
hybrid method and the WFCM.
Commonly, the accuracy of a method is defined as the absolute value of the relative
error of the computed traveltime compared to the expected traveltime. In complex
models the expected traveltime cannot be computed analytically, so we compute a
reference traveltime map by running the WFCM in a high accuracy mode.
The accuracy of the WFCM basically depends on the accuracy of ray tracing (what
traveltime step and what method is used to propagate the ray), the number of rays
that are propagated through the model (mainly they are function of the predefined
maximum distance between two neighbouring rays) and the accuracy of the parameter
interpolation at new rays and at gridpoints. For more details about accuracy see e.g.,
Lambaré et al., (1996). To compare the hybrid method with the WFCM we select for
the WFCM a comparable accuracy as for the FDES.
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Figure 4: CPU-time for the hybrid method and the WFCM. The
CPU-time for the hybrid method is
the sum of the CPU-time for computating first arrivals, for detecting
of later arrivals and for computing
later arrivals. In a model without
triplication (point 0 at the axis with
later-arrival gridpoints) the hybrid
method is about four times faster
than the WFCM. The CPU-time
difference between the WFCM and
the hybrid method is not function of
the number of gridpoints with later
arrivals.

CPU-time

Let us analyze next the computational speed. Figure 4 shows the qualitative variation of the CPU-time as a function of the number of the later arrival gridpoints. In
a model without later arrivals the hybrid method is up to four times faster than the
WFCM. This is a direct consequence that the FDES is faster than the WFCM and that
the detection of later arrivals is also very fast (see above).

WFCM

hybrid method

computation of
later arrivals

0

first arrival computation+
detection of later arrivals
Later-arrival gridpoints

As the computation of later arrivals is the same in both methods the CPU-time
difference between both methods stays constant and is not a function of the number of
gridpoints with later arrivals.

COMPUTATIONAL EXAMPLES
The first numerical example is in a 3D two layer model (Figure 5), where the traveltime
map is single-valued. The computation of traveltime in this model was done only with
the FDES and the hybrid method was about four times faster than the WFCM.
The second example represents a 3D version of the Marmousi model. To get this
model we extend a 2D smooth Marmousi model in the third dimension to 101 gridpoints. The Marmousi model (Versteeg and Grau, 1990) has been widely used as a
reference model to validate new methods. We use a resampled ( ^ba in each direction) and smooth model (Figure 6). The source is located at coordinates dc
^ba ,
ec
ec
fc
a and
^ba . The first-arrival traveltime at gridplane
^ba is
displayed in Figure 7. The region with later-arrival traveltimes is displayed in Figure
8. By using the hybrid method we compute the traveltimes two times faster than with
the WFCM alone.
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2

Figure 5: Two layers model and
isochrones. The upper layer has a
velocity of hg aji . The layer below has a velocity of ^ g aji . The
model has 201 gridpoints in each
direction. The distance between
g
a . The source
gridpoints is
g
g
a ,
a
position is at
g
a .
and
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Figure 7: First arrival isochrons
in the Marmousi model at
c
^ba . The traveltime was computed with Vidale's FDES (Vidale,
1990)
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Figure 8: The black regions show
domains where later-arrival traveltime were computed
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CONCLUSIONS
We have presented a 3D hybrid method for fast multi-valued traveltime computation in
weakly smoothed velocity models. The hybrid method computes the first-arrival traveltime with a fast FDES and uses WFCM only in regions where later arrivals occur.
The detection of later arrival traveltimes is done automatically, without user intervention. For this we use a fast, simple and robust technique which is based on the distance
between two neighbouring rays. This technique also provides the KMAH index. We
improved the computational efficiency of the WFCM by avoiding dynamic ray tracing.
If later-arrivals are absent then the hybrid method is roughly four times faster than
the WFCM. In models with triplications the hybrid method is 1.5 – 3 times faster than
the WFCM. E.g., in a 3D Marmousi model the HM was two times faster than the
WFCM. The accuracy of traveltimes computed by the hybrid method is given by the
accuracy of the applied FD eikonal solver and by the ray tracing parameters used in
the WFCM.
We have optimised the hybrid method to compute multi-valued traveltimes for the
3D prestack Kirchhoff migration. However, since the migration weights can be computed from traveltimes alone (Vanelle and Gajewski, 2000), it is also possible to perform true-amplitude prestack Kirchhoff migration for first and later arrivals with the
hybrid method.
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An FD eikonal solver for 3-D anisotropic media
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ABSTRACT
To compute the traveltime of seismic waves in a general anisotropic medium it is possible to use a perturbation approach which is based on approximating this medium by
a simpler reference medium. An elliptically anisotropic medium approximates a strong
anisotropic medium better than an isotropic one does and the corresponding eikonal
equation is only slightly more complex then for the isotropic case. We consider an elliptically anisotropic medium as a reference medium and a strong anisotropic medium
as a perturbed one for the perturbation method. Traveltimes in the reference medium
are computed with an FD eikonal solver which allows fast and highly accurate calculation of traveltimes for elliptically anisotropic media. To achieve stability a wave
front expansion scheme is applied.

INTRODUCTION
Anisotropy has been recognized as an important feature of seismic wave propagation.
There is an interest in extending methods of exploration seismology to anisotropic
media. The computation of traveltimes in anisotropic media is expensive because for
each propagation step an eigenvalue problem must be solved. Therefore we want to use
a perturbation technique which is based on approximating an anisotropic medium by a
simpler, analytically treatable, reference medium. Differences between both media are
taken into account by adding corrections to the traveltime obtained for the reference
medium.
We consider an elliptically anisotropic medium as a reference medium. In elliptical
anisotropy the eikonal equation for the considered wave type is only slightly more
complex compared to the isotropic case. Elliptical anisotropy is of limited practical
significance, since the media of elliptical symmetry hardly exist. The FD code for
elliptically anisotropic media can be understood as a basic routine for computation
of traveltimes in arbitrary anisotropic media. If the deviation between an elliptically
anisotropic model and the model with given anisotropy allows for a linearization of
1
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traveltimes, a computation by a first order perturbation method embedded into the FD
scheme is possible.
Perturbation method embedded into an FD scheme for weak anisotropy was considered by (Ettrich, 1998) for the 3-D case and by (Ettrich and Gajewski, 1998) for
the 2-D case. For application to anisotropic media an elliptically anisotropic reference
model gives higher accuracy but using an isotropic reference model gives higher speed
of calculation.
To minimize errors which are inherent in the perturbation approach one should
choose the reference medium as close as possible to the given anisotropic medium.
In the paper by (Ettrich et al., 2000) the problem for the approximation of an arbitrary
anisotropic medium by an ellipsoidal medium were derived. This approximation works
well for P-anisotropies of up to 10 % when the polarization vector is substituted by the
phase normal.
We want to apply the FD perturbation method to strong anisotropy. Following
(Burridge et al., 1993) there are three possibilities to simplify general anisotropy to
ellipsoidal symmetry and we use these possibilities for the construction of a reference
ellipsoidal medium. Taken the physics of wave propagation into account we minimize
the average of differences between the Christoffel matrices of the anisotropic medium
and the ellipsoidal medium. This paper presents first results in this approach.

FD APPROXIMATION OF THE EIKONAL EQUATION

Ú


¡#Ú ¡  ¡ 

If one type of wave (quasi k -wave, quasi l - or l -wave) in an elliptically anisotropic
medium is defined by three phase velocities ( , , ) along each axis in the crystal
coordinate system and by three angles ( m , n , ) describing the orientation of the crystal
coordinate system with respect to the global Cartesian coordinate system, the slowness
surface (eikonal equation) for this wave reads:

  Z  Ç 
is a 3 è 3 symmetric matrix,  
po Qq

o

(1)

where o is the slowness vector, q
denotes scalar
product.
In
the
crystal
coordinate
system
this
matrix
is
a
diagonal
matrix
and reads
r
q
where s is the Kronecker-delta. In ther global Cartesian coordinate r systs
q
tem q is a function of , , and m , n , . q and q are connected by q
vu
 ,
where  is a rotation matrix which defines the orientation of the crystal coordinate
system with respect to the global Cartesian coordinate system.
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The eikonal equation allows for the computation of one slowness vector component
if the others are known and for the computation of the phase velocity for a given phase
direction. In our algorithm the approximation of the eikonal equation from (Ettrich,
1998) is used. If there are traveltimes in gridpoints 0, 3, 4, 5, 6, 7 and 8 (see Fig. 1)
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Figure 1: Scheme of expansion.
The timed points are given by the
black circle.
The computation
starts at point 0 with the minimum
traveltime. Using traveltimes in
points 0, 1, 2, 3 and 4 the traveltime
in 8 can be calculated (scheme 3).
Using traveltimes in points 0, 2,
3, 4 and 8 the traveltime in 6 can
be calculated (scheme 2). To find
the traveltime in points 9 the traveltimes in points 0, 3, 4, 5, 6 and 7
are used (scheme 1).
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the ansatz used by (Ettrich, 1998) for the searched traveltime \w at the corner point of
a cubic cell is:
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(directions 3, 4, 5). Formula (2) with coefficients (3) is analogous formula 1 from
(Vidale, 1990), called scheme 1, applied to the majority of grid points.
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Other two approximations are similar to formulas 3 and 4 from (Vidale, 1990). If
the traveltime is known at gridpoints 0, 1, 2, 3, 4 and the traveltime in gridpoint 0 is
and
minimum (see Fig. 1), to compute traveltime \| slowness vector components




}

i
i
are approximated by
and
, and the eikonal
\[

equation (1) is solved for the remaining components
(scheme 3). If the
traveltimes are known in gridpoints 0, 2, 3, 4 and 8 and the traveltime in gridpoint 0
}
is minimum (see Fig. 1), the traveltime \[ is obtained by approximating






\[
\|
\|

\[

i
i
i
,
and
. With these
expressions for the slowness vector components the eikonal equation (1) is solved
for the searched traveltime \[ (scheme 2). Detailed descriptions of the scheme were
published by (Ettrich, 1998).
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Scheme of expansion

To retain causality and to guarantee stability we expand wavefronts (Qin et al. 1992).
The propagation of energy and, therefore, the causal continuation of computation is
governed by the group velocity vectors. In isotropic models where group and phase
velocity vectors coincide and the causality is achieved by sorting the outer points of
the irregular volume of timed points with respect to traveltime from minimum to maximum. In anisotropic media the group velocity vector and the phase velocity vector
does not coincide. The group velocity in elliptically anisotropy is given by the simple
q o
Therefore it is not sufficient to carry out the calculation from
formula: 
point with minimum traveltime to point with maximum traveltime. For every eikonal
solution we must compare the direction of the group velocity with the direction of the
scheme of expansion. If the directions coincide the step is done. Otherwise, that point
is not a point for a casual expansion and it is necessary to go to the next point. After
every successful step the outer points of the timed points are sorted again with respect
to traveltime from minimum to maximum.

æ

¶

Numerical results
We give numerical results for two models. Using a homogeneous elliptically
anisotropic model we can check the accuracy of the described FD scheme. The phase
J
velocities in the crystal coordinate system are 2 km/s along the -axis, 2.4 km/s along
the  -axis and 2.8 km/s along the  -axis. The crystal coordinate system is rotated
J
by z  consecutively around the ,  and  axes. The grid spacing is 20 m. A
cubic region of seven grid points around the source is initialized using the formula
  ' 
, where  is the radius-vector from the source to the gridpoint. Fig. 2
displays numerically and analytically computed wavefronts (left) and relative errors of
the computation (right). The maximum relative error does not exceed 0.4 %.
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Figure 2: Wavefronts in a homogeneous elliptically anisotropic model:
 -slices
with offset 0 km (upper, left) and 0.8 km (lower, left) from the source. The numerical
solution is shown by solid lines, the analytical one is shown by dotted lines. On the
right relative errors corresponding to the pictures on the left are given.

The second example is a horizontally layered model. The parameters of the upper
layer are equal to the parameters of the homogeneous model considered above. At a
depth of z = 0.6 km the phase velocities increase by 1 km/s and the crystal coordinate
system is rotated by additional  around each axis. A third layer at a depth of 1 km
J
has velocities 4.6 km/s, 3.8 km/s and 4.8 km/s along ,  and  respectively. Angles
are increased by  . The model was smoothed. The wavefronts in Fig. 3 demonstrate
the applicability of the method for such models with strong velocity contrasts.
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Figure 3: Wavefronts in a horizontally layered model;
(left), 1 km (middle) and 1.3 km from the source.
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-slices with offset 0 km

TRAVELTIME PERTURBATION
To compute traveltimes for arbitrary anisotropic media, a perturbation scheme can be
embedded into the FD eikonal solver. We consider a model with arbitrary anisotropy
as a perturbed model with respect to an elliptically anisotropic reference model. The

formula for traveltime correction derived by Cervený
(1982) is used:
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where:
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with ³Ö as density normalized elastic coefficients of the anisotropic medium, Æ ³ are
the components of the slowness vector, and Ö are the components of the polarization
vector of the considered type of wave ( , Ú or
). The vectors and depend
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on to the reference ellipsoidal medium.
Theoretically these corrections can be of arbitrary order. However, for practical
applications in most cases a first-order correction as above is used. To minimize the
errors in the perturbation approach the reference medium should be chosen close to the
given anisotropic medium. Formulas for a best-fitting ellipsoidal reference medium
were derived by (Ettrich et al., 2000). In these formulas it is supposed that the polarization vector is substituted by the phase normal. Therefore only for weak anisotropy
the phase velocity of the P-wave is well approximated.
We now consider the case of strong anisotropy. Following (Burridge et al., 1993)
there are three possibilities to simplify orthorhombic or transversely isotropic symmetry to ellipsoidal one. The othorhombically anisotropic medium has an elliptical
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symmetry if non-zero elastic moduli satisfy:
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The case  is most simple but not useful for the purpose of approximating the slowness surface of one type of wave since the ellipsoidal symmetry appears as a result
of crossing slowness surfaces of different type of waves. The solution for this case is
given by (Ettrich et al., 2000).
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We consider the case . Here there are five independent parameters £ , £6 , £S¥¥ ,
}}
£
and £ . These parameters must be adjusted to best approximate an anisotropic
medium by an ellipsoidal one. Taking the physics of wave propagation into account,
we minimize the average of the sum of the differences
between the Christoffel matrices
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E® S®¡ of the anisotropic medium and ¯ of the ellipsoidal medium. Here,
® is the -component of the unit vector that points into the direction of the wave front
propagation. For details, see (Fedorov, 1968) and (Ettrich et al., 2000).
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where ÃÅGÃÆ m  n¡ is a wavefront normal. This averaging is used in order to remove
the dependency of the function on the direction ((Fedorov, 1968)). Since parameter
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is a complicated function of £ , £S and £ it is more convenient to consider £ [[ as
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and:
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To approximate an anisotropic medium by an elliptical one, the non-linear system (5)
should be solved by a numerical method. When four parameters £¨ÒÒ , £6 , £ Ò* and ë ô are
computed the remaining parameters £S¥¥ , £Sõõ and £6êê are determined by (6).
Solving the non-linear system inside each cell of the FD-grid is too expensive.
The proposed way, therefore, is suitable for a piece-wise homogeneous anisotropic
medium when it is possible to use the elliptical reference medium for each layer. The
ellipsoidal medium can be used for calculation of traveltimes by an FD eikonal solver
with embedded perturbation scheme.

CONCLUSION
The presented algorithm provides a method for the efficient computation of the first
arrival traveltimes for 3-D elliptically anisotropic media. The maximum relative error does not exceed 0.4 %. The calculation technique for approximating an arbitrary
anisotropic medium by an ellipsoidal medium was considered. As a result we get the
nonlinear system for defining parameters of a reference medium. Future work must
be devoted to solving this system for embedding a first order perturbation method to
the FD scheme in order to consider an arbitrary anisotropic medium. This technique is
suitable for piece-wise homogeneous anisotropic medium.
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First arrival traveltimes and amplitudes by FD solution
of eikonal and transport equation

S. Buske1
keywords: modeling, FD, first arrival, eikonal equation, transport equation

ABSTRACT
This paper describes the development and the implementation of a combined firstarrival traveltime and amplitude computation procedure. The schemes described here
are based on a finite difference solution of the eikonal equation and the transport
equation. After formulation of both equations as hyperbolic conservation laws the
eikonal equation is solved numerically by a third-order ENO-Godunov scheme for the
traveltimes and the transport equation is solved by a first-order upwind scheme for the
amplitudes. The schemes are implemented in cartesian coordinates for a plane wave
and in polar coordinates for a point source, respectively. The resulting traveltimes are
highly accurate and amplitudes are smooth even in the case of complex models, for
instance the Marmousi model.

INTRODUCTION
First-arrival traveltimes are still a popular and widely used tool for prestack Kirchhoff
migration and tomographic applications. A variety of methods have been developed
to solve the eikonal equation in order to efficiently obtain these traveltimes. (Vidale,
1988, 1990) has been one of the first to approximate the eikonal equation by finite
differences and to solve it along expanding rectangles around the source. This method
is very efficient and can be coded easily but it may fail to compute the correct solution
for certain models. (Podvin and Lecomte, 1991) used a similar FD approximation,
which incorporates head waves and diffracted waves. Due to its specific implementation this method is unconditionally stable but less efficient than Vidale's scheme.
Another way of obtaining first arrivals are the so called ' shortest path' methods which
are mainly based on geometric considerations (Moser, 1991; Klimes and Kvasnicka,
1994). The most interesting alternative in terms of the paper presented here has been
published by (van Trier and Symes, 1991) for 2-D and (Schneider, 1995) for 3-D
models. In this case the eikonal equation is formulated as a hypberbolic conservation
1
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law (HCL) and is solved numerically by the corresponding schemes. One of the
most recent papers which uses the HCL-approach has been published by (Sethian and
Popovici, 1999). They treat the eikonal equation as a generalized level-set equation
and solve it numerically by a fast marching procedure. At present this variant seems
to be the most efficient way of obtaining first-arrival traveltimes in 3-D. A good
overview and a comparison between different eikonal solvers covering the period up
to 1998 can be found in (Leidenfrost et al., 1999).
All the methods mentioned above are more or less based on the numerical solution
of the eikonal equation. The relation of the resulting first-arrival traveltimes with the
respective amplitudes is non-trivial and has been subject of only a few investigations.
(Vidale and Houston, 1990) tried to estimate geometrical spreading factors with the
help of additional traveltime computations for sources surrounding the actual source
location. The resulting errors are large and could only be reduced somewhat by an improved scheme published later (Pusey and Vidale, 1991). The first serious attempt was
made by (El-Mageed, 1996) who followed the HCL-approach and solved the transport equation for the amplitudes in addition to the eikonal equation for the traveltimes.
For the numerical calculation she used second order schemes for both equations, however, the resulting amplitudes were of zeroth order because they depend on the second
traveltime derivatives. The method presented here is mainly based on the work of ElMageed and extends as well as improves it by using alternative schemes resulting in
highly accurate traveltimes and reliable amplitudes.
BASICS
In this chapter the eikonal and transport equation are introduced by starting from the
equation of motion and considering acoustic waves propagating in a 2-D inhomogeneous isotropic medium. Then a high frequency approximation yields the eikonal
equation
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and are the independent spatial variables, is the density and is the comø
ü
pression wave
velocity. The inverse velocity is called slowness .
stands for the
þ

ö
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traveltime and



stands for the logarithmic amplitude Ù
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For a given density and velocity function the general procedure would be to first
solve the eikonal equation for the traveltimes and then use these traveltimes and

solve the transport equation for the logarithmic öamplitude (or the amplitude Ù ).

METHOD
In this chapter the procedure used to solve the eikonal and the transport equation is described. This part of the paper can only be regarded as a summary, for an introduction
into hyperbolic conservation laws see (LeVeque, 1992) and for a detailed description
of the method used here see (Buske, 2000).

Eikonal equation
the horizontal slowness and to rewrite

The first step is to introduce as a new variable
the eikonal equation
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This equation
has the form of a hyperbolic conservation law with the so called flux

function
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The second step is toÞ solve this equation for the traveltime function . We assume
ö case for the
a wave starting at
and propagating in positive -direction. In this
ý
ü
numerical solutionü it is more convenient to write the eikonal
equation in the form


with the traveltime given at
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for a cartesian grid with indices
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by a simple first-order forward
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form allows in principle the successive computation of traveltimes from level
  This

Ü
 for all grid points in the model. As pseudo-code this would look as
to
ú

ü
follows:
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1. initialise plane wave
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compute (derivative of T with respect to ) from known traveltimes at
level by (for instance) a central differenceø operator
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Unfortunately, this simple approach fails. For instance kinks in the wavefront will
introduce unstable oscillations if a central difference operator is used to compute the
value of . This problem itself is well known in the literature on the numerical solution
of hyperbolic conservation laws. Fortunately, a variety of numerical methods have
been developed which avoid this problem. The main idea is to use one-sided difference
operators for the computation of and then to decide which is the correct one in terms
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of the propagation direction of the wave. For a detailed discussion of this subject see
(Buske, 2000). Here, only result of this approach is presented.
First, compute left-sided and right-sided differences of third order (32
and
ý547% 6 ' 8
:9 ý;4 +' 8 ) with the ENO-scheme (Osher and Shu, 1991). Then, use the Godunov
% decide which of the two differences gives the correct solution and compute
method to
the flux function for the selected value of
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The Godunov scheme is simply a selection criterion which chooses the left-sided
difference if the wave propagates from the left to the right and vice versa (for more
complex cases see (Buske, 2000)). From the numerical point of view the following is
a slightly more convenient form:
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Finally, replace the simple first-order forward difference for the derivative of
ü
by the Runge-Kutta-type formulas of Heun (Bronstein and Semendjajew,
1987) in
öorder to build a consistent third-order scheme in -direction as well as in -direction
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Note that in principle no changes have to be made to the pseudo-code described
above.
The procedure described here is an explicit finite difference scheme and for that
reason a stability condition applies, which in this case connects the step-size !
with
ü
the grid interval !
and the derivatives of the traveltime function
ø
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Transport equation

For the transport equation (right side abbreviated by variable î )
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things are similar. Now, the new variable refers to the derivative of the log
arithmic amplitude with respect to and the transport equation in the form of a
ø
hypberbolic conservation law reads
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The corresponding equations which allow the successive numerical computation
on the grid are
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with for instance a constant amplitude at
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In the case of the transport equation a first-order scheme for the forward extrapo
lation as well as the computation of the derivatives of with respect to is sufficient
ø
and reads
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where the flux function is computed using a simple upwind scheme
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This upwind scheme behaves in the same way as the Godunov scheme such that it
chooses the correct difference operator depending on the propagation direction of the
wave. The procedure itself is equivalent to the computation of the traveltimes and can
actually be combined; for details see (Buske, 2000), too.
Remarks
Here, the
Þ method has been formulated for a cartesian grid and a plane wave starting
and propagating in positive -direction. For a point source the formulation
at
ý
ü
and implementation is straightforwardü and can be found in (Buske, 2000). Polar coordinates centered at the source are used and the cartesian coordinates and are
ø
ü
around
replaced by the angle  and the radius . The computation proceeds on circles
the source location in positive -direction. If necessary a final interpolation to a cartesian grid is performed in order to use the traveltimes and amplitudes for instance in
Kirchhoff prestack migration.
APPLICATION TO MARMOUSI MODEL
The method has been tested on various analytic models and has proven to perform
very efficiently and to yield highly accurate traveltimes and reliable amplitudes. Here,
the application to a slightly smoothed version of the well known and widely used
Marmousi model (Versteeg and Grau, 1991) is presented.
ä

Þ

km, ÝãÞ(Þ km) and
Computations were performed for a point source at (
ý
ø
ü ý
the parameters for the polar discretization were !7
. Figure 1
å m and !
ý
ý
shows the results as grey-scaled amplitudes and traveltime isochrons. As expected amplitudes are high near the source and decrease with increasing distance from the source
according to geometrical spreading. In regions where the wave focuses and the wave
front curvature is high amplitudes increase as well. Figure 2 again shows the traveltime isochrons but now overlayed by those computed with a wave front construction
code (Buske and Kästner, 1999). The agreement is very good even at large distances
from the source and in regions where wavefront kinks exist. Finally, Figure 3 shows
the comparison of the amplitudes with geometrical spreading factors computed by an
alternative method which is based on the ray propagator (Gajewski, 1998; Kästner and
Buske, 1999). The general amplitude distribution is similar to the FD solution of the
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transport equation. Nevertheless, the result of the ray-propagator-method is noisier
and is superimposed by distortions at isolated gridpoints.
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Figure 1: Traveltimes and amplitudes for the Marmousi model computed with the FD
solution of the eikonal and the transport equation. The distance between isochrons is
0.075 seconds.
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Figure 2: Traveltimes for the Marmousi model computed with the finite difference
solution of the eikonal equation and a wave front construction program. The distance
between isochrons is 0.05 seconds.
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Figure 3: Inverse spreading values for the Marmousi model computed with the raypropagator-method.

CONCLUSION
A combined first-arrival traveltime and amplitude computation procedure has been
presented. The method is based on the formulation of the equations as hyperbolic conservation laws and the numerical solution with finite differences. The eikonal equation
is solved by a third-order ENO-Godunov scheme for the traveltimes and the transport
equation is solved by a first-order upwind scheme for the amplitudes. The schemes
are implemented in cartesian coordinates for a plane wave and in polar coordinates
for a point source, respectively. The application to the Marmousi model shows that
even in the case of such a complex model the method proposed here yields highly
accurate traveltimes and reliable and smooth amplitudes. The formulation in 3-D is
straightforward.
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Attenuation of Primary Multiples and Peg-legs:
Comparison of WHL and KBC Methods.

Lourenildo W. B. Leite, Marcus P. C. da Rocha and Fábio J. Alves1
keywords: Multiple suppression, Predictive deconvolution

ABSTRACT
The KBC and WHL methods are here compared and applied to the multiple suppression of peg-legs related to upper low velocity layers (weathering zone) and to deeper
high velocity layers (diabase sills).

INTRODUCTION
The general aim of the present report is to present some results of the comparison of
the methods of Wiener-Hopf-Levenberg (WHL), and of Kalman-Bucy-Crump (KBC)
to resolve the problem of reconstructing the medium reflectivity response by deconvolving the source-time effective function from observed data.
The specific aim of the present report is to resume the activities developed towards
the study of multiple suppression related to an upper low velocity layer (weathering
zone), and of the peg-leg related to the same low velocity layer and to a deeper high
velocity layer (diabase sills), and also to establish new problems. This situation is
considered as typically encountered in the Amazon sedimentary basin to where our
attentions are aimed at. The amount of seismic data is rather large, and as they deserve
more attention other processing and interpretation problems solutions are naturally
submitted. The challenge is mathematically related to the general representation of
inverse problems.

THE A PRIORI KNOWLEDGE
The components of the convolutional model are described in canonic form to be in
accordance with an uniform discretization established in the Goupillaud solution of
two-way unitary travel-time that uses the unilateral Laplace Z-transform (LZT).
1
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A discrete
description of the 1D convolutional model for the representation of seis
g
mic data,   , independent of the horizontal ray parameter  , is given by:

(1)
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We aim at to construct the seismic reflection trace by the convolutional model
based on Betti's theorem. The physics of propagation
is governed
by  the  equation
of
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have the same importance as that of the primary field has along the trace (see Figure 1
and 2).
WHL filter governing equations is a natural stationary model, and the filter
¾    The
is  the unknown time-invariant operator that is constrained to satisfy a desired output ¿  through the commonly referred to as the Wiener-Hopf integral equation. We
continue with the equations in the convenient canonic forms, with a uniform discretization as already established in the Goupillaud
model.
The criteria  for the filter is the
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is here also measured by the formula of the normalized minimum error given by the
summation:
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The KBC filter governing equations in a natural non-stationary model, and the data
window does not satisfy the principles underlined by the convolution integral. For this
reason, the equation is rewritten in the form of a moving average according to the
commonly referred to as the Wiener-Kolmolgorov problem, and it is expressed by the
matrix integral equation:
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The formulation has for basis expressing the response of any system by an ordinary
differential equation ofÆ order

µáD©
È -  Ô ¿ ãâ Ô 

6 î  ¿   ýä Ô  
è
(10)
î
É

- ý5©

Ô
Ô
The transformation to the state variable   and å   is by substituting the higher
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The continuous form solution is given by the system of three coupled equations:
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DEVELOPMENT OF THE ALGORITHMS WHL AND KBC
The WHL solution in discrete form to the problem under analysis is a modified classical prediction operator for multiple attenuation. We resume as:
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The first term of the  series is 9
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The application of the KBC solution
in discrete form to a seismic trace,
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The dynamic equations of the system to establish the recursive process of generation of the state vector is completed by the following model:
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NUMERICAL RESULTS
We constructed two basic models for showing and comparing the WHL and KBC
operators in multiple attenuation, where undesirable effects from sills and from low
velocity upper layers are suppressed, and information from lower target layers (low
acoustic impedance) are better stressed. The first model is formed by 4 layers over a
half-space (Figure1), and the second model is formed by 250 layers over a half-space
(Figure 4). The layer thickness vary from 1 to 20 meters. This second model tries to
simulate the estratigraphy of the Amazon sedimentary basin.
Figures 2 and 3 show the results of the WHL and KBC operators for the simple
model (4 layers) described in Figure 1. In Figure 2 we observe the good performance
of both operators (WHL and KBC) in suppressing the peg-leg, and also that the WHL
shows to be a somewhat better than the KBC. In Figure 3 we interpret by marking the
different events
on the seismic trace and on its autocorrelation. It is also marked the
 g  that
selects out the event to be treated.
window ô
Figures 5 to 8 show the results of the WHL and KBC operators for the complex
model (250 layers) described in Figure 4. Figure 5 we interpret by marking the different events on the sismic trace and on its autocorrelation. It is also marked the window
that selects the events to be treated. In Figure 6 we observe the good performance
of both operators (WHL and KBC) in suppressing several peg-legs, and also that the
WHL shows to be somewhat better than the KBC. The final shown results of the WHL
and KBC were obtained only after two consecutive deconvolutions, where the first
output serves as input for the second deconvolution. The results of each WHL deconvolution, and the marking of the windows on the autocorrelation for selecting the
events to be treated are shown in Figures 7 and 8, respectively.

CONCLUSIONS
One advantage for implementing the WHL with respect to the KBC was the facility
for selecting the event to be treated, besides the possibility to include more than one
event in one suppression process. The KBC operator performs this same operation
by making use of a direct model obtained from a well-log. The attenuation of the
multiples (after primaries and peg-leg) produced by our model of diabase sills clearly
shows that the of presence lower layers become more evident. The form of the trace
of the WHL operator becomes more complex as the quantity of selected events are
include in the truncating window. On the other hand, the KBC operation takes care of
one event at a time. The comparison of the WHL and KBC techniques show that the
a implementation of the KBC can be simpler than the WHL, on the other hand, the
experiments show that the WHL is a little more efficient in resolution than the KBC.
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Figure 1: Simple model for operator analyses. (a) Geological section. (b) Density log.
(c) Velocity log. (d) Distribution of reflection coefficients. (e) RMS log and Average
velocities. (f) Reflectivity. (g) Seismic trace obtained by convolution between the
medium impulse response calculated by the Goupillaud (f) solution with an effective
source pulse (Berlage function).
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Figure 2: Simple model for operator analyses.   is the seismic trace.
 is the
â  is the KBC filter output. As a comparison, the- multiple
WHL filter output.
suppression by WHL looks better than the KBC output.
ù
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Figure 3: Simple model for operator analyses. We stress on the interpretation of the

â   is the filter output.
is the input
autocorrelation.   is the seismic trace.
3
¢
q
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autocorrelation.
is autocorrelation of the output. , ,
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primary reflections from the first, second, third and forth interface,
respectively.
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are the
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Figure 4: Complex model for operator analyses. (a) Geological section. (b) Density
log. (c) Velocity log. (d) Distribution of reflection coefficients. (e) RMS log and Average velocities. (f) Reflectivity. (g) Seismic trace obtained by convolution between the
medium impulse response calculated by the Goupillaud solution (f) with an effective
source pulse (Berlage function).
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Figure 5: (a) Distribution of reflection coefficients. (b) Seismogram.
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÷
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Ô

â 

Figure 6: Complex model for operator analyses.   is the seismic trace.
 is the
â   is the KBC filter output. As a comparison, the multiple
- supWHL filter output.
pression by WHL gives a better result than the KBC output. The primary information
ù is better recognized.
from the deeper layers
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Figure 7:   is the seismic trace.
 is the deconvolved trace. ¢3ÏqÏ is the autocorrelation of the input.
¢ is the autocorrelation of the output. The vertical lines on ¢3ÏqÏ
represent the limits of the rectangular window for selecting the events to be suppressed.
We
  observe in the deconvolved trace, and in its autocorrelation, that the events ¹÷-'.- and
are attenuated.

-' -
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Ô

Figure 8:   is the output of the previous deconvolution on the seismic trace of Figâ Ô  is the twofold deconvolved trace. is the input autocorrelation. is
ure 7.
¢3ÏqÏ
¢
the autocorrelation of the output. The vertical lines on
represent the limits of the
¢:ÏqÏ
rectangular window used. We observe in the deconvolved trace, and in its autocorrelation, that the events are attenuatted, besides the second deconvolution incresed the
resolution measured qualitatively.
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The Wave Inversion
Technology
Consortium
The Wave Inversion Technology Consortium
The Wave Inversion Technology Consortium (WIT) was established in 1997
and is organized by the Geophysical Institute of the Karlsruhe University. It
consists of five working groups, two at Karlsruhe University and three at other
universities, being the Mathematical Geophysics Group at Campinas University
(UNICAMP), Brazil, the Seismics/Seismology Group at the Free University
(FU) Berlin and the Applied Geophysics Group (AGG) of the University of
Hamburg.The WIT Comsortium offers the following services to its sponsors.
Research as described in the topic "Research aims" below.
Deliverables.
Technology transfer / training.
Research aims
The ultimate goal of the WIT Consortium is a most accurate and efficient
target-oriented seismic modeling imaging and inversion using elastic and
acoustic methods.
Traditionally, exploration and reservoir seismics aims at the delineation of
geological structures that constrain and confine reservoirs. It involves
true-amplitude imaging and the extrapolation of the coarse structural features of
logs into space. Today an understanding is emerging on how sub-wavelength
features such as small-scale disorder, porosity, permeability, fluid saturation
etc. influence elastic wave propagation and how these properties can be
recovered in the sense of true-amplitude imaging, inversion and effective
media.
The WIT consortium has the following main research directions, which aim at
characterizing structural and stratigraphic subsurface characteristics and
extrapolating fine grained properties of targets:
1.
Macromodel-independent multicoverage zero-offset simulations.
Macromodel determination.
2.
Seismic image and configuration transformations. (Data mappings)
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True-amplitude imaging, migration and inversion.
3.
Seismic and acoustic methods in porous media.
Passive monitoring of fluid injection.
4.
Fast and accurate seismic forward modeling
Modeling and imaging in anisotropic media

Steering committee
Internal steering committee:
Dirk Gajewski
Peter Hubral
Axel Kaselow
Claudia Payne
Matthias Riede
Erik Saenger
Jörg Schleicher
Sergei Shapiro
Ekkehart Tessmer
Martin Tygel
Kai-Uwe Vieth

External steering committee (company
representatives):
Paolo Marchetti, AGIP
Heinz-Jürgen Brink, BEB
Josef Paffenholz, BHP
Glyn M. Jones, Chevron
Claude Lafond, Elf
Andreas Rüger, Landmark
David L. Hinkley, Mobil
Martin Widmaier, PGS Seres
Paul Krajewski, Preussag
Christian Henke, RWE-DEA
Panos Kelamis, Saudi Aramco
Norman Ettrich, Statoil
Henning Trappe, Trappe Erdöl Erdgas
Consulting

WIT public relations committee

Peter Hubral
Claudia Payne
Erik Saenger

WIT Report and WIT Meeting Organization
Contact to other WIT groups

Matthias Riede

WIT Report and WIT Meeting Organization
Contact to other WIT groups

Axel Kaselow

WIT Homepage Manager

Jörg Zaske

WIT Seminar Organizer

Jürgen Mann

WIT Poster Organizer

Kai-Uwe Vieth

WIT Poster Organizer
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Research groups

Research Group Karlsruhe (Hubral)
Macro-Model Independent Reflection Imaging
Group leader:
Peter Hubral
Ph.D.students:
German Garabito Callapino Zero Offset Imaging - responsible for
FOCUS/Disco based processing
Thomas Hertweck

Modeling by Demigration

German Höcht

Imaging with the 3D CRS stack

Jürgen Mann

Implementation of the CRS stack and its
application to real seismic data

Pedro Chira Oliva;

3D CRS stack

Matthias Riede

Modeling by Demigration

Kai-Uwe Vieth

Application and development of imaging and
inversion techniques. Non-destructive
localization of macroscopic cracks in fibrereinforced composite materials

Jörg Zaske

Prediction and attenuation of multiples using
wave-front characteristics of primary
reflections

Yonghai Zhang

3D-True Amplitude Imaging

Master students:
Steffen Bergler

CRS stack for common offset

Christoph Jäger

Seismic true-amplitude imaging

Ingo Koglin

Preparation and application of seismic wave
field attributes obtained by the CRS stack.
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Research Group Hamburg (Gajewski)
Applied Geophysics Group (AGG)
Group leader:
Dirk Gajewski

High frequency asymptotics for imaging and
modeling

Research associates:
Tim Bergmann

Effects of nonlinear elastic behaviour on
wave propagation.

Ekkehart Tessmer

Full wave form modeling.

Ph.D. students:
Radu Coman

Hybrid method for travel time computation in
3D complex media

Elive Menyoli

Prestack depth migration of converted waves

Svetlana Soukina

Material parameter determination in
anisotropic media

Claudia Vanelle

Model independent time processing

Master students:
Sebastian Barth

Processing and migration of wide angle
observations

Christian Herold

Processing of long spread reflection seismic
data

Tina Kaschwich

3D Wave front construction

Maximilian Krüger

AVO modeling

Research Group Campinas (Tygel)
Modeling by Demigration, Kirchhoff Migration, Traveltime
Inversion, Configuration Transforms,Kirchhoff Modeling,
AVO/A Analysis, CRS Stack,2.5-D Wave Propagation
Group leaders:
Lúcio Tunes Santos
Jörg Schleicher,
Martin Tygel,
Visting Professors:
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Norman Bleistein

Teaching and developing seismic reflector
mapping methods

Ph.D.Students:
Ricardo Biloti

Multiparameter Velocity Analysis

João Luis Martins

Migration and Demigration in 2.5
Dimensions

Rodrigo Portugal

Configuration Transforms in 2.5D

Carlos Piedrahita

Seismic Ray Tracing in Blocked Media

Matthias Riede

Modeling by Demigration

Maria Amélia Novais
Schleicher

Modeling of Reflections and Diffractions by
a unified Born-Kirchhoff approximation.

Master Sudents:
Sérgio da Silva Araújo

CRS Processing

Valéria Grosfeld
Claudio Guerra

Kirchhoff-type multiple elimination.

Angela Maria Vasquez

True-amplitude MZO

Research Students:
Vanessa Giuriati
Thomas Hertweck
Marina Magalhães
Guliana Nascimento

Research Group Berlin (Shapiro)
Permeability, Seismic Inversion,
Random Media Wave Propagation
Group leader:
Sergei A. Shapiro
Research associates:
Stefan Buske

Seismic modeling and inversion, deep seismic
sounding and parallel programming

Erik Saenger

Simulation of elastic wave propagtion
through heterogeneous and fractured media.
Application of parallel computing devices.
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Stefan Lüth

Refraction seismic data interpretation,
seismic processing and integration of
geophysical and geodynamic data.

Robert Patzig

Application of CRS stacking to seismic
profiles from the northern Chilean coast.

Ph.D.Students:
Elmar Rothert

3D inversion and modeling of permeability
tensor .

Tobias Müller

Green Functions in statistically isotropic
random media. Poroelasticity.

Master students:
Mi-Kyung Yoon

Application of Kirchhoff Prestack Depth
Migration to the ANCORP’96 data set

Jan Rindschwentner

In-situ estimation of the permeability tensor
using hydraulically induced seismicity

Oliver Krüger

seismic modeling

Christof Sick

random media

Computer facilities
In Karlsruhe, the research project uses computer facilities that consist of mainly
Hewlett-Packard and Silicon Graphics workstations, and Linux PCs. These are
networked with a local computer server, a multi-processor SGI
PowerChallenge. For large-scale computational tasks a 256-node IBM SP-2 is
available on Campus. Additionally, we have access via ATM networks to the
nearby German National Supercomputer Center with primarily a 512-node Cray
T3e and NEC SX-4.
The Hamburg group has direct access to the German Computer Center for
Climate Research (Deutsches Klimarechenzentrum, DKRZ). A Cray 916 and a
Cray T3D (128 processors) are used for computationally intensive tasks.
The Geophysical Department of the Free University of Berlin (Fachrichtung
Geophysik, Freie Universität Berlin) has excellent computer facilities based on
SUN- and DEC-ALPHA workstations and Linux-PCs. It has access to the
parallel supercomputer CRAY-T3M (256 processors) of ZIB, Berlin.
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List of WIT Sponsors

BEB Erdgas und Erd-ol GmbH
Postfach 51 03 60
D-30633 Hannover
Contact: Dr. Heinz Jürgen Brink
Tel. 49-511-641-2275
Fax: 49-511-641-1020
email: Heinz-Juergen.Brink@beb.de

Chevron Petroleum Technology Co.
6001 Bollinger Canyon Rd
San Ramon, CA 94583
USA
Contact: Dr. Glyn M. Jones
Tel. 1-925 842-6499
Fax: 1-925 842-2076
email: gmjo@chevron.com

ENI S.p.A. AGIP Division
Geological and Geophysical Research &
Development Departement
Via Emilia 1
20097 San Donato Milanese MI
Italy
Contact: Mr. Serafino Gemelli
Tel. 39-02-520 63441
Fax: 39-02-520 63741
email: serafino.gemelli@agip.it
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Landmark Graphics Corp.
7409 S. Alton Court, Ste.100
Englewood, CO 80112
USA
Contact: Mr. Gregg Rago
Tel: 0044-1932829999
Fax: 0044-1932832000

Preussag Energie GmbH
Waldstr. 39
D-49808 Lingen
Contact: Mr. Paul Krajewski
Tel: 49-591-612-381
Fax: 49-591-6127000
email: P.Krajewski@preussagenergie.com

PGS Seres AS
P.O. Box 354
Strandveien 4
1326 Lysaker
Norway
Contact: Dr. Martin Widmaier
Tel. 47-67514511
Fax: 47-67526640
email: martin.widmaier@oslo.pgs.com
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RWE-DEA AG für Mineralöl und Chemie
Postfach 600449
D-22204 Hamburg
Contact: Dr. Christian Henke
Tel: 49-40-6375-2739
Fax: 49-40-6375-3384
email: Christian.Henke@rwedea.de

Statoil F&R, Datakral
Arkitekt Ebbels vei 10
7005 Trondheim
Norway
Contact: Dr. Norman Ettrich
Tel. 47-7358341
Fax: 47-73584325
email: NEt@statoil.com

Saudia Aramco
P.O. Box 8073
Dhahran 31311
Saudi Arabia
Contact: Dr. Panos G. Kelamis Tel. +9668746347
Fax. +966-38731020
email: kelamipg@aramco.com.sa
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TotalFinaElf Exploration UK plc
30 Buckingham Gate
London SW1E 6NN
UK
Contact: Mr. Alan Burns
Tel. +44 207 963 5005
Fax. +44 207 963 5061
email: Alan.Burns@elfgrc.co.uk

Trappe Erd-ol Erdgas Consulting
Burgwedelerstr.89
D-30916 Isernhagen HB
Germany
Contact: Dr. Henning Trappe
Tel. +49-511-724-0452
Fax. +49-511-724-0465
email: trappe@teec.de
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Research Personnel
Steffen Bergler received will receive his diploma in geophysics
in February 2001. Currently, he is working on the CRS stack for
common offset. He is member of DGG.

Tim Bergmann received his MSc (1995) in geophysics from
the University of Kiel, Germany, and a PhD (1998) from the
Earth Science Department of the Swiss Federal Institute of
Technology (ETH) in Zuerich, Switzerland. Currently, he is
a research associate at the Institute of Geophysics at the University of Hamburg. His research interests include seismic and
GPR theory, wave propagation, and numerical methods. He is a
member of AGU, EAGE, EEGS-ES, DGG, SIAM, and SEG.

Ricardo Biloti received his B.Sc.(1995) and M.Sc. (1998) in
Applied Mathematics from the State University of Campinas
(UNICAMP), Brazil, where he is a PhD student since 1998. In
his PhD thesis he has been developing a macro-model velocity
independent inversion method. He has worked with CRS (Common Reflection Surface) type methods and developed a technique to estimate some seismic attributes without the knowledge of macro-model velocity. He is also interested in fractals.
He is a member of SIAM and SEG.

Stefan Buske received his diploma in geophysics (1994) from
Frankfurt University. From 1994 until 1998, he worked as research associate at Frankfurt University, and from 1998 until
1999 he was with Ensign Geophysics Ltd. (Depth Imaging Department) in London. Since 1999 he is a university staff member at the Free University of Berlin. His research interests include seismic modeling and inversion, deep seismic sounding
and parallel programming. He is a member of DGG and EAG

Radu Coman received his Diploma (1995) in geophysics from
the University of Bucharest. From 1995 until 1996, he worked
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as research assistant at Geoecomar Bucharest and also specialized in geology at the University of Bucharest. After this,
he spent two years at the Westfälische Wilhelms-Universität
Münster. Since 1999 he is a Ph.D. student at the University
of Hamburg. His interests are travel time computation.

Dirk Gajewski received a diploma in geophysics in 1981 from
Clausthal Technical University and a PhD from Karlsruhe University in 1987. Since 1993, he has been associate Professor
(Applied Geophysics) at Hamburg University. After his PhD,
he spent two years at Stanford University and at the Center
for Computational Seismology at the Lawrence Berkeley Lab
in Berkeley, California. From 1990 until 1992, he worked as
an assistant professor at Clausthal Technical University. His research interests include high-frequency assymptotics, seismic
modeling, and processing of seismic data from isotropic and
anisotropic media. Together with Ivan Psencík, he developed
the ANRAY program package. He is a member of AGU, DGG,
EAGE, and SEG, and serves as an Associate Editor for Geophysical Prospecting (section anisotropy).

Alexander Goertz received his diploma in geophysics in 1998
from Karlsruhe University. Since 1998 he is a research associate with Karlsruhe University. His research interests include
4D modeling of geophysical systems with finite differences,
imaging of complex fault zone structures and seismic sounding
of lithospheric heterogeneities.

Thomas Hertweck received his diploma in geophysics in May
2000 from Karlsruhe University, Germany. Since August 2000,
he has been a research associate at the Geophysical Institute,
Karlsruhe University. His fields of interest are numerical analyses, development of seismic software, seismic ray theory, and
seismic true-amplitude imaging. Currently, he focuses on an
implementation of an efficient 2D and 3D true-amplitude migration and demigration tool.
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German Höcht received his diploma in geophysics in 1998
from Karlsruhe University. Since 1998 he has been a research
associate at Karlsruhe University. His interests are macro velocity model independent imaging methods. He is member of
the SEG.

Peter Hubral received an M.Sc. in 1967 in geophysics from
Clausthal Technical University and a Ph.D. in 1969 from Imperial College, London University. Since 1986, he has been a
full Professor of Applied Geophysics at Karlsruhe University
specialising in Seismic Wave Field Inversion. During 1970-73
he was with Burmah Oil of Australia and from 1974 to 1985
he was with the German Geological Survey in Hannover. He
was a consultant in 1979 with AMOCO Research and, during
1983-1984, a PETROBRAS-sponsored visiting professor in the
PPPG project at the Universidade Federal da Bahia in Brazil.
In 1995-1996 he was an ELF- and IFP sponsored visiting professor at the University of Pau, France. He received EAEG's
Conrad Schlumberger Award in 1978 and SEG's Reginald Fessenden Award in 1979. He received the first Foreign Geophysicist Award of the Brazilian Geophysical Society in 1999. He
is a member of DGG, EAEG and an honorary member of the
SEG. Peter Hubral is involved in most of WIT's activities, in
particular those including research on image resolution, image
refinement, image attributes, multiple suppression, incoherent
noise suppression, true-amplitude imaging, interpretative processing, and image animation.

Christoph Jaeger has been a research assistent since 1999.
Currently he writes his diploma thesis where he focuses on seismic true-amplitude imaging.

Axel Kaselow received his diploma in Geology focused on Hydrogelogy from the University of Karlsruhe in 1999. Since
April 1999 he is a research associate at Karlsruhe University.
Currently, he focuses on finite difference modeling of wave
propagation in fluid-saturated porous media and fluid flow modeling at complex fault zones. He is a member of AGU.
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Ingo Koglin is a diploma student. His thesis will focus on the
preparation and application of seismic wave field attributes obtained by the CRS stack. He uses the attributes for inversion
and to improve imaging.

L.W.B. Leite Professor of Geophysics at the Graduate Course
in Geophysics, and member of the Department of Geophysics
of the Federal University of Pará (Belem,Brazil). His main emphasis at the present time is seismic wave propagation in thin
layers for deconvolution and inversion problems.

Stefan Lüth received his Diploma in geophysisics from the
Technische Universität Clausthal in August 1996. His thesis
was on numerical and methodical investigations on diving wave
tomography. He is currently working as a Ph.D student at the
Freie Universität Berlin. His research interests include refraction seismic data interpretation, seismic processing and integration of geophysical and geodynamic data.

Joao L. Martins is occupied with the development of fast and
efficient Kirchhoff-type true-amplitude imaging methods for
several different simpler types of media.

Jürgen Mann received his diploma in geophysics in 1998 from
Karlsruhe University. Since 1998 he has been a research associate at Karlsruhe University. His fields of interest are seismic
image wave methods and macro velocity model independent
imaging methods. He is member of the EAGE and the SEG.

Elive M. Menyoli received his diploma in Physics with specialization in Geophysics in 1998 at the University of Goettingen.
From April 1998 until November 1998, he was with the German Geological Survey in Hannover. Since December 1998 he
is a Ph.D. student at the University of Hamburg. His research
interest is in Kirchhoff migration of P-SV converted waves.

291

M. Amélia Novais investigates the different aspects of Born
and Kirchhoff forward modeling schemes, in particular with respect to amplitudes. She is also working on a combined scheme
that incorporates the advantages of both methods.

Robert Patzig received his diploma in geophysics from Braunschweig. In the dipoma thesis he developed a digital filter for
the detection of the Stoneley-wave (borehole seismics) by combination of a predictionfilter and the envelope of the wave. 1999
he received his Ph.D. for ”Local earthquake tomography in the
region of Antofagasta (Chile)”. His actual research interest is
the application of CRS stacking to seismic profiles from the
northern Chilean coast.

Claudia Payne has been Peter Hubral's secretary for 9 years.
She is in charge of all WIT administrative tasks, including advertising, arranging meetings, etc.

Carlos Piedrahita received a B.Sc. in mathematics from
UNAL of Colombia,and the M.Sc. in mathematics from SUNY
at Buffalo in 1986. Has worked in the laboratory of geophysics
and the material science group of ICP,the research group of
ECOPETROL since 1988. Currently is working toward his Phd
at the State University of Campinas, Brasil. His thesis subject is
ray tracing using continuation procedures trying to extend these
methods to complex structures. His interests are in numerical
methods and continuum mechanics.

Rodrigo Portugal received his B.Sc. (1995) and M.Sc. (1998)
in Applied Mathematics from the State University of Campinas
(UNICAMP), Brazil, where he is a PhD student since 1998. In
his PhD thesis he is currently working on employing wave front
construction based ray tracing in 2.5D migration, demigration,
and other image transformations. His research interests are in
numerical analysis, modeling, and imaging. He is a member of
SEG.
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Matthias Riede received his M.Sc. in Geophysics from the
University of Karlsruhe, Germany, in 1997. Currently he is a
Ph.D. Student at the Geophysical Institute, University of Karlsruhe, Germany. His research interests include signal processing, seismic imaging and modeling.

Elmar Rothert received his diploma in geophysics in 1999
from the University of Göttingen. In his diploma thesis he studied the scattering of teleseismic waves at small-scale heterogeneities in the crust and lithosphere below the seismic receiver
array GRF in Germany. Since January 2000 he is a Ph.D. student of Prof. Shapiro at the Freie Universität Berlin. Currently,
he focuses on the reconstruction of permeability in heterogeneous, anisotropic, fluid-saturated media from induced microseismicity. He is a member of AGU, EAGE and SEG.

Erik H. Saenger received his ”Diplom” (M.Sc. equivalent) in
Physics in 1998 and his ”Dr. rer. nat.” (Ph.D. equivalent) in
Geophysics in 2000 from Karlsruhe University, Germany. Since
January 2001 he is Assistant Professor at the Freie Universität
Berlin. Currently, he focuses on Finite Difference modeling of
fractured materials. He is a member of SEG, EAGE and DPG.

Lúcio Tunes Santos received his BS (1982) and MS (1985) in
Applied Mathematics from the State University of Campinas
(UNICAMP), Brazil. In 1991 he earned his Ph.D. in Electrical Engineering also from UNICAMP. From 1985 to 1988 he
was employed as a Teaching Assistant at the University of Sao
Paulo (USP). Since 1988 he has been working for UNICAMP,
first as a Teaching Assistant and since 1991 as an Assistant Professor. Between August 1994 and August 1995, he visited Rice
University as a postdoc researcher. His professional interests
include seismic modeling and imaging as well as nonlinear optimization. He is a member of SIAM and SBMAC (Brazilian
Society of Applied Mathematics). His main areas of research
are seismic modeling and true-amplitude imaging. He's also interested in nonlinear optimization algorithms and fractals. His
present activities include MZO for variable velocity and modeling by demigration. Moreover, he's also working on exact
penalty methods in nonlinear programming.
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Jörg Schleicher received his ”Diplom” (MSc equivalent) in
Physics in 1990 and his ”Dr. rer. nat.” (Ph.D. equivalent) in
Geophysics in 1993 from Karlsruhe University, Germany. After employment as a research fellow at the Geophysical Institute
from February 1990 to September 1995, he became a visiting
scientist at the Institute for Mathematics, Statistics, and Scientific Computing of the State University of Campinas (IMECC /
UNICAMP), Brazil, with a joint grant from the Brazilian National Council for Scientific and Technological Development
(CNPq) and Alexander von Humboldt foundation. Since October 1996, he has been employed as an Associate Professor for
Applied Mathematics at IMECC / UNICAMP. His research interests include almost all forward and inverse seismic methods.
He is a member of SEG, EAGE, DGG, SBGf, and SBMAC. His
main areas of research include true-amplitude imaging and ray
tracing. He's also interested in any kind of seismic modeling
or imaging theories and algorithms. His present activities include research on how to control amplitudes in different kinds
of seismic imaging methods and on how to efficiently perform
the true-amplitude imaging. Moreover, part of his research is
directed towards the extraction of more useful image attributes
from seismic data. In 1998, he received SEG's J. Clarence
Karcher Award.

Sergei Shapiro received his M.Sc. in 1982 from Moscow University and the Ph.D. in 1987 from All Union Research Institute of Geoinformsystem (AURIG) in Moscow, both in Geophysics. During 1982-90 he worked for AURIG as a research
geophysicist. In 1991-1997 he was a senior research scientist
at the Geophysical Institute of Karlsruhe University, Germany.
The first two years of this time he was an Alexander von Humboldt fellow. From January to August 1997, he was a Heisenberg associate-research professor. Since September 1997 till
January 1999, he was a full professor in Applied Geophysics at
the Nancy School of Geology, France, where he was cooperating with GOCAD consortium. Since February 1999 he has been
a full professor of Geophysics at the Free University of Berlin,
where he leads a research group in Seismology. His interests
include exploration seismology, rock physics, and forward and
inverse scattering problems. He is a member of SEG, EAGE,
AGU, and DGG.
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Svetlana Soukina received her diploma in geophysics in 1995
from St. Peterburg State University, Russia. Until 1999 she was
a research scientist in the Institute of Physics at St. Petersburg
State University. Since 1999 she is a Ph.D. student at the University of Hamburg. Her research interest is the computation of
traveltimes in anisotropic media.

Ekkehart Tessmer received an MSc in 1983 in geophysics
from Hamburg University and a PhD in 1990 from Hamburg
university. Since 1990, he has been senior research scientist
at the Institute of Geophysics at Hamburg university. Since
1994, he has a university staff position. His research interests
include exploration seismology, seismic and electromagnetic
wave propagation simulation, and migration. He is a member
of DGG, EAGE, and SEG.

Martin Tygel received his BSc in physics from Rio de Janeiro
State University in 1969, his M.Sc. in 1976 and Ph.D. in 1979
from Stanford University, both in Mathematics. He was a visiting professor at the Federal University of Bahia (PPPG/UFBa),
Brazil, from 1981 to 1983 and at the Geophysical Institute of
Karlsruhe University, Germany, in 1990. In 1984, he joined
Campinas State University (UNICAMP) as an associate professor and since 1992 as a full professor in Applied Mathematics.
Professor Tygel has been an Alexander von Humboldt fellow
from 1985 to 1987. In that period, he conducted research at the
German Geological Survey (BGR) in Hannover. Since 1995,
he has been president of the Brazilian Society of Applied Mathematics (SBMAC). His research interests are in seismic wave
propagation and processing, including imaging, migration and
inversion. He is a member of SEG, SBGf, and SBMAC. His
research combines wave propagation and seismic processing.
This includes the development of imaging, migration and inversion algorithms, that possess a sound wave theoretical basis and
can as well be applied to practical problems. His recent publications have been in the study of amplitude aspects of seismic
data, namely true-amplitude depth migration and migration to
zero offset (MZO). He is also working in kinematical imaging
by stacking multi-coverage data, as for example by the common
reflection element (CRE) method.
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Claudia Vanelle received her diploma in physics in 1997 at the
University of Hamburg. Since 1997 she has been a research
associate at the University of Hamburg; since 1998 at the Institute for Geophysics. Her scientific interests focus upon seismic
traveltimes. She is a member of EAGE and SEG.

Kai-Uwe Vieth received his diploma in Geophysics in 1998
from the University of Karlsruhe in March 1998. Since April
1998 he has been a Ph.D. student at the Geophysical Institute at
Karlsruhe University. Currently, he focuses on imaging cracks
/ reflections in heterogeneous media and on new applications
using the CRS stack. He is member of the EAGE.

Friedemann Wenzel received a Ph.D. in geophysics from Karlsruhe University in 1985. Until 1988 he worked as research
scientist in Karlsruhe and at Columbia University (U.S.), until
1990 as Associate Professor in Karlsruhe, until 1992 as Principal Research Scientist of CSIRO Division of Exploration Geosciences in Sydney (Australia), until 1994 as Director of the
department 'Structure of the Earth' at GeoForschungs Zentrum
Potsdam, and Professor of Geophysics at Potsdam University,
since 1994 as Professor at the Geophysical Institute, Karlsruhe
University. He is currently head of the Collaborative Research
Center 461 (Sonderforschungsbereich) 'Strong Earthquakes - A
Challenge for Geosciences and Civil Engineering' at Karlsruhe
University. His research interests are in seismology, modeling
of wave propagation, and seismic hazard assessment. He is a
member of AGU, SEG, EGS, EUG, and SSA.

Mi-Kyung Yoon is a diploma student from TU Berlin.
Presently, she is working in the imaging group of FU Berlin.
Her theses is about Kirchhoff prestack depth migration of the
ANCORP'96

Jörg Zaske received his Ph.D from the University of Karlsruhe,
Germany, in July 2000. His thesis deals with a new approach for
multiple attenuation using wavefront characteristics of primary
reflections. Currently he is working on the CRS stack.
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Yonghai Zhang received the Master Degree of Science in Theoretical Physics from Lanzhou University in P.R.China in June
1991 . Untill the October 1993 he worked as teaching assistant in Physics Department of Lanzhou University and, until
September 1999 he worked as lecturer. He is now a Ph.D student at the Geophysial Institute at Karlsruhe University where
he works on true-amplitude imaging.

